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Abstract

Satellite radar altimetry is a powerful tool for studying the sea ice and physical

oceanography of the Arctic, a remote but important component of the global

climate system. However, challenges associated with the interpretation of the

satellite retrieval and observational gaps remain. This thesis consists of a series

of studies, focussed on the Arctic Ocean, that develop and utilise specialised radar

altimetry data processing over sea ice. The interferometric capability of CryoSat-

2 (CS2) is exploited to examine the issue of off nadir ranging to leads. Leads can

dominate waveforms even if they are more than 1500m away from nadir, biasing

sea surface height (SSH) estimates low. Tuning data editing criteria can reduce

the number of leads originating from high off nadir angles, however it is not pos-

sible to completely remove the range error without the use of CS2 interferometric

mode. Sea ice freeboard is derived from Ka-band radar altimeter data for the first

time and is compared against CS2 and airborne data to investigate radar pene-

tration into the snow pack. The AltiKa dominant scattering horizon lies roughly

halfway between the air-snow and snow-ice interfaces. Over first year ice, CS2

freeboard is consistent with ranging to the snow-ice interface, but over multi-year

ice the dominant scattering horizon lies, on average, 18% of the snow layer depth

above the snow-ice interface, leading to an overestimate of multi-year ice thickness

that could explain some of the difference between ice volume estimates from CS2

and models. A waveform model fit is applied to CS2 data to estimate significant

wave height in the ice-free Arctic Ocean. Data from summer 2012, the summer

of record open water area in the central Arctic, show that fully developed wind

seas, with wave heights up to 4–5m, developed in the western Arctic Ocean. A

time series of monthly Arctic SSH is constructed between 2003–14 and combined

with GRACE ocean mass data to estimate steric height. A large seasonal cycle

of steric height dominates Arctic SSH variability, primarily caused by seasonal

freshwater fluxes. The steric height seasonal cycle on the Siberian shelves, which

annually receive ∼2,000km3 of river runoff, reflects a ±2psu seasonal cycle of

salinity. Principle component analysis reveals that nonseasonal SSH variability is

dominated by doming of SSH in the Beaufort Gyre, which was concurrent with

SSH reductions on the Siberian shelves. An increase in ocean mass dominated

the total change in SSH between 2003–14, whilst steric height increased between

2003-11 but fell to ca. 2003 levels by 2014 due to large reductions in the East

Siberian and Laptev Seas. The Beaufort Gyre accumulated 4,700km3 of freshwa-

ter by 2010 relative to the 2003–06 mean, but between 2012–14 Beaufort Gyre

freshwater storage dropped by ∼2,000km3.
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Chapter 1

The Arctic climate

This thesis focuses on the processing and application of satellite radar altimeter

data over the Arctic Ocean. Radar altimetry has proven to be a powerful and

vital tool for studying the sea ice cover and physical oceanography of this remote

but important component of the global climate system. Despite this, challenges

associated with the interpretation of the satellite retrieval and observational gaps

still remain, and it is some of these challenges and gaps that have been addressed

during the course of this PhD. In this chapter, the role of the Arctic Ocean in

the global ocean is outlined, along with its general circulation and hydrographic

cycle. The Arctic sea ice pack and its effect on the surface heat and momentum

balance is discussed. An overview of relevant Arctic oceanographic and sea ice

observation systems and technologies is given and the development of satellite

radar altimetry over ice-covered oceans is discussed in detail. The road to the

development of a dedicated polar radar altimeter (CryoSat-2) and its subsequent

scientific achievements are outlined. Chapter 2 will then explain the fundamental

principles of radar altimetry and the specific processing required to extract useful

information over sea ice, before outlining the technical and scientific questions

that will be addressed in this thesis.

1.1 The Arctic Ocean

The Arctic Ocean is the smallest of the world’s major ocean divisions, representing

just 4.3% of the global ocean area (Amante and Eakins , 2009). It consists of

the Beaufort, Chukchi, East Siberian, Laptev, Kara, Barents, Greenland and

Norwegian Seas, as well as Baffin Bay (Figure 1.1). The deep basin is divided by

the Lomonosov Ridge into the Amerasian and Eurasian Basins. The Amerasian

Basin is then sub-divided by the Alpha Ridge into the Canada and Makarov

Basins; the Eurasian Basin is sub-divided by the Gakkel Ridge into the Amundsen
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Figure 1.1: A topographic map of the Arctic Ocean basin and it’s peripheral seas.

and Nansen Basins. The East Siberian, Laptev and Kara Seas together make up

the Siberian shelf, which, combined with the Barents Sea, make up the largest

continental shelf in the world. Oceanographically, the Arctic is a mediterranean

sea meaning that it is largely enclosed, with only limited interaction with the

global ocean. It is linked to the north Pacific by Bering Strait however the

flow here is almost always northwards into the Arctic Ocean (Woodgate et al.,

2006), meaning that the Arctic Ocean is only truly interactive with the North

Atlantic (Aagaard and Carmack , 1994), with Fram Strait (between Svalbard and

Greenland) making up the only deep (>1000m) connection to the global ocean.

1.1.1 The role of the Arctic Ocean in the global ocean

The Arctic Ocean is an important component of the global ocean; most sig-

nificantly in the global thermohaline circulation (Aagaard and Carmack , 1994).

Warm northward-flowing water in the Gulf Stream arrives in the northern North

Atlantic, specifically the Greenland and Norwegian Seas (Figure 1.1). Here, a
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vast amount of heat and moisture is released to the atmosphere through evapo-

rative cooling, and as the water cools and becomes more saline it condenses and

sinks (Dickson et al., 1990; Aagaard and Carmack , 1994). This water becomes

the North Atlantic deep water, which flows southwards, forming part of the global

overturning circulation (Figure 1.2). The efficacy of the Nordic Seas to sustain

this convective overturning is moderated by the export of freshwater from the

Arctic (Aagaard and Carmack , 1989). Freshwater outflow from the Arctic is cool

and buoyant; excess export is thought to have the potential to slow convective

overturning by insulating the warmer Atlantic water from the atmosphere, and

vice versa, decreased export could trigger more vigorous convection (Aagaard and

Carmack , 1989).

Large freshwater pulses to the North Atlantic, either through abrupt melting

of terrestrial ice or excess outflow from the Arctic Ocean, are thought to have

the potential to significantly disrupt the North Atlantic convective overturning,

leading to large negative surface air temperature anomalies in the North Atlantic

region that could persist for hundreds of years (Manabe and Stouffer , 1995; IPCC ,

2013). Arctic-sourced freshwater has been linked to the North Atlantic “Great

Salinity Anomalies” (GSAs) of the 1970s, 80s and 90s (Dickson et al., 1988;

Belkin et al., 1998; Belkin, 2004). The GSA of the 1970s was advected through

Denmark Strait, around the southern tip of Greenland then southwards in the

Labrador current. It then travelled northeast with the Gulf Stream before re-

entering the Nordic Seas and eventually the Barents Sea (Dickson et al., 1988).

Despite consisting of only ∼2,000km3 excess liquid and solid freshwater export

1_LitReview/thermohaline_circulation.jpg

Figure 1.2: Schematic diagram of the global thermohaline circulation taken from Rahmstorf
(2006). Surface currents are shown in red, deep currents in blue and bottom water in purple.
Two of the important sites for deep water formation are in the northern North Atlantic (yellow
dots, the Greenland and Labrador Seas), along with the two main sites in the Southern Ocean.
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from the Arctic Ocean (Häkkinen, 1993), the salinity anomaly was traceable for

14 years as it travelled around the North Atlantic; for reference, the Arctic Ocean

is estimated to store ∼84,000km3 of liquid freshwater (Serreze et al., 2006) and

the Greenland ice sheet is currently shedding around 375km3 of freshwater per

year (Helm et al., 2014). Dickson et al. (1988) stated that this “widespread

freshening of the upper 500–800m layer of the North Atlantic [. . . ] represents one

of the most persistent and extreme variations in global ocean climate yet observed

in this century”; so, climatologically significant salinity anomalies in the North

Atlantic can arise from relatively small imbalances between the Arctic and North

Atlantic Oceans.

1.1.2 Circulation of the Arctic Ocean

Ocean circulation in the Arctic is generally split into circulation at two different

depths (Figure 1.3): a warm and salty layer of Atlantic water (AW), lying between

∼200–800m depth, separated from the cool, fresh surface layer by the halocline

(Aagaard et al. (1981); Section 1.1.3). Around 7–9Sv (1Sv≡106m3s−1) of AW

enters the Arctic Ocean averaged over the seasonal cycle, with ∼1–2Sv entering

through the Barents Sea Opening (Ingvaldsen et al., 2004) and ∼6–7Sv entering

through Fram Strait along the west coast of Svalbard (Beszczynska-Möller et al.,

2012). The Barents Sea branch flows along the north coast of Norway and along

the west coast of Novaya Zemlya and into the northern Kara Sea through the St.

Figure 1.3: Schematic diagram of the Arctic Ocean circulation at depth (red arrows) and
the at the surface (blue arrows) as well as the paths taken by Pacific water (green arrows).
Isobaths are shown at 1000m intervals, and are taken from the ETOPO1 global bathymetry
model (Amante and Eakins, 2009).
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Anna Trough, where it rejoins the Fram Strait branch (Dmitrenko et al., 2015).

From here, the AW circulates cyclonically around the major basins, generally

following the shelf break and the topography of the major oceanic ridges, before

leaving the Arctic Ocean through Fram Strait along the East Coast of Greenland

(e.g., Polyakov and Pnyushkov (2012)).

Pacific water enters the Arctic through Bering Strait, however it makes up a

significantly smaller proportion of the oceanic input to the Arctic compared to

AW, with an average northwards transport of ∼0.8Sv (Roach et al., 1995). The

Pacific water then flows to the north where it splits: one branch turns eastwards

where it joins the AW circulating cyclonically around the southern Beaufort Sea,

and the other branch heads north in the Chukchi Sea where it can join the south

western Beaufort Gyre and the transpolar current (Jones et al., 1998).

The circulation of the wind-driven surface layer is dominated by the anticy-

clonic Beaufort Gyre (BG) in the Canada Basin, the transpolar current from the

Siberian shelf seas through Fram Strait and down the east coast of Greenland

and the Greenland Sea gyre (Aagaard and Carmack , 1989). Two distinct regimes

of the Arctic surface circulation have been identified, and are delineated by the

strength of the high pressure system that sits over the Canada Basin and drives

the BG (Proshutinsky and Johnson, 1997). During the cyclonic circulation regime

(CCR), the Beaufort high is weak, the BG contracts and the axis of the transpo-

lar current is rotated towards North America. During the anticyclonic circulation

regime (ACCR), the Beaufort high is strong, the BG expands, marked by a bulge

in sea surface height (SSH) in the Western Arctic, and the transpolar current

axis is aligned between the East Siberian and Laptev Seas and the Greenland Sea

(Figure 1.4).

Proshutinsky and Johnson (1997) characterised the oscillation of the Arctic

between the CCR and ACCR using the Arctic Ocean Oscillation (AOO) index,

which is based on the gradient of simulated SSH in the central Arctic basin

(Figure 1.4). The oscillation of the Arctic between positive (ACCR) and negative

(CCR) AOO index is well correlated with several aspects of the Arctic Ocean-sea

ice system (Proshutinsky et al., 2015). During phases with negative AOO more

cyclones penetrate from the North Atlantic to the central Arctic meaning that

the Arctic is warmer and more humid than average (Proshutinsky and Johnson,

1997). The prevailing low pressure forces the sea ice to drift cyclonically around

that basin, and the export of solid and liquid freshwater to the Nordic Seas is

enhanced. The timing of the onset of the GSAs of the 1970s, 80s and 90s (Dickson

et al., 1988; Belkin et al., 1998; Belkin, 2004) is well correlated with the onset

of CCR conditions, with a lag of several years (Figure 1.4) and has been linked

to higher than average freshwater export during the CCR (Proshutinsky et al.,
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1_LitReview/prosh2015/prosh2015/slide1.jpg

Figure 1.4: Top: Arctic Ocean circulation regimes. The maps show the simulated SSH (black
10cm contours), ice drift (blue arrows) and sea level pressure (red dotted 2mbar contours)
for the CCR (upper left) and ACCR (upper right). The red arrows define the Arctic Ocean
Oscillation (AOO) index, which is the SSH gradient between the extremum of SSH within
the yellow box (A) and the last closed isoline of SSH (B); negative AOO corresponds to the
CCR and positive AOO corresponds to the ACCR (Proshutinsky and Johnson, 1997). Bottom:
the annual (blue/red bars) and 5-year smoothed (black line) AOO index between 1946–2013.
Figures taken from Proshutinsky et al. (2015).

2015).

During phases with positive AOO index, cyclones are more likely to be di-

verted towards the Kara and Barents Seas as they enter the Arctic. Less cyclones

reach the central Arctic meaning that the central Arctic is colder and less humid

than average, sea ice extent is greater than during the CCR and the ice is thicker

than average (Proshutinsky and Johnson, 1997). High sea level pressure in the

central Arctic forces the sea ice to circulate anticyclonically, and freshwater accu-

mulates in the Western Arctic via Ekman convergence, inhibiting the export of

liquid freshwater to the North Atlantic through the Canadian Arctic Archipelago

(CAA) (Proshutinsky et al., 2002, 2009; Giles et al., 2012). Typically, the AOO

index switches between positive and negative phases every 5–7 years (Proshutin-

sky et al., 2015), however since 1997 the Arctic has been in a positive phase of the

AOO (Figure 1.4), representing a sustained period of freshwater accumulation in

the Western Arctic (Giles et al., 2012; Rabe et al., 2014).

1.1.3 The Arctic hydrographic cycle

Freshwater plays a critical role in the Arctic Ocean by setting up the halocline: a

strong salinity gradient in the upper 50–200m of the Arctic Ocean (Figure 1.5a).
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(a) The salinity (orange) and temperature (blue)
structure of the Arctic Ocean halocline. Dashed lines
indicate approximate delineations between distinct
layers. Adapted from (Aagaard et al., 1981).

(b) Surface density of seawater (minus 1000kgm−3)
as a function of salinity and temperature, calculated
using the formula in Gill (1982), Appendix 3.

Figure 1.5

At low temperatures, the density of seawater density is strongly dependent on

salinity and relatively insensitive to temperature variation (Figure 1.5b), so the

halocline sets up a density gradient, stratifying the Arctic Ocean. This effectively

insulates the warmer AW from surface cooling and wind-forcing, whilst conversely

insulating the sea ice from a massive source of heat from below (Aagaard et al.,

1981). In their seminal paper, Aagaard and Carmack (1989) assembled a bud-

get of Arctic freshwater sources and sinks and estimated the overall storage of

freshwater in the Arctic Ocean. This study was updated by Serreze et al. (2006)

to include terms omitted by Aagaard and Carmack (1989) due to a lack of data,

to incorporate more up-to-date flux estimates and discuss the seasonality of the

Arctic freshwater cycle in more depth. Table 1.1 shows the best estimates for the

mean annual oceanic freshwater fluxes, taken from Serreze et al. (2006).

Despite only accounting for ∼1% of the global ocean volume (Amante and

Eakins , 2009), 11% of global river discharge flows into the Arctic Ocean through

the vast catchment basins of the Siberian rivers (Fichot et al., 2013), depositing

3,200km3 of freshwater into the Arctic Ocean annually (Table 1.1). The other

two large sources of Arctic freshwater are precipitation minus evapotranspiration

(P-ET) and Bering Strait inflow, making up 2,000km3 and 2,500km3 respectively

(Serreze et al., 2006). Bering Strait inflow is a net freshwater contributor as

this Pacific water is relatively fresh with a salinity of 32–33psu (Woodgate et al.,

2006), where freshwater content is usually estimated relative to the salinity of

the deep ocean (typically taken as 34.8psu). Freshwater export from the Arctic is

dominated by oceanic freshwater flow through the CAA, with 3,200km3 leaving

the Arctic annually (Serreze et al., 2006). Around half of all freshwater export is

through Fram Strait, which is partitioned roughly equally between upper ocean

(2,400km3) and sea ice (2,300km3) outflow.

Serreze et al. (2006) estimate that the Arctic Ocean stores around 84,000km3
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Table 1.1: Inventory of annual mean freshwater fluxes and the overall liquid and solid fresh-
water storage of the central Arctic Ocean (best estimates and uncertainties taken from Serreze
et al. (2006) and references therein). Positive flux represents a net gain in Arctic freshwater.

Source Flux (km3 yr−1)
River runoff 3,200±110
Precipitation minus evapotranspiration 2,000±200
Bering Strait inflow 2,500±300
Fram Strait deep ocean outflow 500±130
Norwegian Coastal Current 250±50
Fram Strait sea ice outflow –2,300±340
Fram Strait upper ocean outflow –2,400±400
Canadian Arctic Archipelago ocean outflow –3,200±320
Canadian Arctic Archipelago sea ice outflow –160
Atlantic water inflow (Barents Sea branch) –340±80
Atlantic water inflow (West Spitsbergen branch) –760±320

Freshwater storage (km3)
Liquid 74,000±7,400
Solid (sea ice) 10,000
Total 84,000

of liquid and solid freshwater, an order of magnitude larger than the annual fresh-

water input of ∼8,500km3 (Table 1.1), implying a mean residence time of around

a decade over which liquid freshwater circulates and exits the Arctic. This agrees

well with results from studies that use geochemical tracers to track the passage

and residence time of different freshwater sources through the Arctic (Schlosser

et al., 1994; Ekwurzel et al., 2001). The annual input of liquid freshwater to the

Arctic Ocean is highly seasonal, leading to a distinct seasonal cycle of freshwater

storage, with net storage during the summer and net release during the winter.

There is a strong peak in river runoff associated with thawing of the terrestrial

Arctic in May/June causing almost a third of runoff to occur in June, P-ET

broadly peaks between June and October (Serreze et al., 2006), the seasonal cy-

cle of fresh Bering Strait inflow peaks in summer (Woodgate et al., 2006) and the

sea ice pack melts between May and September. The resulting overall freshening

of the Arctic Ocean during summer is reflected by an increase in liquid freshwa-

ter storage between May and August seen by Serreze et al. (2006), however the

seasonal change was smaller than the associated error bars. Recent model results

from Bacon et al. (2015) back up this picture of the Arctic freshwater cycle: they

found an ocean volume flux seasonal cycle of ±50mSv, with a net positive flux

during summer and a net negative flux during winter.

As described in the previous section, the Arctic has been in a positive phase

of the AOO (predominantly ACCR conditions) since 1997. This has lead to a

sustained period of freshwater accumulation: Giles et al. (2012) estimated that
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8,000km3 of excess freshwater was stored in the Western Arctic between 1995–

2010 and Rabe et al. (2014) found increases in freshwater content of ∼9,000km3

across the deep Arctic basins between 1992–2012.

1.2 Arctic sea ice

1.2.1 Overview of Arctic sea ice conditions

Sea ice is ice that forms by freezing of the ocean surface water, distinguishing it

from terrestrial ice that is discharged to the ocean by glaciers. As the ocean is

cooled from above, the surface water becomes denser and sinks, to be replaced by

less dense water from below. The cool dense water is prevented from sinking to

the ocean bottom by the halocline (Figure 1.5a), and as this convection continues

the entire upper layer of the ocean cools until it reaches the freezing point (–1.8◦C

for typical sea water) at which point ice begins to form on the surface (Wadhams ,

2000). Arctic sea ice is typically at its maximum extent between late February

and mid-March, reaching its annual minimum extent in mid-September (Figure

1.6). At its maximum extent, the sea ice pack covers the central Arctic basins as

well as the Chukchi, E. Siberian, Laptev and Kara Seas. Much of the Barents Sea

and Fram Strait to the west of Svalbard are ice free due to the influence of the

warm inflowing AW. Sea ice flows out through Fram Strait and is advected down

the east coast of Greenland in the East Greenland Coastal Current. Sea ice fills

Hudson Bay, the CAA and much of Baffin Bay where it can join the Labrador

current to be advected southwards in the western Labrador Sea. In the Bering

Sea, the ice cover extends as far south as 55◦N and in the Sea of Okhotsk sea ice

Figure 1.6: The monthly mean ice concentration in March 2007 (left) and September 2007
(right) (Cavalieri et al., 1996).
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Figure 1.7: March 2014 Arctic sea ice thickness from CryoSat-2.

drifts as far south as the northern Japanese island of Hokkaido.

At its maximum, Arctic sea ice is typically 2–5m thick, with the thickest

ice lying to the north of Greenland and the eastern CAA (Figure 1.7). The

ice thickness distribution is determined in part by the rate at which sea ice can

grow thermodynamically, but also by dynamic processes. Sea ice drift is mostly

determined by the prevailing wind field, with a smaller contribution due to ocean

surface currents (Thorndike and Colony , 1982). When the ice pack is divergent,

leads open up, the ocean is exposed to the atmosphere, and new ice can form

(Figure 1.8a); when the ice pack is convergent, pressure ridges form as floes are

crushed together, normally appearing as linear structures of blocks of ice (Figure

1.8b). The prevailing wind-driven surface circulation (Figure 1.3) means that the

ice generally drifts away from the coasts in the East Siberian and Laptev Seas

(a) Heavily deformed sea ice and a lead (b) Pressure ridges in multi-year sea ice

Figure 1.8: Sea ice deformation features in the Lincoln Sea, north of Greenland, taken en
route to the CryoVEx 2014 Lincoln Sea field camp, 29th March 2014.
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Figure 1.9: The annual daily extent of Arctic sea ice between 1990–2014 (grey lines) and the
mean daily extent between 1990-2014 (black line) (Fetterer et al., 2002). The spread in ice
extent is partly due to interannual variability and partly due to significant trends in sea ice
extent, especially between July–October.

and either exits the Arctic through Fram Strait or else is piled up against the

northern coasts of Greenland and the CAA, leading to the large-scale geographical

distribution of sea ice thickness seen in Figure 1.7. The divergence of the ice pack

along the northern coast of Siberia forms polynyas, regions of high ice production

as new ice is advected away leaving open water, where much of the sea ice in the

Arctic Ocean originally formed.

1.2.2 Surface energy balance

The modern Arctic sea ice pack covers between 6–15 million square kilometres

of the Arctic Ocean surface (Figure 1.9), which has a significant impact on the

high latitude surface energy balance. In general, the surface energy budget is

made up by the contributions of the solar shortwave radiation flux, the terrestrial

longwave radiation flux, and surface and atmospheric sensible and latent heat

fluxes. The outline of the Arctic surface heat budget in this section is adapted

from the overview given by Peixoto and Oort (1992), who considered a ‘box’

model of the Arctic polar cap north of 70◦N. They analysed the heat flux at the

top, sides and bottom of the box, to derive an intuitive picture of the Arctic

energy budget.

The net radiation at the top of the atmosphere is a balance between the

net incoming solar shortwave radiation and the net outgoing terrestrial longwave

radiation, i.e. Fta = F ↓sw − F
↑
lw (Figure 1.10). North of 70◦N, the net incoming

solar radiation has a distinct seasonal cycle; it is close to zero between November

and March, during the polar night, and peaks in June at ∼200Wm−2. The net

incoming solar radiation is modulated by the albedo of the surface, which varies

considerably over the course of the year as the sea ice pack grows and shrinks
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Figure 1.10: Left: Annual cycle of net incoming shortwave radiation, F ↓sw, and net outgoing

longwave radiation, F ↑lw, for the northern (solid) and southern (dashed) polar caps. Right: the

annual cycle of net incoming radiation at the top of the atmosphere, Fta = F ↓sw − F
↑
lw. Taken

from Peixoto and Oort (1992).

(Figure 1.9). During summer, as the ice pack melts, the surface albedo lowers

due to the development of melt ponds on the sea ice surface and greater areas of

open ocean, so a greater proportion of the incoming solar radiation is absorbed

by the surface. The net outgoing terrestrial radiation has a weaker seasonal

cycle, varying between ∼150–200Wm−2, peaking broadly in summer when the

atmospheric temperature is higher. The net top-of-atmosphere radiation flux

(Figure 1.10, right) is almost always negative, apart from small positive values

for a brief period during summer; the polar surface-atmosphere system is nearly

always losing energy to space by radiation.

The northwards atmospheric flux of sensible and latent heat across 70◦N varies

between ∼80–120Wm−2 and is greater in winter than summer (Figure 1.11, left).

This energy flux is dominated by transient eddies and the mean meridional circu-

lation, with a smaller contribution due to permanent eddies that is only significant

1_LitReview/energy_balance/energy_balance2/slide1.jpg

Figure 1.11: Left: The annual cycle of poleward energy flux across 70◦N (solid) and it’s
breakdown into transient eddy, stationary eddy and mean meridional contributions, in units of
equivalent vertical energy flux per unit area. Right: Annual cycle of downward surface heat
flux for the northern (solid) and southern (dashed) polar caps. Taken from Peixoto and Oort
(1992).
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during the winter. The final term in the surface energy balance of the Arctic is

the energy flux across the Earth’s surface (Figure 1.11, right). There is a large

transport of energy from the atmosphere to the surface during summer (up to

∼80Wm−2) and a large transport of energy from the surface to the atmosphere

during winter (∼50Wm−2). This surface energy flux is partitioned roughly equally

between heating/cooling the ocean and the latent heat of freezing/melting ice. A

crude estimate of the surface latent heat flux seasonal cycle can be made using

the regional seasonal ice volume data of Tilling et al. (2015) (their Supplemen-

tary Table 2 and Supplementary Figure 2). Taking just the basins north of 70◦N

and estimating the sea ice mass change between autumn and spring (5 months),

assuming ρice ∼ 900kgm−3, the latent heat storage flux is:

Slh =
Lf∆mice

A∆t
∼ 3.3× 105 × 1016

11.3× 1012 × 1.3× 107
∼ 20Wm−2

where Lf is the latent heat of freezing/melting ice, ∆mice is the seasonal change

of sea ice mass, A is the total area of the basins, ∆t is the time over which the

ice melts/grows and Slh will be roughly equal and opposite during the summer.

The remaining surface heat flux in Figure 1.11, right, is stored as sensible heat

of the ocean, which Peixoto and Oort (1992) estimate to be ±20Wm−2 over the

course of the season.

Its low thermal conductivity means that sea ice acts as an effective insulator

between the ocean surface (TO ≈ −1.8◦C) and the atmosphere (typically TA ∼
−30◦C during the winter), preventing heat loss from the ocean to the atmosphere.

This can be illustrated by considering the surface heat flux with and without the

presence of a sea ice layer. For 2m thick sea ice, with thermal conductivity K '
2.2Wm−2K−1 and a temperature difference of 30◦C between the top and bottom

of the layer, the sensible heat transferred from the ocean to the atmosphere is,

to first order, approximated by Newton’s Law of Cooling:

F ↑sh = −K∆T

∆z
∼ 30Wm−2.

This is small compared to the heat transferred to the atmosphere by the exposed

ocean surface in leads or polynyas, which can be estimated using a parameterised

expression for the air-ocean heat transfer:

F ↑sh = −ρcpCH |v|∆T.

Taking values for the density of air ρ ∼ 1.2kgm−3, the specific heat capacity of

air, cp ∼ 1000Jkg−1K−1, the sensible heat transfer coefficient, CH ∼ 0.0013, and

a typical value for the wind speed of |v| ∼ 5ms−1 and ∆T ∼ −30◦C, the upwards

33



sensible heat flux is F ↑sh ∼ 230Wm−2. Using a similar expression for the transfer

of latent heat:

F ↑lh = ρLsCH |v|∆q

with the latent heat of sublimation, Ls ∼ 2840kJ kg−1, and a specific humidity

difference of ∆q ∼ 4g kg−1, the upwards latent heat flux is F ↑lh ∼ 80Wm−2. So,

where sea ice is present the ocean loses only approximately 30Wm−2 to the atmo-

sphere, whereas the open ocean loses around 300Wm−2, an order of magnitude

greater (Peixoto and Oort , 1992).

1.2.3 Surface momentum balance

The wind induces a stress at the ocean surface, transferring momentum from the

atmosphere to the ocean and driving ocean currents and mixing (Gill , 1982).

The presence of sea ice in the Arctic significantly modifies the surface momentum

balance and the overall transfer of momentum from the atmosphere to the ocean.

This can be illustrated by the formulation used by Martin et al. (2014), which

partitions the surface air stress, τair, into an air-ocean and air-ice component:

τair = (1− Ai)τao + Aiτai (1.1)

where Ai is the fractional sea ice coverage, τao is the air-ocean air stress and τai

is the air-ice stress. In general, air stress is written as a quadratic function of the

surface wind speed:

τao = ρaCD|ug|ug (1.2)

where ρa is the density of air, CD is the drag coefficient and ug is the wind speed.

Using results from the Pan-Arctic Ice-Ocean Modeling and Assimilation System

(PIOMAS), Martin et al. (2014) showed that the air-ice stress is greater than

1_LitReview/martin2014/Martin_1.jpg

Figure 1.12: Magnitude of the air-ocean stress (dashed) and air-ice stress (solid black) as a
function of 10m wind speed. The grey curve is the PDF of 10m wind speed and the vertical
grey shaded region represents the range of monthly mean wind speed in the Arctic. Taken from
Martin et al. (2014).
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the air-ocean stress for wind speeds greater than 3ms−1 (Figure 1.12). However,

the transfer of momentum through the ice to the ocean also depends on the ice

internal stresses, τi, such that the ocean surface stress, τo, is:

τo = τair + τi. (1.3)

The ice internal stresses depend on the strength of the ice, and Martin et al. (2014)

use the ice strength parametrisation of Hibler (1979), which depends primarily on

the ice thickness and concentration. The ice internal stresses generally counteract

the surface air stress, reducing the net ocean surface stress.

The overall effect is that, in many regions of the Arctic, the ocean surface

stress is smaller than it would be without the presence of the sea ice cover (Figure

1.13). In summer, when the ice cover is thinner and less compacted, the ice-

covered ocean surface stress is in places as large as the typical open ocean surface

stress, however throughout the rest of the year it is smaller in most ice-covered

regions. The ocean surface stress is very small (close to zero) in the region north

of Greenland and the CAA where the ice is thick, consolidated and strong, almost

completely inhibiting the transmission of momentum through the ice pack to the

ocean (Martin et al., 2014). The net result is that the ocean surface circulation is

rather sluggish in the Arctic compared to the global ocean, with typical surface

current speeds of 3–5cms−1 (Kwok et al., 2013).

1_LitReview/martin2014/martin2014/slide1.jpg

Figure 1.13: Maps of the seasonal mean ocean surface stress. From left to right: January–
March, April–June, July–September and October–December, between 1979–1989. Taken from
Martin et al. (2014).

Whilst the study of Martin et al. (2014) illustrates the effect that the sea

ice cover has on the surface momentum balance, they assumed that the drag

coefficient, CD, is a constant and also ignored the effects of complex interactions

at the ice-ocean interface. Tsamados et al. (2014) incorporated the effects the

effects of ‘form drag’ (drag associated with obstacles to a fluid flow) due to the

presence of pressure ridge sails and keels, ice floe edges and melt ponds into a

stand-alone sea ice model. They found that in fact, the atmospheric and oceanic

drag coefficients are highly spatially and seasonally variable over the ice pack,

and will further modulate the transfer of momentum from the atmosphere to the
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ocean.

1.3 The Arctic and climate change

The Arctic is experiencing some of the most rapid climatic changes on Earth as

a result of anthropogenic greenhouse gas emissions (IPCC , 2013). September

Arctic sea ice cover has declined by around 13% per decade since the start of

the satellite record (Stroeve et al., 2012) with an accompanying loss of the oldest

multi-year sea ice and a transition to a predominantly seasonal ice pack (Maslanik

et al., 2011). It is also estimated that between 1980 and 2008-09, summer Arctic

sea ice thickness declined from a mean thickness of 2.80m to just 1.15m and winter

sea ice thickness declined from 3.64m to 1.89m (Kwok and Rothrock , 2009).

The loss of sea ice in the Arctic is associated with various feedback mechanisms

that promote amplification of Arctic surface air temperatures (Serreze et al.,

2009):

1. As sea ice is melted by warmer surface air temperatures, the exposed ocean

surface absorbs more of the incident solar radiation due to its lower albedo,

increasing the upper ocean temperature. The upper ocean emits more ra-

diation, increasing surface air temperature, and sea ice melt is increased by

enhanced upper ocean and surface air temperatures (Curry et al., 1995).

Once the sun sets, a warmer upper ocean takes longer to cool down, slow-

ing the onset of sea ice freeze-up, resulting in a thinner springtime ice pack,

which more readily melts in the summer.

2. Increased cloud cover and water vapour content in the Arctic reduces the

solar shortwave radiation incident on the surface due to the high albedo

of clouds, but increases the downwelling longwave radiation, resulting in

an overall larger net surface radiation flux that warms the surface (Serreze

et al., 2009).

3. The longwave radiation emitted by Earth’s surface is proportional to the

fourth power of temperature (the Stefan-Boltzmann law). So, for a given

increase in radiation emitted by the surface, a larger temperature increase

is required at initially lower temperatures compared to initially higher tem-

peratures (Pithan and Mauritsen, 2014).

4. Under global warming, the tropics are warming fastest in the upper tropo-

sphere, whereas the Arctic is warming fastest close to the surface due to

relatively little vertical mixing. Thus, in the Arctic, surface radiation is

the primary coupling mechanism between the surface and the atmosphere.
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In the tropics, due to the warming aloft, a smaller surface temperature in-

crease is needed to offset a given top of atmosphere imbalance whereas in

the Arctic a larger surface temperature increase is needed to offset the same

imbalance (Pithan and Mauritsen, 2014).

5. The Arctic is characterised by an atmospheric and oceanic heat flux con-

vergence. Using atmospheric reanalysis data, Graversen et al. (2008) found

significant trends in northwards atmospheric heat transport between 1979–

2001 across 60◦N, responsible for warming above the lowermost part of the

atmosphere in summertime. Chylek et al. (2009) found that multi-decadal

warming and cooling trends in the Arctic are well correlated with the At-

lantic Multi-decadal Oscillation, which describes North Atlantic sea surface

temperature anomalies and is linked to the strength of the Atlantic merid-

ional overturning circulation.

When they analysed surface temperature records in conjunction with the record

of sea ice decline, Serreze et al. (2009) concluded that the signal of surface-based

Arctic amplification has emerged. The result of this is that the Arctic is expected

to warm faster than anywhere else on Earth over the coming decades, even under

the lowest emissions scenario (IPCC , 2013), with some global climate models

predicting an ice-free Arctic (<106km2 of sea ice) in September by the middle of

the century (Figure 1.14) (Stroeve et al., 2012; Overland and Wang , 2013).

Whilst the loss of sea ice and the emergence of Arctic amplification are the

most visible impacts of climate change in the Arctic, there are other, secondary en-

vironmental changes that are occurring which have also been linked to global cli-

mate change. Arctic sea ice drift was observed to increase by up to 16% per decade

between 1992–2009 (Spreen et al., 2011). Whilst this is partially explained by an

increase in surface wind speed in the Arctic, trends in wind speed and ice drift

begin to differ in the mid-2000s. Strong increases in ice drift were not matched

by the trend in wind speed, suggesting increased efficiency of atmosphere-ice mo-

mentum transfer (Spreen et al., 2011). By applying the simple formulation for

sea ice motion of Thorndike and Colony (1982) based on a linear dependence on

geostrophic wind speed, Kwok et al. (2013) found that there was a significant

trend in the coupling constant between the wind speed and the ice drift between

1982–2009. As the ice has sped up and thinned, so the transfer of momentum to

the ocean has increased; the modelled results of Martin et al. (2014), described

in Section 1.2.3, suggest that there were significant trends in Arctic ocean sur-

face stress between 1979–2012, particularly in Autumn. Tsamados et al. (2014)

found trends in the air-ice and ice-ocean drag coefficients by taking into account

changing ice conditions in the period 1990–2012. Taken together, these results are

37



1_LitReview/climate_change/Arctic_amp/slide1.jpg

Figure 1.14: Top: Change in surface air temperature in 2081–2100 relative to 1986–2005
for low (left) and ‘business as usual’ (right) emissions scenarios. Hatching indicates regions
where the temperature change is small (within one standard deviation of the 20-year natural
variability) and stippling indicates regions where the change is large (more than two standard
deviations from the 20-year natural variability). Taken from IPCC (2013). Bottom: September
sea ice extent from 36 individual CMIP5 models under the ‘business as usual’ emissions scenario
(coloured lines) as well as the multi-model mean (yellow) and median (blue) compared to
observations (thick black). Taken from Overland and Wang (2013).

suggestive that under climate change conditions the Arctic Ocean will transition

to being a more ‘conventional’ ocean under the influence of the wind, with the in-

herent implications for circulation and mixing in the Arctic Ocean. Indeed, Giles

et al. (2012) reported an increase in surface geostrophic velocity in the Western

Arctic of 3.6cm s−1 between 2002–10 and McPhee (2013) estimated that surface

currents in the southern Beaufort Sea were 5–6 times greater than climatological

values in 2011. It has also been suggested that the sustained positive phase of

the AOO index and associated accumulation of surface freshwater in the Canada

Basin is linked to climate change and represents a new mode of variability in

Arctic climate (Proshutinsky et al., 2015).

1.4 Overview of Arctic Ocean observations

Observations of the polar oceans and sea ice have been essential in improving

our understanding of these important regions as well as their role in global cli-
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mate. However, the presence of seasonal and perennial sea ice, as well as the

extremely harsh climate and months of continuous darkness make carrying out

measurements in the polar oceans considerably more complicated than elsewhere

in the global oceans. Both in situ and remote sensing observation systems that

measure the global ocean must be adapted, modified, or simply cannot operate in

the Arctic. On top of this, the desire to measure and understand properties and

processes unique to the polar oceans, particularly relating to the sea ice cover,

has lead to the development of novel technology and specialist data processing

and algorithms. In this section, an overview of Arctic Ocean observation systems

which are relevant for this PhD is provided.

1.4.1 Hydrographic observations

The global network of Argo floats has provided a wealth of data and greatly im-

proved understanding of the global oceanic salt and heat budgets, as well as quan-

tifying ocean heat uptake due to global warming (http://www.argo.ucsd.edu/).

However, Argo floats are limited by the fact that they must periodically surface in

order to transmit their data, and so cannot operate in ice-covered oceans. Arctic

sea ice covers between 6–16×106km2 during the course of the year (Figure 1.9),

which represents roughly 1.7–4.4% of the global ocean area (Amante and Eakins ,

2009). Whilst this is not a huge fraction of the global ocean, given the important

role that the polar oceans play in bottom water formation, the global overturning

circulation and poleward heat transport, it is of climatic interest to monitor the

salt and heat budgets of these regions.

Moorings provide an important source of year-round hydrographic information

in the Arctic. The Woods Hole Oceanographic Institution have in place an array

of up to four moorings in the Beaufort Sea as part of the Beaufort Gyre Explo-

ration Project, which are recovered and maintained annually (http://www.whoi.

edu/website/beaufortgyre/home). These moorings record profiles of tempera-

ture and salinity which have been used to monitor the freshwater content of

the BG since 2003 (Proshutinsky et al., 2009; McPhee et al., 2009; Krishfield

et al., 2014). The moored array is augmented by buoys that measure tempera-

ture and salinity profiles, however these records do not last long, and the buoys

are generally lost as the ice floes they are attached to melt out. The North

Pole Environmental Observatory maintained a similar mooring close to the north

pole (http://psc.apl.washington.edu/northpole/), also augmented with buoys as

well as aerial conductivity-temperature-depth (CTD) surveys, where an aircraft

is flown to various locations and hydrographic profiles are taken. Moored arrays

across the boundaries to the enclosed Arctic Ocean provide information on the
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oceanic fluxes of heat and salt to/from the central Arctic basins (e.g., Ingvaldsen

et al. (2004); Woodgate et al. (2006); Curry et al. (2011); Beszczynska-Möller

et al. (2012)). Contemporaneous moored arrays across all the boundaries of the

Arctic Ocean in summer 2005 allowed Tsubouchi et al. (2012) to derive a complete

picture of Arctic Ocean boundary fluxes for the first time.

Longer term records of temperature and salinity in the central Arctic from

drifting buoys, aircraft, ships and submarines have been used to track changes

in freshwater of the whole basin over two decades (Rabe et al., 2014). Whilst

constituting a unique record, the sparsity of these data and the lack of coverage

on the shelf seas make them limited; the statistical mapping errors are almost as

large as the secular changes observed between 1992-2012 (see Rabe et al. (2014),

Supplementary Materials).

A further development in measuring Arctic hydrography has been the devel-

opment of the Ice-Tethered Profiler (ITP) (Toole et al., 2011). The ITP program

(http://www. whoi.edu/itp) is the closest analogy to the Argo program in that

profiles of temperature and salinity are recorded by a platform that drifts around

the ocean and are transmitted in real time. ITPs consist of a buoy tethered to

an ice floe, with a wire extending through the ice and into the ocean where it is

weighted down to a depth of ∼500-800m. A profiler then cycles up and down the

wire collecting temperature and salinity measurements (Figure 1.15).

1_LitReview/itp_mooring.jpg

Figure 1.15: A schematic diagram of an Ice-Tethered Profiler (http://www.whoi.edu/itp).
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1.4.2 Sea surface height, ocean mass and ocean circulation

Whilst sea surface height (SSH) is considered to be an important climate pa-

rameter (IPCC , 2013), it is, by contrast with the global ocean, relatively poorly

observed in the Arctic. Tide gauge records are sparse in both space and time, with

most stations located along the coasts of the Russian and Scandinavian Arctic.

Despite this, the records are long enough for authors to have estimated regional

decadal trends; Proshutinsky et al. (2004) estimated secular sea level change in

the Siberian Arctic of 1.85mm/yr between 1954–1989, and Richter et al. (2012)

estimate trends of 1.3–2.3mm/yr along the Norwegian coast between 1960–2010.

Furthermore, conventional processing of satellite radar altimetry breaks down in

the presence of sea ice, meaning that SSH in large areas of the Arctic and its ad-

jacent seas is not routinely monitored. As a result, conventional radar altimeter

studies of Arctic SSH have been limited to the open ocean (e.g. Prandi et al.

(2012)). This has lead to the development of bespoke radar altimeter processing

in order to extract useful SSH (and sea ice elevation) measurements in ice-covered

regions (see Sections 1.5 and 2.3). Estimates of SSH from the NASA Ice, Cloud

and Land elevation Satellite (ICESat) laser altimeter over the ice-covered Arctic

ocean were limited to the central Arctic basin and only sample SSH in Febru-

ary/March for five years (Kwok and Morison, 2011). It is also possible to estimate

ocean dynamic height (a proxy for SSH relative to an equipotential surface) us-

ing density profiles derived from hydrographic observations (e.g., McPhee et al.

(2009)). Dynamic height from hydrographic observations show good agreement

with ICESat (Kwok and Morison, 2011) and have been used to estimate ocean

geostrophic currents in the BG (McPhee, 2013).

The twin Gravity Recovery and Climate Experiment (GRACE) satellites have

provided global gridded monthly ocean mass, equivalent to ocean bottom pres-

sure (OBP), since 2002. These data have been used to study trends in the Arctic

Ocean mass distribution (Morison et al., 2007), the seasonal cycle of Arctic ocean

mass (Peralta-Ferriz and Morison, 2010), nonseasonal variability of Arctic Ocean

mass (Volkov and Landerer , 2013) and Arctic Ocean circulation (Peralta-Ferriz

et al., 2014). Morison et al. (2012) combined SSH derived from ICESat with

GRACE-derived OBP to investigate how changing circulation has affected fresh-

water distribution and storage in the Arctic.

The circulation of the Arctic Ocean is difficult to measure directly. The only

way of directly measuring ocean currents is by fitting current meters to hydro-

graphic moorings and buoys; all other methods are indirect. Indirect methods

include estimating surface geostrophic currents from altimeter-derived SSH or

from dynamic height estimated from hydrographic measurements (e.g., Kwok
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and Morison (2011); Morison et al. (2012); McPhee (2013)). Indirect estimates

of surface currents have also been made by combining ice drift and wind speed

measurements in an empirical ice drift model and solving for the residual velocity

component, that is attributed to the ocean circulation (Thorndike and Colony ,

1982; Kwok et al., 2013).

1.4.3 Sea ice observations

Whilst in situ observations of sea ice are critical for developing a detailed under-

standing of sea ice processes, satellite remote sensing has revolutionised sea ice

observations over the past four decades. Gloersen et al. (1974) presented some

of the first passive microwave emissivity observations of polar sea ice from the

Nimbus-5 satellite. They found large discrepancies between the observed ice edge

and the ice edge as depicted in contemporary atlases, as well as between the

observed distribution of multi-year ice and the distribution predicted by models.

This lead to the development of the first time series’ of Arctic and Antarctic sea ice

emissivities, and hence the first time series’ of sea ice extent between 1973–1976

(Zwally et al., 1983; Parkinson et al., 1987). Nimbus-5 brightness temperatures

are now archived as daily gridded brightness temperatures at NSIDC (Parkinson

et al., 1999). This type of analysis has been extended by multiple research groups,

utilising sensors on many different satellites to produce a continuous record of sea

ice extent and concentration since 1978 (Fetterer et al. (2002); Cavalieri et al.

(1996); Comiso (2015); see Figures 1.6 and 1.9).

As well as ice concentration and extent, passive microwave sensors can be

used to detect ice motion. By performing a maximum cross-correlation analysis

on subsequent images, the displacement of ice floes in the intervening period can

be determined (Emery et al., 1995). The record of sea ice drift goes back to 1978

(Fowler et al., 2013) and has been used to produce ice age estimates by tracking

individual parcels of ice over time (Tschudi et al., 2015). Ice drift can also be

produced at higher resolution using Synthetic Aperture Radar (SAR) imagery

(an active microwave imaging instrument), to study ice shear and deformation,

however data coverage is generally more patchy due to high data acquisition rates

(e.g., Kwok et al. (1995)).

The thickness/volume of sea ice is of equal importance to its areal coverage as

it influences the high latitude heat and oceanic freshwater budgets. However, sea

ice thickness has been a more difficult observational target to acquire, and only

fairly recently has it become possible to measure ice thickness with reasonable

accuracy at the desired spatial/temporal coverage. Before the 1990s the only

source of information on the large-scale thickness distribution of Arctic sea ice
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Figure 1.16: a) The U.S. Navy submarine data and the study region used by Kwok and
Rothrock (2009) and b) multi-decadal sea ice thickness from a regression analysis of submarine
and ICESat data. Taken from Kwok and Rothrock (2009).

was submarines, which often traversed the Arctic during the Cold War utilising

upwards looking sonar (ULS) to measure the ice draft. When this data became

unclassified it was used to study the draft and thickness of Arctic sea ice over

time (Wadhams , 1990; Rothrock et al., 1999). ULS instruments have also been

mounted on moorings and buoys to provide point estimates of ice draft and other

in situ methods for estimating ice thickness include ice mass-balance buoys and

drilling holes.

Remote sensing of sea ice thickness using satellite altimetry was first demon-

strated by Laxon et al. (2003), and has since provided one of the best sources of

information on the thickness distribution of Arctic sea ice. The development and

achievements of sea ice thickness observations from radar altimetry are outlined

in Section 1.5 (below). As well as radar altimetry, satellite laser altimetry has

been used to estimate ice thickness, with ICESat providing periodic estimates

of ice thickness between 2003-08 (Kwok et al., 2009). Ice thickness estimates

from submarines and ICESat have since been harmonised into one of the longest

records of Arctic sea ice thickness (Kwok and Rothrock (2009); Figure 1.16). Sea

ice thickness estimates from satellite altimetry have been greatly augmented by

dedicated campaigns1 to measure freeboard (the elevation of the ice or snow sur-

face relative to local sea level) and ice thickness from aircraft using laser and

radar altimetry (e.g., Giles et al. (2007); Kurtz et al. (2013)) as well as via air-

borne electromagnetic induction (e.g., Haas and Howell (2015)). Recently, an

algorithm for sea ice thickness retrievals from L-band radiometry (onboard the

ESA Soil Moisture and Ocean Salinity satellite) has been proposed (Kaleschke

et al., 2010). This holds some promise, particularly when combined with altime-

try, since the L-band algorithm is only effective over the thinnest ice, where the

1In particular the European Space Agency’s series of CryoVEx campaigns
(https://earth.esa.int/web/guest/campaigns) and the NASA Operation IceBridge campaign
(https://nsidc.org/data/icebridge).
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relative errors for altimetry are largest.

1.5 Radar altimetry in the polar oceans

Radar altimeters have been flown on Earth-observing satellite platforms since

the inception of satellite remote sensing in the 1970s. Firstly, as part of an

experimental package of microwave instruments on Skylab (1973–1979), then on

GEOS-3 (1975–1979) and the U.S. Navy Seasat platform (June–Oct 1978) and

subsequently on the dedicated altimetric satellite Geosat (1986–1990). Seasat and

Geosat provided observations up to 72◦N/S, however it wasn’t until the launch of

the first European Remote Sensing satellite (ERS-1) in 1991 into a polar orbit that

radar altimeter observations over sea ice could truly develop. Here, an overview

of early altimeter studies over sea ice, the developments leading to the launch of

the CryoSat-2 satellite and the early achievements of the the CryoSat-2 mission

are outlined.

1.5.1 Early observations over sea ice

Rapley et al. (1983) provided an early analysis of the performance of satellite

radar altimeters over both terrestrial and marine ice-covered surfaces. Leading

up to the launch of ERS-1, they identified three scientific objectives for the Eu-

ropean altimeter mission over sea ice, given the results of the early U.S. altimeter

missions:

• Measurement of ice concentration and/or ice type by analysis of radar return

characteristics

• Mapping sea ice extent by tracking the transition from ocean to ice surfaces

• Mapping of iceberg concentrations

It was noted, as in Dwyer and Godin (1980) and Robin et al. (1983), that radar

altimeter returns from within the sea ice pack have a ‘glistening’ nature, inter-

spersed with returns more typical of the open ocean. It was supposed that the

damping of ocean waves by the pack ice, and the flat (at the wavelength of the al-

timeter) surface in leads due to the presence of frazil/grease ice, make the surface

highly reflective to radar altimeters. In other words, more power was reflected at

an angle equal to the incidence angle (specular reflection), unlike over the open

ocean where power is scattered roughly equally in all directions (diffuse reflec-

tion). This made the transition from open ocean to sea ice easily identifiable.

Where there were no leads, the sea ice floes gave rise to more typical diffuse

reflection, raising the prospect of estimating sea ice freeboard by distinguishing
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between returns from leads and floes to estimate the relative elevation of the two

surfaces (Rapley et al., 1983). However, at the time, it was deemed that estimat-

ing sea ice freeboard was not a realistic objective, given the noise levels of early

altimeters, as well as large orbit errors and unknown sea surface undulations.

In particular it was found that the instrument performance was significantly de-

graded, as the returns did not conform to the typical diffuse ocean waveforms,

which led to tracker ‘jitter’ and high levels of noise in the range measurement. On

the back of these findings, Rapley et al. (1983) identified technical requirements

for an improved performance of altimetry over ice-covered surfaces.

Rapley (1984) investigated the transition between open ocean and sea ice with

the Seasat altimeter and was able to map a region of ocean swell penetration into

the sea ice pack. This was shown to vary in both space and time, and was linked

to regions of high wave height in the Southern Ocean adjacent to the ice edge. A

small-scale comparison of Seasat altimeter data and SAR imagery demonstrated

that the radar returns were sensitive not only to the presence of sea ice or open

1_LitReview/drinkwater.jpg

Figure 1.17: Plots of various radar altimeter return parameters during an airborne transect of
the marginal ice zone in comparison with ice characteristics from contemporary imagery, taken
from Drinkwater (1991).
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water, but to the ice age due to the increased roughness of older, multi-year sea

ice (Ulander , 1987). Laxon (1990) used data from the Geosat altimeter to map

seasonal and interannual variability of Antarctic sea ice extent, identifying the

presence of sea ice using the surface elevation standard deviation and radar return

parameters. The early suppositions about the mixture of surface types within the

instrument footprint affecting the nature of the radar returns was confirmed by

Drinkwater (1991), who compared airborne altimetry in the marginal ice zone

with contemporary imagery (Figure 1.17).

1.5.2 The road to CryoSat-2

These early studies demonstrated that altimeters could make useful geophysical

measurements over sea ice. Following the launch of ERS-1, Laxon (1994) pre-

sented a full processing algorithm for ERS-1 altimeter data over sea ice. This

included derivation of several radar return parameters for mapping ice extent

and ice type as well as a simple method for estimating surface elevation. Up until

this point, altimeters could successfully estimate surface elevation over the open

ocean with high precision, however it was not possible over sea ice. Specular

returns from leads were processed in this way to produce the first estimates of

sea surface height in the Arctic Ocean, that were used to estimate marine gravity

anomalies (Laxon and McAdoo, 1994), leading to the discovery of new tectonic
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Figure 1.18: Marine gravity anomalies derived from ERS-1 radar altimetry. The major
features of the Arctic Ocean bathymetry are clearly discernible (compare with Figure 1.1):
the shelf break, the eastern edge of the Lomonosov Ridge and the Arctic mid-ocean (Nansen)
ridge. The north-south feature (depression) visible at 142◦W, in the Beaufort Sea, was a newly
discovered extinct spreading ridge. Taken from Laxon and McAdoo (1994)
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features on the floor of the Arctic Ocean, including an extinct spreading ridge in

the Beaufort Sea (Figure 1.18).

The ability to measure surface elevation, and distinguish between returns orig-

inating from leads and floes, lead to the first published maps of sea ice thickness

from ERS-1 and -2 altimetry (Laxon et al., 2003). They found large interan-

nual variability in sea ice thickness, in contradiction of modelled results, however

they went on to demonstrate that end of summer sea ice thickness anomalies are

strongly correlated with the length of the preceding summer melt season. Pea-

cock and Laxon (2004) produced the first accurate mean sea surface of the Arctic

Ocean, finding that observed SSH variability was up to 3–4 times greater than

that predicted by ocean models.

1_LitReview/giles2008.jpg

Figure 1.19: Sea ice thickness anomalies from Envisat for the whole Arctic basin (solid line),
the Western Arctic (dashed line with triangles) and the Eastern Arctic (dashed line with stars).
Taken from Giles et al. (2008a).

These studies, along with strong scientific results coming out of radar altime-

ter studies over terrestrial ice, lead to the development of the CryoSat mission

concept. In 1999, CryoSat was selected to be the first European Space Agency

(ESA) Earth Explorer mission, a new class of small missions focussed on specific

scientific goals (Wingham et al., 2006). It launched on 8th October 2005, but

failed to reach orbit due to a launcher failure. Shortly after this ESA confirmed

that a second satellite would be built and on 8th April 2010 CryoSat-2 (CS2)

was launched. With the launch of Envisat in 2002, the record of continuous po-

lar radar altimetry from the ERS satellites was maintained, despite the loss of

CryoSat. Using sea ice thickness anomalies derived from Envisat, Giles et al.

(2008a) showed that following the record low sea ice extent of September 2007,

the Arctic sea ice pack thinned by 26cm, and by up to 49 cm in the Canada

Basin (Figure 1.19). ERS-2 and Envisat data were used to show that sea level

in the centre of the BG increased by more than 2cm yr−1 between 1995-2010

(Giles et al., 2012), linked to freshening of the Western Arctic by wind-induced

convergence of fresh surface water (Figure 1.20).
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Figure 1.20: Sea level trend from ERS-2 and Envisat (left) and Western Arctic freshwater
storage (right) estimated by combining altimetry and GRACE ocean mass estimates. Taken
from Giles et al. (2012).

1.5.3 Initial results from CryoSat-2

Since it’s launch in 2010, CS2 has completed it’s nominal mission lifetime of

three years. In that time is has completed its main scientific objectives, namely

of compiling three year time series’ of ice sheet mass change and sea ice volume

change. Laxon et al. (2013) presented the first estimates of CS2 sea ice thickness

and volume using two years of data, and found excellent agreement with the in

situ data (Figure 1.21). This was expanded by Tilling et al. (2015), who presented

a four year time series of Arctic sea ice volume and linked end of summer volume

anomalies with the length of the preceding summer melt season, backing up the

finding of Laxon et al. (2003). McMillan et al. (2014) presented a three year time

series of Antarctic elevation change from CS2, and estimated that ice mass loss

from West Antarctica had increased by 31% since the last time is was surveyed.

Similarly, using three years of CS2 data, Helm et al. (2014) have found that the

Greenland Ice Sheet volume loss rate doubled between the CS2 period and the

previous survey period.

As well as surpassing its planned mission lifetime and exceeding its initial

scientific objectives, CS2 data has been applied to several other areas of research.

The high density coverage makes it a highly complimentary dataset to existing

missions for geodetic studies. Data from CS2 and Jason-1 have improved global

marine gravity models, revealing new features of the ocean bathymetry (Sandwell

et al., 2014). It has been demonstrated that specialised processing of CS2 data

over terrestrial ice can increase the number of individual elevation measurements

by two orders of magnitude (Gray et al., 2013). CS2 data improves range and

significant wave height precision over the open ocean (Giles et al., 2013) and a

CS2-type altimeter is now planned for the ESA Sentinel-3 mission as well as the

operational oceanography mission Jason-CS, owing to the successful demonstra-
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Figure 1.21: The first sea ice thickness estimates from CS2 for Autumn and Spring 2010-
11 and 2011-12 (top left). Validation of CS2 data against airborne electromagnetic induction
sounder (top right), mooring ice draft (bottom left) and Operation IceBridge airborne sea ice
thickness (bottom right). Taken from Laxon et al. (2013).

tion of CS2 data over the open ocean. CS2 also shows promise for coastal altime-

try, where land contamination results in loss of data and it has been shown that

CS2 can resolve the sea surface height in Greenland’s fjords by tracking where the

radar returns originate from (Abulaitijiang et al., 2015). CS2 now has the capa-

bility to provide near real-time (within 2 days of acquisition) sea ice thickness for

operational requirements (http://www.cpom.ucl.ac.uk/csopr/seaice.html). The

CS2 ground segment is currently funded until 2017 and the satellite has enough

resources to last until 2020.
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Chapter 2

Radar altimeter data processing

In this chapter the fundamental principles of altimetry and key aspects of the

data processing over sea ice that are referred to throughout this thesis are set

out. The basic principle of operation of pulse limited satellite radar altimeters

is described. CryoSat-2 (CS2), and it’s payload, the Synthetic Aperture Radar

Interferometric Radar Atlimeter (SIRAL), are described in detail. The processing

developed at UCL that is applied in the polar oceans for the extraction of sea

ice freeboard and thickness is explained. This chapter ends by setting out the

specific technical and scientific questions that will be addressed in this thesis.

2.1 Principles of operation

2.1.1 Orbit parameters

Radar altimeters orbit the Earth at ∼1,000km altitude with varying orbital in-

clination and repeat periods. The trade off between altitude, orbital inclination

and the desired repeat period is determined by the scientific objectives of the

mission, as well as, in some cases, the requirements of other scientific instruments

on the satellite platform. The Topex/Poseidon and Jason altimeters are in a

non-sun-synchronous orbit, have an altitude of 1336km and an orbital inclination

of 66◦, giving a 10 day repeat cycle. This provides near-global coverage of the

Earth’s ice free oceans every 10 days for monitoring changes in mean sea level

and ocean dynamic topography, but at the expense of a relatively large ground

track separation of ∼300km at the equator. The Envisat satellite was in a sun-

synchronous orbit to accommodate the requirements of visible/infrared imaging

instruments on the satellite platform. An altitude of 790km and orbital inclina-

tion of 98.5◦ - retrograde with respect to the Earth’s rotation - provided coverage

up to 81.5◦N/S) in order to achieve the cryospheric aspects of the mission ob-
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jectives. This gave it a smaller ground track spacing of∼90km at the equator

but a longer 35 day repeat cycle. CS2 has an unusual set of orbit parameters

for an altimeter mission. A very high orbital inclination of 92◦ and an altitude

of ∼725km give it a repeat cycle of 369 days, with a 30 day sub-cycle and ex-

tremely close ground track spacing, particularly at high latitudes. This allows it

to sample almost the entire Antarctic Ice Sheet and Arctic Ocean every month

with very high spatial resolution. The very long exact repeat period makes CS2

less suitable for oceanographic applications, but it’s close ground track spacing

means it has greatly improved global bathymetry models (Sandwell et al., 2014).

2.1.2 The radar equation

The radar equation describes how the signal received by a radar relates to the

characteristics of the instrument and the target. The following derivation is

adapted from Ulaby et al. (1986a), who begin by considering an isolated point

scatterer. Power Pt is transmitted by an antenna and the power per unit solid

angle in the direction of the scatterer is then PtGt, where Gt is the antenna gain

in the direction of the scatterer. The antenna gain pattern is the ratio between

the power density of an antenna in a given direction and the power density of

an isotropic, lossless antenna for the same supplied power; it is essentially the

angular distribution of transmitted power for a given antenna. The power per

unit area incident on the scatterer is then:

Ss =
PtGt

4πR2
t

(2.1)

where 1/4πR2
t is the spreading loss associated with spreading the transmitted

power over a sphere of radius Rt. The total power intercepted by the scatterer is:

Prs = SsArs =
PtGt

4πR2
t

Ars (2.2)

where Ars is the effective receiving area of the scatterer. A proportion, fa, of the

received power is absorbed, and the rest is radiated in various directions. The

re-radiated power is then simply:

Pts = Prs(1− fa) =
PtGt

4πR2
t

Ars(1− fa). (2.3)
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The re-radiated power has an angular distribution, in a similar way to the antenna

gain pattern, so the power received per unit area at the receiver is:

Sr =
PtsGts

4πR2
r

=
PtGtGts

(4π)2R2
tR

2
r

Ars(1− fa) (2.4)

where Gts is the scatterer gain in the direction of the receiver and Rr is the

distance between the scatterer and the receiver. The power received is then:

Pr = SrAr =
PtGtAr

(4π)2R2
tR

2
r

[Ars(1− fa)Gts] (2.5)

where Ar is the effective area of the receiver. Since they are generally hard to

measure, the factors associated with the scatterer are normally combined into

one factor, called the radar backscattering cross-section, σ = Ars(1−fa)Gts. The

radar backscattering cross-section is a function of the direction of the incident

wave, the direction of the receiver with respect to the scatterer as well as the

scatterer shape and its dielectric properties. For satellite altimeters, equation

(2.5) can be simplified because the transmit and receive antenna is the same i.e.,

Rt = Rr = R, Gt = Gts = G and At = Ar = A. The effective area of an antenna

is related to its gain by:

A =
λ2G

4π
(2.6)

for wavelength λ, so equation (2.5) can be rewritten as:

Pr =
PtG

2λ2σ

(4π)3R4
=

PtA
2σ

4πλ2R4
. (2.7)

Equation (2.7) applies to a single point scatterer, but it can be generalised

for an area target, which is more suitable for radar altimetry. This is done by

assuming that the observed area consists of a large number of point scattering

targets with random positions and that no single scatterer has an amplitude of

similar magnitude to the total received signal. Using equation (2.7), the total

power can then be expressed as a summation over N individual scatterers:

P̄r =
λ2

(4π)3

N∑
i=1

PtiG
2
iσi

R4
i

. (2.8)

Pt, G and R are included in the summation, along with σ, since the power incident

on different scatterers in the target area is not necessarily equal, and the gain and

the distance between individual scatterers and the antenna will not in general be

constant. Next, the average radar backscattering cross-section per unit area is
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defined as:

σ0 =

〈
σi

∆Ai

〉
. (2.9)

If each area element ∆Ai, over which Pt, G and R are roughly constant, contains

a sufficiently large number of scatterers that an average can be performed over

it, σi = σ0∆Ai can be substituted into equation (2.8):

P̄r =
λ2

(4π)3

N∑
i=1

PtiG
2
iσ

0∆Ai
R4
i

. (2.10)

The same conditions that must be met to allow the use of σ0 in place of σi mean

that equation (2.10) can be written as an integral over the area illuminated by

the antenna:

P̄r =
λ2

(4π)3

∫
A

PtG
2σ0

R4
dA. (2.11)

The power received can then be written as a function of time delay with

respect to the transmitted pulse. The power scattered by surface elements a

distance R from the the antenna will be received at time t = 2R/c (ignoring for

the moment atmospheric propagation delays), so equation (2.11) becomes:

P̄r(t) =
λ2

(4π)3

∫
A

δ (t− 2R/c)PtG
2σ0

R4
dA (2.12)

where c = 299, 792, 458ms−1 is the speed of light propagation in a vacuum and

δ (t− 2R/c) is the transmitted delta function (Brown, 1977).

2.1.3 Pulse limited altimetry

Radar altimeters transmit short pulses of microwave radiation towards the Earth’s

surface at very small incidence angles. The duration of a transmitted radar pulse

is given by:

∆tp =
1

∆f
(2.13)

where ∆f is the bandwidth of the instrument. The time resolution of a typical

radar altimeter, with a receive bandwidth of 320MHz, is then 3.125ns which gives

an effective range resolution in free space of:

∆rp =
c∆tp

2
=

c

2∆f
' 47cm. (2.14)
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Ignoring at first the effects of the antenna gain pattern G, and for a surface whose

σ0 is constant over the small variation of incidence angles considered here, the

power received by an altimeter primarily depends on the area illuminated by the

pulse as a function of delay time. When the leading edge of the pulse intercepts

the surface it initially illuminates a circular area that expands over time until the

trailing edge of the pulse intercepts the surface. At this point the pulse limited

area, Apl, with radius rpl, is illuminated (Figure 2.1). Ignoring the curvature of

the Earth:

r2
pl = (H + c∆tp/2)2 −H2 (2.15)

rpl =
√

(c∆tp/2)2 +Hc∆tp (2.16)

and since c∆tp/2 << H:

rpl =
√
Hc∆tp (2.17)

Figure 2.1: The area illuminated on the surface by a circularly propagating pulse of width
∆rp = c∆tp/2. The satellite is a range H to the surface and the radius of the pulse limited
footprint rpl subtends an angle θ. Angles and distances have been greatly exaggerated for
clarity. Adapted from Chelton et al. (1989).
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and

Apl = πHc∆tp. (2.18)

At later times the pulse illuminates an annulus, with area:

Aann = π(r2
2 − r2

1) (2.19)

= π(Hct2 −Hct1) (2.20)

= πHc∆tp (2.21)

= Apl (2.22)

where r1 and r2 are defined in Figure 2.1. So the area illuminated initially rises

linearly with delay time up until the pulse limited footprint is illuminated, Apl,

after which the illuminated area remains constant. The range to the surface at

nadir corresponds to the time delay at the half power point on the waveform lead-

ing edge i.e., the point at which the midpoint of the transmitted pulse intercepts

the surface.

In figure 2.1, and equations (2.17) and (2.18), the curvature of the Earth has

been ignored, which actually acts to reduce rpl and Apl (Figure 2.2). For a curved

Earth, the radius of the pulse limited footprint, r′pl, subtends an angle ω, and

the satellite lies a distance H +Re from the centre of the Earth, where Re is the

radius of the Earth. Using the cosine rule, and referring to Figure 2.2:

(H + ∆rp)
2 = R2

e + (H +Re)
2 − 2Re(H +Re) cosω. (2.23)

Expanding the brackets and using the approximation cosω ' 1−ω2/2 for ω << 1,

equation (2.23) becomes:

∆r2
p + 2H∆rp = Re(H +Re)ω

2 (2.24)

and since 2H∆rp >> ∆r2
p:

ω2 =
2H∆rp

Re(H +Re)

ω =
1

Re

√
2H∆rp

1 +H/Re

. (2.25)

Then, the radius of the pulse limited footprint can be written as:

r′pl = Reω =

√
2H∆rp

1 +H/Re

=

√
Hc∆tp

1 +H/Re

(2.26)
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Figure 2.2: Geometry illustrating how the curvature of the Earth affects the radius of the
pulse limited footprint. The angle subtended by the pulse limited footprint, θ, is reduced to θ′,
and the pulse limited footprint is reduced from rpl to r′pl. Adapted from Chelton et al. (1989).

and comparing this with the expression for the flat Earth approximation (equation

(2.17)), it can be seen that:

r′pl =
rpl√

1 +H/Re

=
rpl√
η

(2.27)

where the factor η = 1 + H/Re accounts for the curvature of the Earth to a

sufficient level of accuracy (Chelton et al., 1989). For a satellite altitude of 800km

the Earth’s curvature reduces the area of the pulse limited footprint by around

11%.

There are two conventional modes of operation for satellite altimeters; pulse

limited and beam limited. The beamwidth of a circular antenna is given by

θB ' 1.22λ/D, where D is the antenna diameter (Ulaby et al., 1986b). A beam

limited altimeter is one where θB < θ, i.e. that the total area illuminated on the

surface (the beam limited footprint) is smaller than the pulse limited footprint.

For typical altimeter parameters, H∼1000km, ∆tp∼3ns, an operating frequency

of 13.6GHz (λ∼2.2cm), rpl∼1000m, meaning that a beam limited altimeter would

require an antenna beamwidth θB<1mrads. To achieve such a small beamwidth

would require an aperture with D>13m, and to achieve a range accuracy of 10cm

would require a pointing accuracy of better than 0.02◦. These requirements would

be expensive to realise, particularly for earlier instruments due to the limitations
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on early satellite design. Thus, the pulse limited arrangement has historically

been adopted, whereby θB>>θ. The antenna beamwidth of a typical radar al-

timeter is 1-2◦, meaning that the range measurement is relatively insensitive to

antenna mispointing and an antenna aperture of ∼1m is sufficient (Chelton et al.,

1989).

2.1.4 The convolution model

For altimetry, when considering scattering from a flat surface with constant sur-

face height statistics within the illuminated area, equation (2.12) is also known as

the flat surface impulse response, PFS(t) (after Brown (1977)). The flat surface

impulse response can be thought of as the geometric response of a flat surface

with backscatter cross-section per unit area, σ0, to an altimeter with antenna

gain pattern G. Brown (1977) showed that the power received by an altimeter

can then be represented as a convolution between PFS(t), the transmitted pulse

shape, pt(t), and the height probability density function of specular reflecting

facets, s(ct/2):

P (t) = pt(t) ∗ PFS(t) ∗ s(ct/2) (2.28)

where the ∗ symbol represents the convolution operator, and it has been assumed

that there is no surface transmission or volume scattering. The transmitted pulse

shape can be approximated as a Gaussian function:

pt(t) =
P0√
π

exp

[
−
(

t

∆tp/2

)2
]

(2.29)

where integrating over time gives the result that the total transmitted power is

P0∆tp/2 (Wingham et al., 2004). Over the ocean, s(ct/2) is also approximately

Gaussian:

s(z) =
1√

2πσs
exp

[
− z2

2σ2
s

]
(2.30)

where σs is the surface roughness standard deviation.

The flat surface impulse response is found by solving the area integral of

equation (2.12), taking into consideration the illumination geometry for a nadir

pointing altimeter over a homogeneous scattering surface with small beamwidth

(Brown, 1977). The average flat surface impulse response can then be written
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(after Hayne (1980)) as:

PFS(t) = A exp (−δt)I0(t1/2β)U(t) (2.31)

where

δ =
4c

γH
cos (2ξ) (2.32)

β =
4

γ

√
c

H
sin (2ξ). (2.33)

U(t) is the unit step function, I0(x) is the modified Bessel function, ξ is the

absolute value of the antenna pointing angle away from nadir and γ is the antenna

beamwidth parameter, defined by a Gaussian approximation to the antenna gain

function by Brown (1977):

G(θ) = G0 exp[−(2/γ) sin2 θ] (2.34)

where θ is the angle with respect to the antenna boresight direction and G0 is

the boresight gain. The factor A in equation (2.31) is a constant term:

A =
G2

0λ
2cσ0(0)

4(4π)2H3
exp

[
−4

γ
sin2 ξ

]
(2.35)

where σ0(0) is the backscatter cross-section per unit area at normal incidence and

atmospheric losses have been neglected.

By performing the convolution in equation (2.28) the form of the average rough

surface waveform for a pulse limited altimeter is obtained (Figure 2.3). Increasing

Figure 2.3: The average flat, rough surface waveform for a pulse limited altimeter (Brown,
1977). ξ=0◦, γ=0.0012, H=800km, ∆tp/2=1.625ns and all other constants are set equal to
one. σs = {0...5}m in 1m increments; larger σs gives a flatter leading edge.
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the surface roughness decreases the slope of the waveform leading edge, whilst

leaving the mean elevation (zero time delay) at the half power point. The leading

edge of the pulse interacts with the crests of waves earlier, and the trailing edge

of the pulse interacts with the troughs of waves for longer delay times, spreading

the rise in power. This can also be understood geometrically as an increase in the

pulse limited footprint for greater surface roughness (Fu and Cazenave, 2001).

2.1.5 Waveform averaging

In reality, individual echoes exhibit large power fluctuations, as the orientation,

path length and phase of different surface facets changes as the satellite moves

along track (Chelton et al., 1989). The uniformly distributed phase of the sur-

face scattering facets results in exponentially distributed noise i.e., the standard

deviation of the power received at a given delay time is equal to the mean power

received at that time (Goodman, 1976). Thus, it is necessary to average individ-

ual echoes in order to reduce noise levels, and arrive at a waveform resembling the

smooth shape shown in Figure 2.3. In order to perform waveform averaging it is

necessary that the individual echoes are statistically independent - there must be

sufficient change of phase of the scattering facets between the arrival of each echo

pulse that the return pulses can be considered statistically independent. The cor-

relation between successive individual echoes depends on the carrier frequency,

the sea state and the satellite altitude and velocity. For a typical Ku-band al-

timeter, with central frequency 13.6GHz, the pulse repetition frequency is around

2kHz. Thus, over a tracking cycle of ∼50ms, around 100 individual echoes are

averaged to produce waveforms at a rate of 20Hz.

2.1.6 Tracking and retracking

The time period over which return echoes are sampled is called the range window.

This window typically consists of 128 samples of the waveform power (range bins),

which corresponds to a total delay time of 128/∆f = 400ns, equivalent to 120m

of range in free space. As the satellite moves along track the range to the surface

changes due to surface topography and platform altitude variations, meaning

that the two-way travel time of the received echoes is not constant. As such,

the positioning of the range window must be continually adjusted in order to

maintain track of the received echoes. This is usually accomplished with some

kind of feedback loop that takes into account the delay time of the current echo,

as well as past variations of the echo delay time, in order to position the range

window such that the leading edge of the next echo is at the desired range bin.

A simple example of this is the ‘alpha-beta’ tracker, that was used for the Seasat
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Figure 2.4: The response of the alpha-beta tracker to a unit step function (stars) for under
damped (blue), over damped (red) and critically damped (green) values of α and β.

altimeter (Rapley et al., 1983). This is described by the recursive equations:

hn+1 = hn + α∆hn−1 + ḣn∆t (2.36)

ḣn = ḣn−1 + β
∆hn−1

∆t
(2.37)

where hn is the range window position at sample n, ∆hn is the difference be-

tween the echo position in the range window and the expected position and ḣn

is the range rate. The parameters α and β are chosen depending on the desired

‘memory’ of the tracker i.e. smaller values of α and β mean that the ‘memory’

of the height and height rate are longer respectively. The step response of the

alpha-beta tracker for under damped, critically damped and over damped values

of α and β is shown in Figure 2.4 (after Rapley et al. (1983)).

Figure 2.5: Illustration of the retracking correction, ∆Hretrack. The two-way range window
delay time is generally measured to the 64th range bin (vertical dashed line) but the true surface
elevation corresponds to the leading edge half power point near bin number 48 (vertical red
line).
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The range window delay time is approximately equal to the travel time of the

radar pulse from the satellite to the surface and back again. The satellite range

to the surface is then estimated as:

H =
cttw

2
(2.38)

where ttw is the two-way range window delay time. In reality, the received wave-

form will not be positioned exactly at the range window tracking bin and so a

correction must be calculated that accounts for the difference. This is called the

retracking correction, ∆Hretrack (Figure 2.5). For example, if the two-way range

window delay is measured to the 64th range bin and the waveform leading edge

half power point (corresponding to the mean surface elevation (see Figure 2.3))

occurs at the 48th range bin, ∆Hretrack = 16 range bins = 16 × 3.125ns = 50ns,

Correction Description
Typical
range

Atmospheric corrections
Dry
troposphere

Accounts for the additional delay time due to
non-polar gases.

170–250cm

Wet
troposphere

Account for the additional delay time due to
polar gases.

0–50cm

Inverse
barometer

Accounts for variations in ocean surface eleva-
tion due to atmospheric pressure (1mbar of ad-
ditional atmospheric pressure will depress the
ocean surface by roughly 1cm).

±15cm

Ionosphere

Accounts for the additional delay time due to
the number density of free electrons in the
Earth’s ionosphere, which depends on the so-
lar activity.

6-12cm

Tidal corrections

Ocean tide
Removes the effects of the sea surface height
variations due to lunar and solar tidal compo-
nents

±50cm

Ocean loading
tide

Corrects for deformation of the Earth’s crust
due to the weight of the ocean tides

±2cm

Solid
Earth tide

Corrects for the deformation of the Earth’s
crust due to the gravitational forces of the Sun
and Moon

±30cm

Geocentric
polar tide

Accounts for changes in ocean elevation due to
long period motion (drift) of the Earth’s rota-
tion axis

±2cm

Table 2.1: A description of the atmospheric and tidal corrections applied to altimeter range es-
timates (adapted from the CryoSat Product Handbook, European Space Agency and University
College London (2012)).
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which is equivalent to a range of 7.5m.

There are various methods for determining ∆Hretrack, depending on the in-

strument, the surface type and the surface properties of interest. Generally these

can be split into analytical or empirical model fits to the waveform, or simple

empirical methods. Over the open ocean, waveforms are usually retracked with a

model fit of the typical Brown waveform (Section 2.1.4). This technique is used

to estimate multiple waveform parameters: the retracking correction, ∆Hretrack,

the surface roughness, σs, which is related to the significant wave height and the

back scattering cross section per unit area, σ0, which is related to the surface

wind speed. Other models exist for altimeter waveforms over ice sheets, where

subsurface volume scattering and sloping topography are important. For other

applications, such as estimating sea ice freeboard, leading edge threshold retrack-

ers are used which interpolate the waveform leading edge to a given threshold.

2.1.7 Surface elevation retrieval

The total corrected range from the satellite to the surface is given by:

H =
cttw

2
+ ∆Hretrack +

∑
Hcorr (2.39)

where
∑
Hcorr is the sum of various atmospheric and tidal corrections that must

be accounted for in the range estimate (Table 2.1). The satellite orbital posi-

tion and velocity are estimated from the Doppler shift measured by the DORIS

Figure 2.6: Illustration of the altimeter elevation measurement over the oceans. The altimeter
measures the range, H, between the satellite and the instantaneous ocean surface. This is
combined with the satellite altitude, A, to estimate the instantaneous ocean surface elevation,
which is a combination of the geoid elevation, Hgeoid, and the ocean dynamic topography,
HODT .

63



(Doppler Orbitography and Radiopositioning Integrated by Satellite) tracking

system which are fed into an orbit propagation model. This can then be used to

estimate the satellite altitude relative to the reference ellipsoid (an oblate spheroid

fixed at the Earth’s centre of mass which acts as a first estimate of the shape of

the Earth). The surface elevation relative to the reference ellipsoid is then:

Helev = A−H = A−
(
cttw

2
+Hretrack +

∑
Hcorr

)
. (2.40)

Over the ocean, the surface elevation consists of two components: the elevation

of the geoid, Hgeoid, and the ocean dynamic topography (ODT), HODT (Figure

2.6). The geoid is an equipotential surface that represents the shape the Earth’s

oceans would take under the influence of gravity and rotation alone. At every

point on the geoid, the force of gravity acts normal to the surface. The ODT

Figure 2.7: Top: elevation of the GOCO03s combined satellite only geoid relative to the
WGS84 ellipsoid (http://www.goco.eu/). Bottom: global mean dynamic topography estimated
from the CNES/CLS 2011 mean sea surface relative to the GOCO03s geoid (Schaeffer et al.,
2012).
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is the departure of the ocean surface elevation from the geoid due to the effects

of external forcing (e.g., wind, coastal boundaries). Over the global ocean, the

geoid elevation varies by ± ∼100m relative to the reference ellipsoid and the

ODT varies by ± ∼1m relative to the geoid (Figure 2.7). Clearly, the geoid

dominates spatial variability in ocean surface elevation, however it only varies on

very long time and spatial scales and is not of great interest for oceanography.

Thus, usually the sea surface height is expressed as an anomaly relative to the

geoid or a long term mean sea surface.

2.2 CryoSat-2

CS2 was launched on 8th April 2010, becoming operational in October 2010 after

a 6 month commissioning phase. It is the first radar altimeter mission dedicated

to measuring the Earth’s terrestrial and marine ice sheets (Wingham et al., 2006)

and as such, it has several unique features designed to optimise its performance

in the polar regions.

2.2.1 Orbit characteristics

As mentioned in Section 2.1.1, CS2’s orbit parameters were chosen to maximise

geographic coverage and ground track density at high latitudes. Its inclination is

92◦ (i.e., retrograde with respect to the Earth’s rotation) giving coverage up to

88◦N/S. The resulting ‘pole hole’ of CS2 covers ∼157,000km2 of the central Arctic

Ocean and Antarctic Ice Sheet, representing a huge improvement compared to

the ∼2,831,000km2 left unsampled by ERS-1/2 and Envisat (Figure 2.8). In

particular, CS2 now provides complete coverage of the thick sea ice to the north

Figure 2.8: The additional geographical coverage provided by CS2 over the Arctic Ocean
(left) and the Antarctic Ice Sheet (right). The black and grey areas represent the unsampled
regions for the ERS/Envisat satellites and CS2 respectively.
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of Greenland and the CAA. As well as this, CS2 has an exact1 repeat period of

369 days, with a 30 day sub-cycle, compared to a 35 day exact repeat period for

ERS-1/2 and Envisat2. This gives CS2 an extremely dense ground track spacing,

especially at high latitudes.

2.2.2 SIRAL

CS2 carries the bespoke SAR (Synthetic Aperture Radar) Interferometric Radar

Altimeter (SIRAL) which has three different operating modes. As well as oper-

ating as a conventional pulse limited altimeter, so-called Low Resolution Mode

(LRM), it can employ along track SAR processing to increase the along track

resolution and carries a second receiving antenna which permits across track in-

terferometry.

2.2.2.1 SAR mode

The SAR mode processing used by SIRAL was described by Raney (1998). This

was extended by Wingham et al. (2004) to describe the mean echo of a SAR

altimeter and to account for surface conditions more typical of ice sheets. In SAR

mode, bursts of phase-coherent pulses are transmitted toward the surface. As the

satellite moves along track, the relative radial velocity between the satellite and

individual scatterers on the surface changes and hence, for individual scatterers

on the surface, the Doppler shift of the scattered signal changes along track.

The Doppler shift for a given location on the surface at a given time is then a

function of the along track position of the satellite and the satellite velocity. The

Doppler shift can be corrected in the frequency domain by multiplying the signal

by a constant frequency term. In the time domain, this is equivalent to a shift

in delay time, or a ‘slant-range’ correction. In practical terms, this processing

represents partitioning the power into a series of along track beams, or beam

formation (Figure 2.9). Single locations on the surface are sampled by forward

and backward looking beams over multiple bursts as the satellite moves along

track (Raney , 1998; Wingham et al., 2004, 2006).

The SIRAL impulse response was simulated numerically for a non-sloping

surface with curvature equal to the curvature of the Earth to illustrate the effect

that beam formation has on the altimeter waveform. The antenna gain at a given

1‘Exact’ depends on the mission specification; for CS2, ‘exact’ means ground track spacing
within a ±1km band.

2ERS-1 operated in a 3 day repeat cycle between July–December 1991 and December 1993–
April 1994 and a 168 day repeat cycle between April–September 1994. Towards the end of
its lifetime (late 2010 onwards), Envisat’s orbit was allowed to drift in order to save fuel and
extend the mission lifetime.
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Figure 2.9: Illustration of the beam formation process. Beams are formed in the forward
and backward looking directions for each burst of pulses (left). As the satellite moves along
track, echoes from the same location on the surface are accumulated, slant-range corrected and
summed (multi-looked) to produce the CS2 SAR mode Level-1b waveforms. Adapted from the
CryoSat Product Handbook, European Space Agency and University College London (2012).

footprint location is approximated by:

G(θ, φ) = G0 exp

[
−θ2

(
cos2 φ

γ2
1

+
sin2 φ

γ2
2

)]
(2.41)

where γ1 = 0.0133 and γ2 = 0.0148 reflect the fact that SIRAL’s antennas are

actually slightly elliptical (Wingham and Wallis , 2010). The gain pattern is

further weighted in the along track direction by the beam gain function (Wingham

et al., 2004):

D(cos ζ) = D0 exp

[
− 1

ζ2
b

(cos ζ − sinξb)2

]
(2.42)

where ζb is the angular width of the beams, ζ is the angle between the surface

scatterer and the satellite velocity vector and ξb is the beam look angle, the angle

between the antenna boresight direction and the line of maximum beam gain

(Figure 2.10). The beam look angles are given by:

ξb,n =
n

32

(
λ

4vTPRF

)
(2.43)

for n = [−31, 32], where v is the satellite velocity (∼7.5km s−1) and TPRF =

1/PRF = 1/18182 = 55µs is the pulse repetition interval for pulse repetition

frequency (PRF) 18.182kHz (Raney , 1998). This results in a beam angular sep-

aration of ∼0.024◦, or an along track separation of ∼300m (Figure 2.10).

The surface in Figure 2.10 is divided into 10×10m facets and for a given beam

number, n, the power from all the individual facets, i, is estimated as a function
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Figure 2.10: Left: the CS2 antenna gain pattern (grey), described by equation (2.41). Con-
centric circles are iso-gain lines, horizontal lines represent lines of maximum beam gain and
the satellite velocity is in the positive Y direction. Right: The gain pattern of the nadir beam
(ξb=0).

of delay time, after equation (2.10), as:

¯Pn(t) =
λ2

(4π)3

N∑
i=1

G2
iD

2
n,iσ

0∆Aiδ(t− 2Ri/c)

R4
i

. (2.44)

By taking G0D0σ
0λ2/(4π)3 = 1, the impulse response is then simply a function of

the range to the individual facets, and the angular distribution of the antenna and

beam gain patterns. The two-way range to a given along track location changes

as the satellite moves along track; at larger look angles the two-way range to the

surface is larger. Thus, in order to align individual looks at the same surface

location, the time delay of individual looks must be corrected to account for

the additional two-way travel time. This correction is known as the slant-range

correction, and is calculated as:

tsl =
ηH

c
sin2 ξb (2.45)

for look angle ξb, where η is the factor accounting for the curvature of the Earth

(Section 2.1.3). The impulse response is then convolved with the transmitted

pulse (equation (2.29)). Figure 2.11 shows the slant-range corrected waveforms

for each of the 64 look angles. Compared to the conventional Brown-type ocean

echoes (Figure 2.3), waveforms from a SAR altimeter are much more strongly

peaked. This can be understood geometrically by considering the area illuminated

on the surface by the SIRAL antenna and beam gain patterns as a function of

time (Figure 2.12). Rather than illuminating a circular area that then propagates
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horizontally outwards to form an annulus of constant area, division of the surface

into a series of beams means that the effective area illuminated is initially a strip

in the across track direction which then becomes two patches illuminated either

side of nadir. The result is that the power drops of quickly after the initial rise

in power.

The slant-range corrected power from subsequent looks at the same strip on

the surface are averaged (multi-looked) to form the CS2 level-1b 20Hz waveforms

(Figure 2.11). The range delay corresponding to the mean surface elevation is

closer to the peak power for SAR mode waveforms, as opposed to the pulse lim-

ited case seen in Section 2.1.3. A further step in the CS2 Level-1b processing

is to report information about the angular distribution of power over look angle

(Figure 2.11, top right). This takes the form of statistical quantities associated

with the distribution of power across look angle: the standard deviation, kurtosis,

skewness, the scaled amplitude, the centre location and the power standard devi-

ation as a function of angle. For a homogeneous scattering surface the variation

in backscattered power over look angle will largely be determined by the antenna

Figure 2.11: Top left: The waveform power as a function of delay time for each of the 64
look angles shown in Figure 2.10. Bottom left: the power from individual look angles (grey,
decreasing peak power corresponds to increasing magnitude of look angle) and the multi-looked,
average waveform (black). Top right: the distribution of received power over look angle.
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Figure 2.12: A comparison of the area illuminated by a pulse limited altimeter (left) and the
area illuminated by the nadir-looking beam of a SAR limited altimeter such as SIRAL (right).

gain pattern. Echoes with a marked specular component, such as over sea ice,

will show a much narrower distribution, which will be detectable in the statistics

recorded at Level-1b (Wingham et al., 2006). This is simply because for specular

scattering, power is reflected back towards the altimeter with a much narrower

gain, focused at an angle equal to the incidence angle. At larger incidence angles

(higher off nadir look angle) more power is scattered away from the altimeter

rather than back towards it, leading to a narrower distribution of power over look

angle.

2.2.2.2 SARIn mode

SARIn (SAR Interferometric) mode employs along track SAR processing in con-

junction with the inclusion of a second receive antenna in the across track direc-

tion. This allows the across track angle to the point of closest approach (POCA)

to be determined by interferometry, which allows slope-induced errors to be ac-

counted for when estimating range (Jensen, 1999). SARIn mode is designed to

operate over the margins of the Greenland and Antarctic Ice Sheets, ice caps and

mountain glaciers where surface slope-induced errors are largest.

The measurement geometry for SARIn mode is shown in Figure 2.13. The

purpose of SARIn mode is to estimate the across track surface slope, α. This is

done by estimating the interferometer angle, θ, measured positive anticlockwise

from OQ, and the baseline roll angle, χ, measured positive clockwise, when viewed

in the the direction of the satellite velocity vector (Galin et al., 2013). The

complex echo cross product is formed between the waveforms received by antennas

at L and R and the argument is the interferometric phase difference, φ (Wingham

et al., 2004). The interferometer angle is the angle between the antenna boresight
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Figure 2.13: Left: The measurement geometry for SARIn mode. The satellite velocity is
into the page, and the satellite interferometer, LR, is used to estimate the angle θ between the
antenna boresight direction OQ and the direction of the POCA OS. The direction of the POCA
makes an angle α/η to ON for a surface tangential slope α. The antenna mispointing angle,
χ, is measured between OQ and the nadir direction ON by one of three star trackers mounted
on the interferometer bench. Figure adapted from Galin et al. (2013). Right: estimating the
interferometer angle, θ, for antenna baseline B and path difference d.

direction, OQ, and the direction to the POCA, OS, and is given by:

θ ' φ

k0B
(2.46)

where k0 = 2π/λ is the carrier wavenumber (285m−1 for SIRAL), B is the inter-

ferometer baseline length (1.17m for SIRAL) and the fact that sin θ ≈ θ for small

θ has been utilised (Figure 2.13, right). The baseline roll angle, χ, is determined

from one of three star-trackers mounted on the interferometer bench. The angle

to the POCA is then given by:

α = η(θ − χ) (2.47)

where η is the factor accounting for the curvature of the Earth (Section 2.1.3).

As well as the interferometric phase, the cross channel coherence is provided

in the Level-1b SARIn mode data. This is the ratio of the magnitude of the cross-

channel waveform (the complex cross product used to calculate the phase) to the

magnitude of the power received by one antenna. It is an estimate of the extent

to which the received power is dominated by power from one side of nadir, rather

than a mixture of both (Wingham et al., 2004). Figure 2.14 shows typical SARIn
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Figure 2.14: SIRAL SARIn mode echo power waveform (top), phase difference (middle) and
cross channel coherence (bottom) for a typical open ocean echo. The vertical red line is the
70% threshold retracking point.

mode Level-1b power, phase difference and cross channel coherence waveforms

from the open ocean. At the retracking point (bin ∼150), the phase difference is

approximately zero due to the relatively small surface slope over the open ocean.

The cross channel coherence is high, as the power is all originating from close to

the nadir point i.e., a strip illuminated within the pulse limited footprint (Figure

2.12).

A further feature of SARIn mode is that the range window is four times longer

than in SAR mode or LRM mode (240m vs. 60m) so that the waveform is not lost

outside of the range window in regions of rapidly varying topography (such as at

the margins of ice sheets). As well as this, only one in every four bursts of pulses

is used as a ‘measurement’ burst. The remaining three in every four burst cycles

are used to transmit pulses with a bandwidth of just 40MHz (range resolution

3.75m) which are accumulated over a 480m range window. These tracking echoes

control the onboard tracker rather than the measurement bursts, providing better

tracking over regions of rapidly varying topography (Wingham et al., 2004).
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2.3 The UCL sea ice processing algorithm

In this section, the algorithm developed at UCL for deriving sea ice freeboard and

thickness from radar altimeter data is described and illustrated with examples

using CS2 data. The processing was developed over more than 25 years by S.

Laxon, N. Peacock, A. Ridout, K. Giles and others, and the major processing

steps outlined below apply equally to ERS, Envisat, or other radar altimeter

missions.

2.3.1 Waveform classification

Arguably the most important processing step when estimating sea ice freeboard

from altimetry is distinguishing between waveforms that originate from leads and

waveforms that originate from sea ice floes. This is made possible by the fact that

scattering from leads is highly specular in comparison to the more typical rough

surface diffuse scattering from floes. The markedly different waveform shapes that

result allows them to be separated using simple waveform shape parameters. The

pulse peakiness (PP) was originally introduced to determine when the echo shape

departs from the traditional Brown shape, for data flagging purposes (Rapley

et al., 1985; Laxon and Rapley , 1987). It is generally defined as the ratio of

the peak waveform power to the integrated waveform power. Thus, high PP is

characteristic of specular echoes (high peak power, low integrated power) and low

PP is characteristic of diffuse echoes (low peak power, high integrated power).

The definition of PP used in the CS2 processor is:

PP = Nbins
pmax∑
i pi

(2.48)

where Nbins is the number of bins with power greater than the thermal instrument

noise (estimated from the mean power in range bins 10–20), pmax is the maximum

waveform power, pi is the power in range bin i and the summation is over all bins

with power greater than the noise floor. Figure 2.15 shows the distribution of PP

for all the echoes in a typical wintertime CS2 Arctic pass, along with example

diffuse (i.e., ‘floe type’), specular (i.e., ‘lead type’) and unclassified waveforms.

The PP thresholds used for waveform classification are PP≤9 for floe waveforms

and PP≥18 for lead waveforms; waveforms falling in the range 9<PP<18 are

unclassified and discarded.

As well as PP, the stack standard deviation (stack STD, introduced in Sec-

tion 2.2.2.1) and waveform leading edge width (LE width) are used as further

waveform shape classification parameters (Figure 2.16). An upper (lower) stack
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Figure 2.15: Left: Histogram of the pulse peakiness for all echoes for a CS2 Arctic pass on
1st March 2013, Vertical lines at PP=9 and PP=18 indicate the upper threshold for diffuse
waveforms and the lower threshold for specular type waveforms respectively. Right: Example
diffuse (top), mixed behaviour (middle) and lead (bottom) waveforms with PP values inset.

STD threshold of 4 is used for specular (diffuse) echoes. The LE width is defined

as the number of range bins between the 30% and 70% waveform leading edge

thresholds. This is determined using a simple threshold retracker which finds

the fractional range bin of a specified threshold by linearly interpolating between

waveform samples. An LE width upper threshold of 2 range bins is applied to all

waveforms. This filter helps to remove waveforms that are classified as floe wave-

forms by the PP and stack STD parameter, but which still have a complex echo

shape due to off nadir ranging to leads or complex ice floe topography (Figure

2.16, right inset).

Figure 2.16: Histograms of the stack STD (left) and waveform LE width (right) for a CS2
Arctic pass on 1st March 2013. The vertical dashed line at stack STD = 4 is the upper (lower)
limit for specular (diffuse) waveforms and the vertical dashed line at LE width = 2 is the upper
threshold for all waveforms. The diffuse waveform (right, inset) passed through the PP and
stack STD filters, but it’s complex shape could produce retracked elevations that are too low.
The LE width >16 means that is is discarded from further analysis.
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2.3.2 Retracking

Following waveform discrimination and filtering, the echoes are retracked. Lead

echoes are retracked with the ‘Gaussian plus exponential’ model fit introduced

by Giles et al. (2007). This models the echo leading edge and peak as a Gaus-

sian function which is then joined to an exponentially decaying function by a

third order polynomial. The centre of the Gaussian function is taken to be the

retracking point (Figure 2.17, left). For specular reflection, the retracking point

(i.e., the point in the echo corresponding to the mean surface elevation) does not

occur on the leading edge as it does for rough surface scattering. This can be

understood by considering the convolution model for the return waveform when

considering scattering from a small (at the scale of the altimeter footprint), flat

(at the scale of the instrument wavelength) area on the surface close to nadir

(Kurtz et al., 2014). In this case, σs ≈ 0 and s(z = ct/2) → δ(H − ct/2). The

backscatter coefficient of the lead is much larger than the surrounding sea ice and

highly directional such that most power is reflected at an angle equal to the angle

of incidence. This means that the effective illuminated area that contributes to

the area integral of equation (2.12) is greatly reduced and the flat surface impulse

response of equation (2.31) also reduces to δ(t− 2H/c). The return echo then is

simply:

P (t) = pt(t) ∗ PFS(t) ∗ s(ct/2) (2.49)

= pt(t) ∗ δ(t− 2H/c) ∗ δ(t− 2H/c) (2.50)

= pt(t) (2.51)

and is simply a copy of the transmit pulse. For leads that are further away from

nadir this approximation breaks down. The lead will scatter more power away

Figure 2.17: A typical lead waveform (left) and floe waveform (right) with the retracking point
shown as a vertical red line. The original floe echo is shown (thin line) as well as smoothed
with a three bin running average (thick line) - retracking is applied to the smoothed waveform.
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from the satellite, the power from the surrounding sea ice contributes more to

the echo and the area integral cannot be taken as a δ-function. Kurtz et al.

(2014) have shown using a waveform model of SIRAL that under realistic scat-

tering assumptions, the maximum error induced by taking the centre of the fitted

Gaussian as the retracking point is 3cm.

Floe echoes are retracked by smoothing the waveforms with a three point

moving average to reduce speckle fluctuations. The first peak of the waveform is

found by inspecting the derivative of the waveform power with respect to delay

time. A 70% threshold retracker is applied to the first waveform peak if the first

peak is greater than 20% of the maximum waveform power, else the waveform is

discarded (Figure 2.17, right).

Whilst the retrackers applied to floe and lead waveforms are intended to re-

trieve the mean surface elevation, this will not necessarily be the case. There will

be differences due to the approximation of using the centre of the fitted Gaussian,

off nadir ranging to leads which introduces a negative bias into the retrieved sea

surface elevation, the use of the 70% retracking threshold (which itself is an ap-

proximation) and noise in the leading edge of floe echoes. Thus, the bias between

the two retrackers is estimated by inspecting individual CS2 passes in Hudson

Bay which include very thin ice (specular waveforms) and open ocean returns

(diffuse waveforms). The mean offset is calculated at the transition from open

ocean to specular echoes using a linear fit to the diffuse and specular elevation

estimates (Figure 2.18). For CS2 the mean retracker bias has been determined to

be 16.26cm by A. Ridout, University College London, which is added to all lead

Figure 2.18: Elevation from specular (orange) and diffuse (blue) echoes with respect to the
mean sea surface for a CS2 pass over Hudson Bay on 13th July 2013. The fits (black lines)
are calculated up to sample 1450 for the diffuse echoes and from sample 1630 for the specular
echoes; the mean offset is 16.56cm. The additional noise during the transition from open ocean
to specular echoes is due to the mixture of diffuse/specular/mixed behaviour waveforms and
off nadir ranging, which drags the elevations lower.
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elevation estimates.

At this point in the processing, the steps required to estimate ODT can be

performed separately from the processing to estimate sea ice thickness. The

development of the processing steps required to estimate ODT has made up a

large part of this PhD and will be discussed in Chapter 6.

2.3.3 Estimating freeboard

Following retracking and application of geophysical corrections, a high resolution

MSS model constructed from 2 years of CS2 data is interpolated to individual CS2

measurement locations and subtracted from individual lead and floe elevations

(Figure 2.19). The purpose of this is to ‘flatten’ the elevation profile as much

as possible, removing as much of the short wavelength sea level undulations as

possible in order to aid sea level interpolation beneath ice floes (Figure 2.20). The

sea surface elevation relative to the MSS is termed the sea level anomaly (SLA).

Raw SLA estimates from leads are interpolated along track by performing a linear

regression on all lead elevation estimates that fall within ±100km of every 20Hz

measurement point (roughly ±330 along track samples). The interpolation is only

performed if there is at least one valid lead measurement either side of the centre

of the window. Finally, the radar freeboard, Fr, is estimated for every valid floe

Figure 2.19: The Arctic mean sea surface constructed from two years of CS2 data. Long wave-
length (&100km) undulations are caused by variability in the geoid due to density variations
in the Earth’s crust whereas smaller scale features (.100km) are caused by ocean bathymetry.
Artificial illumination has been added from the east and north to highlight small scale features;
ocean ridges and the shelf break are clearly visible (compare with Figure 1.1).
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Figure 2.20: Top: The MSS (black line), lead (orange) and floe (blue) elevations relative to
the WGS84 ellipsoid for a CS2 Arctic pass on 1st March 2013. The map (inset) shows the track
(red line) running from just west of Svalbard to the Canadian Arctic. Middle: The same lead
(orange) and floe (blue) elevations with the MSS profile removed, as well as the interpolated
SLA (green). Bottom: the radar freeboard for all valid floe locations along track.

echo by subtracting the interpolated SLA from the floe elevation relative to the

MSS, i.e.,:

Fr = (H
(floe)
elev −H

(floe)
MSS )− Interp

[
H

(lead)
elev −H

(lead)
MSS

]
(2.52)

where H
(floe)
elev and H

(lead)
elev are the floe and lead elevation, H

(floe)
MSS and H

(lead)
MSS is

the MSS elevation interpolated to the floe and lead locations and Interp[...] rep-

resents the SLA interpolation operator. The radar freeboard (i.e., the freeboard

measured by a radar altimeter) is distinguished from the sea ice freeboard for

clarity, following Ricker et al. (2014).

2.3.4 Data labelling and filtering

Individual radar freeboard measurements are labelled with both the sea ice con-

centration and sea ice type using daily sea ice concentration derived from the

NASA Team algorithm (Cavalieri et al., 1996) and daily sea ice type (first year

ice (FYI) or multi-year ice (MYI)) from the Ocean and Sea Ice Satellite Appli-
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cation Facility (OSI SAF)3. Radar freeboard estimates are discarded from fur-

ther analysis if the sea ice concentration is less than 75% and if Fr > 3.0m or

Fr < −0.3m. These thresholds are chosen arbitrarily to filter out unrealistically

large radar freeboards due to land contamination, for example, or unrealistically

low negative radar freeboard estimates that are generally caused by erroneous

retracking due to complex waveform shapes or bad SLA interpolation. Negative

freeboard is certainly possible if the overlying snow layer has depressed the ice

surface below the local sea level, however -30cm is chosen as a cut off threshold

as such low freeboard is unlikely to exist in nature over a large enough spatial

scale to affect radar altimeter retrievals. It is also necessary to include some nega-

tive freeboard estimates to avoid skewing the freeboard distribution towards high

freeboard since the SAR mode single shot range noise is of order 12cm (Wingham

et al., 2006).

2.3.5 Snow loading

Figure 2.21: The snow layer thickness (left) and density (right) for February taken from the
snow on Arctic sea ice climatology of Warren et al. (1999).

The snow layer thickness and density are interpolated to radar freeboard mea-

surements using the monthly climatology of snow on Arctic sea ice produced by

Warren et al. (1999) (W99). The W99 climatology was assembled from data col-

lected between 1954-91 at Soviet drifting stations on MYI. Monthly climatologies

were assembled by fitting two-dimensional quadratic functions to all the available

snow thickness and density measurements for each calendar month (Figure 2.21).

Whilst the W99 climatology is one of the only sources of information on the

3http://osisaf.met.no/p/ice/
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large scale snow distribution of snow loading on Arctic sea ice, there are several

limitations associated with this dataset:

1. The input data is limited to the central Arctic basin and is most dense in

the Eastern Arctic. There is very little data in the Beaufort and Lincoln

Seas, and none in the Siberian shelf seas (Figure 2.22). This means that

the climatology is not representative beyond the central Arctic and outside

of this domain the quadratic fits are unbounded.

2. A climatology of this type by definition does not capture interannual or

local spatial variability in snow layer properties. This leads to errors in sea

ice thickness estimates due to the first order impact of snow loading on sea

ice thickness calculations from radar altimeters (see below).

3. It is questionable whether the W99 climatology is representative of the

current mean state of the snow cover on Arctic sea ice. Whilst there was

little or no change in the mean snow thickness between 1954-91 (Warren

et al., 1999), it has recently been shown that the mean snow thickness on

Arctic sea ice has decreased by 37% in the Western Arctic for 2009-13,

compared to the W99 baseline period (Webster et al., 2014).

2_DataProcessing/Warren_coverage.jpg

Figure 2.22: The paths taken by Soviet drifting stations NP-3 through NP-31 between 1954-
91 (top) and the time period covered by each station (bottom). Taken from Warren et al.
(1999).
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2.3.5.1 Speed of light correction

The snow thickness is used to correct the radar freeboard for the reduced speed

of light propagation in the snowpack. The speed of light correction, hc, is given

by:

hc =
(

1− cs
c

)
hs (2.53)

where cs is the speed of light propagation in snow, hs is the snow thickness and

it has been assumed that the snow-ice interface is the dominant radar scattering

horizon. This assumption is made based on laboratory experiments that show

normal-incidence 13.4GHz radar waves originate from the ice surface for sea ice

covered by a dry snow layer (Beaven et al., 1995). The validity of this assumption

has been explored, and will be discussed in more detail, in Chapter 4. The sea

ice freeboard is then simply:

Fi = Fr + hc = Fr +
(

1− cs
c

)
hs (2.54)

.

2.3.5.2 Estimating sea ice thickness

The snow thickness and density combined (i.e., the weight of the snow layer) are

required for the conversion between sea ice freeboard and thickness. If the sea ice

is in hydrostatic balance, the weight of the sea ice and snow is equal to the weight

of the displaced ocean surface water (Archimedes of Syracuse, ca. 250 BCE):

ρihi + ρshs = ρw(hi − Fi) (2.55)

Figure 2.23: The dependence of sea ice thickness on the radar freeboard and snow thickness,
estimated using equations (2.54) and (2.56).
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where hi is the sea ice thickness and ρi, ρs and ρw are the densities of sea ice, snow

and ocean surface water respectively. Rearranging for the ice thickness, equation

(2.55) becomes:

hi =
ρw

ρw − ρi
Fi +

ρs
ρw − ρi

hs. (2.56)

For typical density values (ρi∼915kgm−3, ρs∼320kgm−3 and ρw∼1024kgm−3),

the ice freeboard is multiplied by ∼9.4 and the snow thickness is multiplied by

∼2.9 when converting to ice thickness (Figure 2.23).

Sea ice thickness from CS2 has been extensively evaluated against contempora-

neous ice thickness estimated from airborne and marine in situ platforms (Laxon

et al., 2013; Tilling et al., 2015). Figure 2.24 shows the evaluation performed by

Tilling et al. (2015), which shows good agreement against all the datasets with

R=0.72, a mean difference of 2mm and a standard deviation of the difference of

0.65m.

2_DataProcessing/tilling2015/validation.jpg

Figure 2.24: Scatter plots of sea ice thickness from CS2 against a) Operation IceBridge, b)
airborne electromagnetic induction, c) upward-looking sonar from moorings and d) all datasets.
The linear correlation coefficient, mean difference and standard deviation of the difference is
printed for each plot. Taken from Tilling et al. (2015), Supplementary Information.

2.4 Thesis aims

This PhD has focussed on addressing technical problems associated with radar

altimeter retrievals over the ice-covered Arctic Ocean as well as tackling scientific

questions utilising radar altimeter data. The overarching aim of the work under-

taken has been to improve understanding of the performance of satellite radar

altimeters over sea ice and to provide new scientific insights by utilising radar

altimeter data in the Arctic Ocean. Whilst a specific focus of this PhD has been

utilising CS2 data, most of the work done has wider implications for altimetry

in the polar oceans. Similarly, whilst this thesis is focussed on the Arctic Ocean,

much of the analysis could be repeated in the Southern Ocean.

Four separate studies pertaining to radar altimetry over the Arctic Ocean are

included in this thesis; Chapters 3 and 4 address two technical issues associated

with altimeter retrievals over sea ice and Chapters 5 and 6 address scientific topics
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in Arctic physical oceanography. Specifically, the major results to be presented

in the following chapters are as follows:

1. In Chapter 3, the problem of off nadir ranging to leads is addressed using the

unique measurement capabilities of CS2 interferometric data. Historically,

this has been termed ‘snagging’: the radar becomes locked (snagged) onto a

bright lead surface, leading to large range measurement errors over sea ice.

This was observed by Connor et al. (2009) when they compared Envisat

data with airborne laser scanner data; lead returns from Envisat did not

correspond to areas of open water observed by the laser scanner, but upon

closer inspection it was found that Envisat was sensitive to a lead that was

outside the laser scanner swath and far away from the satellite nadir point.

In this chapter, the angle measuring capability of CS2 SARIn mode will be

exploited to investigate off nadir ranging to leads to quantify the associated

range error and it’s effect on freeboard retrievals over sea ice.

2. In Chapter 4, the specialised radar altimeter sea ice processing developed

at UCL will be applied to newly acquired data from the Satellite for AR-

gos and AltiKa (SARAL) mission. Launched in spring 2013, SARAL is a

French-Indian altimetry mission which carries AltiKa, the first spaceborne

Ka-band altimeter, and gives coverage up to 81.5◦N/S. The higher oper-

ating frequency compared to conventional altimeters raises the interesting

prospect of the first dual-frequency altimeter retrievals over sea ice. This

could provide new insight into the thorny issue of snow surface and volume

scattering over sea ice, a problem identified by Laxon et al. (2013) as one

of the largest remaining sources of error in radar altimeter freeboard esti-

mates. Freeboard from AltiKa will be compared against CS2 and Operation

IceBridge airborne altimetry to investigate the relative elevation retrievals

and snowpack penetration of the two satellite altimeters.

3. In Chapter 5, a semi-analytical model fit to CS2 waveforms will be applied

to data acquired in the ice free Arctic Ocean during summer to retrieve

significant wave height. This is motivated by the contention that increasing

summertime open water fraction in the central Arctic Ocean allows larger

waves to develop, that will further break up the ice pack via wave-ice inter-

actions (Thomson and Rogers , 2014). In particular, the work will focus on

summer 2012, when the area of open water in the central Arctic Ocean was

a maximum in the satellite record and two strong storms passed through

the region. Wave height from altimetry will be compared against sea ice

and meteorological conditions to draw conclusions about wave growth con-

ditions in the Arctic Ocean.
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4. Chapter 6 makes up the largest portion of work that has gone into this

PhD. Following on from the work of Peacock and Laxon (2004) and Giles

et al. (2012), a time series of monthly Arctic SSH will be developed using

Envisat and CS2 altimetry. SSH derived from altimetry will be combined

with ocean mass estimates from the GRACE satellites to infer steric height

variability, and the data will be evaluated against independent data sources.

The monthly record of SSH will allow a full decomposition of Arctic SSH

seasonal and secular variability, and in particular will reveal the full Arctic

SSH seasonal cycle and its spatial variability for the first time. On top of

this, the monthly record of steric height will be used to investigate seasonal

and secular variability in the Arctic freshwater cycle. Given the dominant

role that freshwater plays in the Arctic Ocean on seasonal and interannual

timescales, and the potential that Arctic-sourced freshwater has to disrupt

the North Atlantic convective overturning, the aim of this work is to provide

new insights into Arctic Ocean variability and demonstrate the key role that

monthly basin wide SSH estimates can play in monitoring the Arctic Ocean,

augmenting existing observation networks.

2.4.1 A note on the Appendices

Whilst the main thrust of this PhD has been to carry out studies of satellite

radar altimetry over the Arctic Ocean, I have maintained a close interest in ice

sheet altimetry since undertaking my Masters dissertation on the subject of CS2

data over Greenland. Two problems associated with the backscatter received

by radar altimeters over ice sheets have been addressed during this PhD, but

since they are not directly related to the topic of this thesis, they have been

included as appendices. Firstly, it was shown that the static crossover pattern in

LRM CS2 data over central Antarctica has a meteorological origin (Appendix B).

Secondly, numerical waveform deconvolution was used to show that an anomalous

step change in the CS2 elevation record of the Greenland ice sheet is associated

with a widespread transition from volume to surface backscattering as a result of

anomalous surface melt conditions in July 2012 (Appendix C).
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Chapter 3

Off nadir ranging to leads

The following chapter is adapted from the paper “Using the Interferometric Ca-

pabilities of the ESA CryoSat-2 Mission to Improve the Accuracy of Sea Ice

Freeboard Retrievals”, Thomas W. K. Armitage and Malcolm W. J. Davidson

(2014), IEEE Transactions on Geoscience and Remote Sensing, 52, 1. This work

was undertaken at the beginning of a Young Graduate Traineeship at the Euro-

pean Space Agency under the supervision of Dr. M. Davidson between July 2011

and August 2012, and was completed and submitted for publication during the

beginning of this PhD between September 2012 and March 2013.

3.1 Introduction

As described in Chapter 2, the retrieval of sea surface height (SSH) and sea ice

thickness from satellite radar altimeters relies on estimates of the instantaneous

SSH from leads. It is known that leads can dominate the return echo even if they

only cover a small fraction of the satellite footprint. Drinkwater (1991) showed

that specular scattering from leads will dominate the diffuse scattering from the

surrounding sea ice if the lead covers as little as 1% of the footprint area. A

known error in SSH retrieval from leads arises when leads that are not directly

at the satellite nadir dominate the return echo. The range to an off nadir lead is

greater than the range to nadir and the surface elevation is underestimated.

This effect was observed by Connor et al. (2009) when they compared Envisat

RA-2 data with airborne laser scanner data over sea ice. The RA-2 data showed

leads in places that the laser scanner showed purely sea ice. After a careful

comparison between the relative position of the altimeter footprint and the swath

of the laser scanner against contemporary satellite imagery, it became clear that

RA-2 was detecting an off nadir lead that lay well outside of the laser scanner

swath. This sensitivity of radar altimeters to specular scattering away from the
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nadir point has historically been termed ‘snagging’: the onboard tracker became

‘snagged’ on a bright surface feature and proceeded to track this surface despite

it being well away from the nadir point.

The elevation error associated with off nadir ranging to leads is always neg-

ative (i.e., the surface elevation is always underestimated) and so it cannot be

eliminated simply by averaging measurements. When the SLA is interpolated

underneath ice floes to estimate the radar freeboard, an underestimate in SLA

due to off nadir ranging translates directly into an overestimate of freeboard.

Since freeboard measurement error accounts for ∼40% of the sea ice thickness

error budget (Giles et al., 2007), it is important that off nadir ranging to leads

is well-understood and mitigated as far as possible in radar altimetry processing

over sea ice.

For conventional pulse limited radar altimeters, the location of a lead within

the instrument footprint cannot be determined without the aid of contempora-

neous imagery. The number and extent of off nadir leads can be reduced by

careful selection of waveform discrimination thresholds of the type already de-

scribed in Section 2.3.1 (Peacock and Laxon, 2004) however off nadir ranging

cannot be eliminated entirely. SAR altimetry from CS2 reduces the occurrence

of off nadir leads by limiting the accumulated power in a single waveform to a

one-dimensional across-track strip (Section 2.2.2.1), however the origin of lead

echoes is still ambiguous within this footprint. CS2 SARIn mode data offers the

opportunity to unambiguously estimate the angle to off nadir leads by utilising

the interferometric phase difference recorded in SARIn mode (Section 2.2.2.2).

3.2 Data

3.2.1 SARIn mode data over sea ice

SIRAL is designed to switch between operation mode (LRM, SAR or SARIn)

based on a geographical mode mask that is stored onboard the satellite. Over

sea ice, SIRAL operates almost entirely in SAR mode. The only two exceptions

to this are:

1. In coastal regions that transition onto the Greenland and Antarctic ice

sheets or other terrestrial glaciated regions where SARIn mode operates

and is continued out onto the sea ice.

2. In the so-called ‘Wingham box’, which was included to study the perfor-

mance of SARIn mode over sea ice.
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Figure 3.1: The ‘Wingham box’ patch of SARIn mode acquisitions in the Arctic Ocean (dark
grey region).

The Wingham box is a patch of SARIn mode acquisitions in the Arctic Ocean to

the northwest of the Canadian Arctic Archipelago, located between 80-85◦N and

100-140◦W, and covers ∼320,000km2 (Figure 3.1). In this work one month of

SARIn mode data from the Wingham box was utilised, collected in March 2011.

3.2.2 Envisat ASAR imagery

Advanced Synthetic Aperture Radar imagery collected by the Envisat satellite

was utilised to evaluate the results derived from CS2. The imagery was selected

to be spatially and temporally coincident with CS2 to minimise uncertainty due

to sea ice drift. Wide swath mode data was used, which has a pixel size of 75m

and an across-track swath of 400km.

3.3 Methods

The SARIn mode principle of operation has been outlined in Section 2.2.2.2.

Here, the measurement geometry for off nadir ranging to leads is described and an

expression for the associated range error is derived. The method for determining

the across-track angle to off nadir leads is described. Finally, the methodology is

evaluated against Envisat ASAR imagery.

3.3.1 Measurement geometry

The measurement geometry for off nadir ranging to leads is shown in Figure 3.2.

As well as off nadir ranging to a lead, it is assumed that the ocean surface is

sloped in the across-track direction due to the across-track slope of the geoid.
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Figure 3.2: The measurement geometry for off nadir ranging to leads. H is the satellite range
above nadir, Hm is the measured range to a lead at M , ρ is the angle subtended between
the satellite nadir direction, ON , and the direction to the lead, OM , χ is the interferometer
baseline roll angle, θ is the interferometer angle, β is the across-track tangential surface slope
and α is the angle that the POCA, S, makes with respect to the nadir direction, ON . The
distance d is the across-track distance between the nadir point N and the lead M , and dhρ
and dhα are the range errors due to the off nadir ranging and surface slope respectively. χ is
the angle subtended between ON and OP and is measured clockwise from ON when viewed
in the direction of the velocity vector, θ is the angle subtended between OP and OM and the
measured anticlockwise from OP when viewed in the direction of the velocity vector and α is
positive if the point of closest approach is to the right of the nadir point when viewed in the
direction of the velocity vector. All angles have been greatly exaggerated for clarity.

From Figure 3.2, the angle between the satellite nadir and the lead is:

ρ = θ − χ (3.1)

where θ is the measured interferometer angle and χ is the interferometer baseline

roll angle (Figure 3.2). The across-track distance to the lead is then simply:

d ' Hm sin ρ ' Hmρ (3.2)
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where the small angle approximation has been used.

For non-zero across-track slope there are two components to the range error:

the range error due to off nadir ranging and the range error due to the fact that

the point of closest approach (POCA), S in Figure 3.2, does not lie at nadir. The

error due to off nadir ranging can be derived as follows:

H +
dhρ
η

=
Hm

cos(ρ− α)
(3.3)

dhρ = η
Hm −H cos(ρ− α)

cos(ρ− α)
. (3.4)

where the factor η accounts for the curvature of the Earth (see Section 2.1.3). If

α, ρ << 1, as is the case here, then cos(ρ − α) ≈ 1 − (ρ − α)2/2, and equation

(3.4) can be written as:

dhρ ' η
Hm −H(1− (ρ− α)2/2)

1− (ρ− α)2/2
(3.5)

and taking Hm ≈ H:

dhρ ' η
Hm(ρ− α)2/2

1− (ρ− α)2/2
. (3.6)

Finally, given that 1− (ρ− α)2/2 ≈ 1:

dhρ ' η
H

2
(ρ− α)2. (3.7)

The range error due to the departure of the POCA from nadir is a standard result

(e.g., Chelton et al. (1989); Jensen (1999); Wingham et al. (2006)), and is derived

in similar way to dhρ, to arrive at:

dhα ' η
Hm

2
α2. (3.8)

The total range error due to off nadir ranging to a lead over a surface tilted in

the across-track direction is then:

dh = dhρ − dhα ' η
Hm

2
(ρ2 − 2αρ) (3.9)

and the range to the nadir point (N in Figure 3.2) is:

H = Hm − dh ' Hm − η
Hm

2
(ρ2 − 2αρ). (3.10)
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There is a small error incurred when the measured range, Hm, is used to

calculate dh in equation (3.9) as opposed to the actual range, H. However, this

error is negligibly small in comparison to the measurement error and so is ignored

here. To see this, consider a large off nadir angle of ρ = 0.002rad (Figure 3.7),

α << ρ and use H = 725km in place of Hm in equation (3.9). In this case dh

is 1.595m. If, instead of H, the measured range Hm = 725, 001.595m is used in

equation (3.9), dhρ is estimated to be 1.5950035m, a difference of just 3.5µm.

3.3.2 Estimating the range error

In order to estimate the range error in equation (3.9) three quantities are re-

quired. Hm is simply the retracked range corrected for atmospheric and tidal

effects (equation (2.39)). For this work, a slightly different definition of the pulse

peakiness (PP) was used to classify waveforms originating from leads, floes and

ambiguous returns. Rather than the definition introduced in Section 2.3.1, the

following equation was used:

PP =
pmax∑Nb

i=1 pi
(3.11)

where pmax is the maximum power received over a given waveform, pi is the power

in bin i and Nb is the number of range bins (512 for SARIn mode). Examples

of a floe, lead and mixed behaviour waveform are shown in Figure 3.3. As well

as purely specular or diffuse scattering over sea ice there is a range of mixed

scattering behaviour that can lead to a wide variety of waveform shapes.

Since the focus of this work was the SSH retrieval, a robust specular retracker

was developed that is capable of locating specular scattering components across

a range of waveform shapes. The bin with the maximum power, imax, is located

and a Gaussian function is fit to the waveform power in a 5 bin window centred on

imax, i.e., bin numbers (imax−2) through (imax+2). The purpose of this retracker

is to isolate the specular part of the waveform, so that the fit is not corrupted

by the power in surrounding bins. The waveforms in Figure 3.3(b) and (c) were

retracked using this method. Figure 3.3(c) in particular demonstrates that this

retracker successfully tracks the specular part of the waveform despite underlying

diffuse scattering behaviour; the ‘Gaussian plus exponential’ waveform fit used

in the UCL processor, for example, would fail for complex waveform shapes such

as in Figure 3.3(c).

The interferometer angle, θ, is calculated from cross-channel phase difference
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(a) (b) (c)

Figure 3.3: CryoSat-2 SARIn mode waveforms from the Wingham box: the waveform power
(top row), normalised so that the maximum power is one, the cross-channel phase difference
(middle row) and cross-channel coherence (bottom row). Three scattering behaviours are shown:
a) purely diffuse (floe), b) purely specular (lead) and c) mixed behaviour. The PP calculated
using equation (3.11) is shown in the top right for each waveform and the retracking point is
shown by the vertical dashed line.

at the retracking point (Figure 3.3), using equation (2.46), i.e.:

θ =
φretrack
k0B

. (3.12)

The specular waveforms were filtered using a lower threshold for the retracked

cross-channel coherence of 0.7. Since this is a measure of the extent to which the

received power is dominated by power from one side of the nadir point rather

than the other, it can be used to check the reliability of the retracked cross-

channel phase difference (Section 2.2.2.2). In fact, it was found that for all the

specular waveforms in March 2011, 98.2% had a retracked cross-channel coherence

of >0.97.

The baseline roll angle, χ, is estimated from the satellite pointing information

provided by one of three star trackers mounted on the interferometer bench. The

calibration of the satellite roll angle has been examined in great detail by Galin

et al. (2013), using experimental data where the satellite was purposefully rolled

over the ocean (a surface with well known slope). The baseline roll angle used

in equation (3.1) was manually corrected for the static offset and scaling factor

calculated by Galin et al. (2013), as this calibration had not been incorporated

into the CS2 level-1b products at the time of this work (as of the Baseline C

reprocessing this correction is already applied in the ESA distributed products).
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The across-track slope of the geoid, α, was estimated using the EGM2008 model

(Pavlis et al., 2012), using bilinear interpolation.

3.3.3 Evaluation against Envisat ASAR images

It is possible to evaluate this methodology by overlaying the data on spatially and

temporally coincident SAR imagery. The across-track distance to the specular

feature picked by the specular retracker, d, is estimated from equation (3.2).

Figures 3.4 and 3.5 show sections of CS2 ground tracks overlaid on Envisat ASAR

imagery. The sub-satellite track is shown in red (N in Figure 3.2) and the across-

track origin of retracked waveform (M in Figure 3.2) is shown in green.

Dark areas in Figures 3.4 and 3.5 correspond to more highly reflective areas

of the surface such as leads or freshly frozen thin ice. Statistically, only 5-10%

of the waveforms will be purely specular; the remainder will be diffuse or show a

mixture of scattering behaviour. Nevertheless, the across-track origin of the wave-

forms clearly tends to track dark (bright) regions on the surface. This provides

some confidence that the methodology outlined above can successfully locate the

specular part of waveforms and that the measured cross-channel phase difference

is physically meaningful. There are some areas where the retracker fails to locate

the specular component of the waveform and the green line fails to follow what

seam to be dark specular features. This can occur, for example, if the specu-

lar part of the waveform does not correspond to the maximum waveform power.

Of course, where there is no specular component to the waveforms, the above

methodology does not produce any useful information.

Figure 3.4: CS2 ground track (red) and the across-track origin of the waveform (green)
overlaid on an Envisat ASAR image acquired on 17th March 2011.
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Figure 3.5: Same as in Figure 3.4.

3.4 Analysis

In this section individual elevation transects are inspected and the range correc-

tion is applied. The distribution of the across-track origin and related statistics

of specular waveforms is discussed and an error budget is developed.

3.4.1 Applying the range correction to CS2 transects

Typically, when estimating the SLA over sea ice, a lower threshold for PP is

used to distinguish specular waveforms. This is described in detail for the UCL

sea ice altimetry processing scheme in Section 2.3.1. In this work, waveforms

with PP > 0.15 were classified as specular. Figure 3.6 shows the SLA from an

Arctic CS2 pass in March 2011, along with the range correction estimated from

equation (3.9) and the corrected SLA profile. The uncorrected SLA profile shows

large along track variation, with some elevation estimates appearing more than

a meter below neighbouring estimates. This variance is removed by applying the

range correction. The mean range correction is 9.0cm, which represents a bias

along this section of the pass if left unaccounted for. Thus, using SARIn mode

to correct for off nadir ranging to leads increases both the precision, by reducing

the SLA variance, and the accuracy, by removing a bias, of lead-derived SLA

estimates.

The smaller figure inset in Figure 3.6 shows a zoom of the lead that appears

at an along track distance of 92-95km. This illustrates the typical parabolic

elevation error that occurs when a lead passes beneath the nadir point as the

satellite moves along track. As the satellite moves along track, the lead passes

from the left of the nadir point, at an along track distance of ∼92km, the nadir

point at an along track distance of ∼93km and then away to the right of the nadir
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Figure 3.6: The uncorrected SLA (top), the range correction, dh, estimated from equation
(3.9) (middle) and the corrected SLA profile (bottom). The figure inset in the bottom panel is
a zoom of the SLA profile at approximately 92–95km along track, showing the typical parabolic
SLA profile caused by a linear lead running beneath the satellite as it moves along track (dia-
monds), and the corresponding corrected SLA (circles).

point. The distance between the lead and the nadir point varies roughly linearly

along track, leading to a quadratic range error since dh ∝ d2.

3.4.2 The angular distribution of specular waveforms

The distribution of the off nadir angle, ρ, for varying PP thresholds, along with

the corresponding range error, is shown in Figure 3.7 for March 2011. The distri-

bution of leads about the nadir point (ρ = 0) is roughly symmetrical, as would be

expected if it is assumed that leads are randomly distributed within the SARIn

mode footprint. As the PP threshold is increased, the total number of valid

waveforms decreases and the proportion of waveforms arriving from high off nadir

angles decreases. This can be understood by considering the geometrical relation

between leads, the incident radar pulse and the receive antennas. It should be

expected that the most high power, specular waveforms originate from closer to

the satellite nadir point, where the surface is orientated at closest to right-angles

with the line of POCA. At higher incidence angles, more power will be scat-
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Figure 3.7: Distribution of ρ for March 2011 for varying PP thresholds. The bin size is 50µrads
and the range error corresponding to a particular value of ρ is shown beneath the histograms.

tered away from the satellite rather than back towards it. If the PP threshold

is reduced then more lower power, less specular waveforms from higher off nadir

angles will be included. This is illustrated in Figure 3.8 for March 2011, which

shows the scatter of log10[Pr/Pt] against ρ, where Pr and Pt are the maximum

received power and the transmitted power respectively. As the PP threshold is

increased, lower power waveforms with higher off nadir angles are excluded from

the analysis.

This is also reflected by the mean range correction and the number of wave-

forms classified as specular, which both show a strong dependence on the PP

threshold (Figure 3.9). Figure 3.9 shows that there is always a bias due to off

nadir ranging to leads independent of how high the PP threshold is set: as the

PP threshold is increased, the mean dh converges at ∼0.5cm and the number of

specular waveforms is reduced to zero.

Figure 3.8: The scatter of log10[Pr/Pt] about the nadir point for PP thresholds of (from left
to right) 0.15, 0.20, 0.25 and 0.30 for March 2011. Pr and Pt are the maximum received power
and the transmitted power respectively.
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Figure 3.9: The mean range correction, dh, (left) and the number of specular waveforms
(right) against the PP threshold for March 2011.

3.5 Uncertainty on the range correction

The uncertainty on d is given by:

σ2
d = H2

mσ
2
ρ + |ρ|2σ2

Hm
' H2

mσ
2
ρ (3.13)

and the uncertainty on dh is given by:

σ2
dh = η2H2

m|ρ− α|2σ2
ρ + η2H2

m|ρ|2σ2
α +

η2

4
|ρ2 − ρα|2σ2

Hm
(3.14)

' η2H2
m(|ρ− α|2σ2

ρ + |ρ|2σ2
α) (3.15)

where σρ, σα and σHm are the uncertainties on ρ, α and Hm respectively. In

equations (3.13) and (3.15), it has also been assumed that over the range of

observed angles, ranges and uncertainties, |ρ|2σ2
Hm

<< H2
mσ

2
ρ and |ρ|2σ2

Hm
<<

H2
m|ρ|2σ2

ρ.

The uncertainty on α is due to geoid error, ocean dynamic topography, sea

surface slope associated with tides and atmospheric effects and error due to the

use of bilinear interpolation of the geoid slope. It is estimated that an upper

bound on σα is of order 20µrads (i.e., a 2cm sea level error over a horizontal

distance of 10km). The uncertainty on ρ is due to a combination of uncertainty

on the interferometer angle, θ, and the baseline roll angle, χ. The roll angle and

mispointing of the SIRAL interferometer baseline has been analysed in depth

by Galin et al. (2013), who found that for 1Hz averaged waveforms the angle

measurement uncertainty due to instrument thermal noise on the interferometer

and star trackers was of order 20µrads1. Assuming that the noise on the angle

measurements is normally distributed thermal noise (reasonable given that 20Hz

1As remarked by Galin et al. (2013), the in-flight performance of the SIRAL interferome-
ter angle measurement is remarkably better than the pre-launch performance requirement of
200µrads.
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waveforms are the sum of up to 64 individual echoes), the angle measurement

uncertainty on the 20Hz data used for this study is estimated as σρ ≈ 20
√

20 ≈
90µrads.

For all of the specular waveforms in the Wingham Box in March 2011 with

PP > 0.15, σd = 66m and σdh varies between 10−5cm and 16cm. The mean

uncertainty on dh is dominated by scattering from higher off nadir angles since

there is a linear dependence of σdh on ρ. This leads to a proportionally large un-

certainty on the mean range correction of 4.06±1.66cm. However, using SARIn

mode to correct for off nadir ranging on a point-by-point basis results in only a

small increase in the SARIn mode root-sum-square (RSS) elevation uncertainty.

The pre-launch SARIn mode 20Hz elevation uncertainty budget is 14cm due to

instrument noise and 6cm due to orbit determination error (Wingham et al.,

2006). Combining these uncertainties with σdh in a RSS fashion increases the

SARIn mode 20Hz elevation uncertainty by just 2mm on average. Thus, correct-

ing for off nadir ranging using CS2 SARIn mode has a negligible impact on the

instantaneous SARIn mode uncertainty whilst accurately accounting for a known

bias.

3.5.1 SARIn mode vs. SAR mode over sea ice

The pre-launch SARIn mode 20Hz elevation uncertainty is ∼15.2cm compared to

∼11.6cm for SAR mode. Since SAR mode generally operates over sea ice (in both

hemispheres) it is worth investigating whether making SARIn mode acquisitions

in place of SAR mode over sea ice would improve the mission performance. In

the UCL sea ice processing (Chapter 2), the threshold for specular waveforms

is PP > 18 (by the definition of PP in Section 2.3.1) which is equivalent to

PP > 0.16 using equation (3.11) (A. Ridout, personal communication). In this

study, a similar threshold was selected for determining specular echoes from leads

(PP > 0.15) so utilising the SARIn mode processing developed in this study would

not dramatically increase the number of specular waveforms. So, for a given area,

the statistical error on the SLA would be a factor of
√

2 larger using SARIn

mode compared to SAR mode2. A factor of
√

2 reduction in the SARIn mode

uncertainty could be achieved by doubling the number of ‘specular’ waveforms by

reducing the PP threshold. However this would also potentially introduce more

complex waveforms into the analysis, degrading the SLA estimates. Similarly,

the statistical uncertainty on ice floe elevation estimates would be increased by a

factor of
√

2, reducing the overall precision of sea ice freeboard estimates.

2The factor of
√

2 arises from the fact that in SARIn mode only one in four bursts of pulses
are ‘measurement’ bursts and the remaining three are ‘tracking’ bursts (Wingham et al., 2006).
In SAR mode all four bursts of pulses are ‘measurement’ pulses.

97



Figure 3.10: The mean SLA from raw lead measurements (before SLA interpolation) for
different PP thresholds between October 2010 and April 2011. Plot produced by A. Ridout.

Despite this, SARIn mode uniquely allows off nadir ranging to leads to be

corrected for individual waveforms without a priori information about the sur-

face, which represents a bias in SLA measurements if left uncorrected. Indeed,

the effect of off nadir ranging can be seen in the UCL sea ice processing when the

mean SLA is plotted against the PP threshold (Figure 3.10): as the PP threshold

is decreased the mean SLA decreases. The sensitivity of the mean range error

to the PP threshold appears to vary from month to month, with the slope of

the lines in Figure 3.10 varying for each month. In particular, October 2010

and March/April 2011 have steeper slopes than between November and Febru-

ary. There are several possible mechanisms to expect the range error due to off

nadir ranging to leads to vary both seasonally and from month to month. This

includes factors affecting the seasonally varying fractional coverage of sea ice and

the compaction of the ice pack and lead orientation relative to CS2 ground tracks.

3.6 Conclusions

This study has shown that it is possible to measure and correct for off nadir

ranging to leads using the cross-channel phase difference recorded in CS2 SARIn

mode data as well as collect new information about the distribution of specular

waveforms about the nadir point. For March 2011 in the Wingham box, leads

dominated the radar echo if they were up to 1530±70m away from the nadir

point. This number could change seasonally and geographically depending on

the fractional lead coverage and the distribution of the lead coverage. The mean

range bias associated with off nadir ranging to leads depends on the PP threshold
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used to discriminate lead waveforms. For PP > 0.15 the mean dh is 4.06±1.66cm,

which decreases to 1.21±0.93cm for PP > 0.30.

Whilst correcting for off nadir ranging to leads has a negligible impact on the

‘single shot’ SARIn mode elevation uncertainty, the increased noise present in

SARIn mode data means that applying SARIn mode over the entire Arctic Ocean

would not be beneficial to sea ice thickness retrievals from CS2. In practical terms

as well, SARIn mode could not be operated over the entire Arctic Ocean due to

onboard data storage and power constraints. However, SARIn mode uniquely

allows the bias due to off nadir ranging to leads to be properly characterised

and care should be taken that this bias is accounted for in sea ice processing

algorithms.
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Chapter 4

Sea ice freeboard from AltiKa

The following chapter is adapted from the paper “Arctic sea ice freeboard from

AltiKa and comparison with CryoSat-2 and Operation IceBridge”, Thomas W. K.

Armitage and Andy L. Ridout (2015), Geophysical Research Letters, 42. The work

was undertaken and performed independently and the publication was prepared

with assistance from Prof. A. Shepherd, University of Leeds. A. Ridout processed

the CS2 radar freeboard.

4.1 Introduction

For Ku-band radar altimeters (13.6GHz central frequency) operating over sea ice

it is often assumed that the snow-ice interface is the dominant radar scattering

horizon (Laxon et al., 2003; Giles and Hvidegaard , 2006; Giles et al., 2007, 2008a;

Laxon et al., 2013; Kurtz et al., 2014; Ricker et al., 2014; Tilling et al., 2015).

The conversion from sea ice freeboard to thickness then depends on how much

the ice surface is depressed relative to the local sea surface height by the weight

(combined thickness and density) of the overlying snow layer which is typically

taken from the climatology of Warren et al. (1999), as well as the density of the

ocean surface water and sea ice (Section 2.3.5). The sea ice thickness uncertainty

is then dominated by the lack of knowledge of the instantaneous snow layer

thickness (∼50%) and the freeboard measurement error (∼40%), with smaller

contributions from the uncertainty of the ocean, ice and snow densities (Giles

et al., 2007).

In view of results of field campaigns (Giles and Hvidegaard , 2006; Hendricks

et al., 2010; Willatt et al., 2011; Willatt , 2012), Laxon et al. (2013) cautioned

that there may be residual errors in sea ice thickness estimates due to scattering

from the air-snow interface and within the snow pack. Kwok (2014) suggests that

this may be the case for airborne Ku-band radar, particularly where there is a
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thicker snow layer present, but the extent to which satellite radar altimeters are

affected by snow surface and volume scattering is currently unknown. However,

it is known that the radar backscattering properties of snow on sea ice are very

sensitive even to small amounts of liquid water content and the presence of salt

(brine) or icy layers (Ulaby et al., 1986c; Willatt , 2012) and so the radar freeboard

(the freeboard measured by a radar altimeter) has been introduced as a separate

quantity to the sea ice freeboard (the elevation of the ice surface above local sea

level) (Ricker et al., 2014).

In this work, radar freeboard is estimated from Ka-band radar altimeter data

(35.75GHz central frequency) for the first time. Then, the dominant scattering

horizon and effective radar penetration of the snow pack at both Ka- and Ku-band

are estimated utilising contemporary airborne data.

4.2 Data and methods

Data from two polar-orbiting satellite radar altimeters are used in this study:

the AltiKa instrument onboard the Satellite for ARgos and AltiKa (SARAL)

and SIRAL onboard CS2. The CS2 radar freeboard was provided by A. Ridout,

using the UCL sea ice processing algorithm described in Section 2.3.

4.2.1 SARAL/AltiKa

SARAL/AltiKa (herein after referred to as AltiKa) is a joint mission between the

French space agency (Centre National d’Études Spatiales) and the Indian Space

Research Organisation and became operational on 14th March 2013 (Bronner ,

2013). AltiKa is in the same orbit as the Envisat satellite, giving it coverage to

81.5◦N/S but operates at a central frequency of 35.75GHz with 500MHz band-

width, making it the first spaceborne Ka-band radar altimeter. These instrument

properties should offer improved performance over sea ice relative to conventional

pulse limited Ku-band altimeters (e.g., ERS, Envisat) as it will be less sensitive

to waveform contamination by bright off nadir features. This is for two main

reasons:

1. AltiKa has a pulse limited footprint of ∼1.4km, compared to ∼1.7km for

pulse limited Ku-band altimeters.

2. A beamwidth of 0.6◦ compared to 1.3◦ at Ku-band means that AltiKa is

close to being beam-limited and the waveform power is attenuated much

more quickly after a sharper peak.
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In effect, the surface area illuminated is much smaller at Ka-band than at Ku-

band and power received from higher incidence angles is more strongly attenuated

by the antenna gain pattern. In contrast to AltiKa, CS2 was specifically designed

to measure the Earth’s cryosphere and so has several unique design features to

achieve this mission objective (Section 2.2). Thus, whilst it is not expected that

AltiKa will perform as well as CS2 over sea ice, it should perform better over

sea ice than other pulse limited altimeters in similar orbits (i.e., ERS, Envisat),

which have themselves provided useful information over sea ice (e.g., Laxon et al.

(2003); Giles et al. (2008a)).

4.2.2 AltiKa processing

The AltiKa Sensor Geophysical Data Record, which contains all of the 40Hz radar

echo waveforms, is used to estimate radar freeboard (available from ftp://avisoftp.

cnes.fr/AVISO/pub/saral/). The UCL sea ice processing algorithm described in

Section 2.3 was coded into IDL and adapted to the AltiKa data. Here, the

adaptations for AltiKa are described in relation to the full processing algorithm

described in Section 2.3.

4.2.2.1 Waveform classification

Pulse Peakiness (PP) is calculated using equation (2.48) and waveforms with

PP<5 are classified as floes and waveforms with PP>18 are classified as leads.

As with CS2, the leading edge (LE) width must be less than two range bins for

valid floe or lead waveforms. As well as the PP and LE width thresholds, it is

required that lead waveforms have σ0 > 24dB. This reduces the number of lead

measurements that originate from high off nadir angles: the further away from

nadir a lead is the more power will be scattered away from the satellite rather

than back towards it.

4.2.2.2 Retracking

A 50% leading edge threshold retracker is used for AltiKa floe waveforms as it is

a pulse limited instrument (Section 2.1.3). The CS2 ‘Gaussian plus exponential’

retracker is applied to specular waveforms designated as originating from leads.

As in Section 2.3.2, an elevation correction is estimated to account for deviations

from the theoretical mean elevation retrieved by different retracking methods

(using the method of Giles et al. (2012)). The monthly SLA from AltiKa was

gridded on a 2◦×0.5◦ grid using all available lead and open ocean measurements.

The 50% floe waveform retracker is applied to the open ocean waveforms (since

rough surface open ocean waveforms represent a proxy for waveforms originating
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Figure 4.1: Histograms of the sea surface height from grid cells containing both open ocean
(blue) and lead (orange) elevation measurements in a given month between April 2013 and
March 2014 and the difference (grey). The mean difference of -11.1±0.2cm is estimated by
fitting a Gaussian function to the differences.

from sea ice floes) and the lead retracker is applied to the lead waveforms. Grid

cells are discarded if they contain less than 20 valid lead or open ocean elevation

measurements. For grid cells containing both open ocean and lead elevation

estimates for a given month, the difference in SLA derived from leads and from

open ocean waveforms is estimated. This was repeated for a full year of AltiKa

data (April 2013–March 2014) and the retracker correction of -11.1±0.2cm is

estimated by fitting a Gaussian function to the distribution of differences (Figure

4.1). The mean difference of 11.1cm is subtracted from all individual AltiKa

freeboard measurements.

4.2.2.3 Sea level interpolation and estimating freeboard

The high resolution MSS constructed from two years of CS2 is interpolated to

all valid lead and floe elevation estimates and subtracted. The along track SLA

interpolation described in Section 2.3.3 is adapted to account for the greater

frequency of off nadir ranging seen in AltiKa data compared to CS2. For all valid

ice floe measurements, the SLA is linearly interpolated using all available lead

estimates in a 200km along track window centred on the floe location, provided

that there is at least one valid lead measurement on either side of the floe. Then,

all lead measurements more than half a meter below this initial interpolated SLA

estimate are discarded and the linear interpolation is performed again.

The AltiKa radar freeboard is then simply the elevation of the floe relative
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to the interpolated SLA. Finally, as with CS2, freeboard estimates are discarded

at locations with less than 75% sea ice concentration (data taken from Maslanik

and Stroeve (1999) and provided by the National Snow and Ice data Center at

http://nsidc.org/data/nsidc-0081) and if they are greater than 3m or less than

-30cm.

4.2.3 Operation IceBridge

The satellite data were compared with space and time coincident airborne data

from NASAs Operation IceBridge (OIB). OIB uses a laser scanner to estimate

the snow freeboard (the elevation of the snow surface relative to local sea level)

and an ultrawideband snow radar to estimate the snow thickness (Kurtz et al.,

2013). There were five OIB sorties over sea ice between 21st and 27th March 2013

and fourteen between 12th March and 3rd April 2014 and these are compared to

satellite data acquired between 14th March and 4th April 2013 and 12th March and

3rd April 2014. The OIB Sea Ice Freeboard, Snow Depth and Thickness Quick

Look data are used because the fully consolidated sea ice products are not yet

available for these campaigns (provided by the National Snow and Ice data Center

via http://nsidc.org/data/icebridge/index.html). The Quick Look products have

additional uncertainty compared to the consolidated product; the Quick Look

product relies on the surface temperature from the KT19 instrument to identify

leads, rather than the full lead identification processing described by Onana et al.

(2013), as well as the use of near real-time GPS data. For the 2012 OIB campaign,

the Quick Look laser freeboard and snow thickness have an offset and spread of

1.5±6.0cm and 0.1±2.0cm respectively compared to the consolidated product

(documentation available via http://nsidc.org/data/icebridge/evaluation- prod-

ucts.html). It is not currently possible to fully assess the uncertainty on averaged

OIB Quick Look snow thickness. The snow thickness uncertainty in the Quick

Look product is set to a constant 5.7cm (after Farrell et al. (2012)), so cannot be

treated as random, and Kurtz et al. (2013) note that further validation against in

situ measurements is required to properly quantify the Quick Look snow thick-

ness uncertainty. Nevertheless, OIB data represent a valuable tool for evaluating

satellite data; Laxon et al. (2013) found less than 5cm root-mean-square difference

between CS2 and OIB derived sea ice thicknesses.

4.3 Comparison between AltiKa and CryoSat-2

Monthly radar freeboard estimates from both satellites were posted onto a 0.8◦×
0.2◦ grid and smoothed using a Gaussian convolution filter with a standard de-
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Figure 4.2: The radar freeboard from CS2 (left column), AltiKa (middle column) and the
difference (AltiKa-CS2, right column) for the 2013-14 Arctic sea ice growth season.
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viation of 50 km. Note that the satellite radar freeboard was not corrected for

the slower speed of light propagation in snow to avoid introducing auxiliary snow

thickness data into the comparison. The CS2 and AltiKa radar freeboard and

the difference (AltiKa-CS2) were calculated for the 2013-14 Arctic sea ice growth

season (Figure 4.2). What is immediately clear is the excellent coverage provided

by CS2, whereas AltiKa does not sample most of the thickest ice to the north

of Greenland and the CAA. The difference between the AltiKa and CS2 radar

freeboard (Figure 4.2, right) shows that AltiKa consistently retrieves a greater

elevation than CS2 over sea ice. Further to this it can be seen that the difference

between AltiKa and CS2 increases over the course of the sea ice growth season

and that for a given month the difference varies spatially over the Arctic Basin.

Note that the differences in Figure 4.2 are slightly exaggerated because the radar

freeboard has not been corrected for the slower speed of light propagation in

snow. Although there are some small areas showing negative differences close to

the ice edge, it is likely that this is due to contamination of AltiKa sea ice floe

echoes by bright off nadir reflections from leads. This is a known issue for radar

altimeters operating over sea ice, particularly pulse limited instruments: bright

off nadir features such as leads can dominate the echo power, causing a later time

of arrival and an underestimate of the surface elevation (Chapter 3; Connor et al.

(2009); Armitage and Davidson (2014)).

The area averaged radar freeboard from AltiKa is always larger than for CS2

and the difference between the two sensors changes as the season progresses (Fig-

ure 4.3). In this comparison, the CS2 area averaged freeboard is only calculated

up to 81.5◦N, the latitudinal limit of the AltiKa data. The mean difference is

Figure 4.3: The mean radar freeboard from AltiKa (circles), CS2 (squares) and the difference
(AltiKa-CS2, triangles) for the 2013-14 Arctic sea ice growth season
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4.4cm in October, growing to 6.9cm in March before decreasing slightly in April.

The CS2 freeboard decreases between October and November 2013 due to a

combination of two factors. First, the rapidly expanding seasonal ice zone will

decrease the basin-mean freeboard and second, the thickening of the overlying

snow layer in autumn will depress the ice surface relative to sea level (Warren

et al., 1999).

4.4 Comparison between satellite and airborne

radar freeboard

To allow a direct comparison with the satellite-derived radar freeboard, the OIB

laser freeboard and snow thickness are used to derive the theoretical radar free-

board, assuming that the ice-snow interface is the dominant scattering horizon

and that the radar wave is slowed as it travels through the snow pack. The

correction for the slower propagation of radar waves through the snow pack is

given by hc = hs(1− cs/c) where hs is the snow thickness, cs is the speed of light

propagation through snow and c is the speed of light propagation in a vacuum

(Kurtz et al., 2014). Using the value of cs/c = 0.781 quoted by Kwok (2014),

hc ≈ 0.2hs. The OIB radar freeboard, F
(OIB)
r , is then:

F (OIB)
r = Fl − hs − hc ≈ Fl − 1.2hs (4.1)

where Fl is the OIB laser freeboard. Finally, as with the satellite-derived radar

freeboards, the OIB radar freeboard estimates are gridded on a 0.8◦ × 0.2◦ grid.

The OIB radar freeboard is correlated with both the laser freeboard (R=0.87)

and the snow thickness (R=0.49) suggesting that thicker ice (larger ice freeboard)

tends to have a thicker snow layer (Figure 4.4, left, grey).

The satellite observations are compared with the airborne data by averaging

all of the data into 4◦ × 1◦ grid cells with grid cells omitted if they contain less

than 100 individual freeboard measurements to reduce the impact of speckle noise

(after Laxon et al. (2013)). There are then 200 grid cells containing both AltiKa

and OIB freeboards (Figure 4.4, left, blue) and 395 grid cells with both CS2 and

OIB freeboards (Figure 4.4, left, orange). There are less AltiKa data points in

Figure 4.4 with larger laser freeboards (>50cm) because AltiKa does not sample

much of the thick ice to the north of Greenland and the CAA. There is a good

correlation between both satellite sensors and the OIB laser freeboard (R=0.84

for AltiKa and R=0.81 for CS2).

The comparison between satellite and OIB radar freeboard shows that the el-

evations retrieved over sea ice are larger at Ka-band than at Ku-band over all ice
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Figure 4.4: Scatter plot of the radar freeboard from OIB (grey), AltiKa (blue) and CS2
(orange) versus laser freeboard from OIB (left). OIB flight lines for spring (March-April) 2013
(top right) and spring 2014 (bottom right), coloured by the laser-derived snow freeboard. The
northern limit of the coverage offered by the the two satellites is shown by the solid (CS2) and
dashed (AltiKa) circles.

and snow thicknesses. A larger elevation retrieval implies that backscatter from

the snow surface and/or volume is stronger at Ka-band than at Ku-band which

shifts dominant scattering horizon towards the satellite (Kwok , 2014). Despite

this, the dominant scattering horizon generally lies below the air-snow interface

for the whole range of radar freeboard observed by AltiKa. The CS2 radar free-

board generally lies within the range of the observed OIB radar freeboard, sup-

porting the assumption that the ice-snow interface dominates the radar return at

Ku-band.

4.5 The radar penetration factor

The radar penetration factor, f , is used to quantify the impact of the difference

between the sea ice elevation retrieval from the two satellites, which is defined

here as:

f =
d−

(
F

(sat)
r − F (OIB)

r

)
d

(4.2)

where F
(sat)
r is the satellite-derived radar freeboard, F

(OIB)
r is calculated from

equation (4.1) and d = hs+hc is the snow thickness plus the correction for slower

propagation speed of radar waves in snow. The radar penetration factor expresses

the radar dominant scattering horizon in relation to the snow and ice surfaces;

a value of zero indicates that the air-snow interface is the dominant scattering

horizon and a value of one indicates that the ice-snow interface dominates. The

radar penetration factor is calculated for all grid cells containing coincident satel-
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Figure 4.5: Histograms of the radar penetration factor, f , calculated using equation (4.2) for
AltiKa (left) and CS2 (right). The histograms are further broken down into MYI (orchid) and
FYI (blue) and the Gaussian fit is overlaid (thin lines).

lite and OIB data and then separated according to ice type into first year ice

(FYI) and multi-year ice (MYI) to investigate whether f depends on the ice age

(ice type data provided by the Ocean and Sea Ice Satellite Application Facility

via http://osisaf.met.no/p/ice/). In general, MYI has a thicker snow layer than

FYI (see e.g. Newman et al. (2014)) and the claim of Kwok (2014) that the

residual error due to snow pack scattering is larger for a thicker snow layer is

examined.

Gaussian distributions were fit to histograms of the AltiKa and CS2 radar

penetration factors (Figure 4.5) and the modal radar penetration was taken as

the centre of the fitted curve (Table 4.1). The radar penetration factor has a

modal value of 0.46± 0.05 for Altika and 0.84± 0.04 for CS2 for all grid points.

The AltiKa radar penetration factor has no apparent dependence on the sea ice

type however this is not the case for CS2. The Ku-band elevation retrieval over

FYI is from the ice-snow interface with a radar penetration factor of 0.96± 0.08.

Over MYI the Ku-band radar penetration factor of 0.82± 0.03 indicates that the

dominant scattering horizon lies above the ice-snow interface.

This comparison is only indicative of the relative elevation of the Ka- and

Ku-band dominant scattering horizons within the snow pack and the following

Table 4.1: Modal radar penetration factor for AltiKa and CryoSat-2 for MYI, FYI and all
data points. The uncertainty, shown in brackets, is the 3-sigma error estimate on the fitted
centre of the Gaussian curve.

Satellite MYI FYI All
AltiKa 0.47(0.03) 0.45(0.12) 0.46(0.05)

CryoSat-2 0.82(0.03) 0.96(0.08) 0.84(0.04)
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caveats should be considered. There will be discrepancies between the satellite

and OIB radar freeboard due to 1) the long period (∼20 days) over which the

satellite data are averaged in order to have enough coverage to compare with

OIB, and 2) the different measurement systems and footprint sizes of the satellite

and airborne systems. These differences are evident in the spread of data points

in the satellite and airborne derived radar freeboard comparison (Figure 4.4) and

in the spread of the radar penetration histograms, where even values of f < 0

and f > 1 are found (Figure 4.5). The airborne data will be more sensitive to the

presence of thinner ice floes that may be missed by the satellites (due to the large

satellite footprint and rejection of complex waveforms (Wingham et al., 2006)),

as well as pressure ridges. It has been shown recently that the OIB snow radar is

impacted by ice surface morphology, and estimating snow thickness uncertainty

over heavily deformed sea ice remains challenging (Newman et al., 2014). Using

a wavelet technique, Newman et al. (2014) found that snow radar derived snow

thickness over MYI were larger than in the OIB derived sea ice products by 1cm

and 4cm in 2011 and 2012 respectively. Similar differences in 2013-14 would

mean the radar penetration factors would be slightly smaller than in the analysis

presented above.

Dedicated satellite underflights offer a solution to some of these issues. Having

data collected directly under the satellite, within a time interval over which sea

ice drift is not too large, solves the issue of time coincidence. It also allows a more

detailed comparison of the two data sets through the availability of contemporary

high resolution laser scans and photographs of the sea ice surface which allow

the surface to be characterised in greater detail. As a general comment, it is

noted that whilst comparisons between satellite and airborne data are crucial

for sea ice freeboard/thickness evaluation, it is equally important to characterise

the differences between measurement systems and bear these differences in mind

when interpreting the results.

4.6 Impact on sea ice freeboard, thickness and

volume estimates

Leaving aside the caveats mentioned above and assuming that these results are a

true representation of the Ka-/Ku-band dominant scattering horizons, the impact

that values of f <1 would have on the estimation of ice freeboard, thickness and

volume for a given snow thickness can be quantified. Sea ice thickness is calculated
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from the ice freeboard as:

hi =
ρw

ρw − ρi
Fi +

ρs
ρw − ρi

hs (4.3)

where ρw, ρi and ρs are the densities of sea water, ice and snow respectively

and Fi is the ice freeboard. Conventionally, to estimate Fi, the factor hc =

(1 − cs/c)hs is added to the radar freeboard to account for the reduced speed

of propagation of radar waves through the snow pack. A value of f < 1 would

affect the resulting estimate in two ways. First, the radar freeboard would be

larger than the ice freeboard by (1−f)hs due to the dominant scattering horizon

lying above the ice-snow interface. Second, since the distance that the radar wave

actually propagated through the snow layer is reduced by (1 − f)hs, the radar

freeboard would be larger again by a factor of (1− f)hc. The expression for the

ice freeboard, accounting for the radar penetration, is then:

Fi = F (sat)
r − (1− f)hs + fhc. (4.4)

Inserting f=1 into equation (4.4) (the sea ice surface is the dominant scatter-

ing horizon) gives Fi = F
(sat)
r + hc, and inserting f=0 (the snow surface is the

dominant scattering horizon) gives Fi = F
(sat)
r − hs, as expected.

For AltiKa, a value of f = 0.46±0.05 for all ice types means that, if the radar

penetration is not accounted for, the sea ice freeboard will be overestimated by

(0.66±0.06)hs. By inserting this into equation (4.3) it is found that the thickness

would be overestimated by (4.75± 0.43)hs and (6.31± 0.57)hs for MYI and FYI

respectively, using density values following Giles et al. (2007) and Laxon et al.

(2013) and references therein that are representative of FYI and MYI in the

Arctic. Clearly, radar penetration must be taken into account if AltiKa data

were used to estimate sea ice thickness.

For CS2, a value of f = 0.82 ± 0.03 over MYI leads to an overestimate of

the ice freeboard by (0.22± 0.04)hs if the radar penetration is not accounted for.

This leads to an ice thickness overestimate of (1.58 ± 0.29)hs. By accounting

for the radar penetration using equation (4.4), the impact that using f=0.82

rather than f=1 has on Arctic MYI volume in March 2013 and 2014 can be

estimated. The adjusted/unadjusted MYI volume is 4,400/5,700km3 for March

2013 and 7,800/9,700km3 for March 2014. The ice volume adjustment due to a

value of f < 1 for CS2 over MYI could explain some of the observed differences

between CS2 and PIOMAS observed by Laxon et al. (2013). In reality, however,

the uncertainty due to the radar penetration is compounded with the uncertainty

associated with using the climatological snow loading of Warren et al. (1999), and
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further work is need to unravel these uncertainties. Also note that the PIOMAS

total sea ice volume uncertainty for March is 2,250km3 and that PIOMAS also

potentially underestimates the thickness of thick ice (Schweiger et al., 2011).

4.7 Conclusions

It has been shown that it is possible to derive radar freeboard from AltiKa Ka-

band pulse limited radar altimeter data. AltiKa consistently retrieves a larger

elevation than CS2 over sea ice, ranging from 4.4cm in October to 6.9cm in March.

The higher operating frequency of AltiKa makes the instrument more sensitive to

scattering from the air-snow interface and/or the snow volume, which shifts the

dominant scattering horizon towards the satellite resulting in a higher elevation

retrieval than CS2. Through a comparison with OIB airborne laser freeboard

and snow thickness estimates it is shown that the AltiKa dominant scattering

horizon lies 0.54hs above the ice surface over all ice types in March. This would

lead to an overestimate of the ice thickness of 4.75hs and 6.31hs for MYI and FYI

respectively and must be accounted for if AltiKa is to be used for sea ice thickness

calculations. Whilst the CS2 elevation retrieval is consistent with ranging to the

ice-snow interface over FYI, it is found that the CS2 dominant scattering horizon

lies, on average, 0.18hs above the ice surface over MYI in March. This leads

to MYI thickness overestimate of 1.58hs. Whilst this could explain some of the

observed difference between CS2 and PIOMAS reported by Laxon et al. (2013),

the uncertainty due to radar penetration is currently not separable from the

uncertainty associated with inadequate knowledge of the snow thickness. These

results highlight both the need to consider radar penetration when estimating

sea ice thickness and its uncertainty, and the need for contemporary estimates of

snow thickness on Arctic sea ice.
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Chapter 5

Significant wave height from

CryoSat-2

This chapter deals with work done on retrieving significant wave height (SWH)

in the Arctic Ocean using a semi-analytical waveform model fit to CS2 SAR and

LRM data. The role of surface waves in the global ocean and more specifically

in the Arctic Ocean is outlined, as well as the theory of wave development. The

waveform model and fitting procedure are described and tested on individual CS2

passes. The model is then applied to data collected in August and September

2012, a year of record summertime open water in the central Arctic Ocean. The

results are discussed and are compared against empirical laws for fetch-limited

wave growth.

5.1 Waves in the global Ocean

Surface gravity waves generated by the wind are a key feature of the atmosphere-

ocean interface over the global ocean, which controls atmosphere-ocean exchanges

of momentum and heat (Gill , 1982). Just as strong winds produce greater wave

heights, greater wave heights modify the velocity structure of the atmospheric

boundary layer and non-linear wave-wave interactions and wave breaking make

surface waves a complicated system for study (Janssen, 2004). Forecasts and

measurements of surface waves are critically important for operations at sea and

understanding the interaction between surface waves and coastlines is of pressing

concern: global sea level rise has lead to increased coastal erosion (Zhang et al.,

2004), and positive trends in global wind speed have driven trends in the most

extreme wave heights (Young et al., 2011).

Since the late 1980s and early 1990s, Earth observing satellites carrying radar

altimeters, scatterometers and synthetic aperture radars have greatly improved

115



our ability to observe ocean surface waves. Of these instruments, radar altimeters

provide the longest and most continuous record of ocean surface measurements,

with a continuous, near-global record since 1991. Altimeter-derived estimates of

surface wind speed and SWH have been cross-calibrated over multiple satellite

missions and show significant positive trends in 90th and 99th percentile wind

speed and SWH (Zieger et al., 2009; Young et al., 2011). Near real time ac-

quisitions of wind speed and SWH are assimilated into reanalyses and weather

forecasts.

5.2 The role of waves in the Arctic Ocean

There are many complex processes that occur when ocean surface waves interact

with sea ice, discussed in detail by Squire et al. (1995), and summarised here.

Moving from the interior of the sea ice pack to the open ocean through the

marginal ice zone (MIZ), sea ice floes are subject to increasingly energetic waves

of decreasing peak period. Thus, ice floes closer to the edge of ice pack experience

increasing amounts of flexure, which eventually causes floes to break up. These

floes in turn are broken up, creating a gradient in the floe size distribution between

the interior of the sea ice pack and the open ocean, with the smallest ice floes

closest to the edge of the MIZ. Smaller ice floes dampen the highest frequency

waves, meaning that only the longest period waves can propagate through the

MIZ to the ice pack interior. Here, wave energy losses occur through interactions

with leads and pressure ridges, or via creep hysteresis as the ice sheets flex, and

wave attenuation assumes a negative exponential form that increases with wave

period.

In coastal regions and enclosed bodies of water, the development of wave

energy is limited by the distance and time over which the wind acts on the open

water. This type of wave growth is described as fetch-limited i.e., it is limited

by the fetch (distance) over which the wind can act. In the central Arctic Ocean

basins, fetch varies seasonally. In the winter fetch is close to zero, whilst during

the summer, as the ice is at its minimum extent, the fetch available for wave

development can be 100s or 1,000s of kilometres. As the summertime Arctic sea

ice pack retreats there are increasingly large ice-free areas in the Arctic ocean

(Stroeve et al., 2012). This is particularly true in the Western Arctic, that has

seen some of the largest losses in sea ice cover. The record sea ice minimum extent

in 2012 was in part caused by an extremely strong storm that left a large area of

the Western Arctic ice free (Parkinson and Comiso, 2013). Using observations

from a mooring placed in the Beaufort Sea in 2012, Thomson and Rogers (2014)

showed that wave energy scales with fetch during the Arctic summer and that
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wind seas (waves that are directly driven by the wind) can develop into swells

(waves that are not generated locally but have propagated from remote areas).

They predict that as the Arctic becomes increasingly ice free during the summer,

the development of larger swells will lead to further break up of the ice pack,

representing a positive ice loss-wave energy feedback.

5.3 Empirical rules for wave development

Janssen (2004) provides a very detailed description of the development of the

physical theory for ocean surface wave development and evolution, and provides

an overview of some of the important empirical rules about wave development.

The latter are summarised here as they can be related to observations made by

satellite altimeters. Janssen (2004) shows that the ensemble average wave energy,

〈E〉, the variance of the surface elevation, 〈η2〉, and the wavenumber spectrum,

F (k), are related as follows:

〈E〉 = ρg〈η2〉 = ρg

∫ ∞
−∞

F (k)dk. (5.1)

The surface elevation variance, 〈η2〉, was actually introduced in section 2.1.4

as the surface roughness standard deviation, σs, i.e., 〈η2〉 = σ2
s . Equation (5.1)

shows that the controlling factor on the leading edge slope of altimeter waveforms

corresponds physically to the integrated wavenumber energy spectrum. The SWH

is defined as:

Hs = 4
√
〈η2〉 = 4σs (5.2)

which roughly corresponds to the mean trough-to-crest height of the highest 1/3

of waves.

Empirical laws for wave development were introduced in response to the de-

mand for knowledge of ocean conditions during landing operations in World War

II (Sverdrup and Munk , 1947). This resulted in similarity laws based on dimen-

sional considerations. For the case of fetch-limited wave growth when a steady

and uniform wind has blown long enough for the wave field to become time-

independent, the important variables are the wind speed, U , the fetch, X, and

acceleration due to gravity, g. The similarity relation for SWH is then:

g2〈η2〉
U4

= f

(
gX

U2

)
(5.3)

where the function on the right-hand side is any function of gX/U2 and U is

conventionally taken as the 10m wind speed. In equation (5.3), g2〈η2〉/U4 = ε10
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is the dimensionless wave energy and gX/U2 = X10 is the dimensionless fetch, so

ε10 = f(X10). A fully developed wind sea occurs when the fetch is long enough,

and the similarity relation follows by setting X →∞ in equation (5.3):

g2〈η2〉
U4

= const. (5.4)

Equations (5.3) and (5.4) are valid for steady winds blowing orthogonal to

a shoreline, or the sea ice edge in the Arctic, and provide a useful framework

for investigating wave development in the summer Arctic Ocean. Kahma and

Calkoen (1992) applied a function of the form:

ε10 = αXβ
10. (5.5)

to data from multiple sites and found α = 5.2 × 10−7 and β = 0.9. They note,

however, that the values of α and β have a strong dependence on the atmospheric

stratification. In stable conditions, α = 9.25×10−7 and β = 0.766, but in unstable

conditions, α = 5.48× 10−7 and β = 0.940. This is simply because scaling by the

wind speed ignores the fact that the momentum transfer to the ocean surface also

depends on the atmospheric drag coefficient, which is a function of the stability

of the atmospheric boundary layer.

5.4 Significant wave height from CryoSat-2

5.4.1 The waveform model

The following description of the model fit to the SIRAL SAR and LRM waveforms

is adapted from a manuscript entitled “Precise estimates of ocean surface param-

eters from the CryoSat-2 synthetic aperture, interferometric altimeter” prepared

by Dr. Katharine Giles and colleagues. The paper was submitted for publi-

cation by Dr. Natalia Galin following Dr Giles’ death in April 2013 however,

despite the advanced stage of preparation, it was not possible to complete the

necessary reviews in time due to the unavailability of Dr. Giles’ data. The

unreviewed draft manuscript (and the SIRAL waveform model) is available via

https://github.com/ngalin/CryoSat2 NumericalEchoModel.

The waveform fit model was designed to demonstrate the efficacy of SAR

altimeters for retrieving conventional ocean surface parameters (range, SWH and

σ0). It is based on the theoretical description of the SARIn mode echo waveform

given by Wingham et al. (2004) and tailored for the specific characteristics of

the SIRAL instrument (see e.g., Galin et al. (2013)). As described in Section
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2.1.4, the power received by an altimeter, P (t), can be described as a convolution

between three functions:

P (t) = pt(t, B) ∗ PFS(t, B) ∗ s(ct/2) (5.6)

where pt(t) is the transmit pules, PFS(t, B) is the flat surface impulse response,

s(ct/2) is the distribution of surface scatterers with range and ∗ represents the

convolution operator. In the case of SARIn mode, the impulse response depends

on the interferometer baseline, B, as well as the delay time, t; the SARIn mode

waveform is in fact the complex cross-product of the power received by SIRAL’s

two antennas which are mounted a distance B apart (Wingham et al., 2004). The

SAR mode waveform is then simply the case when P (t, B)→ P (t, 0).

As described in Section 2.2.2.1, the SAR/SARIn mode impulse response is

the sum of power over N multiple beams or ‘looks’:

PFS(t, B) ∼

(N−1)
2∑

k=− (N−1)
2

P
(k)
FS (t, B). (5.7)

The flat surface impulse response for a single beam has been determined by

Wingham et al. (2004) and is given by:

P
(k)
FS (t, B) ∼λ

2G2
0D0cσ

0

32π2h3η
H

(
t+

ηhξ
(k)
b

2

c

)

· e−ik0B(χ+β/η)

∫ 2π

0

dφd(ρk cosφ− ξ(k)
b )eik0Bρk sinφ

· exp

[
−2

(
(ρk cosφ− µ− ζ/η)2

γ2
1

+
(ρk sinφ− χ− β/η)2

γ2
2

)]
.

(5.8)

Equation (5.8) is the SAR altimeter version of the flat surface impulse response

for pulse limited altimeters developed by Brown (1977), as described in Section

2.1.4 and equations (2.31)–(2.35). The first line of equation (5.8) includes in-

strument and surface parameters: λ is the carrier wavelength, G0 is the antenna

boresight gain, D0 is the one-way gain of the synthetic beam, σ0 is the backscat-

ter coefficient, h is the satellite altitude, η = 1 + h/Re is the factor to account

for the curvature of the Earth and H(t) is the Heaviside step function. The

second line includes the beam gain pattern d(ξ) (equation (2.42)) and the terms

that account for the complex interferometric phase difference, and the third line

describes the antenna gain pattern. The beam look angles, ξ
(k)
b are defined in

Section 2.2.2.1 (equation (2.43)) and the antenna gain is described by equation
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5_SWH/geometry/along.jpg

(a) The satellite lies at the point O above the ellipsoid
nadir point N as it moves along its orbit (dashed line)
with velocity vector vs that is tangential to the orbit
at O. The antennas boresight direction, na is pitched
at an angle µ relative to the nadir direction. na also
has a component in the across track direction (Fig-
ure 5.1b). The synthetic aperture beams are formed

at look angles ξ
(k)
b (equation (2.43)) between the di-

rection of maximum beam gain, nb, and the nadir
direction.

5_SWH/geometry/across.jpg

(b) The transmit antenna (‘L’ for the SIRAL ‘A’
chain) is on the left side of the satellite when viewed in
the direction of flight. In SAR mode the left antenna
also acts as the receive antenna; in SARIn mode, both
antennas (‘L’ and ‘R’) record the receive echo. The
antenna baseline direction OQ is rolled at an angle, χ,
relative to the nadir direction ON . The interferome-
ter angle θ is the angle of first arrival, relative to the
baseline direction, of the power echo from the surface
with across track slope β. The factor η accounts for
the curvature of the Earth.

Figure 5.1: a) The along track and b) across track measurement geometry for the SIRAL
analytical waveform fit. Taken from Giles et al. (2013).

(2.41), where slightly different values of γ1 and γ2 account for the ellipticity of

SIRALs antennas (Wingham and Wallis , 2010). The integral is performed along

lines of constant range. ζ and β are the along and across track surface slopes and

µ and χ are the antenna boresight pitch and roll angles (Figure 5.1). The factor

ρk is given by:

ρk =

√
ct

ηh
+ ξ

(k)
b

2
(5.9)

and accounts for the slant range correction.

In general, the SAR and SARIn mode echoes depend on up to nine different

instrument and surface variables: h, χ, µ, vs, t0, σ0, σs. In SAR mode, it is

possible to reduce this to two parameters if one is only interested in SWH. Firstly,

the antenna baseline pitch and roll can be taken from the CS2 product, as they

are measured independently by three star trackers mounted on the interferometer

bench, as well as the satellite altitude. Secondly, Giles et al. (2013) find that for

all but the largest possible altitude rates, the effect of the radial component of

velocity on the beam formation is negligible. Finally, if the backscatter σ0 is not of

interest, the absolute power is not important and the waveform can be normalised

in such a way to optimise the fitting procedure. Giles et al. (2013) also show that
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by removing the slant-range correction, the SAR mode case can be simplified

to arrive at the conventional pulse limited case, allowing a direct comparison

between SAR and LRM estimates of ocean parameters. After the summation

over beams (equation (5.7)), the convolution of equation (5.6) is performed to

arrive at the full multi-looked SAR and SARIn mode echo waveforms.

5.4.2 Fitting routine

For an individual CS2 level-1b file there are several steps in the processing re-

quired to extract SWH. The waveform model fit and the fitting procedure is

written in Mathematica however there are no routines available for reading and

manipulating CS2 files in Mathematica. Thus, pre-processing is performed in

IDL. The longitude, latitude, 20Hz waveforms, data record time and surface type

parameters are read in for each CS2 level-1b file. Ocean waveforms are initially

identified as where the surface type parameter is set to zero (ocean) and the PP

is less than four for LRM mode and less than six for SAR/SARIn mode. SARIn

mode waveforms are truncated to range bins 100:227 to make them roughly equiv-

alent to SAR mode waveforms. To minimise the number of sea ice floe waveforms

that are classified as open ocean waveforms, waveforms are rejected if they are the

only waveform classified as open ocean within a 10 sample along track window.

The 20Hz waveforms are then aligned by the leading edge threshold point (70%

for SAR mode, 50% for LRM mode) and averaged to form 1Hz waveforms. This

greatly reduces the computation time for the waveform model fit by 1) reducing

the number of waveforms by 20 times and 2) reducing the speckle noise in each

range bin by a factor of 20−1/2. The waveforms are windowed between range bins

30:89 for SAR/SARIn mode and 20:79 for LRM mode to further reduce compu-

tation time and are finally normalised such that the maximum waveform power

is one. The data record time is converted from UTC (time in days relative to 1st

January 2000 at 00:00) to a decimal day of the year and the data are labelled

by orbit number to ease plotting data on the same orbit when there are multiple

mode switches.

The waveforms are read into Mathematica and the weighted least squares

error (LSE) between the actual waveform power, P , and the modelled waveform

power, P̂ , estimated numerically from equations (5.6) through (5.8):

S(A, σs, t0) =

∑
iwi

(
Pi(A, t0, σs; ti)− P̂i(Â, t̂0, σ̂s; ti)

)2∑
iwi

(5.10)

is minimised for each waveform to estimate the epoch, t̂0, the scaled amplitude, Â,

and the SWH, σ̂s. In equation (5.10), the sum is performed over the waveform bin
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number, i, and the bin weighting, wi, is estimated as the reciprocal of the variance

in each range bin number for each mode. The fitting procedure is initialised by

setting t̂0 = 23 for SAR/SARIn mode (i.e., range bin 53/153 respectively) and

t̂0 = 16 for LRM mode (i.e., range bin 36), Â = 1 and σ̂s = 0.

5.5 Results

5.5.1 Waveform model fits

Figure 5.2 shows example CS2 1Hz SAR and LRM mode waveforms and the

waveform model fit. The differences between the SAR and LRM modes of oper-

ation is evident in the data: in SAR mode there is more power in the waveform

‘toe’ (i.e., t <0), a much quicker drop off in power after the peak power, a greater

leading edge tracking threshold and double the sampling frequency (i.e., 1.5625ns

rather than 3.125ns). The model performs very well for these typical open ocean

waveform shapes, in particular on the waveform leading edge, which is critical for

good estimates of SWH.

(a) SAR mode (b) LRM mode

Figure 5.2: CS2 1Hz waveforms (dots) and the model fit (lines) for a) SAR mode and b)
LRM mode.

The performance of the model fit is illustrated by a SAR mode track that

passes through a region of sea ice (Figure 5.3). As the satellite passes over sea

ice (waveforms numbers 20–65) there is a large increase in the LSE between the

waveform data and the model and the SWH is set to zero when the model fit

fails to converge. There are some reasonable model fits in the presence of sea

ice however these are likely to be sea ice floe waveforms; the SWH in these cases

may be indicative of the sea ice surface roughness, however the larger LSE means

the fit quality is quite poor and any of the parameters estimated from these

waveforms should be treated cautiously.
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Figure 5.3: The SWH retrieval for a CS2 SAR mode track containing open ocean and sea
ice. Top: CS2 1Hz SAR mode waveforms ‘z-scope’ (the greyscale goes from zero (white) to one
(black)), middle: the LSE between the waveform data and the model best fit, and bottom: the
SWH calculated as 4σs from the waveform fit (equation (5.2)).

5.5.2 Significant wave height in summer 2012

The SWH has been estimated for all CS2 Arctic passes in August 2012 (Figure

5.4), when an extremely strong storm passed through the Beaufort Sea (Simmonds

and Rudeva, 2012), and the first half of September 2012. The August 2012 storm

has been credited with assisting the breakup of the ice pack in summer 2012,

contributing to the record low sea ice extent in September 2012 (Parkinson and

Comiso, 2013). In Figure 5.4b, estimates of SWH are disregarded for LSE >10−3.
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(a) AMSR-2 sea ice concentration for 15th August
2012.

(b) SWH from CS2 (all modes) for the month of Au-
gust 2012.

Figure 5.4: A comparison between a) sea ice concentration and b) SWH for August 2012.
Gaps in the map of SWH clearly correspond to areas with lingering sea ice cover.

It is clear that gaps in the map of SWH correspond to areas with sea ice cover -

note that Figure 5.4a is a daily field whereas Figure 5.4b is an aggregate of snap-

shots (individual tracks) of SWH over the course of a month, so the sea ice cover

for a given track is likely to be greater or smaller depending on the time of the

month (daily AMSR-2 sea ice concentration is available from the University of

(a) AMSR-2 sea ice concentration for 15th September
2012.

(b) SWH from CS2 (all modes) for 1st–16th Septem-
ber 2012.

Figure 5.5: As in Figure 5.4 for the first half of September 2012.
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Bremen via http://www.iup.uni-bremen.de:8084/amsr2/). The ‘tracky’ appear-

ance of the SWH map is simply a result of the timing and location of CS2 passes

for this month. The greatest SWH generally occured in the Nordic Seas as this is

the characteristic path taken by Atlantic cyclones entering the Arctic. However,

there are also tracks in the central Arctic Ocean showing SWH in the region of

3m, agreeing well with the observations and modelled results of Thomson and

Rogers (2014). There were even greater wave heights in the western Arctic in

early September 2012 when another strong storm entered the region (Figure 5.5)

and wave heights of up to 4–5m were observed in the southern Beaufort Sea.

5.5.3 Wave development in the Arctic

By examining specific tracks of SWH in the Arctic, it is possible to investigate the

effect that the large areas of open water in summer 2012 had on wave development.

Figure 5.6 shows the SWH for a CS2 pass over the Arctic on 14th September 2012,

close to the minimum sea ice extent in the satellite record. On this orbit, the

satellite passed northwards through the Nordic Seas and across the central Arctic

Ocean to the Chukchi Sea. The prevailing wind direction on this day was generally

in the same direction to the satellite direction of travel, with high pressure over

the Laptev and East Siberian Seas, a low pressure system off the west coast of

Norway, and wind speeds along the transect were generally between 4–10ms−1.

At the Eurasian end of the transect (between times 258.368–258.371) the SWH

exhibits a variety of behaviours. Rather than mirroring the wind speed, as would

be expected for wind driven waves, the SWH is sometimes as much as 3–4m for

wind speeds of less than 4ms−1. This indicates that these waves are swell waves

that have propagated to the region from elsewhere, possibly generated by the

area of low pressure to the south west. The wind propagates roughly east-to-west

across Fram Strait leading to the dip in SWH around time 258.3705, despite high

wind speeds, due to sheltering of the ocean by Svalbard. The wind direction is

incident on, and approximately normal to, the edge of the sea ice pack where the

CS2 track intersects the ice edge causing the SWH to stop abruptly with wave

heights of ∼3m incident on the ice edge. In this region the MIZ has likely been

compacted by the wind meaning that, close to the ice edge, there is no decay in

wave height due to damping by dispersed ice floes.

The Amerasian end of the transect (between times 258.374–258.377) shows a

different configuration, with the wind blowing approximately orthogonally off the

sea ice pack onto the open ocean. The wind speed is 9–10ms−1 at the ice edge,

and falls off to around 6ms−1 by the time the pass reaches the Canadian coast.

The high wind speed at the ice edge causes the SWH to develop over a certain
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Figure 5.6: Top left: SWH retrieved from CS2 orbit 12,913 on 14th September 2012, ∼08:55,
running from the Nordic Seas across to the Chukchi Sea. Bottom left: the daily sea ice con-
centration from AMSR-2, bottom middle: the daily sea level pressure, and bottom right: wind
speed, both taken from ERA-Interim Reanalysis. Top right: SWH (black dots), ice concentra-
tion (orange, running between 0–100%) and wind speed (blue) along the CS2 transect. The
blue arrows roughly indicate the prevailing wind direction and time (in fractional day of the
year) increases as the satellite passes from the Nordic Seas to the Chukchi Sea.

distance (fetch) until time ∼258.375, after which there is a drop off in SWH that

mirrors the wind speed, indicating that these are locally driven wind waves. The

MIZ will be divergent because the wind is blowing off the ice edge, which is the

likely source of the more noisy SWH as the transect passes off the sea ice to the

open ocean; as ice floes are broken up and blown away from the ice edge they

will dampen and disrupt the wave development.

The wave growth seen in the Amerasian Arctic in Figure 5.6 can be examined

in more detail against the empirical model for wave growth (Section 5.3). The

fetch is estimated relative to the first valid SWH estimate after the satellite passes

from sea ice to the open ocean. The fetch and SWH are then scaled by the 10m

wind speed, as detailed in Section 5.3, to estimate the dimensionless fetch, X10,

and dimensionless energy, ε10 (Figure 5.7). Comparing the growth in ε10 against

the empirically-derived wave growth laws of Kahma and Calkoen (1992), it is clear

that the wave growth observed here lies closer to limit of an unstable atmospheric

boundary layer. This might be expected given the conditions: a large 10m wind
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Figure 5.7: Dimensionless energy, ε10, against dimensionless fetch, X10, for the data shown
in Figure 5.6 (dots) as well as the empirically-derived wave growth laws of Kahma and Calkoen
(1992) (black lines) for different boundary layer conditions. X10 = 0 occurs at time 258.3745
in Figure 5.6, and the fully developed wind sea is observed at X10 = 2.5 × 104, around time
258.375.

speed will lead to a large vertical wind shear, an unstable surface layer and vertical

mixing. The horizontal line at ε10 = 0.008 corresponds to the mean ε10 between

X10 = 3−8× 104, which represents the dimensionless wave energy after the wind

sea is fully developed (equation (5.4)). This occurs for X10 ∼ 2.5× 104, which is

equivalent to a real fetch of ∼200km.

The particular direction of travel of the satellite and the meteorological condi-

tions make data from the orbit shown in Figures 5.6 and 5.7 good for study wave

growth. However there are still limitations of the empircal wave growth models

when applied to this data. The wave field is unlikely to be sampled on a track

that is exactly parallel to the 10m wind speed, and the wind direction is unlikely

to be exactly orthogonal to the ice edge. Similarly, the wind direction and speed

will not be constant; daily mean wind fields from atmospheric reanalysis will not

capture sub-daily variability that will influence wave development. In fact, the

poles represent some of the least constrained regions on the Earth in atmospheric

reanalysis. The analysis shown in Figure 5.7 also probably underestimates the

fetch, as there will be some open water before the first successful estimate of

SWH, and complex interactions between the developing wave field and the MIZ

are ignored.

5.6 Conclusions

In this chapter, a semi-analytical model of CS2 SAR and LRM waveforms has

been applied to data collected in the summer time Arctic Ocean. The wave-

form model fit performs well on 1Hz averaged data and can successfully retrieve

estimates of SWH in the Arctic Ocean, however it fails in the MIZ when the
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waveform shapes become more complex. In 2012 the lowest sea ice extent on the

satellite record meant that the fetch available for wave growth was at a record

high, particularly in the western Arctic. In the Beaufort and Chukchi Seas wave

heights of up to 3m were observed in August 2012, and wave heights of 4–5m

were observed in early September 2012. Inspecting individual CS2 passes over

the Arctic it is possible to study the behaviour of the wave field under different

sea ice and wind forcing conditions, in particular fetch-limited wave growth in the

western Arctic. For a CS2 pass in mid-September 2012, it was found that when

the wind blows roughly orthogonally off the ice edge, the wave field develops fol-

lowing the empirically-derived rule for wave growth under unstable atmospheric

boundary layer conditions. For wind speeds generally between 7–9ms−1, the wave

field becomes a fully-developed wind sea over a fetch of around 200km.
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Chapter 6

Arctic sea surface height

The following chapter is based in part on a manuscript currently being reviewed

for publication in Journal of Geophysical: Oceans, entitled “Arctic sea surface

height variability and change from satellite radar altimetry and GRACE, 2003–

2014”. This work was performed under the supervision of Prof. D. Wingham,

University College London, and Dr. S. Bacon, National Oceanography Cen-

tre. The level-1b to level-2 altimetry processing was performed by A. Ridout,

University College London, and there are additional data contributions that are

highlighted in the text where appropriate.

The data processing involved in producing monthly maps of sea surface height

(SSH) from altimeter point measurements is described in detail. Altimetric SSH is

combined with monthly ocean mass grids from the Gravity Recovery and Climate

Experiment (GRACE) satellites to estimate monthly steric height. Then, the

altimeter data are evaluated against the available tide gauge records and steric

height is evaluated against geopotential height derived from Ice-Tethered Profilers

(ITPs). Regional and basin-scale SSH, ocean mass and steric height variability

and secular changes between 2003-14 are characterised and the dominant modes

of SSH spatio-temporal variability are investigated using principal component

analysis. The data are exploited to estimate changes in the freshwater content of

the Beaufort Gyre and salinity variability of the Siberian Shelf Seas. Estimates

of ocean storage flux from altimetry agree well with model-derived ocean storage

flux, and point towards a potential future role for altimetry in monitoring the

Arctic Ocean hydrological cycle.

6.1 Data and methods

Estimates of SSH in the ice-covered Arctic Ocean are produced as a by-product

of the radar altimeter processing required to estimate sea ice thickness (Section
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2.3). The processing is the same up until the point of applying the retracking

corrections (2.3.2). Data from the RA-2 radar altimeter carried by the Envisat

satellite between March 2002 and April 2012 are combined with data from CS2

to produce a 12 year record of monthly SSH north of 60◦N between 2003-14. In

this section, the steps required to go from the instantaneous sea surface elevation

estimates from the open ocean and leads to monthly estimates of SSH relative

to the geoid are described. Steric height is derived and the data are evaluated

against independent datasets.

6.1.1 SSH retracking

Leads are retracked using the ‘Gaussian + exponential’ waveform fit described in

Section 2.3.2 (Giles et al., 2007). This retracker has been successfully applied to

both Envisat (Giles et al., 2008a) and CS2 (Laxon et al., 2013) data for estimating

freeboard despite the different operating mode of the two instruments. Leads

dominate echoes even if they only cover a small fraction of the footprint, reducing

the effective illumination area of the footprint (Drinkwater , 1991). This has the

effect of reducing the instrument impulse response to a delta function, which,

when combined with very small surface roughness, means that the echo received

from leads is essentially a copy of the transmit pulse (Section 2.3.2; Kurtz et al.

(2014)). The ocean retracking correction supplied in the ESA distributed data

product is used over the open ocean for Envisat and CryoSat-2 LRM data. For

CryoSat-2 SAR mode data over the open ocean a 70% first threshold retracking

point is used. Then, the instantaneous SSH is taken as:

SSH = A−
(
cttw

2
+ ∆Hretrack +

∑
Hcorr

)
−Href (6.1)

where A is the satellite altitude, ttw is the two-way range window delay time,

∆Hretrack is the retracker correction,
∑
Hcorr is the sum of atmospheric and

tidal corrections and Href is a reference surface interpolated to the individual

measurement locations, normally taken to be a MSS or the geoid.

As in Section 2.3.2, the elevation offset associated with using different retrack-

ers for leads and floes is estimated and incorporated into ∆Hretrack in equation

(6.1) (after Giles et al. (2012)). Separate offsets are estimated for Envisat and

CS2 due to the different operating modes. Firstly, Href is taken to be the high-

resolution MSS used for estimating freeboard (Figure 2.19) in equation (6.1).

This MSS includes very short wavelength ocean height undulations (mainly due

to bathymetry) and is designed to ‘flatten’ SSH profiles as much as possible

for freeboard extraction. Using the MSS elevation here will minimise sampling
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Figure 6.1: The monthly mean offset between lead and open ocean elevation estimates for
each full year of data (grey lines) and the monthly mean (black line), after removal of the mean
lead/open ocean retracker offset.

uncertainties associated with the ocean surface slope at the sub-bin level. The

monthly SSH from leads and from the open ocean are binned on separate 2◦×0.5◦

longitude-latitude grids which are then differenced to obtain a grid of the offset

between lead-derived SSH and open ocean SSH. Grid cells are masked if they are

within 10km of land to avoid incorporating waveforms that are contaminated by

land. The mean offset is calculated for each month of the mission. It is found

that the monthly mean offset varies seasonally and is larger by ∼1–4cm on av-

erage between June and November (Figure 6.1). It is hypothesised that this is

caused by the formation of melt ponds on the sea ice surface in summer and the

formation of thin new ice in leads in the Autumn: these surfaces give rise to the

same specular echo signature as leads and bias the lead-derived SSH high. Thus,

whereas Giles et al. (2012) calculate a single mean retracker offset (they estimated

annual mean SSH), a seasonally varying offset is used here i.e. 12 values of the

offset, one for each month.

6.1.2 Cross-calibrating Envisat and CryoSat-2

Data from the two missions are cross-calibrated in the mission overlap period:

the first full month of CryoSat-2 came in November 2010 and the last full month

of Envisat data was March 2012. Again, Href is taken to be the MSS height

in equation (6.1). The combined monthly SSH from leads and the open ocean

are binned on a 2◦ × 0.5◦ grid and the 10km land mask applied. The difference

between SSH from Envisat and CryoSat-2 is estimated for each month for all

data between 60◦N and 81.5◦N. The mean inter-satellite offset is then subtracted

from the CryoSat-2 data, taking the Envisat data as the benchmark (Figure 6.2).

The agreement between Envisat and CryoSat-2 is very good, with R=0.94 and a

root-mean-square (RMS) difference of 1.0cm.
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Figure 6.2: The mean SSH between 60◦N and 81.5◦N from Envisat (black), CS2 (red) and
the difference (dashed line) between November 2010 and March 2012.

6.1.3 The geoid

The SSH is then estimated relative to the geoid, i.e., Href = Hgeoid in equation

(6.1), so that ocean geostrophic currents can be calculated from the SSH gradient.

The GOCO03s is calculated up to spherical harmonic degree/order 250, meaning

that it should be able to resolve features with wavelength of order 80km, and

is interpolated to individual lead/ocean measurement points (gridded geoid data

were generated by S. Thomas, University College London, using data provided

by the Gravity Observation Combination project (http://www.goco.eu/)). After

application of the retracker offset and the inter-satellite bias the monthly SSH

estimates are binned on the 2◦ × 0.5◦ grid and the 10km land mask is applied.

The gridded data are then smoothed with a Gaussian convolution filter with a

Figure 6.3: The 2003-14 mean SSH relative to the GOCO03s geoid. Contours are drawn every
5cm and the solid circle at 81.5◦N represents the latitudinal limit of the Envisat satellite.
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standard deviation of 100km and a radius of 3 standard deviations. By inspecting

transects of SSH this was determined to be sufficient smoothing to remove SSH

undulations due to short wavelength noise in the geoid model. Figure 6.3 shows

the mean SSH over the study time period 2003-14. The main features of the Arctic

Ocean dynamic topography are clearly visible - a high SSH in the Beaufort Sea

associated with the anticyclonic BG and a low in the Greenland sea associated

with the cyclonic Greenland Sea gyre. This agrees well with previous results

from satellite data (Kwok and Morison, 2011; Farrell et al., 2012; Giles et al.,

2012) and modelled SSH results (e.g., Koldunov et al. (2014); Proshutinsky et al.

(2015)).

6.1.4 GRACE data

The GRACE mission is comprised of two satellites launched in 2002 that orbit

in tandem, separated by 220km. Small deviations in the separation are used

to infer the Earth’s gravity field, which can then be monitored over time to

estimate changes in land water storage, ice sheet mass, ocean mass and glacial

isostatic adjustment. Release-05 gridded GRACE ocean mass products are used

from the Jet Propulsion Laboratory (Chambers and Bonin, 2012) that have been

smoothed with a 500km radius Gaussian filter and are provided in units of cm of

water height equivalent (http://grace.jpl.nasa.gov/data/).

6.1.5 Estimating steric height

Changes in absolute SSH (the ocean height relative to the centre of the Earth, as is

measured by altimeters) at any point on the globe reflect uplift/subsidence of the

sea floor and changes in the volume of water overlying the sea floor. On monthly

to annual timescales the latter dominates SSH variability. Changes in the volume

of water contained in the ocean basins comprise two components: eustatic, due

to changes in the ocean mass, and steric, due to changes in the ocean density.

Variations in eustatic sea level (ocean mass) arise, for example, through exchange

of water with land (including melt of terrestrial ice), atmospheric precipitation

and evaporation, unbalanced ocean fluxes entering or leaving a region, or locally,

via changes in surface forcing causing accumulation or release of water from a

region. On longer time scales, eustatic sea level varies locally to reflect variations

in the Earth’s mass and angular momentum distributions. Variations in steric sea

level (also referred to as steric height) result from changes in ocean temperature

and salinity. This is influenced by seasonal and secular variation of ocean heating

from the sun, precipitation/evaporation, river runoff, the freeze/melt cycle of sea
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ice and the melting of icebergs. Therefore, it is possible to decompose SSH as:

SSH = SSHm + SSHρ (6.2)

where the total SSH (measured by satellite altimeters) is the sum of SSHm (mea-

sured by GRACE) and SSHρ, the eustatic and steric components of SSH respec-

tively. Steric height is then estimated by simply subtracting the gridded SSHm

from the gridded SSH.

The mean Arctic SSH, ocean mass and steric height are calculated monthly

between January 2003 and December 2014; Envisat data are used for 2003-11 and

CryoSat-2 for 2012-14. The central Arctic Ocean region is taken to be the area

bounded by Fram Strait, the Barents Sea Opening, Bering Strait, Nares Strait

and the north of the CAA (Figure 6.4). Baffin Bay is excluded from the present

analysis to eliminate the local residual contamination of GRACE data by the large

terrestrial mass loss signals of the Greenland Ice Sheet and the ice caps of the

CAA (Chambers and Bonin, 2012). The GRACE and altimetry data have very

different horizontal spatial scales: using altimetry and the geoid, oceanographic

features of spatial scale 80–100km can be resolved, whereas for GRACE only

features with spatial scales of 300–500km can be resolved (Chambers and Bonin,

2012). Despite this, it was found that smoothing the altimetry data with the same

Figure 6.4: Map of the Arctic Ocean. The blue shaded region represents the study area and is
enclosed by the north of the CAA, Fram Strait (FS), Barents Sea Opening (BSO), Bering Strait
(BS) and Nares Strait (NS). The lines at 81.5◦N and 88◦N represent the latitudinal limits of
the Envisat and CryoSat-2 satellites, and isobaths taken from the ETOPO1 global bathymetry
model are drawn at 1000m intervals (Amante and Eakins, 2009). Tide gauge locations are
shown by circles coloured by the correlation with altimeter SSH (Table 6.1).

134



smoothing function as the GRACE data did not significantly affect estimates of

the mean SSH or steric height. The first two modes of Arctic SSH variability

in the defined study area (which together account for >62% of the total SSH

variance, see Section 6.3) both have characteristic length scales greater than the

width of the Gaussian smoothing applied to the GRACE data. Thus increasing

the smoothing used on the altimetry will obscure variability with high spatial

frequency but has a minimal effect on the basin mean SSH.

There are gaps in the GRACE data that must be accounted for, as the satel-

lites are periodically switched off for battery management. Over the 12–year

period, 13 months are missing, mostly after 2011. Missing months are interpo-

lated using a weighted mean of two months either side of the missing month. The

weighting assigns twice as much weight to the adjacent month as to the adjacent-

but-one months i.e., [1, 2, NaN, 2, 1]. The missing monthly mean steric height is

then simply the monthly mean SSH minus the interpolated monthly mean SSHm.

6.1.6 The ‘pole hole’

In practice, 27% of the area defined as the central Arctic Ocean is not sampled

by Envisat (Figure 6.4) so to ensure compatibility over the whole time series, the

GRACE and CryoSat-2 data are truncated at 81.5◦N. However, there are now

over four years of CryoSat-2 altimetry data up to 88◦N (Figure 6.4) with which

to assess whether the mean SSH calculated up to 81.5◦N is representative of the

whole basin. Firstly, the mean SSH within the defined boundary was calculated

between November 2010 and December 2014 both north and south of 81.5◦N to

determine whether variations north of 81.5◦N are coherent with variations in the

rest of the study area. The seasonal cycle of SSH has a similar magnitude and

phase north and south of 81.5◦N and there is a static offset of ∼10cm. The static

Figure 6.5: Left: Arctic SSH from CS2 above (red) and below (black) 81.5◦N (upper panel)
and the same but with variability with periods of 12 months and longer removed (lower panel).
Right: SSH above 81.5◦N versus SSH below 81.5◦N.
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Figure 6.6: Arctic mean SSH from CS2 with data in the ‘pole hole’ excluded versus all data
up to 88◦N.

offset simply reflects the fact that the BG lies in the region south of 81.5◦N.

When variability with periods of 12 months and longer is filtered out, there is a

correlation of R=0.65 between the monthly SSH variations (Figure 6.5).

The monthly mean SSH was then calculated using all CryoSat-2 data south of

88◦N, and just data south of 81.5◦N to determine the impact of the inclusion of

data north of 81.5◦N on the basin mean SSH (Figure 6.6). The mean difference of

2.39cm again simply reflects the fact that not including data in the ‘pole hole’ puts

more weight on the higher SSH in the BG. A correlation of R=0.98 and an RMS

difference of 0.69cm, together with good correlation between month-to-month

variations north and south of 81.5◦N, provides some confidence that relative SSH

variations south of 81.5◦N are representative of SSH across the whole basin at

monthly to seasonal time scales (see below for discussion on secular changes). The

RMS difference of 0.69cm is added, root-sum-square (RSS), to the monthly and

annual mean SSH uncertainty estimates to account for the uncertainty associated

with only sampling south of 81.5◦N. These results are so insensitive to excluding

the high Arctic (at least at monthly/seasonal time scales) because this is the

Figure 6.7: Same as in Figure 6.5 but for GRACE ocean mass.
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region of least surface forcing variability: it is ice-covered year round and surface

fluxes (momentum, heat) are small compared to other regions of the Arctic.

The above analysis was repeated with the GRACE data. There is similarly

good agreement between the data north and south of 81.5◦N and good coherence

between both the seasonal and de-seasonalised time series’ north and south of

81.5◦N (Figure 6.7). There is a RMS difference of 0.52cm between SSHm esti-

mates that include or neglect data north of 81.5◦N (Figure 6.8). Again, the RMS

difference is added (RSS) to the monthly and annual estimates of the GRACE

uncertainty.

Figure 6.8: Same as in Figure 6.6 but for GRACE ocean mass.

In Section 6.2.1, the ICESat Dynamic Ocean Topography (DOT) produced by

Kwok and Morison (2011) is used to assess SSH in the Envisat ‘pole hole’. These

data make use of lead-derived SSH measurements in the ice-covered Arctic during

the 2004-08 February/March ICESat campaigns. The ICESat DOT provides a

useful tool for investigating interannual changes in SSH in the ‘pole hole’, however

with just five data points available it is difficult to draw robust conclusions.

On the other hand, the Envisat/CryoSat-2 SSH estimates provide year-round

coverage of both the ice-covered and ice-free Arctic Ocean.

6.1.7 Uncertainty estimates

The monthly and annual mean SSH uncertainties are calculated from the RMS

difference in SSH at orbit crossover locations (Peacock and Laxon, 2004), using

the method of Giles et al. (2012). By using crossover differences, this method does

not distinguish between all of the different contributions to the uncertainty of an

individual SSH measurement but attempts to estimate a bulk SSH uncertainty.

This is because individual sources of error are difficult to quantify, particularly in

the Arctic where there is a lack of independent measurements (e.g., some correc-

tions rely on atmospheric reanalyses, which are poorly constrained at the poles),
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and different sources of error act on very different time and spatial scales (e.g.,

orbital errors will be correlated over days and tens of thousands of kilometres,

tide model errors will be correlated over hours and tens to hundreds of kilometres

and point to point range noise will be uncorrelated at 20Hz).

The RMS difference in SSH at orbit crossover locations separated in time by 10

days or less is estimated for each month of data. The RMS crossover differences

are binned on a 1◦ × 4◦ longitude-latitude grid and the mean over the Arctic

Ocean domain is calculated. The RMS crossover difference show considerable

variability over the basin: it is generally larger over the shelf seas, in particular

the East Siberian and Laptev Seas, is slightly larger over ice-covered regions

compared to ice-free regions (SSH variability will actually be lower in ice-covered

regions but there are far fewer measurements) and there are high values at the

ice margin, particularly visible off the east coast of Greenland, as there are even

fewer valid measurements here (Figure 6.9). The monthly mean uncertainty for

the central Arctic domain is estimated by dividing by the square root of the

number of valid Arctic passes (typically around 400 per month). The resulting

mean monthly uncertainty is 0.6cm for both satellites (Figure 6.10). There is no

significant difference between the Envisat and CryoSat-2 RMS crossover difference

because the errors are dominated by non-instrumental errors including errors in

the geophysical corrections (especially tide model error) and orbit errors (since

orbits are less well determined at the poles). Added to this (in quadrature)

are the following additional sources of uncertainty: 1) the standard error of the

lead/open ocean bias; 2) the standard error of the inter-satellite bias; 3) the

Figure 6.9: The 2006 annual mean RMS SSH crossover difference from Envisat for all orbit
crossover differences separated in time by 10 days or less.
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Figure 6.10: Top: the monthly mean RMS crossover difference for the central Arctic basin
from Envisat (blue) and CS2 (grey). Bottom: the monthly uncertainty.

uncertainty associated with only sampling south of 81.5◦N. The mean monthly

and annual SSH uncertainty is then 1.1cm and 0.9cm respectively.

The monthly mean GRACE ocean mass uncertainty north of 65◦N is 0.9cm

according to Volkov and Landerer (2013); however the more conservative esti-

mate of 1.5cm is used, following Chambers and Bonin (2012). Including the

additional uncertainty due to not including data north of 81.5◦N, the monthly

SSHm uncertainty is 1.6cm. The annual mean ocean mass uncertainty is then

0.5cm. Combining the altimeter and GRACE uncertainty gives monthly and

annual steric height uncertainties of 1.9cm and 1.0cm respectively.

6.1.8 Evaluating the data

GRACE Arctic Ocean mass variations have been independently evaluated against

Bottom Pressure Recorders as well as tide gauges and modelled ocean mass vari-

ations (Peralta-Ferriz and Morison, 2010; Peralta-Ferriz et al., 2014). Here

monthly altimeter SSH estimates are evaluated against tide gauges and steric

height is validated against geopotential height (GPH) derived from ITPs. Tide

gauge data are from the Permanent Service for Mean Sea Level (http://www.

psmsl.org/) and ITP data were collected and made available by the Ice-Tethered

Profiler Program based at the Woods Hole Oceanographic Institution (http://

www.whoi.edu/itp).

6.1.8.1 Tide gauges

Data from tide gauge stations within the defined Arctic Ocean basin (Figure 6.4)

are used if they have ≥72 months of data available in the period 2003-14, i.e.,

half or more of the time series (Holgate et al., 2013). The altimeter processing

is modified to facilitate a more representative comparison. First, the inverse
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barometer and long period tidal corrections are not included in equation (6.1);

only diurnal and semi-diurnal tides have been filtered from the available tide

gauge data. Second, Href = HMSS is again used in equation (6.1), which permits

the amount of smoothing applied to the gridded SSH data to be reduced as it

includes high frequency geoid undulations. A Gaussian convolution filter with

standard deviation of 50km and width of 300km is applied to the gridded SSH

data. Since tide gauges are essentially point measurements, very close to the

coast, it is desirable to filter the SSH as little as possible for the purpose of this

comparison. The tide gauge SSH is then simply compared against the closest

filled altimeter grid cell (Table 6.1). Individual tide gauge comparison plots are

provided in Appendix A.

The mean difference between the tide gauge and altimeter SSH is removed.

Table 6.1: Comparison of monthly altimeter and tide gauge SSH estimates. The distance
between the altimeter grid cell and tide gauge location, D, the number of months available for
comparison, N, the slope of a linear fit between the altimeter and tide gauge scatter plot, the
standard deviation of the residual between the altimeter SSH and the linear fit to the tide gauge
SSH, and the correlation coefficient, R, are shown for each station. Shown in bold is the mean
for the Barents, Kara, Laptev & East Siberian and Beaufort Seas (Ny-Ålesund is on Svalbard).

Station Location D(km) N Slope Std (cm) R
Vardø (31.1E, 70.4N) 76 132 0.79 4.1 0.92
Honningsv̊ag (26.0E, 71.0N) 57 132 0.82 3.0 0.96
Hammerfest (23.7E, 70.7N) 93 131 0.80 3.3 0.95
Murmansk (33.0E, 69.0N) 162 127 0.61 7.3 0.73
Barents Sea 97 131 0.76 4.4 0.89
Amderma (61.7E, 69.8N) 84 131 0.52 8.3 0.68
Ust (64.5E, 69.2N) 85 117 0.25 12.0 0.31
Vise (77.0E, 79.5N) 58 97 0.57 5.6 0.75
Sopochnaia (82.7E, 71.9N) 239 103 0.27 11.7 0.44
Izvestia (82.9E, 75.9N) 57 128 0.79 8.0 0.80
Sterlegova (88.9E, 75.4N) 69 93 0.42 10.9 0.58
Golomianyi (90.6E, 79.6N) 53 89 0.94 4.6 0.89
Kara Sea 92 108 0.54 8.7 0.64
Anabar (113.5E, 73.2N) 117 132 0.17 11.0 0.36
Dunai (124.5E, 73.9N) 46 101 0.47 10.4 0.61
Tiksi (128.9E, 71.6N) 146 84 0.38 11.8 0.54
Kotelnyi (137.9E, 76.0N) 55 129 0.67 10.8 0.64
Sannikova (138.9E, 74.7N) 78 108 0.44 12.1 0.47
Kigiliah (139.9E, 73.3N) 62 113 0.70 9.0 0.74
Pevek (170.2E, 69.7N) 89 97 0.61 10.0 0.73
Laptev & E. Siberian Seas 85 109 0.49 10.7 0.58
Tuktoyaktuk (133.0W, 69.4N) 126 99 0.65 6.4 0.81
Prudhoe (148.5W, 70.4N) 69 139 0.58 5.3 0.82
Beaufort Sea 98 119 0.62 5.9 0.82

Ny-Ålesund (11.9E, 78.9N) 84 132 0.70 3.9 0.86
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The slope of a linear fit to the scatter between the tide gauge and the altimetry

data and the standard deviation of the residual between the altimeter SSH and

the linear fit are calculated (Appendix A). The correlation between the altimeter

and tide gauge data is significantly non-zero for all of the available tide gauge

records, and is shown on the map in Figure 6.4. There is excellent correlation

in the Barents Sea region (Figures A.1–A.4) as the data here are not affected by

seasonal sea ice cover. The poorer agreement at the Murmansk station is likely

due to the larger separation between the tide gauge and the nearest available

altimeter data (Figure A.4) since any altimeter grid cell that falls within 10km

of land is excluded from the analysis in order to reduce land contamination. In

fact, the time series’ with the lowest correlations are mostly estuarine and prone

to large SSH variations due to seasonal runoff (Proshutinsky et al., 2004) which

would not necessarily be detected by the altimeter data due to the application of

the land mask. An example of this can be seen in the time series at the Anabar

station (Figure A.12) which show good coherence between 2003-06 and 2012-

13, but the altimetry data does not capture large summer spikes present in the

tide gauge SSH between 2007-11. In the Kara, Laptev and East Siberian Seas,

where the effects of seasonal runoff are greatest, the scatter plot slope is smaller

and the residual standard deviation is generally higher than in other regions of

the Arctic, but despite this, there is still good overall correlation. Tide gauges

in the Canadian Arctic and the Ny-Ålesund tide gauge on Svalbard show very

good agreement with the altimetry. Overall, in regions of seasonal sea ice cover,

there is good correlation between the altimeter SSH and tide gauge SSH lending

confidence to the method of 1) combining lead and open ocean SSH measurements

over the course of the year and 2) extending the altimeter SSH time series using

multiple satellite missions.

6.1.8.2 Hydrographic geopotential height

Hydrographic profiles (pressure, temperature and salinity) collected by ITPs can

be used to validate the steric height derived from altimeter and GRACE data

(Toole et al., 2011). This is similar to the comparison performed by Kwok and

Morison (2011) however they compared hydrographic data from moorings against

SSH data derived from ICESat rather than steric height. Firstly, the specific

volume anomaly, δ, is calculated over an ITP profile as:

δ = vs(S, T, p)− vs(35, 0, p) (6.3)

where vs(S, T, p) = ρ(S, T, p)−1 is the specific volume for density ρ, at salinity, S,

temperature, T , and pressure, p (Gill , 1982). The density is calculated using the
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Figure 6.11: Profiles of (from left to right) S, T , ρ(S, T, p)−1000 (solid) and ρ(35, 0, p)−1000
(dashed) and δ recorded by ITP 41 at (135.54◦W, 73.98◦N) on August 25th, 2012. The GPH
for this profile, estimated from equation (6.4), is 63.8cm.

empirical formula provided by Appendix 3 in Gill (1982). This is then integrated

from the surface down to pressure, p0, to give the geopotential height:

GPH =

∫ p0

0

δdp. (6.4)

The integration is performed down to p0 = 500 dbar (roughly 500m) and is only

performed if the shallowest pressure recording is less than 10 dbar and the deepest

pressure recording is greater than 500 dbar. The set of profiles shown in Figure

6.11 are fairly typical for the western Arctic: strong gradients in surface salinity

and temperature resulting in a fresh, low density surface layer and a strongly

stratified upper 300m or so. This results in positive specific volume anomalies

(i.e., the volume occupied by a kilogram of water is larger than the reference

seawater) and positive GPH; the GPH for the profiles shown in Figure 6.11 is

63.8cm.

Estimates of GPH from each month between 2004-14 are binned on the same

2◦ × 0.5◦ as the satellite data and show the same major features of the Arc-

Figure 6.12: Map of geopotential height for all the available ITP profiles between 2003-14.
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tic Ocean dynamic topography as in the satellite data (Figure 6.12). For the

comparison, the monthly gridded steric height is then interpolated to the mean

location of the ITP profiles in each grid cell. There is good agreement between

the satellite-derived steric height and the ITP-derived GPH with R=0.86 and an

RMS difference of 8.5cm over a range of ∼80cm (Figure 6.13). The steric height

(altimetry minus GRACE) shows a better agreement than the altimetry data on

its own. The spread in Figure 6.13 is likely caused by the relatively low resolution

of the GRACE data and the smoothing applied to the altimetry whereas the ITP

data will be sensitive to small scale transient ocean features.

Figure 6.13: Scatter plot of the satellite-derived steric height against the GPH derived from
ITP data. Note that, since GPH is not an absolute measurement the difference between the
mean steric height and the mean GPH is removed from the GPH estimates.

6.2 Mean SSH, ocean mass and steric height

6.2.1 Arctic overview

Seasonal variations in Arctic Ocean SSH are separated from longer-term secular

changes. To separate seasonal and secular variations, monthly estimates of SSH,

ocean mass and steric height are filtered with a 12-month moving average (Figure

6.14). The time mean is removed and the filtered time series is removed from the

unfiltered time series to generate three residual time series. The mean seasonal

cycles are calculated as the mean and standard deviation for each calendar month

for the residual time series’ (Figure 6.14, right). Arctic Ocean SSH variability

is dominated by the seasonal cycle, which is larger than the observed secular

changes. The form of the SSH seasonal cycle is similar to that derived from tide

gauges, although the amplitude is smaller (Proshutinsky et al., 2004; Richter et al.,

2012) because i) the inverse barometer correction and long-period tides are not

removed from tide gauge time series’ and ii) tide gauges measure SSH variations
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Figure 6.14: The monthly mean time series (left) and the mean seasonal cycle (right, shaded
region is ±1 standard deviation) of the SSH (grey), ocean mass (orange) and steric height (blue)
in the Arctic Ocean between 2003–14. The mean has been removed from the altimetry and
GRACE data. The 12 month running average is shown superimposed on top of monthly means
(left, thick lines) and the monthly mean uncertainty estimate for each time series is shown
adjacent to the left y-axis.

near the coast, where the seasonal cycle is largest (Figure 6.15), in particular on

the Siberian shelf seas where many of the available tide gauge records are located

(Figure 6.4 and Appendix A). Figure 6.15 shows the range and peak month of

the SSH seasonal cycle, estimated by finding the monthly climatology of SSH for

each grid cell and calculating the maximum minus minimum SSH as well as the

month in which the maximum occurs.

The mean Arctic SSH seasonal cycle shows a broad maximum of +4 cm be-

tween October-January, a minimum of -6 cm in May, and a relatively small,

intermediate peak in June (Figure 6.14). The latter is also present in the sea-

Figure 6.15: The range (left) and peak month (right) of the SSH seasonal cycle between
2003-14.
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sonal cycle of ocean mass, and is linked to the thawing of the terrestrial Arctic,

which begins in May, and the large subsequent input of freshwater into the basin

via river runoff (Serreze et al., 2006). The mean seasonal cycle of SSH and ocean

mass have been calculated both inlcuding and excluding the ‘pole hole’: for both

SSH and ocean mass, excluding data north of 81.5◦N overestimates the wintertime

peak in the seasonal cycle relative to the summertime peak by ∼1cm (Section

6.1.6). Including the ‘pole hole’ when estimating the ocean mass seasonal cycle

results in a June peak in ocean mass, as reported by Peralta-Ferriz and Morison

(2010). The brief summertime increase in the ocean mass is not sustained: sum-

mertime mass input from river runoff, precipitation minus evaporation (P-E) and

the relatively fresh Bering Strait inflow (which peaks in summer (Woodgate et al.,

2006)) forces denser seawater out through the boundaries of the ocean domain

(Figure 6.4), through the fast barotropic response to ocean mass input. Mod-

elled results show that surface fluxes are nearly always in balance with boundary

fluxes, and that the storage cycle is relatively small (Bacon et al., 2015). On the

other hand, the typical residence time over which liquid freshwater circulates and

exits the Arctic is around a decade on average (Schlosser et al., 1994; Ekwurzel

et al., 2001).

The resulting overall freshening of the Arctic Ocean through summer by river

runoff, P-E and sea ice melt is reflected in the steric height seasonal cycle, which

rises through summer, peaking in October-November. The steric height then

relaxes through winter as the surface ocean cools and sea ice is formed. The

rejected brine makes the seawater denser, while the removal from the region of

the lighter sea ice by export through Fram Strait peaks in March (Kwok et al.,

2009). Although sea ice begins to form in September in the central Arctic, steric

height peaks in October-November as river runoff and P-E continue to be a signif-

icant source of freshwater until October (Serreze et al., 2006). The steric height

seasonal cycle is larger than its interannual variability, whereas the ocean mass

seasonal cycle is smaller than its interannual variability (Figure 6.14). Indeed,

the interannual variability of the steric height seasonal cycle is smaller than the

monthly steric height uncertainty estimate, suggesting that this uncertainty es-

timate is probably quite conservative. This complements the findings of Volkov

and Landerer (2013) that nonseasonal SSH fluctuations at monthly time-scales

are due to ocean mass changes driven by atmospheric forcing; here, it is found

that steric height variations account almost entirely for the Arctic SSH seasonal

cycle.

Between 2003–11, steric height changes dominated annual mean SSH changes

within the central Arctic basin. There was a net accumulation of freshwater

across the deep basins of the central Arctic (Rabe et al., 2014), in particular in
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the Beaufort Sea (Proshutinsky et al., 2009; Giles et al., 2012; Krishfield et al.,

2014), as well as Atlantic Water (AW) inflow warming during the 2000s (Polyakov

and Pnyushkov , 2012; Beszczynska-Möller et al., 2012) that is reflected as a net

increase in steric height of 2.2±1.4cm. Between 2005-08 there was a redistri-

bution of freshwater from the Eurasian basin to the Canada basin (Morison

et al., 2012). Whilst Envisat captures the increasing freshwater content of the

Canada basin between 2005-08, it does not capture the region north of 81.5◦

that saw some decrease (on the Eurasin basin side) and some increase (in the

Canada basin side).The mean steric height was calculated by combining the ICE-

Sat DOT and GRACE in the ‘pole hole’, however there was not a significant

change in mean steric height between 2004-08 (Figure 6.16). So, whilst the En-

visat data does not capture patterns of spatial variability north of 81.5◦N, regional

increases and decreases in steric height north of 81.5◦N between 2004-08 appear

to cancel out (ICESat DOT is available via the Jet Propulsion Laboratory at

http://rkwok.jpl.nasa.gov/icesat/data topography.html).

Figure 6.16: The ICESat Dynamic Ocean Topography (DOT) produced by Kwok and Morison
(2011) for 2004-08, and the mean steric height (black) and DOT unadjusted for variations in
ocean mass (grey) north of 81.5◦N (bottom right).

Between 2012-14 the steric height dropped back to ca. 2003 levels. To inves-

tigate whether this is caused by redistribution of freshwater back to the central

Arctic basin (i.e., a reversal of the redistribution reported by Morison et al.

(2012)) the change in steric height from 2012-14 was examined utilising the syn-

optic coverage provided by CryoSat-2 (Figure 6.17). The drop in steric height

between 2012-14 is dominated by large (>15cm) reductions in the East Siberian

and Laptev Seas, and small (close to zero) mean change inside the Envisat ‘pole

hole’. Between 2003–14 the total secular change in SSH was determined by an

146



Figure 6.17: The change in annual mean steric height between 2012-14 from CryoSat-2 and
GRACE. The circles at 81.5◦N and 88◦N represent the latitudinal limit of Envisat and CryoSat-
2 respectively. The data inside the CryoSat-2 ‘pole hole’ is entirely interpolated.

overall increase in ocean mass of 1.8±0.7cm between 2003-14.

There was a spike in the SSH and steric height in November 2011 of ∼4cm

greater than the seasonal cycle. The November 2011 GRACE ocean mass was

estimated using data only until 16th November, leading to an underestimate of

the monthly mean value; see Volkov and Landerer (2013), who found a spike in

ocean mass in modelled results that otherwise agreed very well with GRACE, and

concluded that in fact there was a spike in ocean mass in November 2011. Such

spikes are associated with simultaneous northward wind anomalies through the

Fram and Bering Straits, which inhibit inflow through one Arctic Ocean gateway

from being balanced by outflow through another (Volkov and Landerer , 2013;

Peralta-Ferriz et al., 2014).

6.2.2 The Beaufort Gyre

Giles et al. (2012) focussed on annual SSH changes in the BG region, accounting

for the mean SSHm component to estimate the SSH contribution due to freshwater

change. Here, their record is extended to present monthly SSHρ estimates in the

BG. The freshwater content (FWC) anomaly is estimated using the method of

Giles et al. (2012), which assumes a fresh surface layer that sits on top of a denser,

more saline deep layer. The change in the mass of the water column is:

∆m = ρ1(η − z) + ρ2z (6.5)

where η is the height of the surface, z is the height of the interface between the

layers and ρ1 and ρ2 are the densities of the upper and lower layers respectively.

Writing the thickness of the upper layer as ∆h = η − z and eliminating z from
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equation (6.5), the expression for ∆h is:

∆h =

(
ρ2

ρ2 − ρ1

)
η − ∆m

ρ2 − ρ1

=

(
ρ2

ρ2 − ρ1

)(
η − ∆m

ρ2

)
. (6.6)

The FWC is then:

FWC =
S2 − S1

S2

∑
i

Ai∆hi (6.7)

where the sum is performed over the grid cells, with area Ai, that lie within the

Beaufort Gyre region and S1 and S2 are the salinities of the upper and lower layers

respectively. From equations (6.6) and (6.7), it is clear that, for a fixed area, the

FWC is directly proportional to the steric height, since ∆m/ρ2 is simply the ocean

mass anomaly provided by GRACE, scaled to centimetres of water equivalent.

The monthly mean steric height is calculated between 130–180◦W and 70–81.5◦N

for all grid cells where the mean depth is greater than 300m (after Proshutinsky

et al. (2009)). The density and salinity values that were used by Giles et al.

(2012) are used here (ρ1 = 1, 022kgm−3, ρ2 = 1, 028kgm−3, S1 = 27.7psu and

S2 = 34.7psu) and the FWC is presented as an anomaly relative to the 2003-06

mean. The mean seasonal cycle and its interannual variability is estimated in the

same way as in Section 6.2.1.

The steric height in the BG region increased between 2006-08, with the largest

increase occurring in late 2007 (Figure 6.18). This agrees well with the annual

mean SSH record of Giles et al. (2012). Between 2008-10, the steric height was

9.7cm greater than the 2003-06 mean, peaking in 2010 at 10.1cm greater than

the 2003-06 mean. This corresponds to an increase in FWC of 4,300km3 between

2008-10 and 2003-06, and a 2010 peak in FWC of 4,700km3 greater than the 2003-

06 mean. These estimates show excellent agreement with liquid FWC change

calculated from hydrographic observations: Krishfield et al. (2014) reported that

Figure 6.18: Left: The mean steric height (black) in the BG region (130–180◦W, 70–81.5◦N)
for grid cells greater than 300m depth. The equivalent freshwater content is shown on the
right hand axis relative to the 2003-06 mean. Annual means are shown with diamonds and the
August mean liquid FWC anomalies (taken from Krishfield et al. (2014); Table 6.2) are shown
in crosses. Altimeter SSH (unadjusted for mass variations) is shown in grey. Right: The mean
seasonal SSH/FWC cycle (shaded region is ±1 standard deviation).
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Table 6.2: Annual mean FWC estimates from this study compared to the August liquid FWC
inventory of Krishfield et al. (2014) (their Table 3) relative to the 2003-06 mean. The correlation
between 2003-12 is 0.94.

Year This study Krishfield
et al. (2014)

2003 -300 -800
2004 -300 -300
2005 0 600
2006 500 900
2007 3,800 2,100
2008 4,500 4,000
2009 3,800 4,200
2010 4,700 4,600
2011 4,100 4,400
2012 3,400 4,400
2013 2,500 N/A
2014 2,600 N/A

between 2008-10, liquid FWC was 4,300km3 greater than the 2003-06 mean and

peaked in 2010 at 4,600km3 greater than the 2003-06 mean (Figure 6.18; Table

6.2). The correlation between the satellite-derived FWC anomalies and the FWC

anomaly estimates of Krishfield et al. (2014) is 0.94. The FWC anomaly estimates

presented here show a smaller total increase than estimated by Giles et al. (2012)

as the time series is shorter; in fact these estimate agree well with their estimate

of FWC change after 2003 accounting for the fact that the study region is slightly

smaller than theirs. This extension of the FWC time series shows that, whilst the

annual mean SSH has remained roughly constant since 2008, and indeed peaked

in late 2014, as the SSHm component has increased, so the SSHρ component has

decreased since 2011-12. By 2014, the FWC had fallen to 2,600km3 greater than

the 2003-06 mean.

The BG region has a steric height seasonal cycle of±4cm that peaks in Novem-

ber with a secondary peak in June (Figure 6.18, right). By the method of Giles

et al. (2012), this represents a FWC seasonal cycle of ±1,800km3, equivalent to a

freshwater layer depth of ±1.3m. Using around three years of observations from

four permanent moorings in the Beaufort Sea, Proshutinsky et al. (2009) found

seasonal variability of ±1m, with a similar, double-peaked cycle. Considering the

spatial and temporal coverage of the mooring data this represents a good agree-

ment. On top of the annual sources and sinks of liquid FWC, the seasonal cycle

of FWC in the BG region is modulated by the seasonal cycle of wind stress curl

which is a minimum in Autumn (maximum Ekman convergence) (Proshutinsky

et al., 2009; Serreze and Barrett , 2011; Martin et al., 2014).

Proshutinsky et al. (2015) showed, using the Arctic Ocean Oscillation (AOO)
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index, that the Arctic has been in an anticyclonic circulation regime (ACCR) since

the late 1990s. In 2012 and 2013 the ACCR weakened relative to the high values

seen through the mid-2000s which is perhaps seen reflected here as a decrease in

SSHρ and release of ∼2,000m3 of freshwater from the BG since 2012. The ACCR

in the Arctic is associated with a stronger Beaufort high pressure system, that

promotes BG freshwater storage by Ekman convergence. Figure 6.19 shows the

2000–09 decadal sea level pressure (SLP) climatology for July-September (JAS)

and October-December (OND), as well as the JAS and OND SLP anomalies in

2007 relative to 2000–09. The Beaufort high pressure system is very pronounced

in the Autumn, appearing as a ridge of high pressure that extends from the

Siberian Arctic and occurring simultaneously with a strong Icelandic low pressure

system (Serreze and Barrett , 2011), whereas the summertime mean SLP shows

little variation over the Arctic. In 2007, there was a strong high pressure anomaly

of 6–7mbar that persisted in the western Arctic throughout the second half of the

year (Figure 6.19, right). The strong anticyclonic wind anomalies in the second

Figure 6.19: Top: the 2000-2009 JAS sea level pressure climatology (left) and the 2007 JAS
SLP anomaly (right) taken from ERA-Interim reanalysis. Bottom: the 2000-2009 OND sea
level pressure climatology (left) and the 2007 OND SLP anomaly (right).

150



half of 2007, particularly during Autumn when the wintertime Beaufort high

pressure system was enhanced, resulted in increased surface stress and Ekman

convergence. This is reflected by the rapid increase in SSHρ in late 2007 in

response to the accumulation of surface freshwater.

Modelling studies have suggested that the efficiency of momentum transfer

from the atmosphere to the ocean, via sea ice, has increased due to changes in

ice pack properties. Tsamados et al. (2014) found that accounting for various

‘form drag’ factors leads to a ice-ocean drag coefficient that varies seasonally and

increased in the Beaufort Sea since 1990. Summer 2007 also saw the then record

sea ice minimum extent (Stroeve et al., 2012); in particular, the Beaufort Sea

saw a large loss of thicker, strong MYI (Maslanik et al., 2011). In a modelling

study that took into account variable ice concentration and ice strength, Martin

et al. (2014) introduced the concept of ‘optimal ice concentration’, whereby the

air to ocean surface stress is maximised. They found that the number of days

with optimal ice concentration has increased, increasing the surface stress to

the Arctic Ocean, particularly in Autumn. Indeed, their results suggest that

the Arctic Ocean surface stress peaked in Autumn 2007. Taken together, these

studies suggest that a weaker and more mobile ice pack in Autumn 2007 was

more responsive to particularly strong wind forcing, causing the rapid ‘spin-up’

in late 2007.

6.2.3 The Siberian shelf seas

The Siberian shelf seas receive ∼2000km3 of river runoff between May and Oc-

tober (Aagaard and Carmack , 1989; Serreze et al., 2006) and thus play a central

role in the Arctic freshwater cycle. However, ship-based observations of FWC

on the Siberian shelf seas are generally limited to the “hydrographic summer”

season (Dmitrenko et al., 2008) and FWC estimates from ITPs and other drifting

stations are confined to the deep Arctic basins (Rabe et al., 2014). As well as

this, February/March estimates of DOT from the ICESat mission showed limited

coverage on the Arctic shelf seas due to the sparsity of lead tie points (Figure

6.16). The lack of year-round data in this region limits the conclusions that

could be drawn about this important region of the Arctic Ocean. The monthly

record of data from satellite altimetry and GRACE allows the interannual and

seasonal variability in SSHρ and SSHm on the Siberian shelf seas to be examined

for the first time. The monthly mean SSHρ and SSHm is calculated over the Kara,

Laptev, East Siberian and Chukchi Seas, for depths less than 500m. Over the

same sector of the Arctic Ocean (roughly 70–230◦E) the mean SSHρ and SSHm is

also calculated for the deep basin (greater than 500m depth) up to 81.5◦N (Figure
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Figure 6.20: SSHρ (solid line) and SSHm (dashed line) for the Siberian shelf seas (Green) and
the deep basin (pink), delineated by the 500m isobath (black line on the map).

6.20).

Ocean mass variations are coherent between the shelf seas and the deep basin,

and show an overall increase between 2003-14. However, the steric height on the

Siberian shelf seas and the deep basin has diverged over the same time period.

The increase in steric height in the deep basin is dominated by the large signal in

the BG, and shows a similar pattern of variability (increase between 2006-08 and

smaller decrease since 2011-12; Figure 6.18). Steric height on the Siberian shelf

seas shows large seasonal variation (amplitude 5.8cm) and has steadily decreased

over the course of the whole time series by 6.5cm in the annual mean. Scaling

by the area study area, this represents a decrease in FWC of ∼180km3. The

detrended annual FWC anomaly of the Siberian shelves has a standard deviation

of 30km3, which represents the interannual variability of FWC on the Siberian

shelves during this period.

Using the steric height time series, and assuming that changes in steric height

are dominated by salinity variations, it is possible to estimate a salinity anomaly

time series for the shelf sea. Starting with the expression for the salinity expansion

coefficient, β = (1/ρ)(dρ/dS),changes in density, dρ, can be written as:

dρ = βρdS = d
(m
V

)
= − m

V 2
dV (6.8)

utilising the fact that ρ = m/V . Rearranging, and substituting dV = A× SSHρ,

where A is the area of the Siberian shelf seas, the salinity anomaly, dS, is:

dS = − A

βV
SSHρ

= − 1

βD
SSHρ (6.9)

where D is the depth. The mean depth for each 2◦ × 0.5◦ longitude-latitude

grid cell is calculated from the ETOPO1 global bathymetry model (Amante and

Eakins , 2009) and dρ/dS ∼ 0.8 kgm−3psu−1 is taken from Gill (1982) (Appendix
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Figure 6.21: Left: The monthly mean (black line), annual mean (crosses) and summertime
mean (June-September, diamonds) salinity of the Siberian shelf seas calculated from equation
(6.9). Right: The mean seasonal cycle (black line). The shaded area represents ±1 standard
deviation.

3) and ρ ∼ 1028 kgm−3 is taken from Dmitrenko et al. (2008). The area averaged

salinity over the Siberian shelf domain is then estimated relative to the mean

salinity of the deep ocean i.e., dS = S − Sref (Figure 6.21). Here, as is conven-

tional, Sref is chosen to be 34.8psu, however this is essentially an arbitrary choice.

As pointed out by Bacon et al. (2015), the only physically meaningful value of

Sref for the enclosed Arctic basin is the boundary mean salinity, which Tsubouchi

et al. (2012) estimated to be 34.67. However, the choice of Sref just contributes

a static offset to the salinity time series shown in Figure 6.21, which is not of

great importance for the present study. The mean seasonal cycle and its inter-

annual variability are estimated as previously and the annual and hydrographic

summertime (June-September) means are also included in Figure 6.21.

Dmitrenko et al. (2008) found that salinity and FWC anomalies on the Siberian

shelf seas are modulated by the prevailing atmospheric circulation. Anticy-

clonic/cyclonic circulation regimes are associated with positive/negative salinity

anomalies (negative/positive FWC anomalies). This is apparent in Figure 6.21:

during the entire time series, the ACCR has dominated Arctic circulation and

the mean salinity of the Siberian shelf seas, which here is extended to include

the Chukchi and Kara Seas, increased by 0.15psu yr−1. During this period, fresh

surface waters were drawn into the BG by Ekman convergence, which raised

isopycnals on the shelf seas, drawing more saline, deeper water further up the

shelves. This is reflected as an increase in ocean mass and a bulk densification

of the water on the shelf seas (Figure 6.20). The detrended annual mean shelf

salinity has a standard deviation of 0.6psu, a response to interannual variabil-

ity of runoff, sea ice volume and P-E. The standard deviation of the difference

between the summertime and annual means is 0.3psu. Indeed, Dmitrenko et al.

(2008) remarked that interannual variability in salinity anomalies derived from

ship-based measurements are dominated by space and time sampling errors. This

is compounded by the fact that the salinity reduces significantly between May
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and November (by ∼4psu on average) due to summertime freshwater inputs; hy-

drographic measurements made during summer will be highly sensitive to the

timing of the seasonal onset of river input and sea ice melt.

6.3 Empirical Orthogonal Functions

6.3.1 Overview

In order to examine spatio-temporal relationships between aspects of SSH vari-

ability across the Arctic Ocean, the dominant modes of seasonal and nonseasonal

SSH variability were examined by performing an Empirical Orthogonal Function

(EOF) analysis on the monthly gridded SSH data. EOFs, or Principle Component

Analysis, are a popular statistical tool for examining patterns of spatio-temporal

variability in climate and meteorological data. For example, the loading pattern

of the Arctic Oscillation is defined as the leading EOF mode of monthly mean

1000mbar height north of 20◦N (Thompson and Wallace, 1998) and the Southern

Annular Mode is the southern hemisphere equivalent. EOFs have also been used

to reconstruct historical global sea surface temperatures and sea level from sparse

ship and tide gauge data (Smith et al., 1996; Chambers et al., 2002).

The method for calculating EOFs is described below and is adapted from

Hannachi (2004). Firstly, time-variable, gridded SSH data are arranged into a

two-dimensional matrix:

X =


x11 x12 · · · x1p

x21 x22 · · · x2p

...
...

. . .
...

xn1 xn2 · · · xnp

 (6.10)

where xij is the SSH at time ti in grid cell sj, where i = {1, . . . , n} are the monthly

time steps and j = {1, . . . , p} are the 2◦×0.5◦ longitude-latitude grid cells. The

time mean SSH is defined as:

x̄j =
1

n

n∑
i=1

xij. (6.11)

and is removed from each month of data:

x′ij = xij − x̄j. (6.12)

Since the grid cell size is not equal across the domain, the data are area weighted
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by the cosine of the latitude at each grid point:

Xw = X ′D (6.13)

where:

D =


cosφ1 0 · · · 0

0 cosφ2 · · · 0
...

...
. . .

...

0 0 · · · cosφp

 (6.14)

is a diagonal matrix containing the cosine of the latitude of each grid cell, φj =

{φ1, . . . , φp}. Next the covariance matrix is found, defined as:

Σ =
1

n− 1
XT
wXw (6.15)

which contains the covariance between each pair of grid points.

The goal of EOF analysis is to find a vector, a = (a1, . . . , ap)
T , such that the

variability of the time series Xwa is maximised, or in other words, to find the

linear combination of all grid points that explains the maximum variance. The

variance of Xwa can be written as:

Var(Xwa) =
1

n− 1
|Xwa|2 =

1

n− 1
(Xwa)T (Xwa) = aTΣa (6.16)

and the problem becomes to maximise aTΣa. By requiring that aTa = 1 i.e.,

that a is unitary, the solution is then an eigenvalue problem:

Σa = λa (6.17)

where a and λ are the eigenvectors and eigenvalues of the covariance matrix Σ.

Once the eigenvalues are sorted in decreasing order, the k’th eigenvector ak is

k’th EOF mode of spatial variability and the k’th eigenvalue λk is a measure of

the variability described by the k’th EOF mode. This is usually written as a

percentage of the total variance:

λ̂k =
100λk∑p
k=1 λk

%. (6.18)

The principle component (PC) time series’ are then the projection of the data

onto the k’th EOF mode:

ck = Xwak. (6.19)

The original data can be reconstructed as a combination of the principle compo-
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nent time series’ and the EOF modes:

Xw =

p∑
k=1

cka
T
k (6.20)

and in this way EOF analysis can be used as a low-pass filter by only retaining a

certain number of EOF modes that contain the leading modes of variability.

Usually, the PC time series’ and EOF modes are normalised by the standard

deviation of the PC time series’:

ĉk =
ck

SD(ck)
(6.21)

âk = SD(ck)ak (6.22)

such that the PC times series’ have units of standard deviations and the maps

of variability have units of, for example, centimetres per standard deviation for

the case of SSH. The EOF modes are deemed to be significant if they are well-

separated from neighbouring modes, or that their eigenvalues are not degenerate.

This can be achieved using the criteria developed by North et al. (1982). They

showed that the uncertainty on a given eigenvalue is:

∆λk ≈ λk

√
2

n
(6.23)

and the uncertainty on the eigenvector is then:

∆ak ≈
∆λk

λj − λk
ak (6.24)

where n is the sample size (i.e., the number of time steps) and λj is the closest

eigenvalue to λk. The requirement for a significant and well-separated mode is

then that λj − λk > ∆λk + ∆λj, or that the separation between two modes is

greater than the sum of their errors.

6.3.2 Seasonal and nonseasonal SSH variability

The analysis is limited to the central Arctic domain shown in Figure 6.4 in order

to limit the effects of SSH variability in the Nordic Seas and CAA that could

be coupled to variability in the central Arctic (for an analysis of SSH variabil-

ity in the Nordic Seas see Bulczak et al. (2015)). The spatial patterns of the

EOFs are not actually affected by limiting the region of the analysis, however

the amount of the variance explained by each mode is increased, and the modes

become better separated by the criteria of (North et al., 1982). EOF analysis
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was first performed on the full (seasonally varying) SSH data. The seasonal cy-

cle contains the highest proportion of total variance, and EOF analysis helps

reveal the spatial pattern associated with this variance. The leading two modes

of seasonally varying SSH account for 62.6% of the total SSH variance and are

both significant and well-separated by the criteria of North et al. (1982). Next,

the mean seasonal cycle was removed by subtracting the monthly climatology

of SSH from each individual month at each grid point, and the EOF analysis

repeated (Peralta-Ferriz et al., 2014). Figure 6.22 shows the leading seasonal

and two leading non-seasonal modes of SSH variability, which are significant and

well-separated by the criteria of North et al. (1982). The leading mode of sea-

sonal variability accounts for 38.7% of the total SSH variance, and together, the

two leading modes of nonseasonal variability account for 55.4% of the remaining,

nonseasonal, SSH variance. Seasonal/nonseasonal EOFs and PC time series are

denoted with the subscripts s/ns respectively in the discussion below.

EOF1s captures 38.7% of the total SSH variance. It is coherent over the entire

central Arctic region with a higher amplitude on the Siberian shelf seas. PC1s has

a maximum in early November and a minimum in May, on average, and takes a

similar form to the altimeter SSH time series (Figure 6.14). EOF1s is interpreted

as the regional response to the seasonal cycle of steric height (Section 6.2.1),

with non-seasonal fluctuations that are dominated by changes in ocean mass

(Volkov and Landerer , 2013). The RMS difference between the mean SSH time

series (Figure 6.14) and the mean SSH time series when just EOF1s is retained

is 0.8cm. The SSH seasonal range and phase shows a similar pattern to EOF1s

(Figure 6.15): large amplitude seasonal variations on the Siberian shelf seas and

a basin mean seasonal cycle that peaks in October-November on average.

EOF2s and EOF1ns are essentially identical, representing 23.9/33.5% of the

total/nonseasonal SSH variance. Since it is a nonseasonal mode of variability,

EOF1ns is shown in Figure 6.22, however PC2s is shown along with PC1ns for

completeness; there is a small amount of additional, seasonal variance present in

PC2s but it is small compared to the secular interannual variability that domi-

nates this mode. The doming of SSH in the BG clearly dominated the nonseasonal

variability during this period. EOF analysis reveals that this doming was in fact

concurrent with regional reductions in SSH in the Chukchi, East Siberian, Laptev

and eastern Kara Seas, mainly contained shoreward of the 50m isobath. In Sec-

tion 6.2.3, this long-term divergence in SSH between the Siberian shelf seas and

the deep basin was shown to be a steric signal: deepening of isopycnals and fresh-

ening of the BG raises isopycnals in surrounding waters, consistent with Ekman

dynamics in the absence of a significant increase in regional freshwater sources;

convergence of surface freshwater into one region is at least partially balanced by
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Figure 6.22: The first seasonal EOF mode (top left) and the first (bottom left) and second
(bottom right) nonseasonal EOF modes of Arctic SSH and the corresponding PC time series’.
The first nonseasonal mode of SSH variability is essentially the same as the second seasonal
mode of variability (PC2s is shown in grey (bottom left)). The AO index is superimposed on
the second nonseasonal PC time series (red). The percentage of the SSH variance explained by
the first 10 seasonal (green) and nonseasonal (pink) EOF modes is shown top right. The vertical
dashed line indicates the threshold for significant modes proposed by North et al. (1982).

divergence from other regions. Dmitrenko et al. (2008) estimated that between

periods of ACCR and CCR, the East Siberian and Laptev Seas exchange about

500km3 of freshwater with the deep basin. However, the estimate of the total

FWC loss from the shelf seas between 2003–14 found here (∼180km3) is rather

small. This may reflect the fact that the ACCR had already been the prevailing

circulation since the late 1990s (Proshutinsky et al., 2015), so here the shelf seas
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have been observed during a plateau phase. However, when PC1ns is regressed

onto ERA-Interim SLP, it is clear that this mode of variability has been associ-

ated with strengthening high pressure over the central Arctic, or a strengthening

of the ACCR during this time period (Figure 6.23). Either way, the contribution

of freshwater redistribution within the Arctic basin is small compared to the total

accumulation in the BG region - at least one order of magnitude smaller for the

shelf seas (Section 6.2.3), and no net change within the pole hole (Figures 6.16

and 6.17). Most of the freshwater accumulation in the BG, therefore, is a con-

sequence of inhibition of freshwater export from the Arctic Ocean. This finding

is in agreement with the study of Koldunov et al. (2014), who found that BG

freshwater accumulation is dominated by Ekman convergence and a reduction of

freshwater outflow through the CAA, rather than through redistribution of shelf

water to the Canada Basin. Using typical figures for the BG freshwater accumu-

lation, a ∼5,000km3 increase in FWC over ∼5 years represents a net reduction

in freshwater export of about 30mSv, or 15% for a mean Arctic Ocean boundary

flux of 200mSv (Bacon et al., 2015).

EOF2ns is dominated by a centre of action on the Chukchi, East Siberian and

Laptev shelf seas, again predominantly shoreward of the 50m isobath, which ac-

counts for 21.9% of nonseasonal SSH variance. This spatial pattern of variability

is very similar to the second EOF of GRACE data found by Peralta-Ferriz et al.

(2014) and the first coupled EOF of ocean mass and zonal wind stress found by

Volkov and Landerer (2013), with the notable difference that here a drop in SSH

in the central Arctic is not observed due to the latitudinal limit of the altimetry

data. It is also a very similar spatial pattern of variability to EOF1s, with more

weight on the shelf seas and less weight elsewhere in the Arctic. This implies that

EOF2ns captures the nonseasonal ocean mass fluctuations superimposed on the

more steady seasonal cycle of steric height evident in EOF1s.

When PC2ns is regressed onto monthly sea level pressure (SLP) the same

Figure 6.23: The first (left) and second (right) nonseasonal PC time series’ regressed onto
ERA-Interim SLP fields.
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pattern of correlation is observed as was found by Peralta-Ferriz et al. (2014):

low SLP anomalies over the central Arctic and high SLP anomalies over northern

Europe and Russia (Figure 6.23). This drives westerly wind anomalies along the

coast of northern Russia that cause onshore Ekman pumping and an accumula-

tion of water on the Siberian shelves (Volkov and Landerer , 2013; Peralta-Ferriz

et al., 2014). Peralta-Ferriz et al. (2014) found that this mode of variability

was significantly correlated to the Arctic Oscillation (AO) index. A positive AO

index indicates low atmospheric pressure over the central Arctic, which is respon-

sible for driving the eastward along-shore wind anomalies in the Siberian Arctic

(Peralta-Ferriz et al., 2014). There is a weak, but significantly non-zero, cor-

relation (R=0.18, p=0.03) between PC2ns and the AO index (Figure 6.22); the

reduced correlation is likely because of the steric signal present in the altimeter

data. PC1ns and PC2ns both increase between 2004-12, however the direction of

change is in opposite directions on the Siberian shelf seas - decreasing in EOF1ns

and increasing in EOF2ns. This reflects the opposing trends in ocean mass (in-

creasing) and steric height (decreasing) on the Siberian shelves (Figure 6.20) and

the fact that EOF1ns captures largely steric variability and EOF2ns captures

ocean mass variability. The reduction of PC2ns after 2012 is probably due to

contamination of the ocean mass signal with the large reduction in steric height

between 2012-14 (Figure 6.17).

6.4 Arctic Ocean storage flux

The SSH time series can be converted to a time series of ocean volume anomalies

by multiplying by the surface area of the study region. The monthly mean SSH

south of 81.5◦N is representative of the basin mean SSH at monthly to seasonal

time scales (Figure 6.5 and 6.6), so the area is taken to be that of the entire study

region (9.81×1012m2, Figure 6.4). The additional uncertainty that results from

only sampling south of 81.5◦N is 0.69cm (RMS), equivalent to an ocean volume

uncertainty of 68km3,which is small compared to the 494km3 amplitude of the

seasonal cycle. The mean seasonal cycle and standard deviation of the ocean

storage flux (the time derivative of the ocean volume) are calculated in the same

way as for the seasonal cycles of SSH, ocean mass and steric height (Figure 6.24).

The ocean storage flux is a sum of several different terms. During summer-

time there is a net positive flux into the Arctic: the seasonal input from river

runoff is sharply peaked in June and continues until October/November, associ-

ated with the thawing of terrestrial snow and ice cover beginning in May, and the

net oceanic input of P-E broadly peaks between June and October (Serreze et al.,

2006). Input of relatively fresh Pacific seawater also peaks in summer (Woodgate
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Figure 6.24: The satellite-derived (grey, shaded region is ±1 standard deviation) and modelled
(magenta, reproduced with permission from Bacon et al. (2015)) Arctic Ocean storage flux
seasonal cycle. Positive (negative) flux means a net flow into (out of) the blue shaded region
in Figure 6.4 (100mSv≡105m3s−1). The modelled data were provided by Dr. Y. Aksenov,
National Oceanography Centre, Southampton, UK.

et al., 2006), the melting of sea ice between May and September freshens the

surface waters, appearing as a positive ocean storage flux, and there is a sum-

mertime input of glacial melt water from Greenland and the CAA. It should be

noted, however, that the latter is a very small contribution to the Arctic Ocean

freshwater budget, with a summertime peak freshwater flux of just 30km3 and an

annual freshwater flux of ∼100km3 or less to the central Arctic (Bamber et al.,

2012). There is a negative ocean storage flux between November and April. As

sea ice is formed during the winter it rejects salt into the ocean surface mixed

layer, which appears as a negative ocean storage flux. Sea ice export from the

Arctic is dominated by the wintertime flux of ice through the Fram Strait asso-

ciated with wintertime intensification of the Iceland low (Kwok , 2009).

The magnitude (±100mSv) and phase of the seasonal ocean storage flux cal-

culated here agrees very well with modelled results from Bacon et al. (2015), who

took four model configurations with ca. 3km and 9km horizontal resolution, dif-

ferent atmospheric forcing and varying integration times and calculated seasonal

cycles of the Arctic ocean storage fluxes (note that their study area included

Baffin Bay, whereas it is excluded in the present study). Figure 6.24 compares

the modelled results of Bacon et al. (2015) with SSH-derived results. There is

a correlation of R=0.68 between the ocean storage flux from altimetry and the

mean of the ocean storage flux from the four model configurations. This gener-

ates confidence that both the model and the altimetry are performing well, and

represents the first validation of model-derived ocean storage fluxes in the Arctic

Ocean.

6.5 Conclusions

The first basin-wide estimates of monthly SSH in the Arctic Ocean have been

made from satellite altimetry, utilising data from both the ice-free and ice-covered
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ocean. The steric height between 2003–14 has been estimated by combining

SSH with ocean mass data. The seasonal cycle of Arctic SSH is larger than

secular changes during this time period and is driven by a regular cycle of steric

height associated with seasonal fluxes of freshwater. An amplitude of ∼5cm

agrees well with simple considerations of seasonal surface and boundary fluxes

(Aagaard and Carmack , 1989; Bacon et al., 2015). Between 2003–12 the steric

height increased due to a freshening (Proshutinsky et al., 2009; Giles et al., 2012;

Krishfield et al., 2014; Rabe et al., 2014) and warming (Polyakov and Pnyushkov ,

2012; Beszczynska-Möller et al., 2012) of the Arctic Ocean during the 2000s. The

steric height peaked in 2012 and subsequently dropped to 2003 levels by the end

of the time series, representing a total increase, and decrease, of 2.2±1.4cm. The

drop in steric height between 2012-14 was dominated by large (>15cm) reductions

in the East Siberian and Laptev Seas. By the end of the time series the total

secular increase in SSH is due to an increase in ocean mass of 1.8±0.7cm between

2003-14.

SSH in the BG has stayed at a roughly constant level since the dramatic

increase in the 2000s reported by Giles et al. (2012). However, since ∼2011-12

regional ocean mass increases mean that the steric height has slightly dropped

since 2012. The steric height peaked in 2008 and 2010, representing a freshwa-

ter accumulation of 4,500km3 and 4,700km3 relative to the 2003-06 mean. By

2014, the BG FWC had dropped to 2,600km3 greater than the 2003-06 mean,

as a result of the weaker ACCR since 2012 (Proshutinsky et al., 2015). The

BG region has a seasonal FWC cycle of ±1,800km3 (equivalent to a freshwater

layer of ±1.3m) which agrees well with hydrographic observations from moored

profilers (Proshutinsky et al., 2009). The Siberian shelf seas have a large steric

height seasonal cycle that reflects seasonal variations of salinity due to river runoff

(±2psu on average). There was a net reduction of ∼180km3 of freshwater from

the Siberian shelf seas during the study period. Small net changes in steric height

within the Envisat ‘pole hole’ from the ICESat mission and from CryoSat-2 be-

tween 2012-14 indicate that overall, freshwater redistribution within the Arctic

basins contributed little to the overall accumulation during the 2000s. Rather,

this was caused by a dynamic reduction of freshwater export from the Arctic of

order 15% (30mSv).

Together, the leading modes of seasonal and nonseasonal SSH variation ac-

count for 62.6% of the total SSH variance. The first mode of seasonal variation is

basin-coherent and is dominated by the seasonal cycle of steric height. The first

mode of nonseasonal variability is associated with the doming of the BG due to

the accumulation of surface freshwater via Ekman pumping (Proshutinsky et al.,

2009; Giles et al., 2012). Doming of the BG is concurrent with regional drops
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in SSH in the East Siberian, Laptev and eastern Kara Seas, demonstrating that

lowering of isopycnals associated with freshening of the Canada basin is partially

compensated for by raising of isopycnals in the peripheral seas. The second mode

of nonseasonal variability is caused by zonal wind anomalies along the Siberian

coastline that drive onshore Ekman transport and mass anomalies on the Siberian

shelf seas, resembling a leading mode of GRACE ocean mass variability (Volkov

and Landerer , 2013; Peralta-Ferriz et al., 2014). This mode captures nonseasonal

variability present in the first mode of seasonal variability.

Finally, it has been demonstrated that monthly altimeter SSH can be used to

estimate the ocean storage flux: the rate at which the Arctic Ocean gains (during

summer) and loses (during winter) volume. The seasonal phase, and amplitude

of 100mSv, agree well with high-resolution modelled results (Bacon et al., 2015).

Since monthly ocean storage fluxes are closely related to the Arctic freshwater

cycle, monthly SSH from altimetry offers a valuable tool for future monitoring

of the Arctic hydrological cycle, particularly if combined with either models or

other measurement techniques.
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Chapter 7

Summary and outlook

In this chapter, the methodology and findings presented in this thesis are sum-

marised. The work will be placed in the context of the relevant contemporary

literature on the subject and possible future work will be discussed.

7.1 Chapter 3: Off nadir ranging to leads

In Chapter 3, the unique angle measuring capability of CS2 interferometric mode

data was exploited over sea ice to measure the off nadir angle to leads. The

methodology that was developed was evaluated against contemporaneous SAR

imagery, and it was found that leads could dominate the radar return despite

being more than 1500m away from the satellite nadir point. Excluding more

waveforms from the analysis by using a higher pulse peakiness threshold reduces

the number of leads that originate from high off nadir angles, leaving only the

most high-power echoes that originate from areas close to nadir. However, it

was found that it is not possible to completely remove the range error, and the

resulting area-averaged range error is 1.21–4.06cm, depending on the level of

filtering applied to the data.

This work represents a novel application of CS2 SARIn mode data to measure

a known but previously unquantified uncertainty in altimeter sea level and free-

board retrievals over sea ice. The distribution of lead returns about the satellite

nadir point was inferred directly from the altimeter echoes and the associated

range error was properly characterised for the first time. The bespoke data pro-

cessing methodology that was developed and tested has since been replicated to

retrieve SSH in the fjords of Greenland, where the high topography and complex

coastline significantly corrupts the waveforms (Abulaitijiang et al., 2015). This

demonstrates the added value that interferometric altimetry has for coastal al-

timetry, where land contamination limits the efficacy of conventional altimeters
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but the need for SSH estimates is arguably the highest.

Whilst CS2 SARIn mode is the only way to directly measure the off nadir

angle to leads, on the whole it would not be beneficial to apply SARIn mode over

the entire sea ice-covered ocean. This is because SARIn mode data is a factor of√
2 more noisy that SAR mode as it only utilises one out of four bursts of echoes

for measurements, meaning that sea ice freeboard estimates would ultimately be

degraded by using SARIn mode rather than SAR mode. In practical terms as

well, the high data rate of SARIn mode means that it could not be operated

over the entire sea ice area due to satellite data storage and power constraints.

Despite this, the availability of a patch of SARIn acquisitions over sea ice is a

valuable experimental dataset.

The obvious question then is whether the bias due to off nadir ranging to leads

can be accounted for without knowledge of the across track angle from SARIn

mode. To this end, potential avenues of investigation include:

• Optimising the SLA interpolation to better account for elevation estimates

that are corrupted by off nadir ranging to leads. This could include iterative

interpolation that discards ‘low’ elevations after each iteration, or better

statistical filtering/fitting techniques that can account for one-sided outliers.

• Comparison of the off nadir angle to leads against other parameters that are

available in the CS2 SAR mode Level-1b or FBR data that could be used to

distinguish off nadir leads without the cross-channel phase difference (e.g.,

stack statistics, right and left-sided PP (Ricker et al., 2014)).

Off nadir ranging will be at least partially accounted for by application of the

correction that accounts for the use of different retrackers over different surface

types (Section 2.3.2), however the present work does not address spatial or sea-

sonal variability of off nadir ranging. Seasonal variability could be investigated

by applying the data processing to the SARIn mode sea ice acquisition patch

for a full sea ice growth season, however spatial variability would be harder to

analyse without further SARIn acquisitions in other areas of the Arctic Ocean.

Another further exploration into the potential of SARIn acquisitions over sea ice

would be to apply ‘swath mode’ processing: to utilise the full echo waveform and

achieve a swath of elevation measurements in the across track direction (Gray

et al., 2013). Over land ice, swath mode processing has been shown to increase

the number of elevation measurements by up to two orders of magnitude.
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7.2 Chapter 4: Sea ice freeboard from AltiKa

In Chapter 4, data from the French-Indian SARAL/AltiKa mission was used to

estimate Ka-band radar freeboard for the first time. This was compared against

state of the art radar freeboard estimates from CS2 and it was found that, with

a higher operating frequency, AltiKa consistently retrieves a larger freeboard

than CS2, ranging from 4.4cm in October to 6.9cm in March. The theoretical

radar freeboard (the radar freeboard if the ice-snow interface is the dominant

scattering horizon) was derived from Operation IceBridge (OIB) airborne laser

freeboard and snow depth data. This was used to estimate the radar penetration

factor for CS2 and AltiKa over multi-year and first year sea ice cover, defined

as the dominant scattering horizon in terms of a fractional penetration of the

snow pack (i.e., a radar penetration factor of zero corresponds to scattering from

the snow surface and a radar penetration factor of one corresponds to scattering

from the snow-ice interface). It was shown that the AltiKa dominant scattering

horizon lies 0.54hs (where hs is the snow depth) above the ice surface over all

ice types in March which would lead to an overestimate of the ice thickness of

4.75hs and 6.31hs for MYI and FYI respectively. The CS2 elevation retrieval is

consistent with ranging to the ice-snow interface over FYI, but lies, on average,

0.18hs above the ice surface over MYI in March, leading to a MYI thickness

overestimate of 1.58hs. Whilst this could explain some of the observed difference

between CS2 and PIOMAS reported by Laxon et al. (2013), the uncertainty due

to radar penetration is currently not separable from the uncertainty associated

with inadequate knowledge of the snow thickness.

Results from field campaigns indicate that snowpack surface and/or volume

scattering may contribute to the waveform power received by radar altimeters

over sea ice (Giles and Hvidegaard , 2006; Hendricks et al., 2010; Willatt et al.,

2011; Willatt , 2012). As a result, it was acknowledged by Laxon et al. (2013)

that snowpack surface and volume scattering represents an unknown source of

uncertainty in sea ice thickness estimates from satellite altimetry. This study

was in part a response to this, and represents one of the first attempts to quan-

tify the sea ice dominant scattering horizon for a satellite radar altimeter using

contemporaneous airborne data. This study is also the first to compare CS2 and

AltiKa radar freeboard directly against airborne data, with the benefit that the

comparison does not then rely on auxiliary snow loading information. The issue

of snowpack scattering has also been addressed by Ricker et al. (2015), who com-

pared CS2 freeboard estimates from the Alfred Wegener Institute (http://mep-

datasrv1.awi.de/gallery/ index new.php?lang=en US) against data from an au-

tonomous ice mass balance buoy. They found increases in radar freeboard that
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appear to coincide with snow accumulation events early in the 2013-14 sea ice

growth season, suggesting that snowpack scattering may play an important role in

the sea ice elevation retrieval, particularly early in the season when temperatures

are higher and wet snow layers are more likely to occur. They conclude that the

assumption that the snow-ice interface is the dominant scattering horizon can-

not be justified in regions with a thick snow layer, appearing to corroborate the

findings in this study.

The uncertainty due to snowpack surface and volume scattering is compounded

by the lack of knowledge of the instantaneous snow loading on sea ice, and to-

gether these factors represent the largest source of uncertainty in radar altimeter

thickness estimates. As such, more work needs to be undertaken to better un-

derstand and account for snowpack scattering in altimeter retrievals over sea ice.

Exploiting multiple altimeters to provide a better picture of Arctic sea ice is

a promising possibility, particularly with the launch of Sentinel-3a on February

16th 2016, which carries a CS2-type altimeter in the same orbit as Envisat. Some

areas for future research include the following:

• The findings of Ricker et al. (2015) appear to back up the findings of

this study, however UCL-processed CS2 freeboard should also be compared

against ice mass balance buoy data. This is particularly important as Ricker

et al. (2015) found that the discrepancy they observed was not independent

of the processing (in particular the retracking), and it should be confirmed

whether or not the same discrepancies are observed in the UCL-processed

data.

• Whilst this study focussed on AltiKa and a comparison with CS2, the radar

penetration analysis could be performed utilising the longer record of OIB

data that coincides with CS2 on top of just the 2013-14 growth season.

This could reveal whether the radar penetration seen by CS2 at Ku-band is

consistent from year to year, or is time varying. Similarly, OIB campaigns

that have recently flown in the autumn could provide information about

the evolution of radar penetration over the course of a season.

• A more detailed comparison between the CS2 radar freeboard and data

from dedicated underflights of the satellite by OIB would allow the radar

penetration factor to be analysed at a finer spatial scale along track.

• The analysis could be repeated in the Southern Ocean, where the issues

associated with snowpack scattering are more complicated than in the Arc-

tic. There is more precipitation over the sea ice in Antarctica and the ice

itself is thinner on average. This means that the weight of the snow layer
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often pushes the ice below sea level, leading to the flooding and refreezing

of ice floes and wicking of salt water into the snow pack. Thus, it is often

ambiguous where the dominant scattering horizon is for Ku-band altime-

ters over Antarctic sea ice, which, combined with inadequate knowledge of

the snow depth, has hindered the derivation of Antarctic sea ice thickness

from radar altimeters (Giles et al., 2008b; Willatt et al., 2010). It should be

noted however that there is much less OIB data available in the Southern

Ocean for comparison

• An investigation into the added benefit of a constellation of altimeters could

be performed by using the radar penetration factor to correct the AltiKa

freeboard and estimate thickness. The radar freeboard/thickness could then

be evaluated by performing a crossover analysis of the two satellites. The

added coverage up to 81.5◦N would improve the time and/or spatial reso-

lution for mapping basin-wide Arctic sea ice thickness.

7.3 Chapter 5: Significant wave height from

CryoSat-2

In Chapter 5, a semi-analytical waveform model fit was applied to CS2 SAR and

LRM data collected in the central Arctic Ocean in summer 2012. The model

can successfully be used to estimate significant wave height (SWH) in the ice-free

open ocean, however it fails in the marginal ice zone when waveforms become

complex and noisy. The lowest sea ice extent during the satellite era occurred

in September 2012, meaning that the distance over which the wind could act on

the open ocean (the fetch) was larger than at any point since 1978. Two strong

cyclones passed through the central Arctic in August and September, allowing

waves with SWH of up to 4–5m to develop in the Beaufort and Chukchi Seas.

The particular sea ice and wind forcing conditions in the western Arctic meant

that it was possible to study the development of the wind sea under fetch-limited

wave growth conditions. During a pass in mid-September 2012, when the wind

was blowing roughly orthogonally to the ice edge, CS2 observed the wind sea

to develop following the empirically-derived rule for wave growth under unstable

atmospheric boundary layer conditions. For wind speed between 7–9ms−1, the

resulting wind sea became a fully-developed over a fetch of around 200km.

In their study using wave height data from a mooring in the Beaufort Sea that

recorded wave height during summer/autumn 2012, Thomson and Rogers (2014)

found wave heights of 2–3m during the ‘great Arctic cyclone’ of 2012 (Simmonds

and Rudeva, 2012) and wave heights of up to 4–5m in September 2012, results
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which are corroborated by the present work. They examined the dimensionless

wave energy and dimensionless fetch, and found wave energies greatly exceeding

the limit for fully-developed wind seas. These high energy waves were found

to correspond to waves with dimensionless age greater than one, indicating the

presence of swell waves (waves that are generated remotely) in the wave field.

It has been speculated that as larger regions of the Arctic become ice-free

for longer periods during the summer, larger waves will be generated, further-

ing the breakup of the ice pack (Thomson and Rogers , 2014). The spatial and

temporal coverage provided by altimeters offers a valuable resource for studying

the emerging wave fields in the summertime Arctic Ocean. Some areas for future

development are highlighted below:

• A major development in the application of the CS2 waveform model fit

would be to be able to retrack more complex waveforms as the satellite

passes over the marginal ice zone. This could also allow SWH retrievals

within the ice pack to examine the damping of waves by sea ice. Avenues of

investigation to this end could include better windowing of the waveform to

focus only on the leading edge and peak power, or applying more complex

pattern/shape recognition algorithms to distinguish the ‘rough surface’ part

of the waveform from specular components.

• Implementation of the waveform fit retracker in a quicker programming

language. This would allow the processing described here to be implemented

far more quickly, to produce wave height estimates operationally.

• A comparison between the SWH estimates from CS2 and the output of a

wave forecast/hindcast model.

• Investigate using archive SWH data from legacy missions (ERS-1/2, En-

visat) to extend the record of SWH in the summertime Arctic Ocean. Al-

timeter processing and archive systems (e.g., AVISO, RADS) routinely use

standard pulse limited waveform fit models to estimate SWH, wind speed

and SSH over the global ocean. By tuning the data editing parameters in

these archives it is possible to extract more useful data in the Arctic (e.g.,

Prandi et al. (2012)), and this could be used as an easy way to get reliable,

long-term estimates of SWH in the summertime Arctic. Similarly, emerg-

ing data from SARAL/AltiKa and Sentinel-3a could provide an extension

of this record, with the data from CS2 presented here bridging the gap in

2012.

As well as improving range and SWH precision over the open ocean (Giles

et al., 2013), the waveform fit retracker has also been adapted to estimate sea
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ice freeboard by incorporating a term in the model that accounts for variation in

the backscatter with incidence angle (the ‘specularity’ of the surface; Kurtz et al.

(2014)). The waveform fits demonstrated in the study of Kurtz et al. (2014) did

show some issues with under-fitting due to complex waveform shapes. For purely

diffuse floe waveforms this retracker should be suitable, however more waveforms

would have to be discarded from the processing compared to an empirical re-

tracker. Kurtz et al. (2014) also presented maps of the surface roughness derived

from the waveform fits over sea ice, however the values seem rather high (equiva-

lent to a SWH of ∼1m) and should be treated with some scepticism, particularly

given the issues with under-fitting of the waveform leading/trailing edges and a

lack of validation. An investigation into the potential benefits of applying wave-

form fitting versus more empirical methods over sea ice would however be useful.

7.4 Chapter 6: Arctic sea surface height

Chapter 6 made up the largest portion of work done during this PhD. Monthly

maps of SSH were developed using altimeter data from the Envisat and CS2

altimeters in both the ice-covered and ice-free Arctic Ocean between 2003–14.

The two missions show very good agreement in the mission overlap period and

in general the combined altimeter time series shows good agreement against the

available tide gauge records in both ice-free and seasonally ice-covered locations.

Altimeter SSH estimates were combined with monthly grids of ocean mass from

the GRACE mission to estimate steric height. Monthly steric height anomalies

show good agreement with geopotential height derived from temperature-salinity

profiles recorded by drifting Ice-Tethered Profilers.

Time series’ of Arctic Ocean SSH, ocean mass and steric height reveal a large

seasonal cycle of SSH (amplitude ∼5cm) that is dominated by seasonal freshwater

fluxes: SSH rises during summer due to river runoff, net precipitation over evap-

oration and sea ice melt; it then relaxes during winter as sea ice is formed and

exported from the Arctic through Fram Strait. Between 2003–12, steric height

increased in the central Arctic, mainly due to the accumulation of freshwater in

the western Arctic (Proshutinsky et al., 2009; Giles et al., 2012; Krishfield et al.,

2014; Rabe et al., 2014) but also coincident with warming of the Atlantic wa-

ter inflow during the 2000s (Polyakov and Pnyushkov , 2012; Beszczynska-Möller

et al., 2012). After peaking in 2012 the steric height dropped back to 2003 levels

and over the entire time series the total secular increase in SSH was dominated

by an overall increase in Arctic Ocean mass of 1.8±0.7cm.

Using the method of Giles et al. (2012), it was estimated that the BG had ac-

cumulated 4,700km3 of freshwater by 2010 relative to the 2003–06 mean, but that
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BG freshwater storage dropped by ∼2,000km3 between 2012–14. These estimates

of freshwater storage in the BG agree well with estimates from mooring data col-

lected between 2003–12 presented by Krishfield et al. (2014). It is hypothesised

that the drop in freshwater storage since 2012 could be due to a weakening of the

anticyclonic circulation regime that has dominated the Arctic Ocean since the

late 1990s (Proshutinsky et al., 2015). A net reduction in freshwater content of

the Siberian shelves of ∼180km3 occurred during the period of this study. This,

together with the finding that there was little net change in steric height in the

Envisat ‘pole hole’ observed by ICESat between 2004–08 or by CS2 since 2010,

leads to the conclusion that the accumulation of freshwater in the western Arctic

was caused by a wind-driven inhibition of freshwater export from the Arctic of

∼30mSv. A ±1,800km3 (∼1.3m) seasonal cycle of BG freshwater content agrees

well the seasonal mooring data presented by Proshutinsky et al. (2009) and it is

found that the seasonal cycle of steric height on the Siberian shelf seas reflects

a ±2psu seasonal cycle of salinity, as the Siberian shelf seas annually receive

∼2,000km3 of freshwater from river runoff.

By performing an empirical orthogonal function decomposition, it was found

that the leading seasonal and nonseasonal modes of SSH variability account for

more than 60% of the central Arctic SSH variance. The first mode of seasonal

variability reflects the seasonal variation of steric height, the dominant signal of

Arctic SSH variability. The first mode of nonseasonal variability in this period

reflects the doming of SSH in the western Arctic in response to freshwater accu-

mulation in the BG. The EOF decomposition reveals that doming of SSH in the

BG was in fact concurrent with drops in SSH on the Siberian shelf seas. Finally,

it was demonstrated that estimates of monthly ocean storage flux from altimetry

agree well with the modelled ocean storage flux estimates of Bacon et al. (2015).

Whilst Kwok and Morison (2011) and Kwok and Morison (2015) have pre-

sented estimates of SSH in the ice-covered Arctic Ocean from ICESat and CS2

respectively, the SSH record developed during this PhD represents the first con-

tinuous record of monthly Arctic SSH covering the whole basin (including ice-free

areas). This has revealed the basin wide SSH seasonal cycle of Arctic SSH and

steric height for the first time. This is particularly important on the Siberian

shelf seas, which receive large amounts of freshwater every year, but where hy-

drographic sampling is generally limited to research cruises in the summer. It

was shown for the first time that doming of the BG in the 2000s was concurrent

with SSH reductions on the Siberian shelf seas and that steric height dropped

on the Siberian shelves by more than 15cm between 2012–14. The comparison

of ocean storage flux from altimetry and models represents the first evaluation of

model-derived storage flux estimates for the Arctic Ocean.
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The central Arctic counts for less than 3% of the global ocean area, so it is not

of great importance for global mean sea level change. However, given the poten-

tially disruptive role that Arctic-sourced freshwater plays in the North Atlantic

convective overturning, the ability of satellite altimetry to monitor Arctic sea level

at monthly timescales is a significant improvement on conventional measurement

techniques. Going forward, there are several important scientific questions about

Arctic physical oceanography that this data could contribute to addressing:

• The first obvious route of investigation would be to use the Altimeter SSH

to derive geostrophic currents, to obtain a 12 year record of upper Arctic

Ocean circulation up to 81.5◦N. As the sea ice pack has receded and thinned,

it has been speculated that the transfer of momentum to the Arctic Ocean

by the wind has become more efficient (e.g., Giles et al. (2012)). At the same

time, whilst sea ice drift has increased (Spreen et al., 2011), there are also

hints that the upper ocean currents have increased (McPhee, 2013). Given

that the transfer of momentum from the atmosphere to the ocean depends

on the difference between the ice and ocean velocity, and the speeds are of

comparable magnitude, time-variable ocean currents are an important part

of the overall picture.

• Arctic Ocean volume and storage flux estimates from altimetry could be

combined with flux measurements across the boundaries of the enclosed

Arctic Ocean, as well as precipitation minus evaporation data from at-

mospheric reanalysis and sea ice flux through Fram Strait, to produce a

breakdown of the Arctic Ocean freshwater budget. In this way, altimetry

could form an important part of a pan-Arctic measurement system, for

monitoring Arctic freshwater exchanges with the global ocean.

• The entire analysis presented here could easily be extended to the Southern

Ocean. Given the highly seasonal nature of the Southern Ocean sea ice

pack, and very sparse tide gauge data, there is little information available

on the seasonal variability of SSH in the ice-covered portion of the Southern

Ocean. As well as this, the Ross and Weddell Gyres act as important

sites for Antarctic bottom water formation, but are ice-covered for large

portions of the year. Year round SSH observations of these features of the

Southern Ocean circulation could improve understanding of their circulation

and seasonal variability.

• It is also of interest to maintain and extend the record of SSH in the Arctic

Ocean. Going forward, Arctic SSH will be better monitored than ever: the

CS2 mission continues, and is now augmented by data from SARAL/AltiKa
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and Sentinel-3. A cross comparison between CS2, AltiKa and Sentinel-

3 should be performed, with a view to ultimately integrating data from

the three satellites into a unified SSH dataset. Going back in time, work

needs to be done on the ERS-1/2 data before they can produce reliable

monthly SSH data in the Arctic. This includes processing the recently

released Reprocessed ESA ERS Altimetry (REAPER) dataset, as well as

implementation of the pulse-blurring correction identified by Peacock and

Laxon (2004).

• SSH reconstruction using EOFs (e.g., based on the methodology of Smith

et al. (1996)) should be examined in the Arctic for two potential reasons:

1) synoptic SSH EOFs provided by CS2 could be used to reconstruct SSH

in the Envisat ‘pole hole’ and 2) SSH EOFs provided by altimetry could be

used to reconstruct the basin-wide SSH before the satellite era using tide

gauges.
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Appendix A

Tide gauge comparison

This Appendix contains time series comparisons of SSH derived from altimetry

against tide gauge data taken from the Permanent Service for Mean Sea Level

(http://www.psmsl.org/; Holgate et al. (2013)). The comparison is done for all

tide gauge records that have ≥72 months of data available between 2003-14 (i.e.,

more than half of the altimeter time series) as described in Section 6.1.8.1.

Station Figure number
Vardø A.1
Hammerfest A.2
Honningsv̊ag A.3
Murmansk A.4
Amderma A.5
Ust A.6
Vise A.7
Sopochnaia A.8
Izvestia A.9
Sterlegova A.10
Golomianyi A.11
Anabar A.12
Dunai A.13
Tiksi A.14
Kotelnyi A.15
Sannikova A.16
Kigiliah A.17
Pevek A.18
Tuktoyaktuk A.19
Prudhoe A.20
Ny-Ålesund A.21
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Figure A.1: Sea surface height (SSH) time series (left) for the Vardø tide gauge (orange) and
satellite radar altimetry (gray). A scatter plot of altimeter SSH against tide gauge SSH (right),
the linear correlation coefficient is printed in the top left corner.

Figure A.2: As in Figure A.1 but for the Honningsv̊ag tide gauge.

Figure A.3: As in Figure A.1 but for the Hammerfest tide gauge.
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Figure A.4: As in Figure A.1 but for the Murmansk tide gauge.

Figure A.5: As in Figure A.1 but for the Amderma tide gauge.

Figure A.6: As in Figure A.1 but for the Ust tide gauge.
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Figure A.7: As in Figure A.1 but for the Vise tide gauge.

Figure A.8: As in Figure A.1 but for the Sopochnaia tide gauge.

Figure A.9: As in Figure A.1 but for the Izvestia tide gauge.
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Figure A.10: As in Figure A.1 but for the Sterlegova tide gauge.

Figure A.11: As in Figure A.1 but for the Golomianyi tide gauge.

Figure A.12: As in Figure A.1 but for the Anabar tide gauge.
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Figure A.13: As in Figure A.1 but for the Dunai tide gauge.

Figure A.14: As in Figure A.1 but for the Tiksi tide gauge.

Figure A.15: As in Figure A.1 but for the Kotelnyi tide gauge.
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Figure A.16: As in Figure A.1 but for the Sannikova tide gauge.

Figure A.17: As in Figure A.1 but for the Kigiliah tide gauge.

Figure A.18: As in Figure A.1 but for the Pevek tide gauge.
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Figure A.19: As in Figure A.1 but for the Tuktoyaktuk tide gauge.

Figure A.20: As in Figure A.1 but for the Prudhoe tide gauge.

Figure A.21: As in Figure A.1 but for the Ny-Ålesund tide gauge.
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Appendix B

CryoSat-2 Low Resolution Mode

static crossover pattern

The following appendix is a based on the paper entitled “Meteorological Origin

of the Static Crossover Pattern Present in Low Resolution Mode CryoSat-2 Data

over Central Antarctica”, by T. W. K. Armitage, D. J. Wingham and A. L.

Ridout, published in IEEE Geoscience and Remote Sensing Letters, 11, 1295–

1299, July 2014. This work was undertaken and completed during this PhD and

is included as an appendix as it does not fit with the main PhD theme of studies

of the Arctic Ocean.

B.1 Introduction

Satellite radar altimeters have been used to make measurements of elevation

change of the Greenland and Antarctic ice sheets and hence estimate their con-

tribution to eustatic sea level rise over the past two decades (Shepherd et al.,

2012). The European Space Agency (ESA) Earth Explorer mission CryoSat-2

was launched on 8th April 2010. It is in a polar orbit with 92◦ inclination, provid-

ing coverage up to 88N/S, and carries the bespoke SAR/Interferometric Radar

Altimeter (SIRAL) with the primary mission objective of measuring “fluctua-

tions in Earth’s land and marine ice fields” (Wingham et al., 2006). Over the

course of its mission, CryoSat-2 will provide the most accurate and comprehensive

estimates of ice sheet mass balance ever made by a radar altimeter.

The most effective method for determining the elevation rate of change of an

ice sheet surface is to form crossover differences (after Zwally et al. (1989)). The

following sum is formed:

∆H
(±)
21 =

1

2
[(Ha(t2)−Hd(t1))± (Hd(t2)−Ha(t1))] (B.1)
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Figure B.1: The static part of the elevation (left) and σ0 (middle) ascending minus descending
crossover difference observed by CryoSat-2 in LRM over the Antarctic ice sheet. The figure on
the right is the magnitude of the slope vector in the LRM acquisition area.

where Ha(ti) and Hd(ti) correspond to estimates of elevation on ascending

and descending orbits respectively at time ti. The ‘(+)’ case removes the static

crossover difference and returns the elevation change in the period t2 − t1. The

‘(−)’ case removes the time-varying signal, leaving the static crossover difference

in the period t2 − t1 (Wingham et al., 1998). Crossover differences can be found

for other parameters (e.g. the backscatter coefficient, the waveform leading edge

width, trailing edge) by substituting for H in equation (B.1).

Figure B.1 shows the static part of the elevation and σ0 crossover difference

observed by CryoSat-2. Here, σ0 is the backscatter cross-section per unit area

estimated from the back-scattered power recorded by SIRAL. One years worth of

ESA baseline B Level-2 CryoSat-2 data is used and processed at the Centre for

Polar Observation and Modelling, University College London (for a description

of ESA CryoSat-2 products see documentation at https://earth.esa.int/cryosat).

Over the interior of the Antarctic ice sheet, SIRAL operates as a conventional

pulse limited radar altimeter, in so-called Low Resolution Mode (LRM) (Wing-

ham et al., 2006). The data are filtered using the Level-2 data quality flags and

retracked using the 50% offset center of gravity (OCOG) point. Ascending and

descending elevations and σ0 are found by linearly interpolating to orbit crossover

points. Each month of crossover differences is taken to correspond to one time

increment, ti, and then ∆H
(−)
i1 and ∆σ

0(−)
i1 are found from equation (B.1) for each

month in 2012. All data points with |∆H(−)
i1 |>10m are filtered out as penetration

depths of greater than 10m are not expected (Arthern et al., 2001) and a 3-sigma

filter is applied to the remaining data. ∆H and ∆σ0 in Figure B.1 are the mean

of the monthly crossover differences and are gridded using a Gaussian smoothing

filter with a standard deviation of 20km. There are static crossover differences of

up to ±1m in elevation and more than ±2dB in σ0 apparent in Figure B.1.
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The satellite altitude cannot be directly estimated from DORIS and Laser

retro reflector measurements all of the time; in between tracking stations the

orbit is extrapolated using a model that takes into account variations in the

geoid, atmospheric drag, solar radiation pressure, tidal effects and third body

perturbations (e.g. the sun and moon). Therefore, the crossover differences

shown in Figure B.1 could be due to errors in the orbit extrapolation model or

unknown departures of the satellite altitude that are not accounted for in the

model. In order to eliminate an error in the orbit extrapolation model, second

and fourth order polynomials are fit to the satellite altitude for all points south

of 80S. Crossovers of the polynomial fits were formed, as well as crossovers of the

residual variation of the altitude from the fits; no signal of the order or spatial

scale seen in Figure B.1 was found. It is highly unlikely that this pattern is due

to real deviations of the satellite altitude from the modelled altitude: there is no

equivalent signal seen over the northern polar region and there is not a plausible

reason to expect the satellite to begin varying about its orbit in this way as it

approaches the south pole. Further to this, an altitude variation, modelled or

real, of ∼2m would not lead to a variation in the estimated σ0 of the magnitude

seen in Figure B.1. The backscattered power, P , received by the altimeter varies

with the altitude, H, as P ∝1/H3. At a mean altitude of 730km, an altitude

variation, ∆H, of 2m would lead to a variation of the backscattered power of

∆P ∝ 3∆H/H4. This is equivalent to a change in the backscattered power of

10 log10[(P + ∆P )/P ]∼10−5dB.

It follows then that the pattern seen in Figure B.1 is due to real variations of

a property of the surface that leads to differences in the retrieved σ0 and range

on ascending and descending orbits. It has long been known that wind-driven

directional anisotropy of the ice sheet surface and firn affects the backscatter

received by radar altimeters (Legrésy et al., 1999; Arthern et al., 2001; Rémy

et al., 2006). Antarctica has the most strong and persistent near-surface wind

field on Earth whose speed and direction is largely a result of the underlying

topography. The wind speed is proportional to the gradient of the ice sheet

and its direction is controlled by the direction of the ice sheet gradient; as air is

cooled over the inner ice sheet it flows downhill towards the ice sheet edges and

is deflected left by the Coriolis force – such wind regimes are usually referred to

as katabatic(Parish and Bromwich, 2007). The persistence of the Antarctic wind

field gives rise to permanent erosional and depositional features of the surface and

firn. The interaction between azimuthally anisotropic features of the firn and the

altimeter polarisation direction modulates the backscattered power, a point first

noted by Legrésy et al. (1999).

At Ku–band, the incident radar wave can penetrate several meters into the
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snowpack – the backscatter coefficient is then a function of depth that depends

on the surface backscatter coefficient, the transmission coefficient of the air–snow

interface, the radar cross-section per unit volume and the extinction coefficient.

By applying a numerical deconvolution technique, Arthern et al. (2001) could sep-

arate out these different contributions to the received backscatter. It was found

that the extinction coefficient decorrelates between ascending and descending

tracks, whilst the surface and volume backscatter coefficients remain largely cor-

related. This indicated that the penetration depth of the radar wave into the

firn depends on the angle between the polarisation direction and wind-induced

features of the firn.

The surface to volume ratio of the backscattered power changes the shape of

the received waveform (Arthern et al., 2001). If the penetration depth is greater

on an ascending pass than on a descending pass (due to the different angle that

the radar polarisation makes with the wind-induced features of the firn) then

the total backscattered power will be greater on the ascending pass. This leads

to a positive value of ∆σ0. A greater backscatter from depth also shifts more

power to greater delay times in the received waveform, increasing the retracked

range and decreasing the retrieved elevation. Thus the elevation is lower on the

ascending pass leading to a negative value of ∆H. This is the origin of the inverse

relationship between ∆H and ∆σ0 apparent in Figure B.1.

It is conceivable that the static crossover differences could be due to a satellite

pointing error. When nadir-pointing radar altimeters pass over a sloped surface,

the point of closest approach is not at nadir and the retrieved range increases.

An error in the satellite pointing (i.e. a residual pitch or roll bias) would give rise

to elevation crossover differences that are spatially correlated with the surface

slope. The right hand side of Figure B.1 shows the magnitude of the Antarctic

surface slope vector calculated from the Radarsat Antarctic Mapping Project

Digital Elevation Model (Liu et al., 2001). A visual inspection Figure B.1 shows

that there is some spatial correlation between surface slope and the crossover

differences (e.g. the ice divides at Dome F are clearly visible in the crossover

pattern as well as the surface slope). However, the surface slope does not account

for the full spatial variability of the observed crossover differences, particularly

the short-wavelength variation close to the pole. In fact, the spatial correlation is

a result of the fact that the Antarctic wind direction, and hence the directionally

dependant extinction coefficient, is a strong function of the underlying ice sheet

topography.
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B.2 Modelling the crossover elevation

difference

In order to investigate the origin of the backscatter and elevation static crossover

differences a simple model was developed that depends only on the instrument

polarisation direction and the surface wind direction. The annual mean u- and

v-components of the 10m wind field for 2003–2005 are taken from the Antarc-

tic Mesoscale Prediction System (AMPS) model output, archived by the Byrd

Polar Research Center, Polar Meteorology Group at the Ohio State University

(http://polarmet.osu.edu) (Parish and Bromwich, 2007). AMPS is run by the

Mesoscale and Microscale Meteorology Division at the National Center for At-

mospheric Research (NCAR) and provides real-time numerical weather prediction

over Antarctica. The data utilised employs a version of the Pennsylvania State

University (PSU)-NCAR fifth generation Mesoscale Model modified for use in the

polar regions (Polar MM5) (Guo et al., 2003).

Figure B.2: Diagram showing the angles described in the text. The solid black vertical
line represents the local meridian, the solid red lines represent the ascending and descending
polarisation directions (labelled ‘a’ and ‘d’ respectively) and the dashed black line represents
the local wind field direction. The polarisation angles, αa/d, and the wind angle, β, are all
measured relative to north in the interval [−π,π], positive clockwise. The angles Φa/d are then
the angles made by the polarisation direction relative to the wind direction.

A heuristic approach was taken to derive a relationship between the elevation

crossover difference and the angle made between the SIRAL polarisation direction

and the surface wind direction. For each crossover location the wind field angle,

β, and the SIRAL polarisation angle for the ascending and descending orbit,

αa/d, are calculated with respect to north and measured positive clockwise. The

difference, Φa/d = αa/d − β + Φ0, is taken where Φa/d is the angle that the

ascending/descending polarisation direction makes with the wind field and Φ0 is

a phase angle to be chosen (see Figure B.2)1. There are two particularly unusual

1SIRAL is linearly polarised in the across track direction i.e. perpendicular to the direction
of flight. Here, α is taken to be to 90◦ to the right of the flight direction.
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and striking features of the observed crossover pattern that the model must take

into account:

1. The CryoSat-2 crossover pattern changes sign at very high southerly lat-

itudes, indicated by the dashed line in Figure B.1 and seen particularly

clearly between 0–150E. This change in sign occurs at approximately 87.14S,

the latitude at which the angle between ascending and descending tracks

passes through 90◦. For latitudes south of 87.14S, αa−αd < 90◦ and north

of 87.14S αa − αd > 90◦.

2. Between 0–150E, and south of ∼80S, the wind field direction varies almost

solely as a function of longitude, from north-easterly at 0E, northerly at 45E,

westerly at 90E and southerly at 150E. In the same interval the crossover

pattern changes sign every time that the wind field direction rotates through

45◦ giving rise to the strong meridional beating pattern in this region.

In order to reproduce both of these observations the simulated elevation re-

trieval must be periodic in π/2; the simulated elevation is taken to be:

H(sim) = H0 + b cos2(2Φ) (B.2)

where H0 and b are constants to be chosen. The crossover difference is then:

∆H(sim) = H(sim)
a −H(sim)

d = b[cos2(2Φa)− cos2(2Φd)]. (B.3)

Figure B.3 shows ∆H(sim) with b = −0.65 and Φ0 = 10◦ alongside ∆H.

These values were chosen by trial and error as they lead to a good overall agree-

ment between the magnitude of the observed and simulated crossover differences.

Changing the value of b simply changes the magnitude of the simulated crossovers

but does not affect the sign, and changing Φ0 ‘rotates’ the crossover pattern. As

in Figure B.1, the maps have both been gridded using a Gaussian smoothing

function with a standard deviation of 20km. A constant 18cm has been added to

∆H - there are a number of changes that could be made to the simple empirical

model that could account for this static offset however a physical explanation is

not clear. The qualitative agreement seen in Figure B.3 is striking, in particular

over the southern portion of the East Antarctic Ice Sheet (Figure B.3c & d).

The main difference between the modelled and observed crossover differences is

that the range of magnitudes of the observed signal is not completely represented

by the model. It is likely that this is due to differences in the strength of the

local subsurface azimuthal anisotropy. Figure B.4 shows the mean wind speed and

the wind angle standard deviation, σβ, calculated over the Antarctic continent
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Figure B.3: a) ∆H and b) ∆H(sim) mapped over the whole Antarctic continent, c) ∆H and
d) ∆H(sim) over the southern East Antarctic Ice Sheet. ∆H(sim) was calculated with b = −0.65
and Φ0 = 10◦. The dashed line at 87.14S indicates where the angle between ascending and
descending tracks is 90◦ and the crossover elevation difference changes sign.

from one year of six-hourly same day forecasts taken from the AMPS archive.

The strength of the azimuthal anisotropy is not going to be constant over the

entire ice sheet; it is expected that areas with greater mean wind speed and lower

directional variability to have a greater degree of firn azimuthal anisotropy (Rémy

et al., 2006, 1992; Long and Drinkwater , 2000). The lower magnitude of ∆H seen

across the east Antarctic plateau region is coincident with slow wind speeds and

high directional variability. Away from the central plateau region the wind field

over east Antarctica is remarkably persistent, with speeds greater than 10ms−1

and σβ less than 20◦ over much of the ice sheet. Here the magnitude of ∆H

is greater, particularly towards the coast and feeding into the Amery ice shelf.

There are areas where the simulated crossover difference fails, most noticeably

between 60W and 0E, south of 80S, where ∆H is positive and ∆H(sim) is negative.

A limitation of the approach used here is that only near-surface wind field data

for 2003–2005 have been used. This data range was chosen because data was easily

accessible for this period and no complicated post-processing was required. Any

changes in the wind field over that period would be recorded in the firn azimuthal

anisotropy and affect the Ku–band radar backscatter with depth. The annual

accumulation rate over the inner East Antarctic Ice Sheet, where much of the

SIRAL LRM data is collected, is only a few centimetres per year so the firn that

SIRAL samples at each location likely accumulated over several decades. Despite

this, using only three years of wind data to form an average produces a good large-
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Figure B.4: The mean wind speed (top) and the standard deviation of the wind angle, σβ
(bottom), calculated from one year of same day six-hourly forecasts taken from the AMPS
archive.

scale agreement between the observed and simulated crossover difference, and is

some indication of the stability of the Antarctic wind field. Another limitation,

of course, is that modelled wind field data are used that may differ from the real

wind field. Again though, the generally good agreement seen in Figure B.3 would

suggest that the modelled wind field is reasonably accurate (for a discussion of

the wind field accuracy see Guo et al. (2003)).

B.3 Discussion

The model of the altimeter response to an azimuthally anisotropic firn (see equa-

tion (B.3)) and the agreement apparent in Figure B.3 contradicts work presented

in previous studies. Legrésy et al. (1999) were the first to attempt to model the

response of radar altimeters to a directionally anisotropic surface and snow pack.

They used European Remote Sensing satellite (ERS)-1 altimetry data in con-

junction with wind-driven features of the ice sheet surface derived from Seasat

scatterometer data. They applied a ‘cos(Φa) − cos(Φd)’ relationship to the data

and compared the results with the backscatter crossover difference seen by ERS-1.

Their results show some agreement in places but lack the large scale agreement

presented here as they are limited to a relatively small portion of the ice sheet.

When their methodology is applied to this data there is no significant agreement

with the observations, in particular their model does not account for the change

in sign at 87.14S or the meridional beating pattern between 0–150E and south

of 80S. Rémy et al. (2006) presented a similar model however they did not draw

any comparison between their model and observations.

Ku–band scatterometer data has also been used to study the azimuthal backscat-

ter response of the Antarctic ice sheet. Scatterometers view the same area at
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several different azimuth directions, Ψ, where Ψ is the angle that the instrument

azimuth makes with the local meridian. Over the ocean it is possible to infer

the surface wind vector by measuring the backscatter from the same location

on the surface at multiple azimuth angles. The ice sheet surface has roughness

scales that are analogous in many ways to the roughness of the ocean except

static; Rémy et al. (1992) fitted the standard ocean model of ‘cos(2(Ψ−Ψ0))’ to

scatterometer data taken over east Antarctica and found they could estimate the

surface wind vector with some accuracy. Similarly, Long and Drinkwater (2000)

successfully applied a harmonic series model of ‘cos(Ψ − Ψ0) + cos(2(Ψ − Ψ0))’

to infer the surface wind direction. Since there is no penetration at Ku–band

over the ocean, the success of ocean-type algorithms when applied to ice sheets

suggests that the azimuth backscatter modulation seen by Ku–band scatterom-

eters over ice sheets is dominated by surface roughness effects. Indeed, both of

the studies mentioned above can successfully estimate the surface wind vector

without taking into account any scattering from depth. It is possible that the

results presented here are not in contradiction of these scatterometer studies as

scattering from depth is known to be important for Ku–band radar altimeters.

The differences between the scattering relationships of oblique looking Ku–band

scatterometers and nadir pointing radar altimeters merits further study however

this is well beyond the scope of this study.

B.4 Conclusions

The static elevation crossover difference is removed in studies of ice sheet elevation

change by applying an elevation correction that is a function of the σ0 crossover

difference and has no effect on mass balance studies (Wingham et al., 1998). It

is however of general interest to investigate and understand how radar altimeters

interact with the surface of ice sheets. It has been shown here that the static

crossover pattern observed by CryoSat-2 over the Antarctic ice sheet is meteoro-

logical in origin. As has been observed before, the elevation crossover difference

varies as a function of the angle made between the radar polarisation direction

and the wind-induced firn azimuthal anisotropy direction. The simulated results

presented here have been compared with observations over much of the Antarc-

tic ice sheet and there is an excellent agreement. Surprisingly, the model of the

crossover difference contradicts models presented in previous altimeter studies.

However, these models do not show any good agreement when applied to this

data and do not account for important high frequency features of the observed

crossover pattern that the model does.
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Appendix C

Greenland waveform

deconvolutions

The following work was performed following discussion with Dr. Malcolm McMil-

lan, University of Leeds, at the CPOM Lakes meeting in Bampton, May 2015.

During 11-12th July 2012, surface melt occurred over 98.6% of the Greenland ice

sheet, including around a third of the ice sheet that had not experienced melt for

more than a decade (Nghiem et al., 2012; Tedesco et al., 2013). At the same time,

a step in elevation was recorded by CS2 over central Greenland. It was hypothe-

sised that a near-surface melt layer had formed and refrozen, causing a widespread

transition from volume to surface scattering, raising the altimeter elevation re-

trieval. The aim of this work was to examine the change in the distribution of

backscattered power over depth before and after the July 2012 melt event us-

ing waveform deconvolution. The work is contained in a manuscript entitled “A

high resolution record of 2011-2015 Greenland mass imbalance from CryoSat-2

radar altimetry”, by Malcolm McMillan, Amber Leeson, Andrew Shepherd, Kate

Briggs, Thomas Armitage, Anna Hogg, Peter Kuipers Munneke, Michiel van den

Broeke, Brice Noel, Willem Jan van de Berg, Martin Horwath, Andreas Groh,

Alan Muir and Lin Gilbert, submitted to Geophysical Research Letters.

A numerical waveform deconvolution procedure, based on the work of Arth-

ern et al. (2001), was applied to two months of CS2 LRM waveforms in central

Greenland centred on 12th July 2012 i.e., 12th June to 12th August 2012. As

described in Section 2.1.4, the power received by a radar altimeter, P (t), can be

written as a convolution between three terms:

P (t) = pt(t) ∗ PFS(t) ∗ s(ct/2) (C.1)

where ∗ represents the convolution operation, pt(t) is the transmitted power,

PFS(t) is the flat surface impulse response and s(ct/2) is the distribution of scat-
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tering with depth. Over ice sheets, Ku-band nadir-incident radar pulses can

penetrate several meters into the ice sheet surface, so s(ct/2) contains both sur-

face and volume backscatter components (Wingham et al., 2004). Using the

convolution theorem (Papoulis , 1962), one can write:

P (t) = pt(t) ∗ PFS(t) ∗ s(ct/2)←→ Pt(ω)PFS(ω)S(ω) = P (ω) (C.2)

where ‘←→’ is here used to denote that a function F (ω) is the Fourier transform

of the function f(t), and that f(t) is the inverse Fourier transform of F (ω). The

functions on the right hand side of equation (C.2) are defined by pt(t)←→ Pt(ω),

PFS(t) ←→ PFS(ω), S(ct/2) ←→ S(ω) and P (t) ←→ P (ω). Thus, the Fourier

transform of the convolution of multiple functions is equal to the product of their

spectra.

Waveform deconvolution aims to remove the effects of scattering that origi-

nates away from the point of closest approach (i.e., PFS(t)) in order to estimate

the distribution of scattering with depth, s(ct/2). This is achieved by exploiting

the relationship of equation (C.2) to write:

s(ct/2)←→ P (ω)

Pt(ω)PFS(ω)
Π(ω) (C.3)

where Pt(ω)PFS(ω) is the product of the spectra of the mean flat surface impulse

response and the transmitted pulse and Π(ω) is a low-pass filter. Pt(ω)PFS(ω) is

estimated from the mean of many LRM waveforms over a region of the Mediter-

ranean Sea with very low significant wave height (i.e., s(ct/2) ' δ(ct/2)). An-

other approach would be to model Pt(ω)PFS(ω), however the approach taken

here provides a good enough representation of the mean response of LRM mode

to a flat surface for the purposes of a qualitative comparison. A Gaussian low-

pass filter with a standard deviation of 40 frequency bins is used for Π(ω), in

order to suppress high frequency noise that is amplified when P (ω) is divided

by Pt(ω)PFS(ω). Equation (C.3) is applied to all the LRM waveforms collected

over Greenland during the time of the study period. The resulting estimates of

s(ct/2) are fit to the following function (equation (19) in Arthern et al. (2001)):

y(t;σ0
s , σ

0
v , ke, γ, t0) =

σ0
s

γ
√
π
e(t−t0)2/γ2 +

σ0
vcike
2

· exp

(
γ2c2

i k
2
e

4
− cike(t− t0)

)
·
[
1 + erf

(
(t− t0)

γ
− γcike

2

)]
(C.4)
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Figure C.1: Left: a CS2 LRM waveform from central Greenland. Right: the waveform
deconvolution (crosses) calculated from equation (C.3) and the model fit (solid line) of equation
(C.4).

where σ0
s and σ0

v are the surface and depth-integrated volume backscatter cross

sections, ke is the extinction coefficient, γ is a waveform shape parameter, t0 is

the waveform leading edge time delay, ci is the speed of light propagation in ice

and erf(...) is the error function. An example waveform and its deconvolution is

shown in Figure C.1.

After the July 2012 melt event, there was an increase in σ0
s , a decrease in σ0

v

and a corresponding increase in ke across the interior of Greenland (Figures C.2

and C.3). This shift in scattering behaviour is interpreted as a direct consequence

of the July 2012 melt event. At this time, this region of the ice sheet experienced

melt conditions for the first time in a decade (Nghiem et al., 2012; Tedesco et al.,

2013), leading to the formation of an icy layer close to the ice sheet surface which

dominates the backscatter observed by radar altimeters, leading to an increase

in the retrieved elevation. The change in the scattering behaviour shown here

provides confidence that the elevation step in July 2012 is in fact an artefact of the

radar interaction with the surface rather than a genuine increase in the elevation,

and that it can be corrected for to obtain a continuous record of Greenland

elevation change from CS2.
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Figure C.2: σ0
s (left column), σ0

v (middle column) and ke (right column) for the periods 12th

June to 11th July 2012 (top row) and 12th July to 12th August 2012 (bottom row). Gaps in the
data are where the fit between the deconvolved waveform and equation (C.4) failed to converge.

Figure C.3: The change in σ0
s , σ0

v and ke between the months preceding and following 12th July
2012. The units of σ0

s and σ0
v are a result of the way that the CS2 waveforms were normalised

during the deconvolution processing, but are not important for the qualitative comparison
presented here.
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