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[1] Fossil, facies, and isotope analyses of an early high‐paleolatitude (55°S) section
suggests a highly unstable East Antarctic Ice Sheet from 32 to 27 Myr. The waxing and
waning of this ice sheet from 140% to 40% of its present volume caused sea level changes
of +25 m (ranging from ‐30 to +50 m) related to periodic glacial (100,000 to 200,000
years) and shorter interglacial events. The near‐ﬁeld Gippsland sea level (GSL) curve
shares many similarities to the far‐ﬁeld New Jersey sea level (NJSL) estimates. However,
there are possible resolution errors due to biochronology, taphonomy, and paleodepth
estimates and the relative lack of lowstand deposits (in NJSL) that prevent detailed
correlations with GSL. Nevertheless, the lateral variations in sea level between the GSL
section and NJSL record that suggest ocean siphoning and antisiphoning may have
propagated synchronous yet variable sea levels.
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as Ocean Drilling Program (ODP) Site 1218 [Pälike et al.,
2006; Wade and Pälike, 2004], ASP‐5 [Katz et al., 2011],
and Northern Hemisphere sequence stratigraphy records like
the New Jersey (NJ) margin in the United States [Pekar and
Christie‐Blick, 2008; Pekar et al., 2001, 2002, 2006]. In
the Southern Hemisphere, early Oligocene records of
glacioeustatic events are rare and conﬁned mainly to poorly
sampled subsurface sections or attenuated subcrop/outcrop in
Antarctica [Barrett, 1989]. Here we present for the ﬁrst time
the results of a detailed microfossil (foraminiferal/nannofossil), δ18O isotope, and facies analyses of a subsurface cored
section (Groper‐1, hereinafter referred to as G‐1) of Oligocene
age from the offshore Gippsland Basin, southeast Australia.
During this time the region lay at around 55°S [Stickley
et al., 2004] (Figure 1) facing the evolving Tasman Sea. The
results show a 5 million year (32–27 Ma) record of variable
sea level indicating a highly unstable early Antarctic ice sheet.
The waxing and waning of this ice sheet from 140% to 40% of
its present volume caused sea level changes from ‐30 to +50 m
relative to present.

1. Introduction
[2] The early Cenozoic Earth was dominated by greenhouse
conditions without permanent ice caps. Declining CO2 in the
atmosphere [Pearson et al., 2009] and cooling in the Eocene
culminated in East Antarctic Ice Sheet expansion by the early
Oligocene and the onset of icehouse conditions [Zachos et al.,
2001] (Oi‐1 around 33.7 Ma; see the time scale of Gradstein
et al. [2004]). CO2 estimates for the period from 32 to 27
Myr ﬂuctuate from ~400 to ~600 ppmv [Beerling and Royer,
2011; Pagani et al., 2005], within the range of modern
concentrations and those projected by the year 2100 [Solomon,
2007]. Knowledge of the early history of the East Antarctic Ice
Sheet during these “modern‐analogue” conditions is important
if we are to project its future behavior under conditions of
enhanced greenhouse warming. Records of early Oligocene
glacioeustatic events are rare and based on the interpretation
of oxygen (δ18O) isotope excursions in deep‐sea sections such
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2. Study Area, Materials, and Methods
[3] Our investigation involved the collection of detailed
microfossil, stable isotope, and facies of a near‐continuous
core from Groper‐1 petroleum exploration well (drilled in
1968 by ESSO Australia, Ltd., latitude 38° 56′ 30′S, longitude 147° 24′ 56′E) in the Gippsland Basin off southeast
Australia (Figure 1). Eighty meters of core were drilled in
this section with 80% recovery. Seventy‐eight meters of
core (Figure 2) were logged and sampled for facies, microfossil, and stable isotope (δ13C/ δ18O) analyses. Detailed
wireline log data were used to enhance the facies analyses
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Figure 1. (a) The location of the Groper‐1 cored section and (b) its Oligocene paleogeographic position
at 30.2 Ma [Stickley et al., 2004]. Black arrows, cool currents; gray arrows, warm currents. AAG,
Australo‐Antarctic Gulf.
counted) fractions (Figures 2 and 3). The foraminiferal data
are expressed as a percentage of the total fauna (percent plankton and percent miliolids) or as a percentage of the benthic
rotaliids. The percent planktic (%P*) foraminifera was calculated using the methodology of van Hinsbergen et al.
[2005], where percent P* is

and to interpret intervals where there are core gaps. Fifteen
thin sections of cemented horizons were analyzed for
their microfacies. Carbonate content analyses using the
volumetric technique of Wallace et al. [2002] were carried
out on 190 samples (Figure 2). The carbonate facies were
classiﬁed based on carbonate content and grain size using
the limestone/marl/clay classiﬁcation by Pettijohn [1975].
[4] Fifty‐two samples were processed for presence/
absence nannofossil biostratigraphy. Nannofossil preparation
followed the standard technique of smear slides; analyses were
performed with a light microscope ×1200 magniﬁcation. The
nannofossil zonations of Martini [1971] and Okada and Bukry
[1980] and additional bioevents are used.
[5] One hundred and ﬁfty‐three samples were processed
for foraminifera by standard microfossil techniques for
biostratigraphic and paleoenvironmental analyses (with emphasis on paleobathymetric and paleoproductivity proxies).
The samples were split (using a microsplitter) into several fractions. Quantitative benthic assemblage and presence/absence
biostratigraphic data were compiled from >63 µm (80,000 foraminifera counted) and >150 μm (40,000 foraminifera

%P ¼ 100  P=ðP þ B−S ÞÞ;

(1)

where S = number of stress markers (deep infauna = Uvigerina
spp. and bolivinids), P = total number of planktics, and B = total
number of benthics. Estimates of the paleodepth (Figure 4) were
calculated using the equation of van der Zwann et al. [1990]:
DepthðmÞ ¼ e3:58718þð0:03534PÞ :

(2)

[6] The error range on this estimation is a minimum of
approximately +20 m using regional southeast Australian
modern analogues [Smith et al., 2001; Smith, 2002; Smith
and Gallagher, 2003].
[7] The foraminiferal taxonomy follows that of Gallagher
et al. [1999], Gallagher and Holdgate [2000], and Li
2
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Figure 2. The stratigraphy of the Groper‐1 Core, showing facies, biostratigraphy, percent glauconite (dark green graph),
bryozoans, and foraminifera from point counts of the >150 μm fraction. The percent K2O is from powdered bulk sediment.
The percent forams and bryozoans is a cumulative graph, with the white area denoting all other counted bioclast types. The
gamma and sonic logs allow the interpretation of the core gaps. The planktic percentage* is based on van der Zwann et al.
[1990] and van Hinsbergen et al. [2005]. The percent miliolids is expressed as a percentage of the total fauna. Red dots,
>150 μm; black dots, >63 μm. A plankton maximum and highstand (horizontal light green lines) generally mark the top
of the numbered units (see Table S4 in the Supporting Information).
inorganic components counted in the >150 μm fraction
include quartz, mica, and glauconite that are plotted as a
percentage of the total >150 μm fraction. The inorganic clast
abundance was compared to elemental data that were obtained
from environmental scanning electron microscope (ESEM)
analyses. Samples of the powder used in the carbonate
analyses were analyzed using the Energy Dispersive
Spectrometry (EDS) facility of a Philips (FEI) XL30 at the
University of Melbourne. An area of ~400 × 400 μm was
scanned (at × 500 magniﬁcation) to give semiquantitative
“bulk” chemical analysis. While not absolute, the abundance
values in the results can be used to chart the relative variability
of oxides up a section. The percent K2O values strongly follow
the trends of percent glauconite abundance from >150 μm
point counts (Figure 2). Where the trends diverge (i.e., where
percent glauconite is low and percent K2O is high), this
reﬂects the presence of abundant <150 μm–sized glauconite
(not counted). The data from these analyses can be found inthe
Supporting Information, Tables S1–S4).
[9] Stable isotope analyses were conducted out on 79
samples of Cibicidoides spp. (primarily C. perforatus) to
investigate any trends related to global climate variability.
Not all horizons yielded sufﬁciently well‐preserved

and McGowran [2000]. The foraminiferal biostratigraphy
follows the Austral realm biozonation [Huber and Quillevere,
2005] calibrated to the GTS2004 time scale [Gradstein et al.,
2004] (Figure 4).
[8] Paleobathymetric and environmental interpretation of
the benthic foraminiferal assemblages was based on regional
modern analogues, where inner shelf = 0–50 m depth,
middle shelf = 50–100 m, outer shelf = 100–200 m, and
upper slope = >200–500 m [Li et al., 1996a, 1996b; Smith
and Gallagher, 2003; Smith et al., 2001] and comparative
regional fossil studies [Holdgate and Gallagher, 1997;
Li et al., 2000, 2003; Gallagher and Holdgate, 2000;
Gallagher et al., 2001, 2003; Gourley and Gallagher,
2004]. A list of the benthic foraminiferal taxa documented
in this work and their interpreted paleoenvironment is
available in the Supporting Information, Table S3. The relative abundance of common bioclasts and inorganic clast
types (total count = 160,000) were counted in splits of
the >150 μm fraction to enhance paleoenvironmental and
facies analyses (Figure 2). The abundance of bioclasts such
as foraminifera, bryozoans, ostracods, echinoderm fragments, and molluscs were counted; these data are expressed
as a percentage of the bioclasts counted (Figure 2). Other
3
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Figure 3. The distribution of common benthic rotaliid taxa (as a percentage of benthic rotaliids [BR])
in Groper‐1.
with self‐sealing septa, which were purged with helium.
Phosphoric acid was added manually while the exetainers
were held in a block heated to 50°C, and then CO2 was
extracted through a GasBenchII device and introduced to
the MAT253. All unknowns were analyzed with international and internal standards of similar weight and
were normalized to accepted values for NBS‐19 and
LSVEC. Isotopic ratios are reported as δ values relative
to V‐PDB. NBS‐18 and the Durham internal standard
DCS01 were also measured during each analytical session
to monitor performance. The analytical precision (2σ) of
replicate analyses of NBS‐19 was <0.04‰ for δ18OCIB
and δ13CCIB with sample weights of >300 μm, and
0.07‰ and 0.12‰ for δ18OCIB and δ13CCIB when
sample weights were <200 μm.
[10] One hundred and ﬁfty three samples of bulk sediment were analyzed for δ13C and δ18O isotopes to create
a more detailed isotope record (in the absence of sufﬁcient
Cibicidoides spp. specimens) and to investigate whether
the trends can be used for correlation with other bulk
isotope data sets and Oi events. Stable isotope analysis
was performed on CO2 produced by reaction of the calcite
powder with 105% phosphoric acid at 70°C. Stable
isotope ratios were measured using a GV2003 continuous‐ﬂow isotope ratio mass spectrometer at the University
of Newcastle, Australia. The results are plotted in per
mil (‰) relative to the VPDB using an internal working
standard of Carrara Marble (New1) and calibrated using
the international standards, NBS18 and NBS19. The
analytical uncertainty (2σ) of in‐run measurements of
Carrara Marble (New1) was 0.08‰ and 0.05‰ for
δ18OBULK and δ13CBULK.

Figure 4. The age depth curve for Groper‐1. The error
envelope is taken to be +0.1 Ma, values typical for biostratigraphic data in the Oligocene [Wade et al., 2007].

foraminifera. Out of 153 samples analyzed for foraminifera, only 50 samples yielded sufﬁcient quantities (two to
three specimens >150 μm) of well‐preserved Cibicidoides
spp. Visibly altered Cibicidoides spp. specimens were
extracted from 29 of these samples to investigate the
extent of any diagenetic alteration on the assemblage.
Stable isotope ratios were analyzed using the MAT253
mass spectrometer at the University of Durham, United
Kingdom. Samples were weighed into exetainer vials,
4
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bioturbation takes the form of undeformed oval centimeter‐
scale patches (often inﬁlled glauconite). These bioturbated
facies alternate on a meter scale (0.3–4 m) with homogenous
brown bryozoan/shelly or glauconitic marl (25–45%
CaCO3). The glauconite and bryozoans show an inverse
relationship. Glauconite content varies in abundance from
0% to 60% (with a maximum of 1.3–1.6% K2O) with peaks
every 5–10 m. Bryozoans reach abundances of up to 95%
(of the bioclasts) in the marly limestone and range from
20% to 80% in the bryozoan marl (this bioclast is abundant
in the interval from 880 to 860 m with common shell horizons and ostracods above 870 m). The upper and lower
boundaries between the beige chalky marly limestone and
marl are typically gradational and bioturbated. The presence
of several marly limestone/marl cycles is inferred in the core
gaps between 870 and 882 m by interpreting the gamma,
sonic, SP, and SN wireline logs and direct comparison with
core/wireline patterns (Figure 2).
3. Silty/sandy marl facies: the upper 8 m (Figure 2, units 1
and 2; Figure 5) of Groper‐1 consist of alternations of thick
units of beige bioturbated shelly ﬁne sandy limestone/marl
(~2 m, 37–60% CaCO3) with thin silty marl units (0.15 m,
24–28% CaCO3). Glauconite abundance ﬂuctuates every
2 m from 0% to 40% (maximum 1.8% K2O). Bryozoans
are not common, reaching a maximum of 34% at 857.55 m
and becoming rare up‐section.

[11] One brachiopod sample from log level 827.3 m was
dated using strontium isotope analyses. The sample for
MC‐ICPMS was prepared by removing excess detritus
with a microdrill and treated to 10% HCl. It was then
transferred to precleaned microcentrifuge tubes and dissolved in 1 mL 8M HNO3. Centrifugation prior to column
chemistry revealed complete dissolution, and the samples
were loaded onto an 800 μL resin bed of SrSpec resin
for extraction chromatography. The column was washed
several times with 8M HNO3 to remove major cations,
and Sr was eluted into Teﬂon vials with 0.005M HNO3.
The 87Sr/86Sr ratios were measured by MC‐ICPMS at
the University of South Carolina. The age was estimated
using the strontium curve of McArthur et al. [2001] and
converted to the GTS2004 time scale [Gradstein et al.,
2004] using LOWESS V4B look‐up table (provided courtesy of John McArthur).

3. Results
3.1. Facies
[12] Three main facies types characterize the section
(Figure 2): (1) marly clay, (2) marl alternating with marly
limestone/chalk, and (3) silty/sandy marl/limestone.
1. Marly clay facies: dark brown glauconitic clayey marl
with rare glauconitic clay (<5% CaCO3) is typical. The
glauconite (typically green or dark green) content ﬂuctuates
markedly from 28% to 97% (in the >150 µm fraction) and
1.2% to 2.2% (bulk) K2O. Occasional centimeter‐scale units
are made up of sand‐sized dark green glauconite pellets.
Many horizons are micaceous (>20%) with up to 2–14%
quartz grains in the >150 μm fraction. Bryozoans are
generally absent; they are rare in basal meter and upper
2 m. Foraminifera make up the majority of the calcareous
component with minor bivalves, ostracods, and echinoderm
spines. The upper sample of this interval is glauconitic
marl followed immediately by a core gap of 7 m. The
gamma values are low in this facies at the base and decrease
up‐section from a maximum of 90 API units at 930 m to 60
API units at 918 m. Above this is a gamma peak followed by
an upward decreasing gamma values in the core gap section
to 909 m; therefore, there is no appreciable change in facies
in this core gap.
2. Marl/marly limestone‐chalk cyclic facies: the section
from 909 to 861 m is characterized by meter‐scale marl
and marly limestone (chalk; Figure 2, units 2–14). Foraminifera and ostracods are common, and bryozoans are rare
in the brown marl and glauconitic marl in the lower 10 m
(units 13 and 14). Glauconite (green/dark green) abundance
varies markedly from 60% to 10% (1.4–1% K2O bulk
sediment) in this interval. The lowest unit is not homogenous; there are meter‐scale cyclic alternations of centimeter
units of bioturbated beige marl (25–30% CaCO3) often
overlain by a laminated marl unit and followed by a homogenous brown marl (35–45% CaCO3). The ﬁrst chalky marly
limestone is present at 898 m (at the base of unit 12).
Typically these facies are bioturbated, beige‐colored bryozoan and spicule‐rich wackestone ranging in bed thickness
from 0.15 to 0.5 m. In a few horizons the carbonate content
of these beige bioturbated facies ranges from 40% to
60% (marl), but most are >65% (marly limestone). The

[13] Thin section analyses and core logging reveal no
macroscopic and microscopic facies evidence of subaerial
exposure.
3.2. Biostratigraphy and Chronostratigraphy
[14] The age model was constructed using a combination of
foraminiferal, nannofossil, and strontium isotope and stable
isotope correlations (Figure 4). Planktic foraminifers are
common in Groper‐1 with an average abundance of 25%
ﬂuctuating from a minimum of 5% to >40% (Figure 2). Most
specimens are small species of Globigerina, Tenuitella,
Globorotaloides, and Globoturborotalia. Typical Oligocene
species include Subbotina angiporoides, Chiloguembelina
cubensis, and Globoturborotalia labiacrassata. These
taxa belong to the Austral province described by Huber
and Quillevere [2005]. The lowest occurrence (LO) of
Guembelitria triseriata (Figures 2 and 4) near the base of the
section suggests the section is younger than 32 Ma [Li et al.,
2003]. The highest occurrence of S. angiporoides at 890.63
m deﬁnes the AO1/AO2 zonal boundary at 30.1 Ma [Wade
et al., 2011]. The highest common occurrence (HCO) of C.
cubensis at 865.78 m marks the Rupelian/Chattian boundary
and the top of the AO2 Zone at 28.3 Ma [Wade et al., 2011].
The highest occurrence of Globoturborotalia labiacrassata
at 856.18 m denotes the AO3/AO4 zonal boundary dated at
26.8 Ma [Gradstein et al., 2004; Huber and Quillevere, 2005].
[15] Moderately to well‐preserved nannofossils are common. The nannofossil biostratigraphic zonation is based on
Martini [1971], Okada and Bukry [1980], and secondary
bioevents. The assemblage lacks Reticulofenestra umbilicus
(Figure 2), suggesting the base of the section is younger
than its highest occurrence (HO) at the base of Zone NP
23, early Oligocene (<32.3 Ma in the low to middle
latitudes) [Berggren et al., 1995]. This concurs with foraminiferal evidence suggesting that the base of the section is
5

GALLAGHER ET AL.: ANTARCTIC ICE SHEET INSTABILITY

Figure 5. Paleodepth in Groper‐1 plotted using the age model of Figure 4. (a) Facies. (b) Paleodepth
calculated from percent plankton* (>63 μm). The blue arrows are chalky marl horizons not processed
for foraminifera (due to strong induration), or they underrepresent planktic abundance (sea level) due to
diagenesis. (c) The percent inner (black) and middle (orange) shelf taxa (>150 μm). Units 1–14 are
characterized by a shallower section (white) overlain by a highstand (deeper) interval (dark blue). (d) A
plot showing the relationship between the percent inner plus middle shelf benthic rotaliid taxa (>150 μm)
versus the paleodepth calculated from percent plankton (>63 μm). The light blue interval incorporates the
paleodepth error estimate of +20 m.
[16] Three 87Sr/86Sr values were obtained for one brachiopod
at 827.3 m. A total age range of 28.68–29.4 Ma (with 2σ
errors) was estimated for the three values using the
strontium curve of McArthur et al. [2001] converted to
Gradstein et al. [2004] time scale using LOWESS V4B
look‐up table. Using the least squares method, this yielded
an age of 28.94 + 0.12 Ma (2σ+).
[17] The δ13CBULK isotope positive excursion at 920 m
is correlated to a positive isotope excursion in δ13CBULK
data from ODP Site 1218 [Pälike et al., 2006] and ODP
Sites 689 and 690 [Shackleton and Hall, 1990] converted
to the GTS2004 time scale at ~31.18 Ma (Figure 4).

younger than 32 Ma. The presence of few to common
Sphenolithus predistentus and rare Sphenolithus distentus
also conﬁrms an NP 23 Zonal age for most of the section.
Additional important markers, such as Chiasmolithus altus
(the last representative of the genus Chiasmolithus in the
Oligocene) and Cyclicargolithus abisectus >10 μm are
present. These taxa ﬁrst occur at the base of the Zone NP
23 [de Kaenel and Villa, 1996; Villa et al., 2008] and range
into the late Oligocene. The LO of Sphenolithus distentus at
894.74 m marks the CP17/18 boundary [Okada and Bukry,
1980]. However, this LO should be considered with caution,
ﬁrst because the distribution of this species in the section is
discontinuous, and the variable preservation of the assemblage may have prevented the preservation of older specimens, and secondly because this species has been matter of
taxonomic discussion among the specialists; some authors
consider the oldest specimens to be transitional forms to S.
predistentus. However, Olaffson and Villa [1992] and Blaj
et al. [2009] identiﬁed distinctive forms of S. distentus ﬁrst
appearing at 30.62 and 29.99 Ma, respectively. The LO of
S. distentus in the section at 890.74 m is very close to the
S. angiporoides datum at 890.63 m conﬁrming this 4 m section is likely to be 30 Myr old. At 858.47 m the LO of
Sphenolithus ciperoensis deﬁnes the base of the Zone NP
24. The LO for S. ciperoensis has recently been recalibrated
(using the ODP Site 1218 astronomical calibration) by Blaj
et al. [2009] to 27.142 Ma (27.175 Ma; see Gradstein
et al. [2004]. This is followed by the HO of G. labiacrassata
at 26.8 Ma [Gradstein et al., 2004] at 856.18 m.

3.3. Foraminiferal Distribution
[18] Planktic foraminifera are relatively rare in the >150
μm fraction ranging from 0% to a maximum of 20% in the
upper half of the section (Figure 2). Planktic foraminifera are
more common in the >63 μm fraction (i.e., smaller planktic
forms dominate). Values ﬂuctuate markedly up‐section from
maxima of 30% to 60% to <10%. In general, planktic foraminifera are relatively common in the chalky marly limestone
and lower carbonate marl facies (percent CaCO3 < 30%)
compared to higher carbonate marl facies (percent CaCO3
values > 30%). Plankton peaks occur when middle and inner
shelf rotaliids and miliolids taxa are typically at their minima,
above 910 m several units with this pattern can be distinguished (units 1–14; Figures 2, 3, and 5) this suggests a depth
control on plankton distribution (Figure 5). It was not always
possible to get sufﬁcient counts in some of the highly
6
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ρa−ρw
;
R2 ¼ ðR1– TSÞ
ρa

indurated chalky units; these facies typically contain common
planktic foraminifera in thin section.
[19] Miliolids are rare. They become more common above
909 m (~30.75 Ma) where taxa such as Quinqueloculina
spp. and/or Triloculina spp. are present in the majority of
samples. The abundance of these taxa ﬂuctuate markedly
from 0% to maxima of 3 to >6% in the 63 and 150 μm fractions above 909 m (Figure 2). Inner shelf foraminifera
(mainly Discorbinella spp., Figure 3) make up a minor part
of the benthic rotaliid assemblage. Moderate peaks of 4–6%
are present, reaching a maximum of 12% at around 856 m
(26.8 Ma). Other inner shelf taxa present include Discorbis
spp., Spirrilina spp., Patellina spp., Rosalina spp., and
Wadella globiformis. Middle shelf assemblages (>150 μm)
in the section (Figure 3) are dominated by Notorotalia spp.
with minor Parrellina spp. and Pullenia quinqueloba.
Middle shelf taxa are relatively uncommon (0–15% of the
benthic rotaliids) below 893 m (30.08 Ma). Strong ﬂuctuations from 25% to 5% are apparent above this level (units
1–12). Middle shelf species reach a maximum of 45% of
the benthic rotaliids around 880 m (28.72 Ma). Above 870
m (28.43 Ma), middle shelf taxa abundance varies markedly
from 15% to 1%. Outer shelf taxa dominate the benthic rotaliid assemblage (forming between 40% and 60%: >150 μm).
The middle to outer shelf Cibicidoides perforatus and Cibicidoides spp. are most common comprising (on average)
30% of the benthic rotaliids; these taxa reach up to 50% of
the total rotaliids (Figure 3). Other common species in the
>150 μ m fraction include Globocassidulina subglobosa,
Gyroidinoides spp., and Cassidulinoides spp. Other important yet minor components of this outer shelf assemblage
include Anomalinoides macroglabra, Heterolepa spp.,
Lenticulina spp., Pullenia bulloides, Sphaeroidina bulloides,
and Astrononion spp.

(3)

where TS = tectonic subsidence, estimated by ﬁtting a
regional cooling plate model to R1. Also, ρa = asthenosphere
density (3300 kg/m3) and ρw = water density (1000 kg/m3).
The tectonic subsidence (TS) component was estimated from
two modeled thermal subsidence curves of this passive margin
region [Hegarty et al., 1986; Rahmanian et al., 1990] using a
stretching factor of 1.4 and a 15 Ma rifting time from 95 to 80
Ma. The regional curves show consistent thermal subsidence
during the late Paleogene of ~10 m/Myr in the absence of
any major tectonic events. In addition to the errors in paleodepth input into our sea level curve, if subsidence was slower
or faster in this region, this would also inﬂuence the long‐term
trends of the sea level variation; however, it would not alter the
strong shorter‐term variability of our record nor its magnitude.
The resulting derived sea level curve (Figure 6b), hereafter
called the Gippsland sea level (GSL), for Groper‐1 shows
similar magnitudes to the New Jersey sea level curve (NJSL)
generated by Miller et al. [2005] and Kominz et al. [2008].
The trend of NJSL is overprinted by long‐term mantle
dynamic contamination that contributes to a 50–100 m fall
[Moucha et al., 2008] over the last 30 Myr (Figure 6). It is also
important to consider our eustatic estimates in the context of
the dynamic topography of southeast Australia during the
Oligocene. It is possible that variations in dynamic topography
account for some of our long‐term sea level variability. Heine
et al. [2010] has reconstructed the dynamic topography of
Australia for various time slices for the last 70 Myr.
Their paleogeographic reconstruction for Oligocene suggests
dynamic subsidence of ~20 m from 30 to 26 Ma (Figure 6).
The dynamic contribution to subsidence for GSL and NJSL
is clearly overprinted by a rapid sea level variations ranging
from ‐30 to +50 m.

3.4. Paleodepth, Back Stripping, and Sea Level Change
[20] There is a negative correlation (‐0.5) between the
increasing paleodepth (calculated from percent plankton*)
and decreasing percent inner plus middle shelf taxa
(Figure 5). The relationship is likely to be complicated by
bioturbation processes causing assemblages mixing (reworking). In addition, a diagenetic bias, especially in the indurated chalk facies, has resulted in underestimations of the
percent planktic in the assemblages (dark blue arrows on
Figure 5). Reworking by paleocurrent processes is not likely
to have caused assemblage mixing, as the sequence is
dominated by low‐energy facies (chalk and marl). Based
on the data in Figure 5, we interpret the calculated paleodepths (from percent plankton*) to reﬂect relative sea level
change (Figure 5a), and this variability has at least a +20
m depth error. The succession was 1‐D Airy back‐stripped
using OSXBackstrip using the algorithms and formulas of
Allen and Allen [1990] and Watts [2001] to remove the
thickness of accumulated sediment and compaction effects.
OSXBackstrip calculates R1 (the ﬁrst reduction of the back‐
stripping method) of Kominz et al. [2008] representing the
water depth above basement without sediment (the input parameters used to calculate this are in the Supporting Information,
Table S5). R1 is then used to calculate R2 (the second reduction is regional sea level change derived from paleodepth
estimates in the absence of tectonics; see output data in the
Supporting Information, Table S6) of Kominz et al. [2008]:

3.5. Oxygen Isotopes
[21] The Cibicidoides spp. δ18OCIB values were adjusted
to seawater equilibrium values by adding +64‰ [cf. Wade
and Pälike, 2004]. All other values were not adjusted. The
Cibicidoides spp. δ 8OCIB values (Figure 6e) are variable,
and the majority lie within the range of published compilations for the early Oligocene [Zachos et al., 2008; Cramer
et al., 2009]. Some of the δ18OCIB values are strongly
negative, less than ‐1.5‰, suggesting some diagenetic
alteration of the foraminifera. However, the majority of the
visibly altered and “fresh” Cibicidoides spp. specimens yield
similar δ13C and δ18O values, suggesting only minor diagenetic effects on the benthic isotope pattern (Figure 6). The
δ18OCIB values below 29 Ma are negative with three positive excursions at ~29.7, 30.3, and 31.3 Ma. Above 29 Ma,
values are positive with three positive δ18OCIB excursions
at ~27.4, 28, and 28.5 Ma. Two δ18OBULK positive excursions are present between 31.1 and 31.5 Ma, separated by an
interval of negative values. Above 30.4 Ma, δ18OBULK
values are generally negative with positive excursions at
30.4, 30, ~29.6, and 29.2 Ma, from 28.9 to 28.6 Ma, and
at 28.3 Ma. Above 28.3 Ma, there are upward decreasing
variable negative δ18OBULK values.
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Figure 6. Sea level in Groper‐1. (a) Facies. (b) The Gippsland Sea Level (GSL) curve (with error)
derived from back‐stripping the succession using paleodepths (see derivation in the Supporting Information, Table S6); the blue arrows are chalky marl horizons not processed for foraminifera (due to strong
induration), or they underrepresent planktic abundance (sea level) due to diagenesis. A possible dynamic
subsidence trajectory (dashed red line) is shown [Heine et al., 2010]. (c) the New Jersey Sea Level curve
of Miller et al. [2005] (black) and that of Kominz et al. [2008] (white with error range). A possible
dynamic subsidence trajectory (dashed red line) is indicated [Moucha et al., 2008]. (d) Bulk and
(e) Cibicidoides spp. oxygen isotope data. (f) Isotope data (gray) from Site 1218 (adapted from Pälike et al.
[2006] using the Gradstein et al. [2004] time scale with a three point running average; black line); the relative
sea level change values are based on a 0.24‰/10 m sea level (0.16‰/10 m ASL, or apparent sea level)
amplitude estimate of Pekar et al. [2006] for this site. The horizontal blue lines represent isotopic minima
(probable interglacials/terminations) that correlate with GSL highstands; the blue arrows indicate terminations
not represented in Groper‐1.The red arrows are glacial/isotopic maxima. (g) Estimates of the isotopic composition of sea water and ice volume showing an error envelope (gray) [Cramer et al., 2011].
marine conditions [Odin and Fullagar, 1988] at depths
between 70 and 500 m. Depth estimates from the percentage
of planktic foraminifera in the sequence [van Hinsbergen et
al., 2005, Figure 5] vary from outer shelf depths (>100 m) to
middle shelf depths (>50 m) with few samples shallower than
50 m. This depth range concurs with the benthic foraminiferal
assemblage data that is dominated by middle to outer shelf
species with minor inner shelf taxa (Figures 3 and 5). The
percent inner and middle shelf taxa (Figure 5), the abundance
of inner shelf miliolids (Figure 2), the percentage of planktic
foraminifera, oxygen isotope values, and facies can be used
to interpret sea level variability (Figure 6). In addition, back‐
stripped data (Figure 6b) show sea level change amplitudes
in the section are comparable with NJSL (Figure 6c) [Miller
et al., 2005; Kominz et al., 2008].
[23] The lower clayey marl facies from 31.1 to 31.7 Ma
with minor middle and inner shelf taxa are interpreted to
have been deposited in low‐energy middle to outer shelf
environments (70 to >100 m), representing a sea level
variability from ‐25 to +50 m (Figure 6b). From 30.3 to
30.8 Ma, marl facies shallows from outer shelf to middle
shelf up‐section with several deeper outer shelf (>100 m)

4. Interpretation
4.1. Sea Level Change
[22] The dominance of clayey marl/marl and chalky marl
(wackestone) suggest the low‐energy (below wave base) condition prevailed. Modern calcareous mud facies in the Gippsland region typically accumulates below 100 m [Smith and
Gallagher, 2003], deeper than 180 m in the Otway Margin
southeast Australia [Boreen et al., 1993] and below 80 m in
the Great Australian Bight [James et al., 2001]. Oligocene
bryozoan marls are interpreted to have been deposited in
middle to outer shelf environments in the Otway Basin
southeast Australia [Gallagher et al., 1999], where these facies
formed in shallower conditions compared to today, because
the Southern Ocean was narrower with a reduced fetch, creating a shallower (paleo) wave base. Other Paleogene mudstone/
marl facies in southeastern United States are interpreted to
reﬂect deposition in open shelf conditions below storm wave
base (>100 m depth); however, some of these facies may have
formed in shallower more sheltered conditions [Coffey and
Read, 2004]. The presence of abundant glauconite at regular
intervals suggests periods of slow sedimentation in open
8
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transgressive events, varying from maximum of ‐20 to +35 m.
The ﬁrst chalky marl/marly limestone facies at 30.3 Ma marks
the beginning of a period of strong sea level variability. Above
this level, meter‐scale cycles of middle shelf marl (50–90 m
paleodepth) alternate with outer shelf (>100 m) chalk or marl,
representing sea level ﬂuctuations ranging from +25 m.
Several shallowing events are associated with positive oxygen
isotope excursions at 30.3, 29.7, 29.2, 28.6, and 28 Ma
(Figures 6a, 6d, and 6e). The GSL values can be directly compared to the magnitude of Cibicidoides spp. δ18OCIB
variability (Figure 6e, especially 27.8–28 Ma), suggesting a
0.5‰ oxygen isotope change is equivalent to 10 m sea level
change. The chalk/marl cycles disappear above 27.5 Ma to
be replaced by meter‐scale alternations of outer shelf marl
(>100 m) and middle shelf (>60 m) silty marl, representing
sea level ﬂuctuations of +20 m culminating in deepening to
more than +50 m by 26.4 Ma.

glacial maxima where eustatic falls exceeded 30 m when
the size of the EAIS was greater than or equal to today
[Pekar and Christie‐Blick, 2008]. Where our isotopic data
have sufﬁcient resolution, relatively low sea level estimates
in our section are found to coincide with heavier foraminiferal oxygen isotope values. Furthermore, the majority of
interglacial events (lightest isotope values in Figure 6f) at
Site 1218 correlate with the highest sea level estimates
and/or outer shelf chalk facies in G‐1 (Figures 6a and 6b).
In particular, the GSL closely resembles NJSL after 27.5
Ma. These patterns indicate that the G‐1 section reﬂects late
Oligocene glacioeustasy and that the GSL represents an
additional relative sea level record to NJSL that may be used
to infer aspects of early EAIS and sea level dynamics previously addressed using isotopic data [Gasson et al., 2012].
[27] The NJSL and GSL curves, while similar, show variations that might reﬂect regional allocyclic stratigraphic variability (the former is a siliciclastic dominated sequence, and
the latter carbonate rich); errors in paleodepth estimates (more
than +20 m); and errors due to reworking or diagenetic alteration and errors in chronology (error ranges of +0.1 to +0.5
Ma are possible in both sections). The NJSL record is also
biased, as lowstand deposits are generally absent in the
New Jersey Shelf succession [Kominz et al., 2008], whereas
in G‐1 the strata have not been exposed to subaerial emergence resulting in the deposition of lowstand marl facies;
hence the GSL estimates would potentially reﬂect sea level
lows during the Oligocene. The differences between sections
may also reﬂect temporal variations in the dynamic topography [Heine et al., 2010; Moucha et al., 2008] although
the subsidence rate for each section is similar, especially after
30 Ma, and the pattern of sea level change has a much higher
temporal resolution. The sea level variation between sections
might also be due to the glacial isostatic adjustment (GIA)
response to glacial maxima and minima [Farrell and Clark,
1976; Bassett et al., 2005; Bamber et al., 2009] between our
near‐ﬁeld 55°S paleolatitude GSL and the far‐ﬁeld 35–40°N
paleolatitude NJSL [Kominz et al., 2008] (Figure 7). GIA
effects typically result in strongly diachronous sea levels.
During Oi glacial maxima, the volume of the EAIS is estimated to have been between 100% and 140% of its present
volume [Pekar and Christie‐Blick, 2008; Cramer et al.,
2011]; this would have resulted in a peripheral bulge near
Antarctica [Clark et al., 1978], lowering sea level in G‐1 and
increasing sea level in NJ (Figure 7a). This is called antisiphoning [Clark et al., 2009] and is the process where a proximal bulge caused by ice sheet expansion on the Antarctica
margin pushes (or siphons) water from the near ﬁeld into the
far‐ﬁeld ocean. This diachronous sea level variability would
have been most pronounced during Oi maxima, when the
EAIS may have been 140% of present. During Oi interglacials
when EAIS ice volumes were 40–60% of present [Pekar and
Christie‐Blick, 2008; Cramer et al., 2011] rebound, subsidence and ocean siphoning (Figure 7b) [Mitrovica and Milne,
2002] would have caused higher sea levels immediately after
terminations in NJ (far ﬁeld) and lower values in G‐1
(near ﬁeld) before equilibrating to higher values in G‐1
compared NJ (Figure 7b). Another effect that would lower
sea level at continental margins may have been continental
levering [Mitrovica and Milne, 2002; Walcott, 1972], as
increased water loading during interglacials may have lowered
sea level (Figure 7c).

4.2. Paleoclimate
[24] The succession is dominated by small (<150 μm),
temperate middle‐ to high‐latitude Austral Province planktic
foraminiferal taxa sensu [Spezzaferri et al., 1991; Huber and
Quillevere, 2005]. In addition, warm‐water nannofossil
Discoaster and Sphenolithus [cf. Chepstow‐Lusty et al.,
1992] are relatively rare, and the latter represented by several
low‐ to medium‐latitude species. The nannofossil and foraminiferal data suggest cool to temperate oceanic conditions with
no warming events or warm‐water microfossil migrations.

5. Discussion
[25] The Oligocene of Groper‐1 was deposited in middle to
outer shelf cool‐temperate conditions from 26.7 to 31.5 Ma at
a paleolatitude of 55°S [Stickley et al., 2004, Figure 1]. The
sequence is characterized by a large variations in sea level that
we interpret to reﬂect processes associated with Oi glacial
events previously interpreted from deep‐sea oxygen isotope
data [Miller et al., 1991; Pekar and Miller, 1996; Wade and
Pälike, 2004; Pälike et al., 2006] and from stratal geometries
on the New Jersey Coastal Plain [Pekar et al., 2002, 2006].
The dominant meter‐scale marl/chalk couplets are interpreted
to be primary dilution cycles [cf. Boulila et al., 2010; Westphal
et al., 2010]. During lower sea level, higher siliciclastic input
resulted in marl (>30% CaCO3) deposition at depths from 70
to 50 m. Relative sea level rise to >100 m resulted in chalk
deposition as the area moved away from the source of siliciclastics [cf. Swart, 2008]. However, not all the higher sea level
events resulted in chalk facies deposition; some of the clayey
marl and the majority of the marl facies (with <30% CaCO3)
formed in outer shelf depths.
5.1. Oligocene Glacial and Interglacial Sea Level
[26] We use our data set and its similarity to NJSL [Miller
et al., 2005; Kominz et al., 2008] and the stable isotope
data of ODP Site 1218 [Wade and Pälike, 2004; Pälike
et al., 2006] to identify Oi glacial maxima (Oi‐2 [~30 Ma],
Oi‐2* [~29 Ma], Oi‐2a [~28 Ma] and Oi‐2b [~27 Ma]; red
arrows in Figure 6) and a series of deglaciations (terminations, dark blue arrows, and horizontal lines in Figure 6).
Oi periods are thought to have been driven by 1.2 Ma obliquity cyclicity [Wade and Pälike, 2004; Pälike et al., 2006].
The previously recognized Oi “events” probably represent
9
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[28] Notwithstanding the potential (often similar) errors
above in the two relative sea level records, it is likely that
the signal preserved in the GSL reﬂects a near‐ﬁeld ocean
response to East Antarctic Ice Sheet dynamics and the NJSL
a far‐ﬁeld response (in the absence of any other signiﬁcant
ice sheets during the Oligocene). With this in mind, a few
comparisons can be made between the two sections during
Oligocene glacial maxima and minima.
[29] Glacial/isotopic maxima (red arrows in Figure 6) are
associated with lower sea levels (‐30 to <0 m) in GSL and
NJSL after 29.4 Ma, when average EAIS volume expanded
to >100% of present (Figure 6g). Prior to this time, EAIS
estimates are a low as 40% and the eustatic pattern is not
as pronounced (especially in NJSL). Three Oi glacials are
expressed in the NJSL record; these have equivalent events
in the GSL curves. The Oi‐2 (~28.85 Ma) sea level minimum of (greater than ‐10 m) in NJSL has an equivalent
lowstand of less than ‐20 m in GSL; this >10 m variation
might be evidence of antisiphoning effects (Figure 7). The
lowstand estimates for Oi‐2b in the NJSL are 10 m lower
than the GSL; the reason for this is not clear, although the
lack of lowstand deposition in the NJSL is likely to increase
errors in these depth estimates, so the values cannot be
compared [Gasson et al., 2012].
[30] In both records, Oi‐2 isotopic maxima at ~30 Ma are
not well expressed. In the NJSL this lowstand is not likely to
have been fully sampled and may lie within the error range
of the biostratigraphy. In G‐1, two lowstand marl units interbedded with a highstand chalky marl are present at ~30 Ma,
suggesting the GSL section may cover this interval; however, the upper Oi‐2 maximum is not sampled and the lower
Oi‐2 maximum occurs in the 100 kyr biochronological error
range. The isotope maxima around 31 Ma are not sampled in
GSL and unrepresented in NJSL.
[31] Interglacials/isotopic minima (dark blue horizontal
lines and arrows in Figure 6) are associated with higher sea
levels (more than +10 to 20 m). From 29.4 to 30.7 Ma,
GSL highstands are on average ~10 m higher than the NJSL
record, within the range of error estimates for the section;
however, the persistence of this pattern for 1.3 Ma might
also be related to ocean siphoning effects (Figure 7) during
a series of deglaciations when the EAIS may have contracted
to 40% of present. The pattern of interglacials is more
pronounced after 29.4 Ma in the GSL, where each event
correlates to isotopic minima in the Site 1218 data
(Figure 6f). However, there are many more highstand events
preserved in the GSL compared to the NJSL, so GIA effects
are hard to decipher. Overall the highstand events in the
GSL exceed the sea level in the equivalent NJSL section
and probably indicate the prevalence of ocean siphoning in
this period of rapidly ﬂuctuating EAIS volume.

Figure 7. Likely GIA controls on Oligocene relative sea
level. The area between 90° and 55°S (G‐1) is to approximately to scale; the blue line is relative sea level with respect
to a datum (red dashed line), and the far‐ﬁeld ocean is not to
scale. Not to scale vertically. (a) An Oi glacial maximum
with the EAIS at 100% of present. Antisiphoning [Clark
et al., 2009] reduces sea level at G‐1 while increasing sea
level at NJ. (b) Oi interglacial when the EAIS is 50% of
present. Ocean siphoning [Mitrovica and Milne, 2002]
initially increases sea level in NJ compared to G‐1 (t1)
followed by higher sea levels in the near‐ﬁeld ocean
compared to the far ﬁeld (t2). (c) Continental levering
[Walcott, 1972] may act to reduce relative sea levels in
continental margin regions like NJ and G‐1 during deglaciations. Diagrams adapted from Gornitz [2009].

5.2. East Antarctic Ice Sheet Instability
[32] The GSL record shows sea level variability of ±25 m
was a persistent feature during the Oligocene (Figure 6) and
that the EAIS contracted and expanded to between 40% and
140% of its present size many times. The pattern and intensity of the sea level variability in the GSL is comparable to
oxygen isotope variability in Site 1218, where the majority
of highstand/lowstand units in the GSL have corresponding
isotopic minima/maxima. The strong correspondence
between these two separate proxy data sets suggests that
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the early EAIS expanded and contracted through a several
glacial and interglacial events. The oxygen isotope data from
ODP Site 1218 (Figure 6f) suggest that the glacials lasted
100–200 kyr and were followed by short‐lived interglacials.
The lack of a consistent pattern (or symmetry similar to the
Pleistocene glacial cycles) to the glacial expansions and
contractions indicates that the EAIS was highly unstable.
The magnitude of the cyclicity increases after 30 Ma, associated with an overall shift in EAIS volume (100–140% of
present; Figure 6g) [Cramer et al., 2011], suggesting that
even as the EAIS built up it remained highly unstable.
[33] When our data are compared to CO2 estimates for the
Oligocene, it is evident that EAIS instability occurred when
levels were similar or ~200 ppmv higher than present
[Beerling and Royer, 2011; Pagani et al., 2005]. Estimates
higher than 600 ppmv are similar to those projected by
Solomon et al. [2007] for 2100. This suggests the intriguing
possibility that the present EAIS may become susceptible to
instability with future climate change. Pollard and DeConto
[2005] were unable to model this level of Oligocene EAIS
instability due to a hysteresis affect, suggesting either pCO2
changes were greater than previously estimated or the EAIS
was more unstable than the modeled results suggest.
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6. Conclusions
[34] The integration of microfossil, facies, benthic foraminiferal (Cibicidoides spp.), and bulk δ18O isotope analyses
on a subsurface carbonate sequence in southeastern Australia
has revealed a 5 million year old record of Oligocene cool,
temperate, high‐paleolatitude (55°S) sea level variability.
Clayey marl, marl, and chalky marl dominate in the absence
of evidence for subaerial exposure. The facies were deposited
below wave base in low‐energy conditions at middle (50–100
m) to outer shelf (>100 m) paleodepths. The facies is strongly
cyclic, reﬂecting strong sea level variability. Back‐stripping
estimates has produced the Gippsland Sea Level curve
(GSL), showing persistent sea level variability of +25 m (from
‐30 to +50 m), with highstand and lowstand facies
corresponding to isotopic maxima and minima in Site 1218.
The early Oligocene was characterized by 100–200 kyr
glacials alternating with shorter interglacials due to high EAIS
instability (ﬂuctuating from 140% to 40% of its present
volume). The magnitude and intensity of these cycles were
accentuated after 30 Ma, when the EAIS reached close to its
present volume. The NJSL and GSL show many similarities,
especially from 29 to 26.4 Ma; however, there are resolution
differences and mismatches that may be accounted for by
errors in biochronology, paleodepth estimates, taphonomic
processes, and the relative lack of lowstand deposits used to
construct the NJSL (these appear to be present in the GSL).
Notwithstanding these possible errors, GIA processes such
as interglacial ocean siphoning and glacial antisiphoning are
likely to have caused diachronous sea level rises and falls in
the near‐ﬁeld GSL and the far‐ﬁeld NJSL. Modeling of these
processes is likely to yield further insights in Oligocene glacioeustatic and isostatic dynamics.
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