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Abstract 

Late Ediacaran Member IV shales, deposited in the Nanhua Basin (South 

China), record the recovery from the most negative carbon isotopic excursion in 

Earth history, known as the Shuram excursion. This member is organic-rich and 

contains distinctive mineralogical and sedimentological features, described for 

the first time within the stratigraphic context of all relevant paleoenvironments. 

The study of this member allows a better understanding of the oceanic 

paleoenvironmental conditions that governed during the deposition of these 

organic-rich deposits. In addition, and more interestingly, this study describes the 

principal biogeochemical processes in the carbon and nitrogen cycles that 

controlled the production and preservation of organic matter and influenced the 

recovery from the Shuram excursion.   

A multidisciplinary methodology comprising nitrogen and carbon 

geochemistry, Raman spectroscopy and organic facies distribution modelling 

suggest different but complementary interpretations. Evidence from geochemical 

analyses suggests a dynamic late Ediacaran scenario where a new equilibrium 

in the C and N cycles was established whereby photosynthetic primary 

production overcame secondary production as the main source of organic matter 

in sediments. New Raman and SEM results support this scenario describing 

different biomass sources and mineralogical-sedimentological signals of organic 

matter remineralization and primary production. Consistently, quantitative 

analyses of paleoproductivity point to high levels of organic matter production in 

shallow waters during the late Ediacaran in South China.    

These new observations point to the variable dominance of distinct microbial 

communities in the late Ediacaran ecosystems, and that extensive photosynthetic 

primary production and organic matter burial modulated the recovery from the 

most negative δ13Ccarb excursion in Earth history. Thus, this study fills in a critical 

knowledge gap by providing a new answer to the recovery of the Shuram 

excursion. Moreover, this study highlights that Member IV, which is generally 

overshadowed by the Precambrian-Cambrian boundary research, offers an 

exceptional opportunity to understand the profound environmental changes 

during the late Ediacaran Period, at the dawn of the Cambrian explosion of 

animals.  
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Impact Statement  

This PhD project contains multiple ingredients that converted it into highly 

challenging and promising research. First, the chosen topic. This project studied 

the carbon and nitrogen biogeochemical cycles and their response to 

environmental perturbations during the late Ediacaran Period (ca 560-551 Ma). 

Specifically, this research focused on the Shuram excursion, the most negative 

global carbon isotope perturbation in Earth history, considered the precursor of 

the onset and diversification of animals, whose origin and termination remain 

unresolved. Second, the material. This study investigated late Ediacaran organic 

matter that was deposited between ca 560-551 Ma ago. Ancient organic matter 

is generally impacted by substantial limitations such as the type of organic matter 

or the preservation conditions, which may affect and alter the original 

characteristics of organic matter to a greater or lesser extent. And third, the 

methodology used. This study combined carbon and nitrogen geochemistry, 

optical techniques such as Raman spectroscopy, scanning electron microscopy, 

and organic matter modelling. Thus, late Ediacaran biomass sources, availability 

and cycling, and marine paleoproductivity were constrained thanks to apply this 

multidisciplinary approach.   

Results, independently confirmed by different techniques, allowed proposing 

a new environmental scenario during the late Ediacaran characterized by 

extensive organic matter primary production, proposed to be the main driver for 

the recovery from the Shuram excursion. Within the Precambrian worldwide 

community, these results are of extraordinary impact and enormously beneficial 

as it provides a plausible answer to the most mysterious carbon isotopic 

excursion in Earth history.  

This PhD project brought an exceptional opportunity to thrive in an exciting 

scientific environment, ideal to acquire solid geochemical background with 

complementary methodologies and personal skills. Altogether, this study set the 

basis for becoming an independent scientist of high international visibility and 

robust scientific tools to investigate the Precambrian research further and extend 

its applicability to other research fields, such as the rapidly growing field of 

Astrobiology. 
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1.1 Introduction 

The Neoproterozoic Era (1000-541 Ma) is considered one of the most 

extraordinary and complex periods in the geological record. During the early and 

middle Neoproterozoic (Tonian, 1000-720 Ma, and Cryogenian, 720-635 Ma), the 

Earth experienced rapid tectonic reconfiguration due to the formation and 

subsequent rifting and break-up of Rodinia (Torsvik et al., 1996), and two global-

scale glaciations, known as “Snowball Earth” (Kirschvink, 1992; Hoffman and 

Schrag, 2000), which are considered the most severe glaciations in Earth’s 

history (Bodiselitsch et al., 2005; Bowring et al., 2007). Additionally, the chemistry 

of the oceans evolved from dominantly anoxic and ferruginous deep oceans with 

prevalent sulfidic (euxinic) conditions in continental margin settings (Planavsky et 

al., 2011; Poulton and Canfield, 2011) to dominantly anoxic and ferruginous deep 

oceans with only local evidence for euxinic conditions (Canfield et al., 2008). The 

late Neoproterozoic (Ediacaran Period, 635-541 Ma) is characterised by the 

formation of Gondwana (Meert and Van Der Voo, 1997), one regional-scale 

glaciation which lasted 0.35 Ma (Bowring et al., 2003), regional to global deep-

ocean ventilation (Canfield et al., 2007; Sahoo et al., 2012; Chen et al., 2015) 

and the onset and evolutionary radiation of animal life (Narbonne 2005).  

This thesis focuses on the paleoenvironmental processes that took place 

during the late Ediacaran on the Yangtze Platform, South China, through the 

study of organic-rich shales from Member IV of the Doushantuo Fm. Late 

Ediacaran deposits worldwide present unusual δ13C depletions recorded in 

carbonate rocks with values down to -12‰ (Calver, 2000; Fike et al., 2006; Verdel 

et al., 2011). This negative excursion is known as the Shuram excursion (SE) and 

records the largest, in terms of amplitude and duration,  carbonate carbon 

isotopic excursion in Earth history. This excursion has been the basis of a series 

of non-uniformitarian interpretations of carbon cycling and is considered as 

evidence for a profound disturbance to the global carbon cycle in response, 

among others, to increased oxygen levels in the oceans (Fike et al., 2006; 

McFadden et al., 2008), authigenic carbonate deposition (Schrag, 2013; Cui et 

al., 2017) or diagenetic processes such as meteoric water alterations and fluid-

rock interactions (Knoll et al., 1986; Grotzinger et al., 2011; Jiang et al., 2012; 

Oehlert and Swart, 2014).  
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In the Yangtze Platform, the SE is correlated with the DOUNCE (stands for 

Doushantuo Negative Carbon Excursion), that is recorded in Member III and 

Member IV of the Doushantuo Fm. with δ13C values down to -10‰ (McFadden 

et al., 2008; Jiang et al., 2012; Kikumoto et al., 2014). The Yangtze platform 

represents an exceptional location to study Ediacaran deposits. Platform, slope 

and deep basin sections are well exposed, making this place one of the foremost 

locations worldwide to study the co-evolution between life and its environment 

during the Ediacaran-Cambrian transition. Member IV, the focus of this thesis, 

consists of organic-rich shales located in the uppermost part of the Doushantuo 

Fm. The proximity of this stratigraphic interval to the Precambrian-Cambrian 

boundary has usually overshadowed the interest of the scientific community in 

this interval. However, these shales are highly significant because a) they locally 

host the ‘Miaohe biota’, which contains abundant macroalgal fossils preserved as 

carbonaceous compressions (Zhu and Chen, 1984; Zhao et al., 2004) and other 

notable sedimentological features in the Three Gorges area such as fossiliferous 

meter−size concretions and chert nodules (Dong et al., 2008), and b) they record 

the recovery from the SE in South China (McFadden et al., 2008; Jiang et al., 

2012). In addition, despite the abundant research dedicated to the Doushantuo 

Fm., there are still some knowledge gaps about the dating and stratigraphic 

correlation of Member IV (Zhu et al., 2013; An et al., 2015; Zhou et al., 2017).  

This thesis integrates stable isotope composition of C and N, Raman 

spectroscopy, scanning electron microscopy with energy dispersive 

spectroscopy and paleoproductivity modelling within Member IV stratigraphic 

context of all relevant paleoenvironments. Jointly, these new data offer the 

exceptional opportunity to understand the late Ediacaran ecological re-

organization and its influence on the recovery from the most enigmatic carbon 

cycle perturbation in Earth’s history. This new approach makes a significant new 

advance in understanding a complex sedimentary system under which a 

geochemical revolution occurred that probably stimulated the birth of animal life.   

1.2 Thesis outline 

Many efforts have been made to explain the origin of the Shuram excursion. 

However, previous attempts have not been successful at providing a compelling 

dataset and comprehensive storyline to explain the unusual observations during 

its recovery. So far, no study has integrated stable isotope composition of C and 
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N and Raman spectroscopy within the stratigraphic context of all relevant 

paleoenvironments during the recovery from this Shuram excursion to normal 

values. With this new approach, this study makes a significant new advance and 

fills a gap in the understanding between the late Ediacaran-Cambrian oceanic 

paleoenvironmental conditions.  

Thus, the research objective of this thesis is to reconstruct the 

paleoenvironmental conditions under which Member IV organic matter was 

deposited and preserved, and explore how biogeochemical perturbations in the 

C and N cycles influenced the recovery from the Shuram excursion. Two principal 

hypotheses are proposed: 

• Primary productivity promoted the recovery of the Shuram excursion. 

• Variable organic matter-mineral associations reveal different sources of 

biomass.  

The following scientific questions are addressed to approach these hypotheses:  

1) What role did primary production in the ocean play during the Shuram 

excursion in the Nanhua Basin? 

2) Could organic matter burial be linked to C and N cycle perturbations during 

the late Ediacaran? 

3) Can the co-occurrence of different sources of biomass in the Nanhua 

Basin be inferred from Raman spectroscopy and organic-mineral 

associations? 

This thesis comprises five chapters. Chapter 1 corresponds to the 

introduction. Chapter 2 presents new C and N isotopes and concentrations and 

Raman spectra of Member IV organic-rich shales in a platform-to-basin transect. 

Results suggest a shift from heterotrophic to autotrophic microbial dominance in 

the late Ediacaran ecosystems and that blooms of oxygenic phototrophs 

modulated the recovery from the most negative δ13Ccarb excursion in Earth 

history. Chapter 3 presents new Raman and SEM data from the six studied 

sections. This chapter describes mineral-organic associations and 

sedimentological features present in Member IV organic-rich shales and 

assesses biotic vs abiotic processes involved in forming carbonate concretions 

and phosphate and anatase mineral accumulations. Results suggest a dynamic 

late Ediacaran environmental scenario with mineralogical and sedimentological 

signals of OM remineralisation and primary photosynthetic production. Chapter 

4 presents quantitative reconstructions of paleoproductivity of Member IV shales 
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based on organic carbon content. Results indicate remarkably high levels of 

primary production during the recovery of the Shuram anomaly and suggest the 

presence of an oxygen minimum zone that influenced the preservation of marine-

derived organic carbon during increasing oxygenation of the water column. 

Chapter 5 includes the conclusions and closing remarks.  

The following submitted articles and prepared manuscripts form part of this 

thesis (corresponding author marked with *):  

1) Extensive primary production promoted the recovery of the 

Ediacaran Shuram excursion. Fuencisla Cañadas1*, Dominic 

Papineau1,2,3,6, Melanie J. Leng4,5 and Chao Li6. Accepted in Nature 

Communications.  

2) Abiotic sedimentary diagenesis of organic matter and associated 

minerals in late Ediacaran black shale from South China. Fuencisla 

Cañadas1* and Dominic Papineau1,2,3,6. In prep. 

3) High primary productivity and evolution of primary producers during 

the late Ediacaran in South China. Fuencisla Cañadas1*, Gerben de 

Jager7 and Dominic Papineau1,2,3,6. In prep. 

1Department of Earth Sciences, University College London, London, UK  
2London Centre for Nanotechnology, University College London, London, UK 
3Centre for Planetary Sciences, University College London & Birkbeck University, London, UK 
4National Environmental Isotope Facility, British Geological Survey, Nottingham, UK 
5School of Biosciences, University of Nottingham, Loughborough, UK 
6State Key Laboratory of Biogeology and Environmental Geology, China University of 

Geosciences, Wuhan 430074, China. 
7SINTEF Basin Modelling Department, 7465 Trondheim, Norway 

1.3 Geological context 

1.3.1 Nanhua Basin tectonic evolution 

The studied sections are located in the Nanhua Basin, South China. This basin 

is the result of tectonic activity that started in the early Neoproterozoic. Tectonic 

reconstructions of the Neoproterozoic show a supercontinent cycle beginning 

with the formation of Rodinia, its subsequent break-up, and the consequent 

amalgamation of Gondwana (Merdith et al., 2017, and reference therein). The 

collision of the Cathaysia and the Yangtze blocks took place at ca. 900 Ma  (Wang 

and Li, 2003) and led to the formation of the South China block (Zhao et al., 

2011). Neoproterozoic metamorphic rocks predominantly form the Cathaysia 

block, and the Yangtze block comprises an Archean-Paleoproterozoic basement 

surrounded by late Mesoproterozoic to early Neoproterozoic folded belts 

unconformably overlain by middle Neoproterozoic weakly metamorphosed strata 

and late Neoproterozoic unmetamorphosed deposits (Zhao and Cawood, 2012). 
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During the Neoproterozoic, the South China block migrated from an intracratonic 

position between Australia and Siberia to low latitude and external position 

between India and the west coast of Australia (Fig. 1.1) (Li, Evans and Halverson, 

2013; Merdith et al., 2017; Zhao et al., 2018). 

The South China block started drifting during the mid-Neoproterozoic (~ 820 

Ma) and formed the Nanhua Basin, considered a failed intracratonic rift basin 

between Yangtze and Cathaysia blocks (Jiang, Sohl and Christie-Blick, 2003; Li 

et al., 2008).  

 

Fig. 1.1 Reconstruction of Yangtze and Cathaysia blocks evolution from 825 to 500 Ma (Shu 
et al., 2021, and references therein). a) The Yangtze and Cathaysia blocks collided before 825 
Ma and formed the South China block. b) During the Ediacaran Period and early Cambrian, 
the South China block occupied a low latitude and external position between India and the west 
coast of Australia (Merdith et al., 2017; Zhao et al., 2018). Yz=Yangtze, Ca= Cathaysia, NR= 
Nanhua rifting. 

This basin was controlled by extensional normal faults and featured graben or 

half-graben structural styles producing a segmented geometry during deposition 

of the Doushantuo Fm. that likely favoured abrupt lateral facies variation 

(Vernhet, 2007). Thus, the Nanhua Basin and Yangtze block are jointly named 

the Yangtze Platform, which evolved from a rift basin to a passive continental 

margin basin at ca. 750 Ma-690 Ma, during the final breaking down of Rodinia 

(Wang and Li, 2003). Paleoenvironmental reconstructions of the Yangtze 

platform have described three principal sedimentary facies distributed in a NE-

SW orientation and formed by a carbonate platform, slope and basin facies (Fig. 

1.2b-c) (Jiang et al., 2011). 

Despite the extensive research carried out in the Nanhua Basin and, more 

specifically, about the Doushantuo Formation, limited studies have described in 

detail the palaeobathymetry of this basin and the water column during the 

deposition of the different members. The most complete paleobathymetric 

a b
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reconstruction of the Nanhua Basin is found in Jiang et al. (2011), who compiled 

data from twenty-three sections spanning all the environments and estimated a 

general water column of 1000-1200m in the deep basin based on the correlation 

of the different facies. This reconstruction is fundamental because the modelling 

section, described in Chapter 4, uses a base map created from this 

paleogeographic reconstruction. In this line, water depths used in this thesis for 

the different environments illustrated in Fig. 1.2b were as follows: tidal flat 5 m, 

shelf lagoon between 50-80 m, shelf margin 30-60 m, slope between 100-500 m, 

and basin between 500-1000 m.  

  

 
Fig. 1.2 Geological framework of the South China block. a) Geological map of China 
highlighting the Yangtze platform location. b) Reconstructed Ediacaran depositional 
environments on the Yangtze platform (Jiang et al., 2011). c) NW-SE cross-section of the 
Nanhua Basin.  

 

1.3.2 Yangtze platform stratigraphy: the Doushantuo Fm.  

The stratigraphy of the Yangtze block comprises Neoproterozoic (1000-541 

Ma) shallow to deep marine facies deposition. At the bottom of the sequence, 

pre-glacial deposits are composed of siliciclastic lithologies forming the Liantuo 

Formation (780-714 Ma, Lan et al., 2015). Overlying, two glacial diamictite 

intervals form the Gucheng and Nantuo Fm. (720-635 Ma, Zhang et al., 2008), 

and are separated by the Datangpo Fm. (654-663, Zhou et al., 2004), an 
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interglacial unit that contains black shales and manganese-bearing rocks. 

Overlying, the Ediacaran succession (635–542 Ma) is formed by the well-studied 

Doushantuo Fm. (635–551 Ma, Condon et al., 2005; Zhang et al., 2005) and the 

Dengying Fm. (551–542 Ma, Condon et al., 2005; Walker et al., 2013). The 

Doushantuo Fm. is subdivided into four different members and consists of an 

alternation of dolostone, phosphorite and black shale, while the Dengying Fm. is 

formed by thick cherty dolostone.  

The Doushantuo Fm. has been intensively studied over the last 30 years 

because of its well exposed and excellent rock outcrops, facilitating the collection 

of biostratigraphic and geochemical information to investigate the 

palaeogeography and biogeochemical evolution of the Ediacaran Period. The 

Doushantuo Fm. is especially relevant from different perspectives. From the 

sedimentological perspective, it represents the first carbonate platform developed 

in South China after the glacial periods. Moreover, it shows significant facies 

variations from thick successions (150-300 m) of deep-water organic-rich 

sediments and dolomites to relatively thin successions (40-100 m) of shallow 

water, mixed siliciclastic-carbonates and phosphorites (Zhu et al., 2003; Zhou et 

al., 2005). From the paleobiological point of view, the Doushantuo Fm. contains 

rich and very well preserved multicellular fossils such as microscopic embryos (Li 

et al., 1998; Xiao et al.,1998; Yin et al., 2007; McFadden et al., 2008), 

macroscopic algae (Xiao, 2004; Yuan et al., 2011) and Ediacaran-type soft-

bodied fossils (Zhu et al., 2008). From the geochemical perspective, the 

Doushantuo Fm. records prominent negative δ13Ccarb excursions with values 

down to -12‰ (Jiang et al., 2007; Zhou and Xiao, 2007; Zhu et al., 2007; 

McFadden et al., 2008). These low values are thought to be equivalent to the SE 

described worldwide and interpreted to record profound perturbations of the 

global carbon cycle (Kaufman and Knoll, 1995; Calver, 2000; Halverson et al., 

2005, 2010; Fike et al., 2006). Furthermore, the Doushantuo Fm. has some of 

the best age constraints based on U-Pb ages from ash beds with estimated ages 

around 635.2±0.6 Ma at the base and 551.1±0.7 Ma at the top (Condon et al., 

2005; Zhang et al., 2005). 

The Ediacaran Doushantuo Fm. was deposited on a passive continental 

margin initiated along the southeastern side of the Yangtze block at 750-690 Ma 

(Wang and Li, 2003). It is generally subdivided into four lithologic members 

illustrated in Fig. 1.3. 
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• Member IV: black organic-rich 

shales with meter-size calcareous 

concretions.  

 

• Member III: massive and laminated 

cherty dolostone overlain by 

interbedded lime mudstone and 

dolomitic mudstone  

 

• Member II: alternating organic-rich 

calcareous shale and dolomite beds 

with abundant pea-sized 

fossiliferous chert nodules. 

 

• Member I: cap carbonate, which 

rests directly on glacial diamictites of 

the Nantuo Fm. It consists of micritic 

and microcrystalline dolostone and 

secondary limestone and cavities 

lined with botryoidal quartz 

deposited during the late stage of 

postglacial transgression.  

 

Age constraints: 

635.2±0.6, Zhang et al., 2005 

551.1±0.7, Condon et al., 2005 

Fig. 1.3 Stratigraphic column of the Doushantuo Fm. in the Yangtze area (McFadden et al., 
2008). 

Three depositional sequences are recognised in the Doushantuo Formation in 

the Yangtze area (Zhu et al., 2007; McFadden et al., 2008). Sequence 1 begins 

with transgression associated with the cap carbonate and deepening in lower 

Member II, followed by regression in upper Member II. Sequence 2 starts near 

the Member I/II boundary, with laminated black shale, chert concretions, 

phosphorite beds, and lime mudstones above a transgressive surface. Sequence 

3 is represented by a transgressive surface defined by the sharp lithostratigraphic 

contact between Member III and IV. In addition, two sequence boundaries have 

been identified in the Doushantuo Fm., at the middle (near Member II-III 

boundary) and the top of the formation (Member III-IV boundary) (Zhu et al., 

2013). However, these physical surfaces are difficult to correlate due to lateral 

extension and facies variability and considerable variation in thickness. 
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Consequently, whether these surfaces record local vs regional/global sea-level 

changes is still uncertain (Jiang et al., 2011). 

This thesis will focus on the geochemical and mineralogical variability of 

Member IV. This organic-rich shale locally hosts the ‘Miaohe biota’, which 

contains abundant macroalgal fossils preserved as carbonaceous compressions 

(Zhu and Chen, 1984; Zhao et al., 2004) and other notable sedimentological 

features in the Three Gorges area such as fossiliferous meter−size concretions 

and chert nodules (Dong et al., 2008). In addition, Member IV records the 

recovery from the SE in South China (McFadden et al., 2008; Jiang et al., 2012). 

Thus, its study may shed light on the biogeochemical conditions that prevailed 

during the late Ediacaran and impacted the recovery from the most negative 

δ13Ccarb recorded in Earth history.  

Member IV is traceable from the platform to the basin and is considered a well-

defined marker that serves as essential tie-points for correlation between 

sections (Jiang et al., 2006a; Jiang et al., 2006b). Despite its lateral stratigraphic 

continuity, the correlation of the Miaohe biota, and therefore Member IV 

throughout the basin, presents relevant disagreements within the scientific 

community. The principal discussion involves problematic correlations in shallow 

environments where Member IV locally presents two different black shale levels 

separated by a dolostone unit instead of a single black shale unit. Based on this 

stratigraphic difference, several correlations have been proposed.  

An et al. (2015) suggests that the top of the Doushantuo Member IV is much 

older than 551 Ma (likely ≥560 Ma) and that the Miaohe Member is significantly 

younger than the Doushantuo Member IV, suggesting even to be time-equivalent 

with the lower Dengying Fm. This correlation would imply that the increase in 

atmospheric and oceanic oxygen, documented from the Doushantuo Member IV 

black shales (Sahoo et al., 2012; Ostrander et al., 2019), should be older than 

560 Ma and, therefore predates the Miaohe biota and the top of the SE for more 

than 10 Ma (An et al., 2015). However, this correlation was challenged by Zhou 

et al. (2017), who correlated the two black shales and the dolostone in the Miaohe 

section with Member IV and interpreted the dolostone as an autochthonous unit 

resulting from facies changes, although locally affected by faulting. A third 

correlation, proposed by Lu et al. (2013) and  Zhu et al. (2013), considered the 

dolostone unit between the black shale levels as an allochthonous olistostrome 

due to slumping or faulting.  
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In order to better constrain the complexity of Member IV, which includes the 

location and correlation of particular controversial sections, a comprehensive and 

improved paleogeographic and sedimentological framework for the Doushantuo 

Fm. becomes critical and essential. Additional geochemical and paleobiological 

studies are required to explain the unusual geochemical anomalies and complex 

sedimentary system under which a geochemical revolution probably facilitated 

the birth of animal life. In Chapter 2, Member IV correlation proposed and used 

in this thesis is more extensively explained. This correlation is based on δ13Ccarb 

and δ13Corg compiled from the literature and new data from this study.  

1.3.3 Neoproterozoic global and regional temperature 

The Neoproterozoic era is characterized by the largest and more severe 

glaciations in the Earth’s history. The global Sturtian and Marinoan glaciations 

took place between 720-660 Ma and 650-635 Ma, respectively (Hoffmann and 

Prave, 1996), and are commonly known as the “Snowball Earth” glaciations 

(Hoffman and Schrag, 2000) because they reached low paleolatitude regions. 

The regional Gaskiers glaciation occurred around 580 Ma (Bowring et al., 2003) 

and was smaller in duration and extension. The Snowball Earth hypothesis has 

been generally supported by low latitude glacial deposits (Kirschvink, 1992). 

However, the abrupt transition to carbonate deposition suggests a sudden 

change to a rapid evaporating and warmer climate (Kennedy, 1996).  

The evolution towards global warmer conditions during the Neoproterozoic has 

been later studied by several studies that used silicon and oxygen isotopic 

compositions (δ18O and δ30Si) in marine cherts (Robert and Chaussidon, 2006; 

Marin-Carbonne, 2014; Garcia et al., 2017). Silicon isotopic composition of cherts 

varies systematically with geological age and is correlated with the oxygen 

isotope composition and likely records their formation temperature (Robert and 

Chaussidon, 2006). These studies provided a unique record of Precambrian 

seawater temperature variations, with changes from about 70 to 20 °C between 

3.5 and 0.5 billion years ago, and constrained Ediacaran seawater temperatures 

between 20-30oC.  

Seawater temperature during the studied period is an essential factor that, 

together with redox conditions, may impact organic matter degradation in the 

water column. In this line, it is important to identify whether the kinetics of thermal 
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mechanisms affecting Member IV organic matter degradation (aerobic 

respiration, fermentation) worked similarly to today. In the Yangtze platform area, 

paleotemperatures for the Ediacaran–lower Palaeozoic period (∼700–500 Ma) 

were inferred from primary fluid inclusions in halite in samples correlative to the 

Dengying Formation (551–542Ma), which overlies Member IV. Measurements in 

these halites indicated seawater temperatures to be highly similar to tropical 

Phanerozoic seawater temperature estimates, also between 20-30oC (Meng et 

al., 2011). These temperatures are in the range of modern ocean surface waters, 

at 20oC on average. Consequently, it can be expected that kinetics of thermal 

degradation processes worked similarly during Member IV organic matter 

deposition compared to the same processes in modern oceans. Thus, throughout 

this thesis, the temperature will not be considered a significant driver for organic 

matter degradation and no correlation between ocean water temperature during 

Member IV deposition and degradation are expected.  

1.4 Sedimentary Organic Matter 

Sedimentary organic matter (SOM) has been broadly used as a tool to interpret 

past environments providing valuable information about sea-level fluctuations, 

continental climates and ocean chemistry. However, it constitutes a minor fraction 

of the sedimentary record. Most of the organic matter (OM) produced in the 

biosphere is remineralised to its inorganic constituents such that only 0.1–0.5% 

of global primary productivity is preserved in the geosphere (Berner, 1982, 1990; 

Harvey et al., 1995; Rocha, 2007). Depending on the size of the organic fraction 

in the water column, different terminologies are adopted. So, for example, 

dissolved organic carbon (DOC), repeatedly mentioned throughout this thesis, 

typically corresponds to the organic fraction between 0.22 and 0.7 μm, while 

particulate organic matter (POM) corresponds to organic fractions between 0.7 

μm and 1 cm.  

The balance between organic matter production and degradation-preservation 

has immense consequences for the global carbon and oxygen cycles. The burial 

and preservation of organic matter in marine sediments are essential factors in 

modulating atmospheric oxygen and carbon dioxide over geological time. Hence, 

organic matter degradation determines the net CO2 removal from the atmosphere 

and oxygen input to the atmosphere (Berner and Canfield, 1989).  
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The principal source of primary OM in most aquatic systems is the 

photosynthetic production by phytoplankton (Bordovsky, 1965). This process is 

known as primary or autotrophic production. OM is produced thanks to 

biosynthetic processes, which use energy from sunlight through photosensitive 

pigments, transforming dissolved inorganic carbon (DIC) and nutrients into 

organic material (Redfield, 1992). The simplified reaction represents the 

photosynthetic production of organic matter:  

CO2 +H2O →CH2O +O2 

Carbon (in the form of CO2 or HCO3) and water (H2O) are abundant in aquatic 

settings. However, OM production requires additional nutrients such as nitrogen 

and phosphorus. Nitrogen is obtained via nitrogen fixation (N2 to NH3 conversion) 

by diazotrophs microbes, and P generally comes from the weathering of 

continental rocks and remineralization from deep-waters (Meyers, 1997). The 

availability of these bio-limiting elements, influenced by upwelling processes and 

the oceans' chemistry, will determine OM production. Produced OM will be 

eventually used by heterotrophic organisms, which cannot produce their own 

food and require taking nutrients from other sources of organic carbon. This 

process is known as secondary or heterotrophic production. However, only a 

small fraction of the organic matter ingested by heterotrophic organisms is used 

to grow. Instead, the majority will be respired back to DIC, and nutrients will be 

reused by autotrophs. 

The processes that trigger organic matter burial and preservation have been a 

longstanding focus of study. Demaison and Moore (1980) related organic-rich 

sediment preservation to anoxia. Conversely, Pedersen and Calvert (1990) 

suggested that the accumulation of organic-rich sediments is predominantly 

driven by high primary production of OM. Additionally, the reactivity of organic 

matter, redox oscillations, and oxygen exposure time may impact the still unclear 

relation between column anoxia and organic matter preservation (Aller and 

Mackin, 1984; Canfield, 1994; Arndt et al., 2013). OM, considered a reduced form 

of carbon in oxic environments and hence at an elevated free energy state, is 

unstable and generally degraded while sinking from the photic zone to the surface 

layer of sediments (Meyers, 1997). The oxidation process is linked to the 

sequential utilisation of terminal electron acceptors (TEAs), typically in the order 

of O2, NO3
-, Mn (VI), Fe (III) and SO4

2− followed by methanogenesis and 

fermentation. 
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However, little is known about the controls on organic matter degradability 

during burial. Various studies have stated that degradation efficiency is not 

constant (Canfield, 1994; Hedges and Keil, 1995; Hedges et al., 1999), organic 

carbon burial rates vary significantly in space and time (Canfield, 1994; Blair and 

Aller, 2012), and some organic compounds are preferentially degraded and 

become selectively depleted in organic matter (Lee, 1992; Cowie and Hedges, 

1994). The variability in degradation rate may be due to molecular structural 

features, i.e., short-chain lipids are more reactive than long-chain lipids, and 

unsaturated bonds are more reactive than saturated ones (Canuel and Martens, 

1996). In addition, Harvey et al. (1995) found that carbohydrates were more 

reactive than protein under oxic conditions and reverse under anoxic conditions. 

Thus, varying degradation pathways, controlled by the nature of the organic 

matter and the redox conditions, may induce variable preservation rates of 

organic matter and, therefore, fluctuating organic carbon storage, playing a 

critical role in carbon cycling.  

1.4.1 Neoproterozoic organic matter 

The evolution and diversification of eukaryotic communities during the 

Neoproterozoic is still a matter of debate. In that sense, major scientific questions 

remain unresolved, such as a) timing of the transition between bacteria-

dominated environments to eukaryotic-dominated environments, b) impact of the 

increase in nutrients after snowball glaciations (Shields et al., 1997; Planavsky et 

al., 2010) c) impact on biogeochemical cycles and d) link between the rise of 

atmospheric and oceanic oxygen levels (Shields and Och, 2011, Lyons et al., 

2014) and animal evolution (Butterfield, 2009). 

Specific molecular records characterise the different Neoproterozoic Periods: 

• Tonian Period (1000-850 Ma): Schuneman et al. (2002) summarised that 

around 850 Ma, the molecular compounds were formed by 

eubacterial/cyanobacterial hopanes, eukaryotic steranes, and heterotrophic 

protists. 

• Cryogenian Period (850-635 Ma): before global glaciations took place, 

several photosynthetic algae, principally red algae, were well established 

(Butterfield et al., 1994, Brocks et al., 2017), implying a potential ice-free area 

that allowed organisms to survive in diverse marine ecosystems (Le Heron, 

2012). Eukaryotic sterane biomarkers appear to be age-diagnostic for this period 
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as only cholestane (C27) has been identified as the only conventional structure 

(Brocks et al., 2016). Moreover, the analysis of hydrocarbon biomarkers revealed 

a new sterane, cryostane, solely produced by sponges (Giner, 1993). Brocks et 

al. (2016) postulated that instead of corresponding to a diagenetic alteration 

product of C27 sterol, the cryostane corresponds to sterane isomers having a C-

26 methylated side-chain and seems to be restricted to pre-Snowball Earth 

sediments, thus tentatively placing the appearance of the earliest animals 

between 700-800 Ma. In terms of nutrient availability, the apparent positive-

feedback loop between low phosphate abundances and low atmospheric oxygen 

present during the Cryogenian (Cook and Shergold, 2005; Reinhard 2017) 

favoured a particular environment unsuitable for algal growth development but 

ideal for cyanobacteria. 

• Ediacaran Period (635-542 Ma): the molecular record is characterised by 

a remarkable evolution towards higher nutrient levels. The oversupply of nutrients 

facilitated the predominance and expansion of macroalgae over bacteria after 

intense weathering of glacial sediments (Laakso and Schrag, 2014). In addition, 

a more efficient biological pump allowed the emergence of degradation-resistant 

algal biopolymers (n-alkyl lipids) (Knoll et al., 2007), which could have possibly 

caused permanently increased rates of carbon burial and oxygen release to the 

atmosphere (Laakso and Schrag, 2014; Brocks et al., 2017). The primary 

expression of the molecular evolution towards higher nutrient levels was 

achieved by the onset of the earliest complex organisms at 575 Ma, known as 

the Ediacaran biota (Narbonne, 2005). It is still unclear whether these primitive 

organisms are the ancestor of modern life. However, their presence marks a shift 

from ecosystems previously dominated by prokaryotes, impacting the system's 

carbon distribution and shedding light on oxygen requirements for animal 

evolution. However, the resurgence of a prokaryote-dominated phytoplankton 

community during the mid-Cambrian (Xiang et al., 2018) suggests that replacing 

cyanobacteria by eukaryotes was not a unidirectional process during the 

Ediacaran-Cambrian transition (Brocks et al., 2017).  

In the Yangtze platform, the study of organic-rich levels is constrained 

principally to the Ediacaran-Cambrian periods. During Tonian and Cryogenian 

periods, organic matter production and preservation is undeniably limited for the 

glacial periods, which slowed down the biogeochemical cycles and, therefore, the 

production of organic matter (Planavsky et al., 2010). However, during the 
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Ediacaran Period, two well-differentiated organic-rich levels can be distinguished, 

the black shales at the top of the Doushantuo Fm. and the black shales above 

the Ediacaran-Cambrian transition. The organic matter in the Yangtze platform 

comprises multicellular eukaryotic and prokaryotic organisms (e.g., macroalgae, 

cyanobacteria, and eukaryotic phytoplankton) and early animals (Butterfield et 

al., 1994).  

Member IV black shales have been previously characterised as transgressive 

deposits formed during highstand system tracts (Wang et al., 1998; Zhu et al., 

2007), with variable thickness (1-200m) and high TOC content (0.58-15%) (Li et 

al., 2010; Ju et al., 2014). However, little is known about the origin or provenance 

of this organic matter and the spatial variability distribution. This thesis 

contributes to Member IV complex and challenging organic matter 

characterisation and addresses local paleoenvironmental conditions that 

triggered primary production that facilitated its deposition and preservation. 

1.5 Biogeochemistry of the Carbon Cycle  

The principal reservoirs of oxidised and reduced carbon in the Earth are 

carbonate rocks and organic matter. Jointly, these reservoirs exceed the carbon 

masses in the atmosphere, ocean water and modern land plants. Mass of 

carbonates, represented by limestones and dolomites, accounts for a fraction of 

84% (6.23 x107 PgC) of total carbon in the sedimentary record, and the remaining 

16% fraction corresponds to organic matter (1.25x107 PgC) (Hayes and 

Waldbauer, 2006). The carbon cycle reflects the carbon exchange between the 

different reservoirs (geosphere, hydrosphere, atmosphere and biosphere) and 

the hydrosphere's redox state and biochemical processes. As a closed system, 

the carbon cycle tends to remain in a steady state. However, perturbations of the 

carbon cycle have been recorded in the sedimentary record throughout Earth 

history.  

In geochemistry, carbon isotope variations in marine carbonates and 

covarying organic matter are robust indicators of biogeochemical cycling 

(Summons and Hayes, 1992). These variations are expressed as δ13C, the 

difference in per mil of 13C:12C with respect to the international reference standard 

Vienna Pee Dee Belemnite (VPDB), established as δ13C value of 0‰. Thus, the 

values of δ13C can be positive, indicating enrichment of 13C relative to the 

standard, or negative, indicating depletion of 13C.  
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The precipitation of inorganic carbonate involves only very little isotopic 

fractionation relative to total DIC, and the δ13C of carbonate is relatively 

insensitive to changes in temperature (about 0.035‰ per oC) (Lynch-Stieglitz, 

2003). Therefore, the δ13C of inorganically precipitated carbonate in the oceans 

is close to the original total dissolved carbonate (Maslin and Swann, 2005). In 

contrast, there is very strong fractionation during the capture of carbon in organic 

matter by photosynthesis (Summons, 1992; Hayes, Strauss and Kaufman, 1999). 

This is because organic processes preferentially incorporate 12C than 13C 

because the bond strength in the light isotope (12C) is weaker relative to the heavy 

isotope (13C) due to its lighter mass, and it takes less energy to break the covalent 

bond. This fractionation causes that areas of high productivity are generally 

marked by higher residual δ13C values. 

 By convention, it is considered that the geological carbon cycle is in a steady-

state over long timescales. C isotope mass balance assumes that C(in) must be 

equal to C(out) on >105 years timescales, whereby the isotopic composition of 

C(out) must equal about C(in), which is considered to be equal to -6‰ (mantle 

value) (Kump & Arthur, 1999). δ13Cin reflects the isotopic abundance of C 

weathering and outgassing while δ13Cout are the isotopic abundances of C sinks 

which are carbonate carbon and buried organic carbon (δ13Ccarb + δ13Corg). Thus, 

the conventional C isotope mass balance is defined as:  

    𝛿13𝐶𝑖𝑛 =  δ
13𝐶𝑜𝑟𝑔 ∗ 𝑓𝑜𝑟𝑔 +  δ

13𝐶𝑐𝑎𝑟𝑏 (1 − 𝑓𝑜𝑟𝑔) 

where forg is the fraction of C converted into organic carbon. As the long-term 

average 13C is 0‰ and −30‰ for deposited carbonates and organic carbon, 

respectively, forg is ∼0.2 (“normal values”). Then, it is possible to rearrange the 

equation and calculate the proportion of carbon buried as organic matter as a 

function of the isotopic abundances of the inputs and outputs:  

𝑓𝑜𝑟𝑔 =  (δ
13𝐶𝑐𝑎𝑟𝑏 − 𝛿

13𝐶𝑖𝑛 )/(𝛿
13 𝐶𝑐𝑎𝑟𝑏 −  δ

13𝐶𝑜𝑟𝑔) 

When δ13Cin is not equal to δ13Cout (non-steady-state mass balance), 

perturbations in the system are expressed as variations in the δ13C record.  

Global perturbations in the carbon cycle have been commonly linked to diverse 

mechanisms such as glaciations (Rose et al., 2012; Fairchild et al., 2018), ocean 

oxygenation (Fike et al., 2006; McFadden et al., 2008), redox state fluctuations 

(Wang et al., 2012; Li et al., 2020), and biological innovations (Narbonne, 2005; 

Shields and Och, 2011; Ishikawa et al., 2013).  During the Neoproterozoic, three 
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exceptional excursions were recorded with unusual negative δ13C values below 

the canonical mantle value (−6‰; Kump & Arthur, 1999) (Fig. 1.4). The 

Garvellach excursion (~720 Ma) and the Trezona excursion (~650 Ma) have been 

interpreted as an unprecedented perturbation to the global carbon cycle that 

resulted before the Sturtian and Marinoan global glaciations, respectively 

(Hoffmann et al., 2004; Prave et al., 2016). However, the third excursion, which 

corresponds to the Shuram excursion, has been highly investigated. It records 

the most negative carbonate carbon isotopes in Earth’s history, but its origin and 

duration remain poorly understood and have motivated many hypotheses. This 

thesis is developed amid the uncertain context of the SE and focuses on the 

paleoenvironmental conditions that prevailed in the late Ediacaran oceans and 

seafloor sediments during the recovery from this anomaly.  

 

Fig. 1.4 Carbonate carbon isotope record from the Neoproterozoic to the present day (Shields 
et al., 2019). Data from Saltzman and Thomas (2012). Shadow area represents values below 
the average continental crust and mantle value of -6‰.  

1.5.1 Chemostratigraphy of the Doushantuo Fm. 

The Doushantuo Fm. in South China has been the focus of intensive 

investigation because this stratigraphic unit records a series of negative and 

positive δ13Ccarb excursions, typically uncoupled from coeval δ13Corg. These δ13C 

isotopes series form a traceable pattern recognised in multiple sections along the 

basin. It shows nearly identical δ13C profiles in proximal environments but weakly 

correlated with distal environments (Jiang et al., 2007; Zhou and Xiao, 2007; 

McFadden et al., 2008; Sawaki et al., 2010; Zhu et al., 2013). The Jiulongwan 

section, located in the shelf lagoon area, is the reference section of the 

Doushantuo Fm. due to its complete and continuous stratigraphy and well-
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exposed rock outcrops. Therein, the alternating shale and carbonates, illustrated 

in  Fig. 1.5., have a total thickness of ca. 160m and presented complete and high-

resolution δ13C profiles (McFadden et al., 2008). 

 

Fig. 1.5 Chemostratigraphy of the Doushantuo Fm. in the Jiulongwan section (McFadden et 
al., 2008). 

In the Yangtze Platform, the EN3 shift from +5‰ down to -12‰ is also 

regarded as the DOUNCE (Doushantuo Negative Carbon Excursion) and is 

considered time equivalent to the SE. The DOUNCE shows substantial 

geographic variability within the Yangtze Platform. For example, it has been 

identified in the Yangtze Gorges area (McFadden et al., 2008; Jiang et al., 2012) 

but barely reported outside this area (Zhu et al., 2007b). A surface-to-deep ocean 

δ13C gradient ≥10‰ has been described in many studies (Jiang et al., 2007, 

2008; Ader et al., 2009; Lu et al., 2013), and it is interpreted as a reflection of a 

spatial and temporal chemocline instability in the Nanhua Basin. This δ13C 

gradient is likely one factor that drove the δ13Ccarb heterogeneity between the 

• Lower Member III: dolostone. Positive δ13Ccarb

excursion (EP2) with values up to +5‰. δ13Corg

shows minor variations with values between -30

and -28‰.

• Member II–III boundary: negative δ13Ccarb

excursion (EN2) with values down to −9‰.

• Member IV: Organic-rich shales. δ13C Recovery at

the upper most part of the member towards 0‰.

• Member III-IV boundary. Stable δ13Ccarb at -10‰

and δ13Corg shifts from -30 to -40‰.

• Upper Member III: dolostone. The largest δ13Ccarb

negative excursion, which shifts from +5‰ to

−10‰ (EN3) δ13Corg shows minor variations with

values between -30 and -25‰.

• Member II: alternating dolostone and shales.

Positive δ13Ccarb excursion (EP1) with values up to

+5‰ and invariant δ13Corg at -30‰.

• Member I cap dolostone: negative δ13Ccarb

excursion (EN1) down to ~ −4‰ and δ13Corg

between -25 to -30‰.

EN3

EP2

EN2

EP1

EN1
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surface and the deep-waters, presenting an ambiguous DOUNCE correlation in 

distal environments. It has been further proposed that the long-term stratification 

was likely maintained by the presence of a large DOC reservoir, creating the 

unusual surface-to-deep gradient between shallow and deep-waters (Jiang et al., 

2008; McFadden et al., 2008).  

This stratified redox structure of the late Ediacaran ocean for the Doushantuo 

Fm. was further supported by iron speciation, trace metal contents, sulfur 

isotopes measured in multiple sections of the Yangtze Platform (McFadden et al., 

2008; Li et al., 2010; Wang et al., 2012). Results indicated that the water column 

was redox stratified and led to the description of two redox models for the 

Doushantuo Fm. illustrated in Fig. 1.6. The “open shelf model” consists of 

dominating ferruginous conditions with a metastable sulfidic wedge in the upper 

slope maintained dynamically by overall low oceanic sulfate concentrations and 

a gradient of sulfate concentration between shallow and deep environments (Li 

et al., 2010). The “intra-shelf basin model” consists of persistent ferruginous 

conditions but with a euxinic water mass largely restricted in the intra basin and 

deep basin settings (Jiang et al., 2011; Wang et al., 2012).  

However, Fe speciation and S isotopes studies on the organic−rich shales of 

Member IV from shallow to deep environments determined that Member IV was 

deposited in environments with euxinic bottom waters and oxygenated shallow 

waters (McFadden et al., 2008; Scott et al., 2008; Kendall et al., 2015; Sahoo et 

al., 2016; Ostrander et al., 2019). Moreover, the same studies reported 

high δ238U, δ98Mo, and Mo concentrations that were used to suggest extensive 

ocean oxygenation during the deposition of Member IV, being the last of several 

oceanic oxygenation events (OOEs) reported throughout the Ediacaran Period 

(McFadden et al., 2008; Sahoo et al., 2016; Gregory et al., 2017; Ostrander et 

al., 2019). 
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Fig. 1.6 Redox models for the Doushantuo Fm. a) Open shelf model (Li et al., 2010) and b) 
intrashelf basin model (Jiang et al., 2011). Image modified after Cui et al. (2015). 

1.5.2 The late Ediacaran Shuram excursion 

The most dramatic shift of carbonate carbon isotopes in Earth’s history with 

values of −12‰ is known as the Shuram excursion and is recorded in worldwide 

late Ediacaran deposits. It was first described in the Shuram-Wonoka Fm. in 

Oman (Burns and Matter, 1993; Fike et al., 2006; Le Guerroué, Allen and Cozzi, 

2006) and later correlated in Australia (Calver, 2000), USA (Corsetti and 

Kaufman, 2003; Bergmann et al., 2011; Verdel et al., 2011), Canada (Macdonald 

et al., 2013), Scotland (Prave et al., 2009), India (Kaufman et al., 2006), 

Scandinavia (Melezhik et al., 2008) and South China (Jiang et al., 2008; 

McFadden et al., 2008) where is correlated with the DOUNCE. The SE represents 

one of the most enigmatic geochemical events in Earth history and has been the 

focus of two primary controversies. First, it remains highly debated whether the 

SE records primary seawater compositions or it is the result of diagenetic 

processes (Fike et al., 2006; McFadden et al., 2008; Derry, 2010; Grotzinger et 

al., 2011; Jiang et al., 2012; Oehlert and Swart, 2014). Secondly, the absence of 

a reliable chronology of the SE leads to notable disparity in estimated durations 

and onset ages of the SE (Condon et al., 2005; Le Guerroué et al., 2006; Minguez 

et al., 2015; Canfield et al., 2020; Rooney et al., 2020). Further investigations and 

constraints about the origin and duration of the SE are fundamental to provide 

critical insights into the temporal relationship between the SE and the evolution 

and/or extinction of the Ediacaran biota (Darroch et al., 2018; Muscente et al., 

2018; Zhang et al., 2019).  

Key worldwide stratigraphic successions show characteristic decoupled 

a
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carbonate and organic carbon isotopes (Fig. 1.7a-b) with significant variations of 

δ13Corg values from −23‰ to −37‰ (Calver, 2000; Fike et al., 2006; McFadden 

et al., 2008) (Fig. 1.7b). Covariation between δ13Ccarb and δ13Corg isotope records 

is traditionally used to assess ancient DIC pool changes. This is because, under 

the conventional understanding of the carbon cycle, δ13C of organic and 

carbonate carbon is derived from the same DIC reservoir and covary accordingly 

(Rothman et al., 2003). However, the remarkably δ13Corg isotopic heterogeneity 

described in the SE is inconsistent with an isotopically homogenized ocean and 

doubts the excursion's global synchronicity. 

 
Fig. 1.7 Comparison of the SE in four key sections worldwide.  a) δ13Ccarb comparison. b) δ13Corg 
comparison. Blue circle= Oman (Fike et al., 2006); Green circles= California (Verdel, Wernicke 
and Bowring, 2011); Yellow circles= Australia (Calver, 2000); Red circles= South China 
(McFadden et al., 2008). Data are superimposed and normalized to the thickness of the SE.  

Different hypotheses are proposed that may account for the decoupled δ13Ccarb 

and δ13Corg data. Some hypotheses have typically focused on diagenesis, such 

as meteoric water alterations and fluid-rock interactions (Knoll et al., 1986; Derry, 

2010; Grotzinger et al., 2011; Jiang et al., 2012; Oehlert and Swart, 2014) or 

authigenic carbonate deposition (Schrag, 2013; Cui et al., 2017). Other 

hypotheses have attributed the decoupled pattern to detrital organic carbon 

contribution (Jiang et al., 2012; Johnston et al., 2012; Lee et al., 2015) or 

chemoautotrophic biomass contributions (Jiang et al., 2010). Alternative 

hypotheses suggest a non-steady-state dynamics of the marine carbon cycle that 

implies remineralization of massive 13C-depleted dissolved organic carbon during 

a globally synchronous ocean oxygenation event (Rothman et al., 2003; Fike et 

al., 2006; McFadden et al., 2008; Swanson-Hysell et al., 2010) or a large carbon 

isotopic gradient (Husson et al., 2020). 

These hypotheses are controversial with equivocal solutions. If the SE is 
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diagenetic in origin, it is necessary to explain synchronous local processes that 

produce similar diagenetic modifications globally. If, on the other hand, the SE 

reflects primary seawater compositions, additional evidence of the existence of a 

massive DOC pool and surplus oxidant budget capable of sustaining the 12C-

enrichment during such prolonged excursion is required. However, both 

hypotheses are not mutually exclusive if some C-recycling processes could have 

started in the water column and continued during sedimentary diagenesis.  

The other aspect that makes the SE highly controversial is its duration. If this 

excursion records a global phenomenon, similar ages and durations of the SE 

should be expected. However, there are no absolute ages that precisely date the 

onset and termination age of the SE, even comparing the same stratigraphic 

sections. For example, while Le Guerroué et al. (2006) suggested a 50 Ma 

duration of the SE in Oman, Miyazaki et al. (2018) suggested a duration between 

10-30 Ma, and Gong and Li (2020) estimated duration of 7.7± 0.2 Ma for the exact 

Oman location. Similarly, in South China, the termination of the SE has been 

traditionally correlated to the top of Member IV at 551.1 ± 0.7 Ma (Condon et al., 

2005). 

On the other hand, Rooney et al. (2020) have recently constrained the onset 

and termination of the SE at 574.0 ± 4.7 and 567.3 ± 3.0 Ma, respectively, 

comparing radioisotopic dates on carbonaceous shales and mudstones from two 

separate palaeocontinents (Oman and Canada). Alternatively, Gong and Li 

(2020) proposed that the onset and termination ages in Oman are 570.2 ± 1.1 

Ma and 562.5 ± 1.1 Ma, respectively, and Canfield et al. (2020) constrained the 

timing of the SE in Canada with a beginning after 571 Ma and end before 562 

Ma. Altogether, the studies published between 2018-2020 mentioned collectively 

seem to constrain the onset and termination between ∼570 and ∼560 Ma, 

respectively, which supports the global synchronously of the SE.  

However, critical stratigraphic sections, such as South China, show 

remarkable inconsistencies in terms of timing. For example, age estimations from 

Condon et al. (2005) have been traditionally used to set the stratigraphic base 

and top of the Doustantuo Fm. between 635 and 551 Ma. respectively. However, 

the termination age of the Dounshantuo Fm. at 551 Ma, equivalent to the 

termination of Member IV and the SE in this study, results problematic because 

is it ∼10 Ma younger than the ∼560 Ma supported by all the new ages mentioned 

above. This inconsistency requires a re-evaluation of the global synchronicity of 
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the SE.  

On the one hand, it can be suggested that the reliability of Condon et al., (2005) 

time constraint needs to be re-evaluated to assess if errors may have occurred. 

This is especially recommended after Zhou et al. (2018), who proposed a second 

critical timing constraint for the ending of the DOUNCE, correlated with the SE, 

with a termination U-Pb age of 557±3 Ma. Moreover, Chen et al. (2004) dated 

using Pb-Pb, a phosphorite bed near the base of Member IV at 576±14Ma, which 

raises the possibility of setting the base of Member IV between 560 and 570 Ma. 

Thus, these two latter studies would propose a SE timing more consistent with 

the new ages. However, complementary studies would be required to constrain 

better the top and base of Member IV and the potential correlation between the 

phosphorite level from Chen et al. (2004) and Member IV.  

On the other hand, if Condon et al. (2005) calculated ages are correct, which 

would require new and complementary dating to obtain a robust time frame, the 

implications turn highly relevant because it would imply that SE may not be global 

and may be regionally controlled. In view of the most recent studies of the SE 

timing constraints, and given the geochemical similarity between the SE 

worldwide and the DOUNCE in South China, this thesis considers that the 

DOUNCE and the SE are correlated and, therefore, the SE was global. Then, it 

is reasonable to think that Condon et al., (2005) data are incorrect or imprecise, 

and Zhou et al. (2018) and Chen et al. (2004) show a more accurate timing 

estimation. However, in the absence of complementary studies supporting Zhou 

et al. (2018) and Chen et al. (2004) results, this thesis will maintain the age of 

560 and 551 as the base and top of Member IV, respectively, although subject to 

modification if new accurate and complementary data is obtained from Member 

IV in South China.  

1.6 Biogeochemistry of the Marine Nitrogen Cycle 

The nitrogen cycle is the biogeochemical cycle whereby N2 is converted into 

various chemical forms. The atmosphere is composed mainly of nitrogen (N2, 

~78%), and it is the ultimate source of N in organic matter, continental and ocean 

waters, and sediments. However, this gas is inert because of the strength of its 

N≡N triple bond and is metabolically useless to all except diazotrophs 

microorganisms. These microbes, including Azotobacter and archaea, use the 

enzyme nitrogenase to break the triple bond and covert N2 into compounds that 

https://en.wikipedia.org/wiki/Azotobacter
https://en.wikipedia.org/wiki/Archaea
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plants and animals can assimilate. Nitrogen has two naturally occurring stable 

isotopes, 14N and 15N, representing 99.636% and 0.364% of present atmospheric 

N2. Their isotopic ratio is expressed as δ15N, the difference in per mil of 15N/14N 

with respect to standard atmospheric N2, δ15N = 0‰ (Mariotti, 1983). 

The N cycle controls the availability of nitrogenous nutrients and biological 

productivity in marine systems and thus is directly linked to the fixation of 

atmospheric carbon dioxide and the export of carbon from the ocean's surface 

(Falkowski et al., 1998).  

The N cycle is composed of oxidation-reduction reactions, shown in Fig. 1.8, that 

can be classified into basic processes:  

• Nitrogen fixation: the first step on the N cycle is the conversion of inert N2 into 

ammonium (NH4
+). Atmospheric N2 is fixated by aerobic or anaerobic 

autotrophs and transformed into organic matter (NH4
+) with an isotopic 

fractionation of −4 to 0‰ (Zerkle et al., 2008). 

• Assimilation: NH4
+ is assimilated preferentially by phytoplankton because it 

involves a redox reaction and requires little energy (Zehr and Ward, 2002). 

The associated isotopic fraction is between −10‰ to −27‰ and decreases 

with NH4
+ availability (Pennock et al., 1996). In oxic environments, NH4

+ is 

generally nitrified immediately via sequential oxidation to NO2- and NO3-. If the 

oxidation is quantitively complete, no fractionation is expressed. However, if 

the oxidation is incomplete, the residual NH4
+ is enriched in 15N (Granger et 

al., 2011).  

• Ammonification/Remineralization: the remineralisation of organic matter is 

highly efficient and produces NH4
+ with little no or isotopic fractionation 

(Lehman et al., 2002; Möbius, 2013). 

• Nitrification: Nitrification converts NH4
+ into nitrites (NO2-) and nitrates (NO3-

) through oxidation. This process is carried out by nitrifying bacteria 

(Nitrosomonas converts NH4
+ ions into NO2-, while Nitrobacter can convert the 

NO2- into NO3-). The first oxidation step to NO2- involves a strong fractionation 

between −38‰ to −14‰ (Mariotti et al., 1981; Casciotti et al., 2003). The 

second oxidation step to NO3– involves a fractionation between +12.8 to +31‰ 

(Mariotti et al., 1981; Casciotti et al., 2003). 

• Denitrification: denitrifying bacteria carry out this chemical reduction process 

in the absence of oxygen. It converts nitrates (NO3–) into nitrogen gas (N2) with 
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an isotopic fractionation of εNO3– N2 ~ +15 to +30‰ (Mariotti et al., 1981; 

Granger et al., 2008). 

• Anaerobic ammonium oxidation (anammox): anaerobic chemoautotrophic 

bacteria oxidize (NH4
+) to N2 by nitrite (NO2−) (Kuypers et al., 2003). 

 

Fig. 1.8 Marine nitrogen Cycle representation and intermediate oxidation and reduction reactions 
that form the different nitrogen compounds (Arrigo, 2005). 

However, the identification and reliability of δ15N signatures are affected by 

several factors: 

• Analytical procedures: a) the impact of the HCl/HF-attack on the δ15N of the 

carbonaceous matter, and b) large amounts of CO2 produced during 

combustion may prevent an efficient reduction of trace amounts of NOx into 

N2 and may produce isobaric interference with measured 15N14N (Beaumont 

et al., 1994). 

• Diagenetic alteration: At metamorphic grades higher than greenschist facies, 

a decrease in N content is often coupled to an increase in δ15Nsed as 15N-

depleted fixed ammonium is preferentially volatilized during metamorphism 

(Bebout and Fogel, 1992; Busigny et al., 2013).  

• 15N mass balance: as in the carbon cycle, the mantle is the source of N in the 

atmosphere, sediments and ocean. The weighted mean δ15N should be equal 

to that of the mantle. However, there is not a consensus about the δ15N values 

of the mantle. For example, in oceanic island basalts, Fischer et al. (2005) 

determined a range of δ15N from −8‰ to more than +6‰, but Cartigny (2005) 

determined a range of δ15N= −5±3‰ in mid-ocean ridge basalts. This 
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uncertainty makes it challenging to balance the largest atmospheric reservoir, 

with δ15N=0, with the smaller sedimentary and ocean reservoirs.  

1.6.1 Neoproterozoic N Cycle 

δ15N is strongly dependent on the biogeochemical nitrogen cycle in the water 

column, simultaneously controlled by the ocean redox structure (Fennel et al., 

2005; Quan and Falkowski, 2009; Canfield et al., 2010; Boyle et al., 2013). The 

local redox conditions determine the dissolved inorganic nitrogen speciation, 

nitrate being stable in oxic waters and ammonium in anoxic waters (Ader et al., 

2014). Therefore, any change in marine redox structure profoundly impacts the 

nitrogen nutrient cycling in the global ocean, which should be reflected in the N 

isotope signature of sedimentary rocks (δ15Nsed).  

The availability of fixed nitrogen in the ocean is primarily regulated by the 

balance between N2-fixation and losses through denitrification. The importance 

of N2-fixation was likely greater during widespread anoxia periods, which 

enhanced the rate of denitrification and hence loss of fixed nitrogen (Monteiro et 

al., 2012). δ15N values higher than those produced by biological N2-fixation have 

been traditionally interpreted as signatures of aerobic nitrogen cycling and have 

been described since the Archaean and Paleoproterozoic (Garvin et al., 2009; 

Kump et al., 2011; Bekker and Holland, 2012; Busigny et al., 2013). This implies 

that surface waters during the Archaean and Paleoproterozoic contained enough 

dissolved oxygen to form significant amounts of nitrate, which was then partially 

denitrified in the water column and assimilated into biomass (Koehler et al., 

2017).  

Similarly, the δ15N of modern marine sediments are typically between +2 and 

+5‰ (Altabet and Francois, 1994). It is called “normal marine production” and 

represents the equilibrium between N assimilation, N2-fixation and denitrification. 

Interestingly, δ15N values during the Neoproterozoic, and more specifically during 

the late Ediacaran, show similar values as the “normal marine production” (Ader 

et al., 2014; Koehler et al., 2017) (Fig. 1.9). The mechanism producing δ15N 

between +2 and +5‰ in the modern ocean consists of partial denitrification of a 

nitrate pool in the water column which leaves the residual nitrate enriched in 15N, 

as the biologically governed steps of denitrification, like nitrification, preferentially 

use 14N over 15N. So N2, the most common end-product of denitrification, would 
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be isotopically depleted in 15N, and organisms could assimilate the remaining 

heavy nitrate pool (Sigman et al., 2009).  

 

Fig. 1.9 Average nitrogen isotopic composition of bulk marine sedimentary rocks. Image from 
(Koehler et al., 2017) with data compiled from the literature (see Stüeken et al., 2015 for 
references). Each point represents a time-point average. The solid black line marks the running 
mean over three points. The dashed red box indicated the Neoproterozoic Era. The horizontal 
black dashed line indicates the δ15N for atmospheric N2. 

In the Yangtze Platform, δ15N data are mostly limited to the Ediacaran-

Cambrian transition. For example, Cremonese et al. (2013 and 2014) found 

variations in the trend of δ15N, between −1‰ and +9‰ in a platform-to-basin 

transect. These results were interpreted as a result of the chemocline fluctuation 

related to variable redox conditions during the Ediacaran-Cambrian transition and 

potentially correlated with variations in the water O2 concentration. In a similar 

line, Kikumoto et al. (2014) described relatively stable δ15N values around +6‰ 

during the early to middle Ediacaran that shifted down to −1‰ during the early 

Cambrian. Similarly, this trend was interpreted as a shift from a nitrate-limited to 

a nitrate-rich condition mainly due to the ocean's oxygenation.  

 δ15N correlation of worldwide mid-Ediacaran deposits (∼750 to 580 Ma), 

including the Yangtze Platform, led Ader et al. (2014) to propose that the 

transition from anoxic to the oxic deep ocean could happen sometime before 750 

Ma based on the existence of a stable nitrate reservoir during this period. 

However, the ocean oxygenation during the Ediacaran is considered episodic 

rather than unidirectional, with an alternating period of anoxic and oxic column 

waters (Li et al., 2010; Chen et al., 2015). Thus, it is likely that the nitrogen cycle 

fluctuated between two environmental scenarios illustrated in the models 

proposed by  Ader et al. (2014) and shown in Fig. 1.10. The first scenario (Fig. 
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1.10a) represents an oxic ocean where NO3− is quantitatively lost in the core of 

euxinic OMZs and O2 rarely penetrates surface sediments. The second scenario 

Fig. 1.10b represents a redox-stratified ocean with a relatively deep redox 

transition zone where nitrate and ammonium are quantitatively converted to 

N2/N2O at the redox transition zone. 

 

 

Fig. 1.10 Schematic representation of the nitrogen cycle (Ader et al., 2014, 2016). a) Mid 
Ediacaran ocean model (750 to 580 Ma) with extended oxic conditions, OMZ and anoxic 
bottom waters. b) in a redox-stratified ocean with a relatively deep redox transition zone.  

 

1.7  Research methodology 

 This thesis integrated three well-differentiated methodologies: geochemical 

analysis, Raman spectroscopy and SEM, and paleoproductivity modelling. 

a b

a b



 

30 

 

1.7.1 Sampling 

 Two field trips to China were carried out during July 2017 and May 2018 in 

collaboration with scientists at the Nanjing University and the China University of 

Geoscience in Wuhan. During the first field campaign, samples from proximal 

environments located in the Three Gorges Are (Hubei province) were collected. 

The sections selected were Xiangerwan (XG), Zhimaping (ZM) and Qinglinkou 

(QK). Sections located in distal environments (Hunan and Guizhou provinces) 

were investigated in the second field campaign. In this case, the sections visited 

were Taoying (TY, upper slope), Xiajiaomeng (XJ, lower slope) and Fengtan (FT, 

basin). 174 samples representing four main lithologies (limestone, dolostone, 

black shale and chert) were collected. Four additional reference sections in the 

Three Gorges area and the distal environments were also investigated but not 

included in this study. These sections include Jiulongwan (shelf lagoon), Wantan 

(upper slope), Longbizui (basin), and Maoshi (distal platform).  

1.7.2 Geochemical analyses 

 Portions of the 174 selected samples with no veining or weathering alteration 

were crushed to a very fine powder. Approximately 5g of each rock powder were 

stored in small glass vials for analytical purposes. A suite of geochemical 

analyses using the isotope ratio mass spectrometry (IRMS) technique was 

carried out at the Stable National Environmental Isotope Facility (NEIF) at the 

British Geological Survey (Keyworth, UK). These analyses included per cent total 

organic carbon (TOC) and total nitrogen (TN) content, carbonate and organic 

carbon isotopes (δ13Ccarb and δ13Corg) and nitrogen isotopes (δ15N). Additionally, 

inductively coupled plasma-optical emission spectrometer (ICP-OES) technique 

was run at the Earth Sciences Geochemistry Laboratory UCL (London, UK) to 

obtain Ca, Mg, Fe, Sr and Mn abundances.  

1.7.3 Petrography, Raman spectroscopy and SEM 

 Seventeen organic-rich shales were selected for petrographic and 

spectroscopic analysis. The selection was made based on organic content, so 

samples with high TOC (> 2%wt) and TN (between 0.05% and 0.37%) were used. 

Polished thin sections (TS) were prepared at the Earth Sciences department 

(UCL). Petrographic descriptions were carried out at the Geological 

Spectroscopy Laboratory in the Earth Sciences department (UCL) using an 
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Olympus BX51 petrographic microscope coupled to an Olympus SC-50 CCD 

camera controlled by the Stream Start 1.9 software.  

 Raman spectroscopy was carried out at the Geological Spectroscopy 

Laboratory at UCL with a high-resolution WiTec alpha300 confocal Raman 

imaging system. Two principal functions were used: a) single spectrum 

acquisition and b) large scan area. The first function allowed the acquisition of 

individual spot analyses on different areas of the same sample to confirm spectral 

reproducibility and calculate the sample's thermal maturity. The second function 

allowed to perform micro-Raman imaging on areas up to 1.5 x 1.5 centimetres in 

size to evaluate the organic-mineral association.   

 Scanning electron microscope analyses were performed at the Institute of 

Archaeology (UCL). An Oxford Instrument Xmax 80 electron dispersive 

spectrometer (EDS) detector was used on eight samples. This technique was 

used to complement the identification of mineral phases that resulted in ambiguity 

after Raman analysis. Due to Covid19 restrictions, the acquisition and processing 

of SEM data were performed remotely, guided by the onsite technician.   

1.7.4 Paleoproductivity modelling  

Modelling was carried out with the software OF-Mod (Organic Facies 

Modelling) provided by the Norwegian oil and gas exploration company SINTEF. 

This software is a powerful tool that models organic carbon distribution according 

to variable organic carbon content and redox condition at a basin scale. The 

organic facies modelling concept is based on the interrelated aspects of a) 

production of organic matter (type, quality and quantity), b) preservation 

conditions during deposition and burial, and c) inorganic basin infill. The model 

calculations were compared to different methods for calculating marine primary 

productivity using sediment data. Results show high primary production during 

Member IV organic-rich shales deposition in areas comparable to modern oxygen 

minimum zones. These models also support conclusions obtained from stable 

isotope and micro-Raman analyses. Therefore, deep basin anoxic conditions and 

sedimentation rate are proposed as principal drivers influencing the temporal and 

spatial organic facies preservation and distribution in the Nanhua Basin.  
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Abstract 

Member IV of the Ediacaran Doushantuo Formation records the recovery from 

the most negative carbon isotope excursion in Earth history, known globally as 

the Shuram excursion. However, the main biogeochemical controls that ultimately 

drove this recovery have yet to be elucidated. Here, new carbon and nitrogen data 

from the Nanhua Basin in South China are reported, where δ13Ccarb values rise 

from −8‰ to ∼ −3‰ and δ15N values of organic matter decrease from +5.4‰ to 

+2‰. These trends are proposed to arise from a new equilibrium in the C and N 

cycles where primary production overcomes secondary production as the main 

source of organic matter in sediments. Extensive primary production and organic 

carbon burial favoured the increase of the 13C-enriched DIC budget, which 

counteracted the existing 13C-depleted inorganic carbon pool and led to positive 

shifts in both δ13Ccarb and δ13Corg.  The co-existing Raman spectral data supports 

the enhanced primary production by revealing a systematic difference in kerogen 

structure between depositional environments. This heterogeneity in the kerogen 

structure is suggested to represent different biomass sources. Thus, new 

observations point to the variable dominance of distinct microbial communities in 

the late Ediacaran ecosystems, and that blooms of oxygenic phototrophs 

modulated the recovery from the most negative δ13Ccarb excursion in Earth history.  

2.1 Introduction 

The Ediacaran Period (635−542 Ma) is considered one of the most 

extraordinary and complex periods in the geological record because it recorded 

unprecedented global environmental perturbations. For instance, fundamental 

changes in atmospheric and ocean chemistry led to regional and global 

deep−ocean ventilation (Canfield et al., 2008; Lyons et al., 2014; Li et al., 2018) 

and, most notably, emergence and evolutionary radiation of animal life 

(Narbonne, 2005). This period of upheaval is mainly characterized by the most 

significant C cycle perturbation in Earth history, termed as Shuram Excursion or 

SE, with unusually light carbonate carbon isotope values  (δ13Ccarb) down to 

−12‰ and a characteristic lack of covariation between carbonate and 

sedimentary organic carbon isotope trends (Calver, 2000; Jiang et al., 2007). This 

isotope excursion was first described from the Shuram Formation in Oman (Fike 

et al., 2006). Afterwards, correlative studies from Australia, California and South 
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China (Calver, 2000; McFadden et al., 2008; Verdel et al., 2011) showed this 

excursion was a global phenomenon. However, compared to the trigger 

mechanism (Rothman et al., 2003; Fike et al., 2006; McFadden et al., 2008; 

Grotzinger et al., 2011), the mechanisms that contributed to the recovery from 

this perturbation in the C−cycle remain largely unknown (see reviews in refs 

Grotzinger et al., 2011; Li et al., 2017; Shields et al., 2019).  

 Various hypotheses are proposed to explain the origin of this excursion that 

can be summarized in two principal groups. The first group proposes that the 

excursion results from secondary alteration during burial diagenesis, meteoric 

waters or authigenic carbonate precipitation (Derry et al., 1992; Schrag, 2013; 

Cui et al., 2017). The second group, however, suggests that the excursion is a 

primary depositional carbon isotope signature related to the oxidation of massive 

13C-depleted DOC (Rothman et al., 2003) or other types of organic carbon pools 

(Jiang et al., 2012; Lee et al., 2015) during a globally synchronous ocean 

oxygenation event (Fike et al., 2006; McFadden et al., 2008). Both hypotheses 

are controversial with equivocal solutions. However, they are not mutually 

exclusive if some C-recycling processes started in the water column and 

continued during diagenesis. In the first case, the diagenetic overprint of the 

isotopic signal would have required sediments to be preconditioned so that local 

processes produce the same signal globally. The second case would imply the 

existence of a massive DOC pool in which partial or complete oxidation would 

have required abundant oxidants. In any case, these two main hypotheses are 

not necessarily incompatible as some processes could also have started in the 

water column and continued during sedimentary diagenesis. 

The recovery from the SE to pre-excursion values has been previously 

associated with complete oxidation of a DOC pool (Rothman et al., 2003), 

decreasing input of weathered detrital organic carbon (Jiang et al., 2012), 

decreasing expelled hydrocarbons from sedimentary organic matter (Lee et al., 

2015), or reduced local DIC availability via continued consumption of reduced 

carbon at the shelves (Li et al., 2017). In the South China Nanhua Basin, the 

recovery from the SE is recorded in Member IV of the Doushantuo Formation (ca. 

560−551 Ma). This member consists of organic−rich shales of variable thickness  

(1−30m) deposited during a sea-level highstand with total organic carbon (TOC) 

contents up to 15% (Li et al., 2010). The shale locally hosts the ‘Miaohe biota’, 

which contains abundant macroalgal fossils preserved as carbonaceous 
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compressions (Zhao et al., 2004). This study explores the biological pump during 

this sea-level highstand and its relationship with the recovery from the SE.  

While it is possible that the SE was a consequence of diagenesis, increasing 

evidence support that SE can also represent the oxidation of the marine organic 

carbon pool. Firstly, the abundance of cyanobacterial-like microfossils in granular 

phosphorite beds of the underlying Member II (She et al., 2014), combined with 

13C-enriched carbonate (Ader et al., 2009) and widespread phosphorite deposits 

in the Doushantuo Fm. (She et al., 2014; Cui et al., 2016; Gao et al., 2018) 

suggest the existence of elevated concentrations of organic matter from primary 

producers in the environment. Secondly, if the excursion was driven by oxidation 

of the DOC, it is expected that there would be a close relationship between the 

water column oxygenation and the SE. In this regard, shallow oxic conditions are 

supported by different studies from shallow to deep environments (Scott et al., 

2008; McFadden et al., 2008; Kendall et al., 2015; Sahoo et al., 2016; Ostrander 

et al., 2019), which use Fe speciation and S isotopes to conclude that organic-

rich shales of Member IV were deposited in euxinic environments but with shallow 

oxygenated water. Furthermore, these studies report high δ238U, δ98Mo and Mo 

concentrations that suggest extensive ocean oxygenation during the deposition 

of Member IV. And thirdly, recent quantitative models propose a sufficient and 

realistic oxidant budget for heterogeneous or partial oxidation of the DOC 

occurring only on shelf areas of the global Ediacaran oceans (Shi et al., 2017), 

or the total DOC exhaustion when surplus oxidant is generated through bacterial 

reduction of sulfate weathered from evaporite deposits (Shields et al., 2019).  

In this study, new C-N isotope data are used to explore the framework of the 

existence and oxidation of a massive DOC pool in the water column, but this does 

not exclude the diagenetic possibility for the SE. It is in this context that new C 

and N chemostratigraphic trends and Raman spectra of organic matter are 

reported from six sections that span shallow to deep environments in the Nanhua 

Basin to understand the biogeochemistry of Member IV black shales and its 

relationship to the SE, specifically with the recovery to pre-excursion δ13Ccarb 

values.  
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2.2 Methodology 

2.2.1 Samples 

 174 samples were collected from six different stratigraphic sections that span 

shallow to deep environments in the Nanhua Basin and represent four principal 

lithologies (limestone, dolostone, black shale and chert). Selected portions of 

each sample with no veining or weathering alteration were crushed until getting 

a very fine powder. Approximately 5g of each rock powder were stored in small 

glass vials for analytical purposes. Two different sets of samples, treated and 

untreated with HCl acid, were prepared for the different analytical techniques. 

2.2.2 Isotope ratio mass spectrometry (IRMS) 

 The isotope analyses were performed at the National Environmental Isotope 

Facility (NEIF) at the British Geological Survey, Keyworth, UK. For carbonate 

δ13C and δ18O isotope analysis, the material was ground to a fine powder with an 

agate mortar and pestle. An aliquot of the powder (c. 10mg) was reacted with 

anhydrous phosphoric acid in vacuo at 25.2oC. The CO2 liberated was 

cryogenically separated from water vapour and collected for analysis. 

Measurements were made on a VG Optima mass spectrometer after offline 

extraction of CO2. δ13C and δ18O isotope values are reported as per mil (‰) 

deviations of the isotopic ratios (13C/12C, 18O/16O) calculated to the Vienna Pee 

Dee Belemnite (VPDB) scale using procedural laboratory standards calibrated 

against NBS-19. Overall analytical accuracy for these standards is, on average, 

better than 0.03‰ for δ13C and 0.2% δ18O (both 1SD). Duplicate samples (n=15) 

yield a reproducibility better than 0.05‰ for 13C and 0.06% 18O (1SD).  

 The co-occurring sedimentary organic fraction was separated via dissolution 

in 10% HCl at room temperature overnight. After the reaction, samples were 

rinsed with deionized water several times until reaching a neutral pH. Once 

neutralized, samples were dried overnight at 40°C and stored in glass vials. 

δ13Corg analyses were performed by combustion in a Costech ECS4010 

Elemental Analyser (EA) on-line to a VG TripleTrap (plus secondary cryogenic 

trap) and Optima dual-inlet mass spectrometer. δ13Corg values were calculated 

with respect to the VPDB standard using a within-run bracketed analysis of 

laboratory standards (BROC2), itself calibrated against NBS-22. Replicate 

analysis of standards indicated an accuracy of <0.1‰ (1 SD), and analyses of 

duplicates (n=22) yielded a reproducibility on these procedural standards better 
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than 0.1‰ (1 SD). %C and %N analyses were obtained simultaneously using a 

calibration against Acetanilide as a procedural standard.  

 Nitrogen isotope analyses were performed by combustion in a Thermo 

Finnigan Flash EA (1112 series) on-line to a Delta Plus XL mass spectrometer. 

δ15N was calculated with respect to the δ15N value of air using the BROC2 

standard as a within-run laboratory standard calibrated against USGS40 and 

USGS41. Overall analytical accuracy for these samples is, on average, better 

than 0.2‰. Replicate analysis of some Doushantuo samples (n=8) indicated 

reproducibility of <0.2‰ (1 SD). Due to the high amount of sample required, the 

risk of incomplete oxidation of CO (13C16O) was tested, which may produce 

isobaric interference with measured 15N14N (Beaumont et al., 1994). Between 20-

25 mg of vanadium pentoxide (V2O5) were added to ten selected samples with 

high TOC concentrations (between 5 and 10%). Results showed a reproducibility 

difference between the original sample and the re-measured samples with added 

V2O5 < 0.5‰, implying total CO combustion during the process and no risk of 

isobaric interference. 

2.2.3 Inductively coupled plasma-optical emission spectrometer (ICP-OES) 

 Ca, Mg, Fe, Sr and Mn abundances were obtained with an inductively coupled 

plasma-optical emission spectrometer (ICP-OES, Model: Varian 720-OES) at the 

Earth Sciences Geochemistry Laboratory UCL (London). Method parameters 

include Plasma Power: 1.0 k, Plasma Flow: 15.0 L/Min, Aux Flow: 1.50 L/Min and 

Neb Flow: 0.9 L/Min. Helium was used as the carrier gas. The elemental 

abundances were obtained by calibration of peak intensities of sample solutions 

with a standard analytical solution. Only samples with carbonate > 10% were 

used for ICP-OES (n=80). Carbonate % was calculated as the weight difference 

between the raw and remaining samples after HCl acid treatment.  

2.2.4 Optical microscopy and Raman spectroscopy 

  Raman spectra and hyperspectral images of organic matter were obtained in 

the Geological Spectroscopy Laboratory at UCL with a WITec Confocal Raman 

Imaging system using a 532 nm laser at up to 1000x magnification. 

Carbonaceous targets were detected in standard petrological thin sections (30 

μm in thickness) using an optical microscope (Olympus BX51) equipped with 

4x,10x,20x,50x and 100x objectives. Cosmic ray reduction was applied to all 

spectra, and their backgrounds fitted to a polynomial function and subtracted.  



 

38 

 

 The Raman spectrum of OM has two well-differentiated regions: a first-order 

region (1000–1800 cm−1) and a second-order region (2400–3500 cm−1) 

(Nemanich and Solin, 1979; Beyssac et al., 2002). The most evident is the first-

order region that is composed of two prominent peaks: the disordered (D) band 

(~1350 cm−1) and the graphite (G) band (~1594 cm−1), which represents 

molecular vibrations of C and H atoms with different bonding configuration. The G 

band results from in-plane vibrations of sp2 bonded carbon atoms such as 

graphite (Tuinstra and Koenig, 1970). However, the D band is due to out of plane 

vibrations associated with structural defects (Beny-Bassez and Rouzaud, 1985) 

and represent the motion of the sp2 atoms in an aromatic ring with an A1g 

symmetry mode vibration (Tuinstra and Koenig, 1970). During normal burial 

conditions, OM remains disordered as it has not been subject to high enough 

temperatures to transform into graphite. When disordered, the OM Raman 

spectrum presents additional bands named D2, D3 and D4 bands. These later 

bands, and even the D-band, will eventually disappear during graphitisation until 

the point that in graphite samples, only the G band is present (Beyssac et al., 

2002). There is a slight change for the D band terminology after deconvolution of 

the spectrum. In that case, instead of using the D-band name, it is used D1-band 

(Henry et al., 2019).  

 In this study, two different spectra decomposition and peak calculations were 

followed: 1) only taking into account the main bands at 1350 and 1600 cm-1 to 

calculate the intensity ratio of 1350 cm-1-band versus 1600 cm-1-band, defined as 

I-1350/1600; and 2) deconvoluting the spectra range from 1090 to 1700 cm−1 

using a Lorentzian function into five-band peaks: G-band  (~1594 cm-1), D1-band  

(~1350 cm-1), D2-band  (~1620 cm-1), D3-band  (~1510 cm-1), and D4-band  

(~1245 cm-1). After deconvolution, the main key Raman spectral parameters were 

reported: peak centre position, area, width, full width at half maximum (FWHM) 

and selected peak area ratios. To evaluate maximum metamorphic temperatures 

of organic matter from the Raman spectra, the geothermometer of  Lahfid et al. 

(2010) was used on seventeen representative samples selected from proximal 

and distal depositional environments. This geothermometer applies to 

carbonaceous material ranging from advanced diagenesis (∼200°C) to low-grade 

metamorphism (∼320°C). The principal parameters to estimate the variation of 

area ratio with temperature for low-grade rocks are RA1 = (D1 + D4)/(D1 + D2 + 

D3 + D4 + G) and RA2 = (D1 + D4)/(D2 + D3 + G).  
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2.3 Results 

2.3.1 C and N geochemistry 

 The studied sections are located in the Nanhua Basin and span shelf−to−basin 

depositional environments (Fig. 2.1a-b). Proximal sections include Xiangerwan, 

Zhimaping and Qinglinkou, located in the shelf lagoon paleo-environment (Jiang 

et al., 2011). Distal sections include Taoying  (upper slope), Xiajiaomeng  (lower 

slope) and Fengtan (basin) (Jiang et al., 2011). A simplified stratigraphic 

correlation of Member IV is shown in Fig. 2.1c. This stratigraphic correlation is 

explained in detail in the 2.5.2 section and is based on new and published data 

from the studied and nearby sections that constrain the lateral variability and 

isotopic expression of the SE in South China.  

 
Fig. 2.1 Geological settings. a) Locality map of the South China block and Ediacaran Yangtze 
platform. The dashed square indicates the Nanhua basin approximate extension. b) Basin-
scale paleogeographic reconstruction during the deposition of the Ediacaran Doushantuo Fm. 
(after Jiang et al., 2011) showing the location of the studied sections (black circles) and the 
sections from the literature with published data (blue circles) used to complement the present 
study. c) Simplified stratigraphic correlation of the six studied sections 
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 New C and N data from six shelf-to-basin depositional environments are 

presented in Fig. 2.2 and Table 2-1 Geochemical results. The carbon isotope 

composition of carbonates and organic matter  (δ13Ccarb and δ13Corg) from the 

proximal sections preserve the most similar signal to the SE in Oman (Fike et al., 

2006). In this environment, values of δ13Ccarb from the uppermost part of Member 

III to the top of Member IV exhibit a trend that gradually shifts from −8‰ to ∼ −3‰ 

(Fig. 2.2a).  Similarly, δ13Corg values of the same interval present a shift from 

−32‰ to −38‰, that recovers again to ∼ −30‰ at the top of Member IV (Fig. 

2.2b). These characteristic trends are consistent with previously reported data 

from nearby outcrop samples  (Jiang et al., 2007; Kikumoto et al., 2014; 

McFadden et al., 2008; Wang et al., 2016). On the other hand, the distal sections 

present values of δ13Corg from −30‰ to −39‰ and δ13Ccarb  values from −4.3‰ 

(Wang et al., 2017) to −15.9‰ (Furuyama et al., 2017) upward section. In 

contrast to the recovery trend in the proximal sections, these isotopic trends for 

distal sections vary towards more 13C-depletions at the top of Member IV. The 

exception is found in the Xiajiaomeng section, located in the distal lower slope 

environment and presents the same δ13C patterns as the proximal sections. 

Previous late Ediacaran δ15N data from the studied area are scarce and have 

been reported from only two sections in proximal environments (Ader et al., 2014; 

Kikumoto et al., 2014) and one in distal environments (Wang et al., 2017), and 

have a range in values between +6‰ to +2‰ towards the top of the Doushantuo 

Fm. Results from this study are thus consistent with previous data. However, they 

present a new and complete shelf-to-basin N profile, exclusively spanning 

Member IV. Towards the top of Member IV, most data show similar decreasing 

trends from +5.4‰ to +2.0‰ (n = 83) (Fig. 2.2d), except the Taoying section, 

which instead presents increasing δ15N values from +2.5‰ to +3.7‰. δ15N 

variations from the base to the top of Member IV in the distal environments range 

from +5‰ to +2.5‰. In the proximal area, however, Zhimaping shows more 

significant δ15N variations with a characteristic trend formed by two different 

cycles upward section separated by sharp boundaries with values between 

+3.7‰ to 0‰ and from +3.6‰ to -1.4‰ respectively. 

Similarly, reported Precambrian C/N ratio data are limited, and most of these 

data show a high C/N ratio (Beaumont and Robert, 1999). In this study data, C/N 

ratios of Member IV black shales also markedly exceed the Redfield ratio of 6.6 

(Redfield et al., 1963), with 94% of the values between 10 and 90  (Fig. 2.2e; n = 
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174 including carbonates and Member IV shales). Sections from the proximal 

area collectively show the highest C/N ratios, close to 90. Comparably, distal 

sections (Taoying and Fengtan) show the lowest C/N ratios, significantly below 

the Redfield Ratio, with values as low as 1.3. The statistical C/N distribution for 

only Member IV shales between environments also reflects higher mean values 

in the proximal sections (n=73) compare to the distal sections (n=31), which show 

the lowest mean values in the basin. 

2.3.2 Inductively coupled plasma-optical emission spectrometer (ICP-OES) 

Results from ICP-OES are shown in Table 2-2. Ca contents in the studied 

samples vary between 2 and 56%, with the lowest and highest values found in 

samples from the distal sections. The shelf lagoon samples have Ca content 

between 11 and 35%, while the Ca content varies between 2 and 56% in the 

distal sections. Similarly, Mg contents vary between proximal and distal sections 

but in a more constrained range. For example, Mg content in samples from the 

shelf lagoon varies between <0.1 and 17%, while in the distal areas varies 

between <0.1 and 26%. Proximal and distal areas show similar Fe and Mn 

concentrations with values between 60 and 10000 ppm for Fe and between 3 and 

1200 ppm for Mn. However, Sr is the only element with higher concentrations in 

the proximal than distal areas with values between 38 and 1000 ppm and 35 and 

328 ppm, respectively. Most sections display a Mg/Ca ratio > 0.6, except for some 

samples in the Xiangerwan and Zhimaping sections that show Mg/Ca ratio < 

0.002. Based on the reference materials used during the ICP-OES (uppermost 

grey rows in Table 2-2), the samples with Mg/Ca ratio > 0.6 correspond to 

dolomitic limestone or dolostone, while the remaining samples with Mg/Ca ratio 

< 0.002 correspond to limestone. Finally, Mn/Sr ratio exhibits in general low 

values, between 0.02 and 14, with 94% of the samples (n=80) < 10.  
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Fig. 2.2 New chemostratigraphic columns of carbon and nitrogen isotope compositions in Doushantuo member IV. a) Correlated carbonate carbon isotope trends. 
b) organic carbon isotopes. c) carbonate and organic isotope difference. d) sedimentary nitrogen isotopes, e) total organic carbon content, and f) C/N ratio. Data 
are classified by depositional environments and, where applicable, compared with published data(McFadden et al., 2008; Cremonese et al., 2014; Kikumoto et al., 
2014; Wang et al., 2016; Furuyama et al., 2017; Wang et al., 2017).* U−Pb age of 551.1 ± 0.7 Ma (Condon et al., 2005). Vertical dashed lines from left to right 
show Peedee belemnite, isotopic fractionation imparted to biomass by primary producers typically around −27‰ (Hayes et al., 1999),  photosynthetic range 22-
32‰ based on compilations of Δ13Ccarb-org throughout the Phanerozoic (Hayes et al., 1999), and δ15N for atmospheric N2, and lastly, the Redfield ratio (6.6) (Redfield 
et al., 1963). 
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Table 2-1 Geochemical results 

 

Height δ
13

Ccarb δ
13

Corg TOC δ
15

N TN C/N δ
18

O Ca Mg Fe Mn Sr

m ‰ ‰ % ‰ % atomic ratio ‰ wt% wt% ppm ppm ppm

XIANGERWAN Shelf Lagoon XEW-09 Member III 44.5 -1.5 -28.6 0.5 -2.3

LAT: 31.22 LONG:110.97 Shelf Lagoon XEW-08 Member III 45.3 -0.1 -28.9 0.5 -1.9

Shelf Lagoon XEW-07 Member III 45.8 0.9 -28.2 0.5 -2.1

Shelf Lagoon XEW-06 Member III 47.2 2.1 -27.9 0.5 -1.9

Shelf Lagoon XEW-05 Member III 48.4 3.3 -27.5 0.5 -2.2

Shelf Lagoon XEW-04 Member III 49.6 4.1 -27.9 0.5 -3.3

Shelf Lagoon XEW-03 Member III 50.6 3.8 -28.1 0.5 -1.4

Shelf Lagoon XEW-02 Member III 51.8 5.2 -27.2 0.2 -6.9

Shelf Lagoon XEW-01 Member III 53.4 5.0 -28.0 0.2 -7.7

Shelf Lagoon XEW-I-01 Member III 54.9 5.7 -26.5 0.3 -6.7

Shelf Lagoon XEW-I-02 Member III 55.7 5.3 0.1 -8.2

Shelf Lagoon XEW-I-03 Member III 56.3 6.1 -26.8 0.3 -6.2

Shelf Lagoon XEW-I-04 Member III 57 5.8 -27.0 0.2 -7.1

Shelf Lagoon XEW-I-05 Member III 57.6 6.9 -25.1 0.1 -7.6

Shelf Lagoon XEW-I-06 Member III 58.4 5.1 0.1 -7.3

Shelf Lagoon XEW-I-07 Member III 59.3 2.8 -26.8 0.4 -4.6

Shelf Lagoon XEW-I-08 Member III 60 3.9 -26.5 0.4 -4.5

Shelf Lagoon XEW-I-09 Member III 60.9 3.7 -26.9 0.4 -5.7

Shelf Lagoon XEW-I 10 Member III 61.9

Shelf Lagoon XEW-I 11 Member III 62.6 4.7 -26.5 0.1 -10.8

Shelf Lagoon XEW-I 12 Member III 63.3 5.0 -26.5 0.2 -9.0

Shelf Lagoon XEW-I 13 Member III 63.9 6.3 -27.0 0.1 -8.4

Shelf Lagoon XEW-I 14 Member III 64.9 4.6 -27.3 0.4 -6.8

Shelf Lagoon XEW-I 15 Member III 66.1 5.1 -26.6 0.5 -6.0

Shelf Lagoon XEW-I 16 Member III 67.5 4.5 -25.3 0.5 -4.9

Shelf Lagoon XEW-I 17 Member III 68.3 3.4 -27.2 0.5 -4.9

Shelf Lagoon XEW-I 18 Member III 69.4 2.8 -27.2 0.5 -5.8

Shelf Lagoon XEW-I 19 Member III 69.9 3.1 -27.1 0.5 -4.7

Shelf Lagoon XEW-I 20 Member III 71.3 4.3 -25.9 0.2 -9.2

Shelf Lagoon XEW-I 21 Member III 72.1 1.5 -27.4 0.5 -3.9

Shelf Lagoon XEW-I 22 Member III 73.4 1.9 -27.0 0.5 -4.4

Shelf Lagoon XEW-I 23 Member III 76.4 1.2 -27.5 0.5 -3.5

Shelf Lagoon XEW-I 24 Member III 87.4 -5.5 -26.9 0.5 -5.4

Shelf Lagoon XEW-I 25 Member III 89.6 -5.5 -27.4 0.5 -3.6

Shelf Lagoon XEW-I 26 Member III 90.7 -5.4 -27.2 0.5 -4.8

Shelf Lagoon XEW-I 27 Member III 91.7 -6.9 -27.1 0.5 -5.2

Shelf Lagoon XEW-I 28 Member III 94.4 -8.4 -26.7 0.5 -7.1

Shelf Lagoon XEW-I 29 Member III 95.3 -8.7 -27.1 0.5 -7.3

Sample ID Mg/Ca Mn/SrSection Environment Member
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Height δ
13

Ccarb δ
13

Corg TOC δ
15

N TN C/N δ
18

O Ca Mg Fe Mn Sr

m ‰ ‰ % ‰ % atomic ratio ‰ wt% wt% ppm ppm ppm

Shelf Lagoon XEW-I 30 Member III 97.3 -8.4 -26.1 0.5 -7.5

Shelf Lagoon XEW-I 31 Member III 98.2 -8.6 -26.4 0.5 -7.7

Shelf Lagoon XEW-I 32 Member III 99.2

Shelf Lagoon XEW-I 33 Member III 99.6 -8.6 -34.4 0.1 0.04 4 -7.8 16.1 9.9 4,070 228 39 0.61 5.9

Shelf Lagoon XEW-I 34 Member III 100.8 -8.9 -26.1 0.2 0.05 5 -8.9 14.9 8.7 10,236 446 38 0.58 11.8

Shelf Lagoon XEW-I 35 Member III 101.4 -7.4 -29.6 0.2 0.04 7 -9.4 16.0 8.4 5,411 861 62 0.53 13.9

Shelf Lagoon XEW-I 36 Member III 102.2 -8.8 0.1 0.03 4 -10.7 28.5 1.0 1,152 59 124 0.04 0.5

Shelf Lagoon XEW-I 37 Member III 102.6 -9.0 -27.9 0.3 0.05 7 -9.8 29.4 0.4 476 41 130 0.01 0.3

Shelf Lagoon XEW-I 38 Member III 104.2 -8.7 -28.1 -8.9

Shelf Lagoon XEW-I 39 Member III 105.8

Shelf Lagoon XEW-ZY 21 Member III 106.8 -8.4 0.1 0.03 3 -8.7 29.5 0.3 415 118 152 0.01 0.8

Shelf Lagoon XEW-ZY 20 Member III 108.4 -8.5 0.1 0.03 3 -8.9 32.3 0.2 347 49 166 0.01 0.3

Shelf Lagoon XEW-ZY 19 Member III 109.4 -7.9 0.1 0.04 4 -10.1 30.2 0.4 323 68 128 0.01 0.5

Shelf Lagoon XEW-ZY 18 Member III 110.4 -7.6 0.1 0.03 4 -10.0 31.1 0.4 323 88 158 0.01 0.6

Shelf Lagoon XEW-ZY 17 Member III 111.3 -7.9 0.1 0.03 3 -9.8 28.9 0.5 301 66 136 0.02 0.5

Shelf Lagoon XEW-ZY 16 Member III 112.3 -7.8 0.1 0.04 3 -10.0 24.7 2.6 1,286 83 135 0.10 0.6

Shelf Lagoon XEW-ZY 15 Member III 112.9 -7.7 0.1 0.03 4 -10.8 35.3 0.5 329 83 190 0.01 0.4

Shelf Lagoon XEW-ZY 14 Member III 114.9 -6.9 0.1 0.02 4 -11.1 26.3 2.4 476 140 136 0.09 1.0

Shelf Lagoon XEW-ZY 13 Member III 115.95 -5.1 0.1 0.05 3 -5.3 15.0 9.8 400 84 43 0.66 1.9

Shelf Lagoon XEW-ZY 12 Member III 116.95 -4.1 0.1 0.04 4 -2.5 16.0 10.6 307 96 44 0.66 2.2

Shelf Lagoon XEW-ZY 11 Member IV 117.85 -37.7 2.7 4.4 0.06 50

Shelf Lagoon XEW-ZY 10 Member IV 117.95 -37.8 3.4 4.1 0.07 55

Shelf Lagoon XEW-ZY 9 Member IV 118.25 -37.6 5.9 4.1 0.12 60

Shelf Lagoon XEW-ZY 8 Member IV 118.4 -37.3 5.3 3.8 0.10 61

Shelf Lagoon XEW-ZY 7 Member IV 118.5 -37.2 4.3 3.7 0.09 58

Shelf Lagoon XEW-ZY 6 Member IV 118.6 -37.2 5.3 3.6 0.10 62

Shelf Lagoon XEW-ZY 5 Member IV 118.7 -36.9 4.6 3.6 0.09 59

Shelf Lagoon XEW-ZY4 Dengying Fm. 119.05 -0.6 0.1 0.04 3 -4.0 12.5 8.1 1,036 253 59 0.65 4.3

Shelf Lagoon XEW-ZY 3 Dengying Fm. 119.25 3.2 0.1 0.03 3 -1.1 11.2 7.1 687 171 48 0.63 3.6

Shelf Lagoon XEW-ZY 2 Dengying Fm. 119.85 3.1 -33.2 0.8 0.08 11 -1.3 15.7 10.4 529 94 55 0.66 1.7

Shelf Lagoon XEW-ZY 1 Dengying Fm. 121.85 4.3 -28.8 1.4 0.21 8 -1.3 18.3 12.6 442 163 55 0.69 3.0

ZHIMAPING Shelf Lagoon ZMP 47 Member III 0 -8.1 -27.7 0.7  0.05 16 -9.8 21.5 0.2 318 60 122 0.01 0.5

LAT: 31.07 LONG:110.87 Shelf Lagoon ZMP 46 Member III 0.9 -7.6 -27.6 1.2  0.10 13 -9.7 30.8 0.2 376 59 170 0.01 0.4

Shelf Lagoon ZMP 45 Member III 1.9 -8.2 -28.1 0.6  0.07 9 -9.6 29.7 0.2 482 63 151 0.01 0.4

Shelf Lagoon ZMP 44 Member III 2.6 -8.1 -29.9 1.1  0.10 13 -9.7 30.8 0.2 512 85 161 0.01 0.5

Shelf Lagoon ZMP 43 Member III 3.6 -7.9 -28.5 0.6  0.06 13 -9.9 30.6 0.2 408 73 160 0.01 0.5

Shelf Lagoon ZMP 42 Member III 4.7 -7.9 -30.1 0.9  0.06 17 -9.8 30.8 0.2 406 75 148 0.01 0.5

Shelf Lagoon ZMP 41A Member III 5.7 -7.6 -28.1 1.2  0.10 14 -9.7 29.9 0.2 312 79 155 0.01 0.5

Sample ID Member Mg/Ca Mn/SrSection Environment
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Height δ
13

Ccarb δ
13

Corg TOC δ
15

N TN C/N δ
18

O Ca Mg Fe Mn Sr

m ‰ ‰ % ‰ % atomic ratio ‰ wt% wt% ppm ppm ppm

Shelf Lagoon ZMP 41 Member III 7.7 -7.1 -27.8 2.3  0.09 30 -10.0 33.5 0.2 459 145 179 0.01 0.8

Shelf Lagoon ZMP 40 Member IV 60.0 -38.6 5.0 3.7 0.12 50

Shelf Lagoon ZMP 39 Member IV 61.2 -38.3 2.1 3.4 0.08 33

Shelf Lagoon ZMP 38 Member IV 62.5 -38.4 2.7 2.6 0.08 40

Shelf Lagoon ZMP 37 Member IV 63.3 -38.3 1.4 2.8 0.08 22

Shelf Lagoon ZMP 36 Member IV 64.7 -38.4 2.2 3.2 0.07 36

Shelf Lagoon ZMP 35 Member IV 65.1 -37.3 1.2 2.3 0.05 25

Shelf Lagoon ZMP 34 Member IV 65.8 -37.9 1.4 2.3 0.06 28

Shelf Lagoon ZMP 33 Member IV 66.4 -38.1 1.7 3.2 0.06 32

Shelf Lagoon ZMP 32 Member IV 66.9 -37.8 1.5 1.0 0.06 29

Shelf Lagoon ZMP 31 Member IV 67.6 -37.2 1.2 1.4 0.07 20

Shelf Lagoon ZMP 30 Member IV 68.1 -37.7 1.2 0.0 0.06 24

Shelf Lagoon ZMP 29 Member IV 68.9 -37.9 1.8 3.6 0.07 28

Shelf Lagoon ZMP 28 Member IV 70.8 -37.8 2.1 4.5 0.12 20

Shelf Lagoon ZMP 27 Member IV 71.3 -37.9 1.9 3.4 0.12 19

Shelf Lagoon ZMP 26 Member IV 71.6 -37.8 2.3 3.4 0.12 21

Shelf Lagoon ZMP 25 Member IV 72.4 -37.8 2.2 3.4 0.12 21

Shelf Lagoon ZMP 24 Member IV 73.2 -37.4 2.8 1.9 0.08 43

Shelf Lagoon ZMP 23 Member IV 74.5 -37.2 3.5 2.6 0.13 32

Shelf Lagoon ZMP 23A Member IV 74.5 -37.0 3.7 3.5 0.11 39

Shelf Lagoon ZMP 22 Member IV 75.1 -37.1 2.7 3.4 0.10 32

Shelf Lagoon ZMP 21 Member IV 75.7 -37.2 2.5 2.6 0.10 30

Shelf Lagoon ZMP 20 Member IV 76.4 -36.2 1.6 0.7 0.09 22

Shelf Lagoon ZMP 19 Member IV 77.0 -37.0 2.7 2.4 0.13 25

Shelf Lagoon ZMP 18 Member IV 77.4 -36.3 1.8 1.9 0.09 24

Shelf Lagoon ZMP 17 Member IV 77.7 -36.6 2.2 -1.4 0.10 26

Shelf Lagoon ZMP 16 Member IV 78.1 -35.7 1.2 1.7 0.06 23

Shelf Lagoon ZMP 15 Member IV 78.6 -36.7 2.4 0.11 26

Shelf Lagoon ZMP 14 Member IV 79.2 -36.4 0.4 0.01 35

Shelf Lagoon ZMP 13M Member IV 80.0 -36.5 0.4 0.01 35

Shelf Lagoon ZMP 13C Member IV 80.0 -37.1 5.6 2.6 0.09 74 13.5 0.0 632 3 1,100 0.0

Shelf Lagoon ZMP 12 Member IV 80.3 -35.7 0.3 0.01 39

Shelf Lagoon ZMP 11 Member IV 80.7 -35.9 0.6 0.01 53

Shelf Lagoon ZMP 10 Member IV 81.1 -36.8 1.5 0.04 42

Shelf Lagoon ZMP 9 Member IV 81.6 -36.8 2.1 2.8 0.05 48

Shelf Lagoon ZMP 8 Member IV 81.7 -37.0 2.2 1.9 0.05 52

Shelf Lagoon ZMP 7 Member IV 82.2 -37.1 2.9 2.1 0.06 59

Shelf Lagoon ZMP 6 Member IV 83.2 -37.1 2.1 0.04 69

Mg/Ca Mn/SrSample ID MemberSection Environment
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Height δ
13

Ccarb δ
13

Corg TOC δ
15

N TN C/N δ
18

O Ca Mg Fe Mn Sr

m ‰ ‰ % ‰ % atomic ratio ‰ wt% wt% ppm ppm ppm

Shelf Lagoon ZMP 5 Member IV 85.2 -33.0 0.4 0.02 29

Shelf Lagoon ZMP 4 Member IV 86.6 0.5 -31.3 8.4 0.13 79 -7.6 28.8 0.5 67 37 967 0.02 0.0

Shelf Lagoon F 16 Member IV 87.2 -37.3 2.0 0.02 108

Shelf Lagoon F 15 Member IV 87.4 -37.3 2.2 0.05 55

Shelf Lagoon F 14 Member IV 87.7 -37.3 1.9 0.04 61

Shelf Lagoon F 13 Member IV 87.8 0.3 -29.9 12.0 0.19 76 -8.5 31.6 0.4 18 42 711 0.01 0.1

Shelf Lagoon F 12 Member IV 87.9 -37.4 3.4 3.1 0.05 78

Shelf Lagoon F 11 Member IV 88.2 -37.3 2.6 0.04 75

Shelf Lagoon F 10 Member IV 88.4 -37.3 2.2 0.05 57

Shelf Lagoon F 9 Member IV 88.7 -37.2 2.2 0.03 75

Shelf Lagoon F 8 Member IV 88.9 -37.1 2.0 0.03 74

Shelf Lagoon F 7 Member IV 89.2 -34.9 2.0 0.04 53

Shelf Lagoon F 6 Member IV 89.4 0.5 0.04 13

Shelf Lagoon F 5 Member IV 89.7 -34.6 2.1 2.9 0.07 34 5.2 0.0 2,554 12 121 0.01 0.1

Shelf Lagoon F 4 Member IV 89.9 0.3 -34.6 1.3 0.04 35 -7.8

Shelf Lagoon F 3 Dengying Fm. 90.1 0.2 -31.9 8.7 0.21 49 -9.6 29.4 0.6 89 26 428 0.02 0.1

Shelf Lagoon F 2 Dengying Fm. 90.2 -2.5 -33.9 1.2 0.04 36 -7.2 14.4 0.0 4,565 17 293 0.00 0.1

Shelf Lagoon F 1 Dengying Fm. 90.4 1.3 -29.8 5.3 0.18 34 -9.4 27.5 0.1 535 50 297 0.00 0.2

QINGLINKOU Shelf Lagoon QLK18 Member IV 0.0 -32.7 9.6 3.3 0.19 61

LAT: 30.80    LONG:110.92 Shelf Lagoon QLK17 Member IV 0.3 -33.5 6.8 3.1 0.17 47

Shelf Lagoon QLK16 Member IV 0.7 -37.0 6.5 2.3 0.13 59

Shelf Lagoon QLK15 Member IV 1.1 -36.5 2.1 0.03 82

Shelf Lagoon QLK14 Member IV 1.3 -36.5 1.1 0.02 58

Shelf Lagoon QLK13 Member IV 1.9 -36.6 2.5 0.05 64

Shelf Lagoon QLK12 Member IV 2.7 -5.8 -35.6 3.3 0.06 61 -3.0 17.3 10.9 270 58 65 0.65 0.9

Shelf Lagoon QLK11a Member IV 3.2 -37.0 0.5 0.01 43

Shelf Lagoon QLK11 Member IV 3.9 -35.8 0.3 0.01 33

Shelf Lagoon QLK10 Member IV 5.6 -36.5 1.2 0.02 78

Shelf Lagoon QLK9 Member IV 7.3 -37.1 2.6 0.04 75

Shelf Lagoon QLK8 Member IV 8.5 -36.9 2.7 0.04 71

Shelf Lagoon QLK7 Member IV 8.6 -37.0 3.0 0.04 85

Shelf Lagoon QLK6 Member IV 10.1 -36.7 2.4 0.04 77

Shelf Lagoon QLK5 Member IV 10.2 -36.0 1.8 0.05 45

Shelf Lagoon QLK4 Dengying Fm. 10.4 -3.6 -27.7 0.6 0.02 34 -5.5 12.2 8.1 62 55 68 0.66 0.8

Shelf Lagoon QLK3 Dengying Fm. 10.5 -3.3 -28.4 1.1 0.03 42 -5.4 12.1 7.7 75 56 75 0.63 0.8

Shelf Lagoon QLK2 Dengying Fm. 10.7 -2.8 -29.4 2.6 0.03 93 -6.3 16.0 10.8 61 46 58 0.67 0.8

Shelf Lagoon QLK1 Dengying Fm. 11.3 -2.5 -27.5 2.2 0.05 52 -6.4 17.3 10.9 270 58 65 0.63 0.9

Mg/Ca Mn/SrEnvironment MemberSection Sample ID
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Height δ
13

Ccarb δ
13

Corg TOC δ
15

N TN C/N δ
18

O Ca Mg Fe Mn Sr

m ‰ ‰ % ‰ % atomic ratio ‰ wt% wt% ppm ppm ppm

TAOYING Upper Slope 18-TY-1 Member III 0.0 -30.2 0.2 0.04 6

LAT: 27.83   LONG:109.01 Upper Slope 18-TY-2 Member III 0.5 -29.4 0.1 0.05 3

Upper Slope 18-TY-3 Member III 1.0 -29.8 0.1 6.3 0.05 3

Upper Slope 18-TY-4 Member III 1.5 -29.4 0.2 4.3 0.05 4

Upper Slope 18-TY-5 Member IV 2.0 -35.7 1.1 2.5 0.07 17

Upper Slope 18-TY-6 Member IV 2.1 -36.2 1.7 2.7 0.08 26

Upper Slope 18-TY-7 Member IV 2.5 -36.1 2.2 2.6 0.09 29

Upper Slope 18-TY-8 Member IV 2.8 -35.9 2.6 2.6 0.09 34

Upper Slope 18-TY-9 Member IV 3.3 -35.7 3.9 2.9 0.11 43

Upper Slope 18-TY-10 Member IV 3.5 -33.1 9.9 3.1 0.19 61

Upper Slope 18-TY-11 Member IV 6.0 -37.1 0.7 2.8 0.16 5

Upper Slope 18-TY-12 Member IV 6.3 -39.2 4.6 3.9 0.10 51

Upper Slope 18-TY-13 Member IV 7.1 -39.2 3.0 3.7 0.16 22

Upper Slope 18-TY-14 Member IV 7.7 -38.5 1.7 3.7 0.19 10

XIAJIAOMENG Lower Slope XJM -11.9 Member III 0.0 -0.5 -31.8 1 0.04 31 -6.5 16.8 10.4 2,368 422 83 0.6 5.1

LAT: 26.69   LONG:108.34 Lower Slope XJM -10.7 Member III 0.4 -0.1 -31.8 0.8 0.04 21 -7.5 23.1 14.6 2,176 564 144 0.63 3.9

Lower Slope XJM -9.9 Member III 1.2 0.9 -29.0 0.1 0.03 5 -7.0 16.0 9.9 1,660 470 94 0.62 5.0

Lower Slope XJM -5.9 Member III 1.5 -0.8 -30.7 0.7 0.05 15 -8.2 16.1 9.9 1,170 400 100 0.61 4.0

Lower Slope XJM -5.4 Member III 2.0 -0.8 -33.4 1.5 0.04 42 -8.2 15.8 9.1 1,289 562 146 0.58 3.9

Lower Slope XJM -4.4 Member III 2.2 -1.2 -33.5 2 3.2 0.07 35 -8.9 19.6 12.2 1,802 745 174 0.62 4.3

Lower Slope XJM -2.4 Member III 2.4 -29.9 10.7 4.1 0.29 44

Lower Slope XJM -2.2 Member III 4.4 -3.8 -29.6 5.9 0.17 41 -7.9 9.3 5.3 1,807 755 146 0.58 5.2

Lower Slope XJM -2 Member III 5.4 -4.1 -34.2 6.4 0.16 47 -8.4 17.9 11.3 1,614 761 84 0.63 9.1

Lower Slope XJM -1.5 Member III 5.9 -4.6 -33.9 4.7 0.13 43 -8.8 28.9 17.2 1,612 934 162 0.59 5.8

Lower Slope XMJE 0.2 Member III 6.5 -31.4 1.3

Lower Slope XMJE 0.8 Member III 7.3 -31.5 0.7

Lower Slope XJME 2.3 Member III 8.7 -4.3 -32.6 3.8 0.07 60 -7.6 19.0 11.8 3,918 698 119 0.62 5.9

Lower Slope XJME 3 Member III 9.8 -5.3 -32.4 2.7 -7.7 19.1 12.1 2,241 476 70 0.64 6.8

Lower Slope XJME 4.1 Member III 10.3 -6.7 -31.4 0.8 -7.8 21.0 13.4 2,269 422 62 0.64 6.8

Lower Slope XJME 4.6 Member III 11.2 -6.3 -27.6 0.3 0.04 9 -6.9 18.2 11.2 2,210 377 50 0.62 7.6

Lower Slope XJME 5.5 Member III 11.8 -6.1 -31.8 0.7 -7.3 18.5 11.7 2,521 405 59 0.63 6.9

Lower Slope XJME 6.1 Member III 12.6 -5.2 -29.8 0.3 0.04 9 -6.7 18.1 11.3 1,463 431 92 0.63 4.7

Lower Slope XJME 6.9 Member III 13.3 -4.6 -29.2 0.3 -7.0 14.2 8.6 1,495 427 79 0.61 5.4

Lower Slope XJME 7.6 Member III 13.5 -4.2 -32.9 2.1 -8.0 16.1 9.9 1,815 462 116 0.61 4.0

Lower Slope XJME 7.75 Member III 13.6 -4.2 -32.6 1.5 -7.2 17.7 11.0 2,236 509 125 0.62 4.1

Lower Slope XJME 7.85 Member III 13.8 -3.7 -32.5 0.7 0.03 8 -8.9 4.3 2.6 9,502 134 19 0.61 7.0

Lower Slope XJME 8.05 Member IV 13.9 -32.8 8.3 4.3 0.26 38

Lower Slope XJME 8.15 Member IV 14.2 -32.6 9.7 4.9 0.25 45

Section Sample ID Mg/Ca Mn/SrEnvironment Member



 

48 

 

 

Height δ
13

Ccarb δ
13

Corg TOC δ
15

N TN C/N δ
18

O Ca Mg Fe Mn Sr

m ‰ ‰ % ‰ % atomic ratio ‰ wt% wt% ppm ppm ppm

Lower Slope XJME 8.45 Member IV 14.6 -3.5 -32.5 10.5 4.5 0.25 50 -7.6 14.5 7.3 3,095 644 156 0.51 4.1

Lower Slope XJME 8.85 Member IV 14.8 -2.3 -30.4 9.9 4.0 0.26 45 -8.8 6.2 3.4 1,886 311 50 0.54 6.2

Lower Slope XJME 9.1 Member IV 15.1 -2.0 -34.3 4.7 3.8 0.15 37 -8.6 13.1 7.1 3,843 704 126 0.54 5.6

Lower Slope XJME 9.4 Member IV 15.3 -1.2 -29.8 6.2 2.6 0.15 48 -7.7 10.2 6.0 971 695 65 0.59 10.7

Lower Slope XJME 9.6 Dengying Fm. 15.6 -1.2 -29.4 0.4 0.03 17 -8.1 10.6 6.3 1,722 750 119 0.60 6.3

Lower Slope XJME 9.9 Dengying Fm. 15.9 -1.2 -31.0 0.5 0.04 18 -8.2 18.5 11.7 1,138 942 142 0.63 6.6

Lower Slope XJMW 37 Member IV 7.9 -35.1 0.5 0.04 12 3.7 2.1 828 103 39 0.56 2.7

Lower Slope XJMW 41 Member IV 10.2 -34.3 7.2 3.9 0.2 43 2.8 1.8 1,376 139 55 0.65 2.5

Lower Slope XJMW 45 Member IV 12.9 -3.2 -30.0 10.7 4.0 0.29 44 -8.4 7.4 4.3 2,059 394 111 0.58 3.6

FENGTAN Basin FT -1.8 Member III 0.0 -13.6 -31.2 0.2 5.0 0.16 2 -4.3 11.3 7.2 780 851 77 0.6 11.0

LAT: 28.72   LONG:110.29 Basin FT -1.4 Member III 0.4 -6.1 -31.6 0.1 4.3 0.15 1 -4.0 4.0 2.7 1,035 303 35 0.7 8.7

Basin FT -0.9 Member III 0.9 -6.1 -31.9 0.3 5.1 0.13 2 -2.8 10.2 5.9 2,745 785 85 0.6 9.2

Basin FT -0.6 Member III 1.2 -31.6 0.2 4.6 0.15 1

Basin FT -0.4 Member III 1.4 -31.6 0.1 5.0 0.17 1

Basin FT -0.35 Member IV 1.5 -32.0 0.3 5.4 0.20 2 2.2 0.0 5,928 13 67 0.0 0.2

Basin FT -0.2 Member IV 1.6 -32.6 0.2 4.6 0.20 1

Basin FT -0.15 Member IV 1.7 -33.5 0.4 4.3 0.19 3

Basin FT -0.1 Member IV 1.7 -33.6 0.8 4.4 0.22 4

Basin FT 0 Member IV 1.8 -33.9 1.2 4.9 0.27 5

Basin FT 0.02 Member IV 1.8 -34.1 1.5 4.4 0.13 13

Basin FT 0.12 Member IV 1.9 -34.5 3.3 4.2 0.15 26

Basin FT 0.25 Member IV 2.1 -34.4 2.4 4.5 0.12 24

Basin FT 0.4 Member IV 2.2 -34.3 7.0 4.2 0.37 22

Basin FT 0.6 Member IV 2.4 -34.3 2.0 3.9 0.10 24

Basin FT 0.8 Member IV 2.6 -34.4 2.0 3.1 0.12 19

Basin FT 1 Member IV 2.8 -34.2 2.1 3.2 0.11 22

Basin FT 1.2 Member IV 3.0 -34.2 1.9 3.1 0.09 25

Basin FT 1.4 Member IV 3.2 -34.6 6.1 4.0 0.07 105

Basin FT 1.5 Member IV 3.3 -34.6 8.5 2.8 0.05 191

Basin FT 1.7 Member IV 3.5 -34.2 1.4 2.9 0.09 19

Basin FT 2 Member IV 3.8 -33.2 1.1

Basin FT 2.3 Member IV 4.1 -33.9 0.7 0.02 48

Basin FT 2.6 Member IV 4.4 -34.5 1.5

Basin FT 2.9 Member IV 4.7 -34.9 1.6 3.4 0.10 20

Basin FT 3.5 Member IV 5.3 -34.4 0.9

Basin FT 3.7 Dengying Fm. 5.5 -35.1 1.4 0.01 275

Basin FT 5.1 Dengying Fm. 6.9 -35.2 1.3 0.02 72

Basin FT 6.1 Dengying Fm. 7.9 -35.4 1.4 0.02 83

Basin FT 6.7 Dengying Fm. 8.5 -35.1 1.5 4.6 0.05 36

Section Sample ID Mg/Ca Mn/SrEnvironment Member
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Table 2-2 ICP-OES results 

 

Sample Ca (wt%) Mg (wt%) Fe (ppm) Mn (ppm) Sr (ppm) Mg/Ca Mn/Sr Sample Ca (wt%) Mg (wt%) Fe (ppm) Mn (ppm) Sr (ppm) Mg/Ca Mn/Sr

DOL LIM 25.0 17.1 1992 231 49 0.685 4.7 DOL LIM 25.0 17.1 1992 231 49 0.685 4.7

LIMESTONE 34.4 0.1 60 62 130 0.002 0.5 LIMESTONE 34.4 0.1 60 62 130 0.002 0.5

XEW 1 18.3 12.6 442 163 55 0.688 3.0 XJMW 45 7.4 4.3 2059 394 111 0.580 3.5

XEW 2 15.7 10.4 529 94 55 0.665 1.7 XJMW 41 2.8 1.8 1376 139 55 0.646 2.5

XEW 3 11.2 7.1 687 171 48 0.630 3.6 XJMW 40 2.3 1.6 5925 94 38 0.682 2.5

XEW 4 12.5 8.1 1036 253 59 0.649 4.3 XJMW 39 15.9 10.1 1336 546 147 0.633 3.7

XEW 12 16.0 10.6 307 96 44 0.664 2.2 XJMW 38 9.4 6.0 789 296 80 0.631 3.7

XEW 13 15.0 9.8 400 84 43 0.655 1.9 XJMW 37 3.7 2.1 828 103 39 0.563 2.7

XEW 14 26.3 2.4 476 140 136 0.092 1.0 XJMW 36 14.8 9.8 1319 380 75 0.659 5.1

XEW 15 35.3 0.5 329 83 190 0.015 0.4 XJMW 35 12.1 7.6 1623 204 73 0.628 2.8

XEW 16 24.7 2.6 1286 83 135 0.104 0.6 XJMW 34 14.2 9.2 2985 414 184 0.644 2.3

XEW 17 28.9 0.5 301 66 136 0.016 0.5 XJMW 33 16.4 10.6 2055 504 219 0.649 2.3

XEW 18 31.1 0.4 323 88 158 0.014 0.6 XJMW 32 4.3 2.3 1970 165 59 0.538 2.8

XEW 19 30.2 0.4 323 68 128 0.013 0.5 XJMW 29 12.1 7.3 3951 683 189 0.606 3.6

XEW 20 32.3 0.2 347 49 166 0.007 0.3 XJMW 28 5.1 1.7 2142 181 174 0.329 1.0

XEW 21 29.5 0.3 415 118 152 0.009 0.8 XJME 1.6 9.7 5.5 4621 1101 74 0.571 14.8

XEW 23 31.7 0.4 786 44 139 0.014 0.3 XJME 2.3 19.0 11.8 3918 698 119 0.621 5.9

XEW 33 16.1 9.9 4070 228 39 0.614 5.9 XJME 3 19.1 12.1 2241 476 70 0.637 6.8

XEW 34 14.9 8.7 10236 446 38 0.584 11.8 XJME 6.1 18.1 11.3 1463 431 92 0.625 4.7

XEW 35 16.0 8.4 5411 861 62 0.526 13.9 XJME 6.9 14.2 8.6 1495 427 79 0.607 5.4

XEW 36 28.5 1.0 1152 59 124 0.035 0.5 XJME 7.6 16.1 9.9 1815 462 116 0.614 4.0

XEW 37 29.4 0.4 476 41 130 0.013 0.3 XJME 7.75 17.7 11.0 2236 509 125 0.620 4.1

F1 27.5 0.1 535 50 297 0.005 0.2 XJME 8.45 14.5 7.3 3095 644 156 0.506 4.1

F2 14.4 0.0 4565 17 293 0.002 0.1 XJME 8.85 6.2 3.4 1886 311 50 0.544 6.2

F3 29.4 0.6 89 26 428 0.021 0.1 XJME 9.1 13.1 7.1 3843 704 126 0.541 5.6

F5 5.2 0.0 2554 12 121 0.008 0.1 XJME 9.4 10.2 6.0 971 695 65 0.590 10.7

F13 31.6 0.4 18 42 711 0.013 0.1 XJME 9.6 10.6 6.3 1722 750 119 0.599 6.3

ZMP 4 28.8 0.5 67 37 967 0.016 0.0 XJME 9.9 18.5 11.7 1138 942 142 0.633 6.6

ZMP 13C 13.5 0.0 632 3 1100 0.001 0.0 XJM 0 16.8 10.4 2368 422 83 0.619 5.1

ZMP 41A 33.5 0.2 459 145 179 0.006 0.8 XJM -0.4 23.1 14.6 2176 564 144 0.634 3.9

ZMP 41 29.9 0.2 312 79 155 0.006 0.5 XJM -1.2 16.0 9.9 1660 470 94 0.617 5.0

ZMP 42 30.8 0.2 406 75 148 0.007 0.5 XJM -2 15.8 9.1 1289 562 146 0.576 3.8

ZMP 43 30.6 0.2 408 73 160 0.007 0.5 XJM -2.2 19.6 12.2 1802 745 174 0.623 4.3

ZMP 44 30.8 0.2 512 85 161 0.008 0.5 XJM -4.4 9.3 5.3 1807 755 146 0.575 5.2

ZMP 45 29.7 0.2 482 63 151 0.006 0.4 XJM -5.9 28.9 17.2 1612 934 162 0.594 5.8

ZMP 46 30.8 0.2 376 59 170 0.007 0.3 XJM -9.9 23.4 14.5 1224 429 82 0.620 5.2

ZMP 47 21.5 0.2 318 60 122 0.007 0.5 XJM -10.7 56.5 26.5 4988 1280 328 0.469 3.9

QLK 1 17.3 10.9 270 58 65 0.632 0.9 XJM -11.9 34.2 19.8 3664 766 190 0.580 4.0

QLK 2 16.0 10.8 61 46 58 0.671 0.8 FT -1.8 11.3 7.2 780 851 77 0.641 11.0

QLK 3 12.1 7.7 75 56 75 0.635 0.7 FT -1.4 4.0 2.7 1035 303 35 0.664 8.7

QLK4 12.2 8.1 62 55 68 0.660 0.8 FT -0.9 10.2 5.9 2745 785 85 0.583 9.2

QLK 12 13.6 8.9 368 116 68 0.655 1.7 FT -0.35 2.2 0.0 5928 13 67 0.010 0.2



 

50 

 

2.3.3 Raman Spectroscopy 

Raman spectra of organic matter in the studied samples show the typical 

features of disordered organic matter, with two broad bands at ∼1350 cm−1 (or 

D1 band) and ∼1600 cm−1 (G band) (Fig. 2.3a). These characteristic D1 and G 

bands, together with their intensity ratio (Fig. 2.3b), defined as I-1350/1600, allow 

identifying different predominant types of kerogen structure. Kerogen structure 

“type-A” predominates in proximal and lower slope sections, and it is 

characterized by a wide D1 band, a resolvable shoulder of the D4 band at ∼1245 

cm-1, and an intense and narrow G band with a I-1350/I-1600 between 0.61 and 

0.75. Kerogen structure “type-B” dominates in the basinal environment and is 

characterized by narrow D1 and G bands with similar intensities and the I-1350/I-

1600 between 0.94 and 1.11. In addition, the upper slope area shows a mixed 

“type-C” kerogen structure characterized by a more intense G band, similar to 

“type-A”, and narrower D1 and G bands, similar to “type-B” and with intermediate 

I-1350/I-1600 values between 0.8-0.83.  

 

 

Fig. 2.3 Raman spectra of organic matter in 
Doushantuo Member IV. Raman spectra are 
organized by depositional environments and show 
the disordered but variable structure of organic 
matter. The two broad bands at ∼1350 cm−1 and 

∼1600 cm−1 are used to calculate peak metamorphic 
temperatures and yield an intensity ratio defined as I-
1350/1600 (“I” in this figure). b) Compilation of I-
1350/1600 results from seventeen samples of the 
studied sections showing the distribution of the 
calculated intensity ratio along the basin. 
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Table 2-3 Peak temperature estimation 

 
 

Position FWHM Area Position FWHM Area Position FWHM Area Position FWHM Area Position FWHM Area I-1350 I-1600I1350/1600 D1 G R

XEW-ZY 6-1 1590 49 2,900 1342 137 11,700 1611 33 3,500 1515 121 2,000 1238 80 1,100 0.98 65 95 0.68 65.5 96 0.68 0.60 1.52 285 279

XEW-ZY 6-2 1590 51 4,138 1341 135 10,500 1612 26 1,486 1508 150 2,400 1241 120 1,800 0.98 34 49 0.69 54 74 0.73 0.61 1.53 287 281

XEW-ZY 6-3 1590 37 1,500 1342 132 5,825 1613 32 1,850 1540 80 740 1241 56 400 0.97 35 50 0.70 34.2 49.5 0.69 0.60 1.52 285 278

XEW-ZY 9-1 1590 64 6,500 1351 135 14,000 1609 30 2,000 1507 140 3,250 1245 140 3,900 0.98 144 203 0.71 77 102 0.75 0.60 1.52 285 279

XEW-ZY 9-2 1590 67 5,250 1347 140 11,500 1609 33 2,045 1510 90 931 1245 85 1,000 0.97 62 85 0.73 62 83 0.75 0.60 1.52 284 278

XEW-ZY 9-3 1570 43 2,000 1347 178 11,000 1608 33 3,150 1500 191 2,700 1227 111 900 0.97 53 74 0.72 52 74 0.70 0.60 1.52 283 277

XEW-ZY 10-1 1594 50 4,695 1349 136 12,500 1613 31 2,172 1512 180 3,200 1242 130 2,800 0.99 70 97 0.72 63 90 0.70 0.60 1.52 284 278

XEW-ZY 10-2 1590 50 2,750 1346 147 9,600 1612 32 2,650 1520 110 1,600 1235 77 1,070 0.98 54 81 0.66 51 79 0.65 0.60 1.52 285 279

XEW-ZY 10-3 1590 66 2,700 1335 150 6,700 1610 33 1,650 1510 80 650 1245 180 900 0.97 37 55 0.67 35 54 0.65 0.60 1.52 284 278

F3-1 1596 55 2,000 1350 125 5,800 1615 30 1,237 1505 160 1,200 1248 100 900 0.98 66 98 0.67 31 45 0.69 0.60 1.51 282 276

F3-2 1590 60 12,900 1346 130 48,600 1613 33 15,000 1510 140 9,500 1240 110 8,000 0.98 280 400 0.70 286 402 0.71 0.60 1.51 283 276

F3-3 1585 43 18,200 1348 124 79,700 1611 33 35,000 1515 120 14,000 1245 100 22,500 0.98 515 780 0.66 498 771 0.65 0.60 1.52 284 278

F13-1 1594 60 25,000 1344 113 90,000 1611 35 24,000 1517 160 21,000 1246 120 15,800 0.98 518 700 0.74 525 700 0.75 0.60 1.51 283 276

F13-2 1594 45 11,000 1345 130 32,000 1620 32 6,800 1510 111 5,800 1245 78 3,600 0.97 180 249 0.72 160 222 0.72 0.60 1.51 282 275

F13-3 1592 53 21,000 1348 140 60,200 1614 33 12,000 1520 115 12,000 1238 98 8,000 0.98 320 425 0.75 324 430 0.75 0.60 1.52 283 277

ZMP 13C-1 1594 43 2,500 1348 123 12,100 1612 33.5 4,400 1523 130 3,100 1248 100 3,000 0.98 79 116 0.68 76 115 0.66 0.60 1.51 282 276

ZMP 13C-2 1585 72 4,800 1360 133 8,500 1620 40 600 1510 160 2,600 1248 155 3,500 0.98 42 55 0.76 47 63 0.74 0.60 1.50 280 273

ZMP 13C-3 1595 42 12,600 1345 127 41,500 1613 33.5 12,500 1520 113 7,300 1244 84 7,300 0.98 254 378 0.67 249 380 0.66 0.60 1.51 281 275

QLK 9-1 1586 44 3,500 1346 129 12,400 1611 32 4,400 1506 118 1,650 1247 86 2,200 0.99 68 110 0.62 53.5 85 0.63 0.60 1.53 286 280

QLK 9-2 1590 42 3,300 1344 130 10,000 1612 32 2,800 1505 118 1,400 1245 100 1,500 0.98 55 85 0.65 52 80 0.65 0.61 1.53 287 281

QLK 9-3 1592 47 4,144 1346 100 12,300 1612 27 3362 1509 160 3,000 1249 120 3,900 0.99 300 450 0.67 70 110 0.64 0.61 1.54 289 283

QLK 16-1 1592 62 11,000 1348 160 25,500 1612 23 2100 1520 160 5,800 1240 110 3,500 0.99 304 470 0.65 108 164 0.66 0.61 1.53 287 281

QLK 16-2 1590 58 9,100 1348 157 21,600 1614 32 3,400 1500 130 2,600 1237 75 1,650 0.98 108 158 0.68 105 153 0.69 0.61 1.54 288 282

QLK 16-3 1590 56 10,700 1348 154 26,800 1613 32 4,900 1505 134 3,600 1240 76 2,800 0.98 120 186 0.65 114 184 0.62 0.61 1.54 288 283

QLK 18-1 1590 59 2,173 1350 147 4,900 1611 24 646 1513 180 1,400 1245 150 1,582 0.99 25 37 0.67 24 36 0.67 0.61 1.54 287 281

QLK 18-2 1585 62 910 1348 170 2,550 1610 33 465 1525 134 450 1230 86 260 0.98 10 14 0.67 9 14 0.64 0.61 1.54 288 282

QLK 18-3 1590 63 880 1348 167 1,500 1612 32 60 1510 138 400 1230 197 550 0.97 7 10 0.68 6.5 9.5 0.68 0.60 1.53 286 280

18-TY-12-1 1594 40 5,600 1343 118 41,600 1607 45 15,500 1514 180 9,000 1242 127 5,500 0.98 49 60 0.81 250 314 0.80 0.61 1.56 293 288

18-TY 12-2 1592 41 12,000 1342 101 40,000 1610 40 9,800 1512 142 9,000 1242 108 8,400 0.98 277 349 0.79 271 325 0.83 0.61 1.57 294 289

18-TY 12-3 1594 50 10,000 1345 108 24,000 1611 40 3,400 1510 150 6,000 1242 142 6,400 0.98 158 192 0.82 156 190 0.82 0.61 1.57 293 288

18-TY 10-1 1596 48 2,800 1345 111 12,000 1607 43 3,700 1515 150 3,300 1245 133 3,500 0.99 78 98 0.80 77 96 0.80 0.61 1.58 296 291

18-TY-10-2 1592 48 3,500 1344 120 11,700 1609 40 2,400 1515 170 2,800 1246 130 2,000 0.99 79 99 0.80 68 84 0.81 0.61 1.57 295 290

18-TY 10-3 1592 47 7,000 1340 120 27,150 1611 41 6,100 1511 148 6,700 1243 100 4,200 0.98 168 212 0.79 150 180 0.83 0.61 1.58 296 292

XJMW 45-1 1591 33 4,548 1351 156 45,566 1603 42 17098 1510 137 10800 1245 110 7,020 0.99 204 328 0.62 207 316 0.66 0.62 1.62 303 300

XJMW 45-2 1590 75 12,500 1357 160 27,000 1606 37 4,200 1490 108 2,600 1253 123 4,000 0.98 120 190 0.63 178 294 0.61 0.62 1.61 301 297

XJMW 45-3 1590 60 11,500 1350 150 40,000 1607 35 10,000 1502 152 6,800 1245 85 5,500 0.99 190 300 0.63 118 182 0.65 0.62 1.61 301 297

XJMW 41-1 1594 71 22,600 1359 160 48,000 1610 33 3,900 1510 140 6,500 1245 100 5,200 0.98 210 306 0.69 197 294 0.67 0.62 1.61 302 298

XJMW 41-2 1592 43 9,000 1351 120 17,500 1611 33 2,300 1510 130 2,800 1245 150 5,200 0.97 107 170 0.63 191 313 0.61 0.62 1.61 301 298

XJMW 41-3 1590 63 13,800 1347 157 45,700 1606 39 9800 1505 160 7500 1240 110 4,000 0.98 126 198 0.64 200 300 0.67 0.62 1.60 299 295

XJMW 37-1 1590 49 1,387 1348 134 4,038 1611 30 946 1505 150 814 1249 120 1,000 0.99 22 33 0.67 21 32 0.66 0.62 1.60 300 296

XJMW 37-2 1588 48 1,100 1345 133 4,500 1611 34 1,635 1500 151 700 1252 173 1,000 0.97 24 38 0.63 20 38 0.53 0.62 1.60 300 296

FT 0.8-1 1599 43 3,250 1341 77 11,300 1614 35 2,700 1510 200 2,000 1200 150 1,800 0.98 99 90 1.10 100 90 1.11 0.62 1.65 308 306

FT 0.8-2 1600 40 6,000 1343 94 18,000 1620 24 2,600 1530 160 4,600 1204 141 3,800 0.99 66 64 1.03 125 125 1.00 0.62 1.65 309 307

FT 0.8-3 1602 50 7,670 1343 80 18,500 1615 35 2,800 1520 200 2,800 1230 150 3,500 0.98 155 146 1.06 155 148 1.05 0.62 1.66 310 308

FT 0.4-1 1600 45 3,900 1341 100 10,200 1618 25 250 1535 170 3,000 1206 121 1,476 0.98 113 109 1.04 65 64 1.02 0.62 1.63 306 303

FT 0.4-2 1601 66 6,100 1341 110 21,900 1610 35 3,900 1505 150 4,000 1210 80 1,100 0.98 133 141 0.94 84 89 0.94 0.62 1.64 307 305

FT 0.4-3 1600 85 4,400 1342 107 13,000 1612 36 2,700 1500 120 1,800 1220 150 1,650 0.98 84 88 0.95 135 144 0.94 0.62 1.65 308 306

FT 0.12-1 1600 40 7,000 1344 88 19,500 1620 23 2,364 1530 160 4,300 1204 120 3,100 0.99 48 46 1.05 143 138 1.04 0.62 1.65 309 308

FT 0.12-2 1600 45 3,600 1345 85 9,000 1620 35 1,300 1525 150 1,600 1220 150 1,800 0.98 71 70 1.01 120 114 1.05 0.62 1.66 311 309

FT 0.12-3 1601 45 5,700 1343 84 15,500 1619 35 2,500 1510 170 2,700 1214 120 2,500 0.98 125 118 1.06 144 136 1.06 0.62 1.65 309 307

Intensity

No deconv

LAFHID (2010)

RA1, RA2, T1 and T2 calculated from Lahfid et al., (2010). RA1 = (D1 + D4) ⁄(D1 + D2 + D3 + D4 + G); RA2 = (D1 + D4) ⁄(D2 + D3 + G), T1=(RA1-0.3758)/0.0008; T2=(RA2-0.27)/0.0045  

Deconv
R2

D4
RA1 RA2 T1 (°C) T2 (°C)SAMPLE

G D1 D2 D3
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Lastly, the estimated peak metamorphic temperatures, determined using the 

empirical geothermometer based on the D1-D4 and G fitted curves after spectra 

deconvolution from Lahfid et al. (2010), shows two different area ratios, RA1 and 

RA2, with a result of 0.60-0.62 and 1.50-1.65, respectively. These ratios 

correspond to peak metamorphic temperature (T1) between 280oC and 311oC 

(Table 2-3). Examples of Lorentzian peak-fitted curves after spectra 

deconvolution are shown in Fig. 2.4a and Fig. 2.4b. Results obtained after 

deconvolution, including peak centre position, area, width and full width at half 

maximum (FWHM), are summarised in Table 2-3 Peak temperature estimation. 

The same table also contains the intensity ratio of 1350 cm-1-band versus 1600 

cm-1-band, defined as I-1350/1600, calculated before deconvolution. 

Measurements were repeated three times on different spots of the same sample, 

except in one sample that only two measurements were achieved, to ensure data 

reproducibility (Fig. 2.4c). Thus, the estimated temperatures are consistent with 

previous temperatures reported for the Doushantuo Fm. (Wang et al., 2017; 

Chang et al., 2020). In addition, these results (n=50) also show a thermal basin 

distribution with temperatures between 280-289 oC in the proximal sections and 

between 300-311 oC in the distal sections (Fig. 2.4d).    
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Fig. 2.4 Raman spectrum of Member IV organic-rich shales and Ta estimation. a) Lorentzian 
peak-fitting of a proximal environment sample (Qinglinkou section) with the two first-order 
Raman bands of organic matter at ~1350 cm-1 and ~1600 cm-1. Peak decomposition in bands 
(G, D1, D2, D3 and D4) and FWHM (full width at half maximum) are shown. The coefficient of 
variation (R2) compares the original spectrum (red) with the fitted Raman spectrum (blue). b) 
Similar Lorentzian peak-fitting of a distal environment (Fengtan section). c) Example of the 
three measurements in each sample to ensure data reproducibility. In this example, spectra 
correspond to a sample from the basin. The different colours only indicate different 
measurements. d) Estimated temperature showing a thermal basin heterogeneity between the 
proximal and distal environments.  

2.5 Discussion 

2.5.1 Preservation of organic carbon and nitrogen signatures 

 Post-depositional alteration assessment is critical to interpreting the 

chemostratigraphies of C and N in their depositional environments. This is 

because metamorphic processes alter both C and N isotopic signatures (Bebout 

and Fogel, 1992; Freudenthal et al., 2001; Lehmann et al., 2002). For example, 

at the greenschist metamorphic grade, degradation of organic matter may cause 

minor 13C-enrichments in residual organic matter, and isotopic signatures may be 

altered. In this line, δ13C in organic matter values can become more 13C-enriched 

by typically less than about 1-2‰ (Freudenthal et al., 2001; Lehmann et al., 

2002), and δ15N values of residual sedimentary N can also increase by 1–2‰ 

(Ader et al., 2016).  

To assess the extent of diagenetic and metamorphic alteration on the studied 

samples, the linear relationship of elemental abundance was evaluated with four 

different plots: Mn/Sr- δ13Ccarb, δ13Corg-TOC, TOC-TN and TN-δ15N (Fig. 2.5). The 

Mn/Sr ratio is used to evaluate the possible impact of meteoric diagenesis on 

carbonate. The interaction of carbonates with meteoric fluids during diagenesis, 

metamorphism, or dolomitization increases the Mn/Sr ratio and decreases the 

δ13Ccarb  (Brand and Veizer, 1981). This is because Sr leaches from carbonate 

during meteoritic diagenetic processes, and Mn is incorporated in diagenetic 

cement. It was suggested that carbonates with Mn/Sr <10 usually retain near 

primary δ13Ccarb abundances  (Kaufman and Knoll, 1995). The Mn/Sr- δ13Ccarb 

plot in Fig. 2.5a shows that most of the measured Mn/Sr ratios in this study are 

<10, and no considerable decrease in δ13Ccarb is seen. Thus, meteoric diagenesis 

on carbonate samples is negligible.  

The δ13Corg-TOC plot is generally used to assess whether the degradation of 

organic matter during diagenesis affects the  δ13Corg data (Hayes et al., 1983). 

This is because degradation of organic matter during diagenesis would 
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have caused 13C-depleted loss and residues to be enriched in 13C. However, the 

data from the newly studied samples, shown in Fig. 2.5b, present no negative 

correlation between δ13Corg and TOC values, suggesting insignificant post-

depositional effects δ13Corg values. The TOC-TN plot is usually used to assess 

the co-variations of nitrogen content with TOC and whether N is derived from 

organic matter or sourced from inorganic clay-bound nitrogen. In Fig. 2.5c, it is 

observed that total nitrogen positively correlates with total organic carbon in the 

six sections showing a linear relationship with high correlation coefficients ( R 

>90) in most sections, except in Taoying and Fengtan. The linear relationship 

intercepts on the N axis in these latter sections, meaning that clay-bound nitrogen 

contributes to the measured N data only in these sections. Thus, it can be inferred 

that, in general, N mainly occurs in organic matter, and insignificant isotopic 

fractionation by diagenesis or metamorphism is expected. Note that samples 

from Member III with TOC > 4% correspond to thin layers of black shales 

interbedded within the dolomites. Finally, the TN-δ15N plot is generally used to 

assess whether the loss of N may have substantially altered the δ15N values. This 

is because δ15Nbulk values in sediments typically increase with decreasing TN 

content due to the preferential loss of 14N during thermal alteration (Minagawa 

and Wada, 1986). However, such a negative correlation is not found in the new 

data, indicating insignificant alteration of δ15N values and minimal N loss (Fig. 

2.5c).  

All in all, combined results from the Mn/Sr- δ13Ccarb, δ13Corg-TOC, TOC-TN and 

TN-δ15N cross-plots indicate that significant alteration was not detected and 

suggest that δ13Ccarb, δ13Corg and δ15Nsed values likely reflect primary 

compositions. However, the no detection of diagenesis does not exclude that 

some chemical diagenesis may have occurred, as is interpreted in Chapter 3, 

where sedimentary structures observed are thought to be the result of abiotic 

sedimentary diagenesis of organic matter, although with negligible effect on 

geochemical signatures.   
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Fig. 2.5 Measured isotopic (C and N) compositions and contents (C, N and Mn) plots. a) Mn/Sr 
vs δ13Ccarb, b) δ13Ccarb vs TOC, c) TOC vs TN, and d) TN vs δ15N. The vertical line in a) 
corresponds to the meteoric alteration Mn/Sr threshold below which primary δ13Ccarb 
abundances are retained (Kaufman and Knoll, 1995). The horizontal line in a) corresponds to 
δ13Ccarb reference standard 0‰ (Vienna Peedee belemnite). The vertical line in b) corresponds 
to the isotopic fractionation imparted to biomass by primary producers typically around −27‰ 
(Hayes et al., 1999). Correlation coefficients (R) in c) correspond to Member IV. The horizontal 
line in d) corresponds to δ15N reference standard 0‰ (Atmospheric N2).  

2.5.2 Member IV stratigraphic correlation 

Despite Member IV being a laterally continuous organic-rich shale marker bed 

that is tracked throughout the basin (Fig. 2.1c), the presence of two black shale 

layers separated by a dolostone unit in the shelf lagoon (An et al., 2015; Zhou et 

al., 2017) or the distinct δ13Ccarb and δ13Corg profiles in the deep basin (Fig. 2.2a) 

raise the possibility of different stratigraphic correlations. This study approaches 

b

dc

a
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Member IV correlation problem by comparing stratigraphic and geochemical data 

from the proximal and distal sections and evaluates the implications for the SE.   

a) Correlation of proximal sections 

Several sections located in the western region of the Yangtze Gorges area  

(shelf lagoon) present two black shale layers separated by a dolostone interval, 

named upper black shale  (Miaohe Member), upper dolostone  (UD) and lower 

black shale  (LBS), respectively (Zhou et al., 2017). The presence of abundant 

macrofossils, known as the Miaohe biota, in the Miaohe Member has been 

reported from the Miaohe (Xiao et al., 2002) section and more recently from 

Sanlihuang, Zhimaping and Maxi sections (Ye et al., 2019). It is uncertain how 

the Miaohe Member, UD and LBS correlate with Member IV in the rest of the 

Yangtze Gorges area (central and eastern regions) and distal environments, 

where Member IV is characterized by a single black shale layer. This uncertainty 

has brought different stratigraphic interpretations whose principal difference lies 

in the age constraints of the Miaohe biota and, by extension, the duration and 

age of the DOUshantuo Negative Carbon Excursion (DOUNCE). 

The first stratigraphic interpretation, known as the “A” correlation, proposes 

that the Miaohe Member is correlative with the overlying Shibantan Member  

(Dengying Fm.) (An et al., 2015) rather than Member IV of the Doushantuo Fm. 

(Fig. 2.6 left). The implications of this interpretation are of high relevance as the 

only accurate U–Pb age of 551.1 ± 0.7 Ma (Condon et al., 2005) comes from an 

ash layer at the base of the Dengying Fm. at Jiuqunao section, located ∼10km to 

the south of the Miaohe section, thus it would predate the base of the Dengying 

Fm. and therefore, the Miaohe biota, for more than 10 Ma. In addition, the 

oxygenation event documented from the Doushantuo Member IV black shales 

(McFadden et al., 2008; Kendall et al., 2015; Ostrander et al., 2019) and the 

recovery of the δ13Ccarb DOUNCE would be older than that the currently estimated 

age of 551.1 Ma.  

The second stratigraphic interpretation, known as the “Z” correlation, proposes 

a conventional correlation in which the Miaohe Member, UD and LBS are 

equivalent to Member IV (Xiao et al., 2017; Zhou et al., 2017) (Fig. 2.6 right). In 

this case, the western region documents a complete lithostratigraphic sequence 

of the Upper Doushantuo Fm. The UD interval would be wedged and eventually 

disappear towards the central and eastern regions. This results in the merging of 
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the upper and LBS in one single interval. The third stratigraphic correlation 

considers the UD interval to be an allochthonous olistostrome due to large and 

small-scale slumping or faulting, in which case the two shale layers are from the 

same unit and equivalent to Member IV (Lu et al., 2013; Zhu et al., 2013).  

 

Fig. 2.6 “A” correlation (An et al., 2015) and “Z” correlation (Zhou et al., 2017) comparison. ① 

Member III dolostone, ② lower black shale (LBS), ③ upper dolostone (UD), ④ upper black 
shale (UBS). Modified after Zhou et al. (2019). 

Whether any of the mentioned stratigraphic interpretation is correct is still a 

matter of debate that eventually impacts our understanding of the connection 

between the DOUNCE, Shuram excursion and Ediacaran-type biota. 

Stratigraphic, paleontological and geochemical arguments are generally 

combined to approach this problem. This study uses these arguments, previously 

described in the literature, together with the new data to describe a stratigraphic 

correlation similar to the “Z” correlation in the proximal area, but with an 

alternative correlation for the LBS and track Member IV in the distal area. 

• Stratigraphy 

The Doushantuo Fm. was deposited synchronously to the tectonic process 

that led to the compensation of the rifting-inherited palaeobathymetry resulting 

from the break-up of Rodinia (Vernhet, 2007). The tilted block geometry likely 

influenced the facies distribution by developing shallow-water platform facies on 
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the highs (horsts), slope facies on the fault zones, and basin facies within grabens 

(Vernhet, 2007; Vernhet and Reijmer, 2010). Thus, the inherited horst and graben 

system in the platform may have created isolated sub-basins with favourable 

conditions for Ediacaran ecosystems such as the Miaohe Biota (Xiao et al., 2002). 

The duration to compensate for bathymetry variations has been estimated in ∼80 

Ma, based on the uniformly distributed Dengying facies indicating regular 

bathymetry on the platform during its deposition (Vernhet, 2007). The segmented 

geometry on the Yangtze platform during deposition of the Doushantuo Fm. likely 

favoured abrupt lateral variation of facies by which the UD interval would have 

thinned down to a point where it eventually vanished (pinch out) even in a very 

short distance (< 50 km). The uniformity of the Dengying Fm. deposition over the 

platform makes its correlation with the Miaohe Member improbable as the latter, 

according to the “A” correlation, would be only present in the western region of 

the Yangtze Gorges area. The Miaohe Member would have maintained a certain 

lateral continuity in a platform with regular bathymetry and likely tracked beyond 

the western region.  

• Palaeontology 

 Taxonomic differences, principally derived from morphological traits, have 

been reported between the Miaohe Member and Shibantan Member (Dengying 

Fm.) biotas (Xiao et al., 2002; Chen et al., 2014). One taxon in the Miaohe biota  

(Eoandromeda) has also been found in Australia, suggesting perhaps that the 

Miaohe biota forms part of the ‘White Sea assemblage’ (Zhu et al., 2008), 

whereas the assemblage of fossils in the Shibantan biota is typical of the younger 

Nama assemblage (Chen et al., 2014). Typically, the Miaohe biota in the Yangtze 

Gorges area was previously known only from one location, the Miaohe Village. 

However, a recent study significantly augments the geographical extension of 

this biota with the identification and description of macroscopic carbonaceous 

compression fossils taxonomically similar to those from Miaohe Village, including 

benthic multicellular algae and a few putative metazoans, to the north of the 

Miaohe Village (Ye et al., 2019).  

• Geochemistry 

It has been widely reported that Member IV and the Dengying Fm. have distinct 

13C-depletions in organic matter values (McFadden et al., 2008; Kikumoto et al., 

2014; Wang et al., 2014). Member IV generally shows δ13Corg values between 

−39.2‰ and −33.9‰, whereas the Dengying Fm. shows δ13Corg values between 
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−35.6‰ and −25.0‰. In addition, no lithological effect can be attributed to this 

isotopic difference as, for example, Member III of the Doushantuo Fm. is formed 

by carbonate and shale lithologies where the δ13Corg values keep roughly 

constant around ∼ −30‰. It has also been reported that δ13Corg of individual 

carbonaceous compression fossils of the Miaohe Member are more similar to 

Member IV than the Shibantan domain (Jiang et al., 2011).  

Although scarce for both Member IV and Dengying Fm., nitrogen isotope data 

can also be used to correlate. The distribution of δ15N values in sedimentary 

organic matter compiled by several authors  (Wang et al., 2013; Cremonese et 

al., 2013, 2014; Kikumoto et al., 2014; Ader et al., 2014; Wang et al., 2015) show 

a shift between the Early-Middle Ediacaran, with values ranging between +2‰ 

and +8‰ and a mode of +4‰, and Late Ediacaran-Cambrian with values ranging 

between −4‰ and +5‰ and a mode of +1‰.  

This study describes similar δ13Corg and δ15N patterns to Member IV rather 

than the Shibantan Member (Fig. 2.7). δ13Corg results in the shelf lagoon vary 

between −38.6‰ and −35.7‰, whereas δ15N results vary between +4.4‰ and 

0‰, except one point in Zhimaping sections that reads −1.4%, and with a mode 

of +3‰. The new geochemical data and the arguments mentioned above seem 

to follow robust similarities with the “Z” correlation, and therefore, the black shales 

described in this study correlate with Member IV of the Doushantuo Fm. and are 

time equivalent to the Miaohe member. 
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1, Qinglinkou; 2, Miaohe;  

3, Liaojiagou; 4, Zhimaping;  

5, Gaolan; 6, Jiulongwan;  

7, Xiangerwan;  

8, Tianjiayuanzi; 9, Baiguoyuan 

 

Fig. 2.7 Comparison of carbonate and organic carbon isotope patterns and proposed correlation of the SE in proximal environments. a) Simplified 
geological map of the Yangtze Gorges area, showing the location of sections. Dashed lines mark the western, central, and eastern regions. Sections 
used included in this study in bold. b) Proposed stratigraphic correlation of the SE where the Miaohe Member is time equivalent to the SE, whereas 
the LBS represents an additional event only recorded in the western region of the Yangtze Gorges area. δ13Ccarb data from McFadden et al. (2008), 
Zhou et al. (2017) and this study. δ13Corg data from McFadden et al. (2008) and Xiao et al. (2017) and this study. Data from this study are represented 
by circles, whereas squares represent data from the literature.  

b a 



 

61 

 

b) Correlation of distal sections 

 Some sections span distal environments located in slope and basin settings. 

Member IV is present as a single layer and the Dengying Fm. laterally changes 

from carbonate lithology in the slope to chert lithology in the basin (Liuchapo Fm.). 

Correlations of Member IV, including these environments, are less constrained 

and robust due to the limited number of published sections with Member IV and 

Dengying Fm./Liuchapo Fm. data. 

 This study compares δ13Ccarb and δ13Corg data from several sections using 

new and published data in the distal area. The proposed correlation is shown in 

Fig. 2.8. First, the Jiulongwan section in the Yangtze Gorges area was used as a 

reference, where the base and top of Member IV are adequately identified, to tie 

these stratigraphic markers to distal sections. Then, the upper slope Siduping 

section (Wang et al., 2016) was included as an environmental analogue of the 

studied Taoying section, followed by the lower slope Xiajiaomeng section. In 

addition, new data from the Fengtan section from this study, together with 

published data from the same section (Lu et al., 2013; Furuyama et al., 2017) 

and the near Yuanling (Jiang et al., 2007) and Yanwutan (Guo et al., 2007) 

sections were included to identify control points in the δ13Ccarb and δ13Corg trends 

that may serve to tie the proposed correlation better.  

The Xiajiaomeng section, in the lower slope, is the only one among the distal 

studied sections that present a δ13Ccarb and δ13Corg pattern that resembles those 

found in the Yangtze Gorges area, with a slow recovery in both δ13Ccarb and 

δ13Corg up section. This pattern was previously identified in the Wuhe section, 

located near the Xiajiaomeng section and representing lower slope environments 

(Jiang et al., 2007). This similarity may be used to set the first control point in the 

distal environment. However, the distinct carbon isotopic pattern found in the rest 

of the distal sections complicates this first control point. The remaining distal 

sections (e.g. Siduping, Taoying, Fengtan and Yanwutan) present a 

characteristic isotopic pattern where δ13Ccarb and δ13Corg data tend to shift towards 

more negative values near the top of Member IV, rather than express the 

recovery trend as in the proximal sections. Thus, alternative control points are 

needed to establish the correlation better. 

The Siduping section has been previously correlated with the Jiulongwan 

section (Wang et al., 2016). The two negative δ13Ccarb excursions (e.g. N1 and 
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N2) before the SE are correlated in these sections. Then, the base of the SE is 

tracked following the same criteria as in the Yangtze Gorges area, that is, the 

shift towards negative δ13Ccarb values in Member III. However, the top of the 

excursion is marked by the base of the chert unit corresponding to the overlying 

Dengying Fm./Liuchapo Fm. This boundary between the top of Member IV and 

the base of Dengying Fm./Liuchapo Fm. serves as a stratigraphic marker to 

identify the different δ13Ccarb and δ13Corg trends in other distal sections. For 

example, δ13Ccarb of the Dengying Fm. varies from −3.6‰ to +4.3‰, whereas 

δ13Ccarb of the Liuchapo Fm. varies from +1.3‰ to −9.5‰. Similarly, δ13Corg of the 

Dengying Fm. varies from −34.8‰ (at the top of Member IV) to −25.4‰, in 

contrast to δ13Corg of the Liuchapo Fm. that varies between −37.3‰ to −29.4‰ in 

the slope or remains between −35.5‰ and −33.0‰ in the basin.  

In the Taoying section, the Liuchapo Fm. was not sampled in this study, and 

therefore, the data obtained in Member IV, limited to δ13Corg, is not adequately 

tied to its upper boundary. However, two identifiable features may help to 

correlate the studied samples in the stratigraphic section. First, the underlying 

Member III samples were collected, and the δ13Corg values are ∼ −30‰, 

coinciding with the Siduping Member III δ13Corg values. In the second place, 

δ13Corg of the collected samples in Member IV varies from ∼ −35‰ to ∼ −39‰, 

the latter being similar to δ13Corg values in the Yangtze Gorges area. By 

comparison, in the Siduping section, only one area around the middle of Member 

IV records values between −35‰ and −39‰ values. Thus, it is considered that 

the black shales collected in the Taoying section can be tentatively correlated to 

the lower part of Member IV. 

In the Fengtan section, it is possible to identify similarities in the δ13Ccarb and 

δ13Corg trends compared with the Siduping and Taoying sections. Firstly, Member 

III δ13Ccarb values in the Fengtan section are ∼ −30‰, similar to the Siduping, 

Taoying and even Jiulongwan sections for the same stratigraphic level. Secondly, 

and in the same δ13Corg trend, there is a shift between Member III and Member 

IV towards more negative values consistent with the base of the SE in the 

Yangtze Gorges area. The same shift can be seen in the Siduping and Taoying 

sections, although they show some differences. For example, Taoying shows an 

abrupt δ13Corg shift between both members from −30.2‰ to −35.7‰, that reaches 

even lower values upward section, as low as −39.2‰, whereas Siduping shows 

a gradual shift from −33.3‰ to −31.7‰ and reaches values as low as −38.1‰. 



 

63 

 

In the Fengtan section, the δ13Corg shift between both members goes from 

−31.6‰ to −32.0‰, and with an average value of around −34‰ maintained 

throughout Member IV, slightly shifted to −34.9‰ in the first meters of the 

overlying Liuchapo Fm. This last feature is also seen in the Yanwutan section, 

located near the Fengtan section. In this section, an allochthonous slide interval 

has been described in the Doushantuo Fm. This explains the δ13Corg values lower 

than −30‰ measured in Member III (represented by squares with forwarding 

slash pattern in the Yanwutan section in Fig. 2.8). However, Member IV overlies 

the slide interval, and its δ13Corg data shows a similar pattern than in Fengtan, 

where Member IV base starts with a gradual δ13Corg shift from −33.8‰ to −35.4‰, 

which is then maintained throughout Member IV and the basal section of the 

Liuchapo Fm.  Hence, the correlation of the δ13Corg trends in distal sections makes 

possible a) to set the top and base of Member IV in distal settings and b) the 

correlation of the counterpart δ13Ccarb data, although only limited data are 

available for such correlation what makes the excursion correlation in deep 

setting less robust than in proximal settings.  

When comparing distal to proximal sections, a notable conclusion is that 

δ13Ccarb data shows a variation towards lower values upward section than the 

recovery trend found in equivalent stratigraphic units in proximal environments. 

For example, in the Siduping section, δ13Ccarb values seem to recover towards 

the uppermost part of Member IV. However, δ13Ccarb values at the boundary 

between Member IV and the overlaying Liuchapo Fm. reach as low as −10‰ and 

continue around −8‰ in the first meters of the Liuchapo Fm. More remarkable 

are the δ13Ccarb values of the Liuchapo Fm. in the Yuanling section, also near 

Fengtan, with values as low as −15‰ that correspond to lenticular limestone beds 

and concretions.  

The δ13Ccarb trend of the Yuanling section partly resembles that of the Yangtze 

Gorges area where values shift from − 4‰ in the uppermost part of Member II to 

−12‰ in Member III and mark the onset of the SE. This pattern can also be 

recognized in the Fengtan section when comparing data from other studies 

(Furuyama et al., 2017; Lu et al., 2013), shifting from –4.6‰ to −14.0‰ upward 

section. In the Lu et al.  (2013) study, data only reaches the limit Member III-

Member IV, so no data from the Liuchapo Fm. is available for comparison. The 

Furuyama (2017) study shows δ13Ccarb data that go through Member IV up section 

with values down to – 15.9‰. However, the lower part of Member IV represents 
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a transition zone with alternating black shales and micritic dolostones rather than 

purely black shale layers, similar to the described in the Yuanling and Yanwutan 

sections.  

Correlation of Member IV in distal areas results in more complex and less 

robust than in proximal areas (Fig. 2.7and Fig. 2.8). However, the different δ13Corg 

patterns identified helped establish similarities in isotopic signatures that 

recognised the base and top of Member IV, thus tracking the lateral variability of 

Member IV from the proximal to the distal environments. Additionally, Member IV 

lateral continuity description has served to identify the most remarkable isotopic 

difference between the environment, the δ13Corg and δ13Ccarb shift towards lower 

values in distal areas compared to recovery pre-SE values in the proximal areas. 
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Fig. 2.8 Comparison of carbonate and organic carbon isotope patterns and proposed correlation of the SE in distal environments. The Jiulongwan 
section in the shelf lagoon is shown for comparison of isotopic expressions and to set the maker beds for top and base of Member IV. δ13Ccarb data 
from Jiulongwan (McFadden et al., 2008), Siduping (Wang et al., 2016), Xiajiaomeng (this study), Fengtan (Lu et al., 2013; Furuyama et al., 2017; 
this study) and Yuanling (Jiang et al., 2007). δ13Corg data from Jiulongwan section (McFadden et al., 2008), Siduping (Wang et al., 2016), Taoying 
(this study), Xiajiaomeng (this study), Fengtan (Furuyama et al., 2017; this study) and Yanwutan (Guo et al., 2007). The Red squares with a slash 
in the Yanwutan section represent an allochthonous slide interval (Guo et al., 2007). Data from this study are represented by circles, whereas 
squares represent data from the literature. 
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c) Implications for the Shuram excursion 

Conventionally, Member IV of the Doushantuo Fm. has been considered time 

equivalent with the SE (Zhu et al., 2007; McFadden et al., 2008), where the upper 

limit of the excursion can be set at 551.1 Ma (Condon et al., 2005). This 

correlation has been solely based on δ13Ccarb data and was initially defined in the 

central region of the Yangtze Gorges area. This negative carbonate carbon 

excursion starts in Member III, and its recovery takes place up section, 

sometimes with much of the recovery happening within the same Member III 

(Zhou et al., 2017) and in many cases throughout Member IV (McFadden et al., 

2008).  

However, the negative excursion and its correlation in other parts of the basin 

remain problematic. For example, sections located in the western region of the 

Yangtze Gorges area present two negative excursions bracketed by a positive 

one that coincides with the dolomite unit sandwiched by black shales. This is 

comparable to the δ13Ccarb pattern that was described in the Death Valley region 

and also showed two negative isotopic excursions named Shuram  (“S”) and 

Post-Shuram  (“PS”) excursions (Verdel et al., 2011).  

The δ13Ccarb similarities between the western part of the Yangtze Gorges and 

Death Valley areas shed some doubt on this correlation and invite alternatives. 

For example, the aforementioned  “Z” correlation proposes that the LBS in the 

western region of the Yangtze Gorges area is correlated and synchronous with 

the SE, and so it would be contemporaneous with the “S” excursion described in 

the Death Valley area (Verdel et al., 2011; Xiao et al., 2017; Zhou et al., 2017). If 

this is correct, both cases of negative carbonate carbon isotope excursion would 

represent an additional event following the Shuram excursion, which would not 

be recorded in Oman or Australia. Hence, the Miaohe Member in South China 

might be Post-Shuram, and therefore, the upper limit of the SE would be older 

than 551.1 Ma. This alternative correlation of the SE might be testable using 

additional parameters than δ13Ccarb. In this light, this study uses the new δ13Corg 

data as an additional correlation tool to support the proposed alternative Shuram 

correlation.  

In the first place, the “Z” correlation for the SE is based on δ13Ccarb data only 

and its correlation with the “S” excursion in the Death Valley area is merely based 

on a similar stratigraphic expression of these excursions, with a rapidly declining 
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arm and a slow recovery arm. However, this study argues this interpretation as 

the “S” excursion in the Death Valley only resembles the lower negative excursion 

in the Miaohe section and minimally to the Qinglinkou section (Zhou et al., 2017). 

In contrast, the stratigraphic expression of the lower negative excursion in other 

sections located in the western region  (e.g. Liaojiagou, Zhimaping or Gaolan 

sections (Zhou et al., 2017) resembles the SE expression in the central region 

(McFadden et al., 2008). In addition, the upper negative excursion in the western 

region shows strong similarities to the Shuram expression in the central region. 

For example, the stratigraphic expression of the upper negative excursion in the 

Miaohe or Liaojiagou sections present identical δ13Ccarb patterns to those in the 

central region  (e.g. Tianjiayuanzi or Baiguoyuan sections (Zhou and Xiao, 2007; 

Zhou et al., 2012) what suggest the possibility of different correlations solely 

based on the stratigraphic expression of these excursions.  

In the second place, the new δ13Corg data show a consistent isotopic trend 

throughout the Yangtze Gorges area (Fig. 2.7). The samples were collected from 

the Miaohe Member in the Zhimaping and Qinglinkou sections (western region), 

except two samples collected in the LBS in the latter and from the single black 

shale unit in the Xiangerwan section (central region). Results from this study 

show a steady negative δ13Corg trend throughout the black shale in all the 

sections, with values ranging between −39‰ and −37‰, with recovery taking 

place only at the uppermost part of the black shale, near the boundary with the 

Dengying Fm. This characteristic trend shows an identical pattern to the one 

described in the Jiulongwan section (McFadden et al., 2008)  (central region) and 

similar values to the ones described in the Miaohe section, especially the δ13Corg 

measurements of the fossiliferous shale (Xiao et al., 2017). Additionally, the 

samples collected from the LBS in the Qinglinkou section have negative values 

around −33‰. In comparison, the Miaohe section also preserves less negative 

δ13Corg values in the LBS, around −35‰, although these samples may have 

undergone weathering (Xiao et al., 2017).  

 In summary, based on the new and published organic carbon data, shown in 

Fig. 2.7, it is suggested that the upper negative δ13Corg excursion in the western 

region correlates with the excursion in the central region. In this way, and as 

previously explained in the stratigraphic correlation section, the Miaohe Member 

of Member IV in the western region would correlate with the single black shale of 

Member IV unit in the central region. Additionally, the lower negative excursion 
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that covers Member III and LBS in the western region would represent another 

event that could be, for example, related to local diagenetic processes or intrinsic 

fluctuations of the primary excursion. Nevertheless, further investigations are 

needed to understand the origin of the lower negative excursion and limited 

geographical extension.  

2.5.3 Nutrient availability in the late Ediacaran oceans  

 Phosphorous and nitrogen are two limiting nutrients that play a significant role 

in regulating the primary production of organic matter, so understanding their 

availability in the Ediacaran oceans is essential to evaluate the impact of organic 

matter production on the SE recovery. Widespread phosphorite deposits are 

described in Member IV (Xiao et al., 2012; Cui et al., 2015). It has been suggested 

that phosphate exerted a primary control for blooms of oxygenic photosynthesis 

during the Cryogenian and Ediacaran Periods (She et al., 2014) and both ends 

of the Proterozoic (Papineau, 2010), that led to eutrophication in the water 

column with high primary productivity in surface waters and high organic carbon 

fluxes into sediments. This scenario could explain the widespread phosphorite 

deposits described in Member IV (Xiao et al., 2012; Cui et al., 2015), confirmed 

by apatite bands identified in the studied samples and described in Chapter 3. 

Phosphate accumulations in the Ediacaran are thought to be related to the 

extensive remineralization of phosphorus accumulated in the deep ocean 

(Laakso et al., 2020). The sulfate increase during the late Ediacaran (Shields et 

al., 2019) may have promoted sulfidic environments that support the extensive 

remineralization of organic phosphorus by sulfate-reducing bacteria (Ingall and 

Jahnke, 1997; Slomp et al., 2004). Although P remineralization was likely the 

primary driver of phosphorus availability during the late Ediacaran, additional 

sources of nutrients cannot be ruled out. For example, continental weathering 

following the Marinoan and Gaskiers glaciations likely continued for millions of 

years (Mills et al., 2011) and caused surface runoff to deliver nutrients to the 

ocean (Lenton and Watson, 2004; Lan et al., 2019). The combination of 

phosphorus remineralization and continental weathering likely led to an 

environmental scenario characterized by enhanced nutrient availability that 

ultimately favoured primary production.  

 Nitrogen is the other major control for marine primary production. In general, 

the balance in the N input-output processes will determine the  δ15N composition 
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of oceanic N, where N2-fixation and denitrification are the major processes (Ader 

et al., 2016). N enters the ocean mainly through the biological fixation of 

atmospheric N2, while denitrification is the main pathway of N loss from the ocean 

(Sigman et al., 2009). Both processes present characteristic isotopic 

fractionations (ε = δ15Nproduct – δ15Nreactant): N-fixation ∼ 0 to – 4‰ (Sigman et al., 

2009), and denitrification between +15‰ and +30‰ (Mariotti et al., 1981). This 

study reveals homogeneous spatial δ15N variations with values between +6‰ to 

+2‰, comparable with modern shelf sediments.  In modern oceans, nitrate is 

partially reduced by microbial denitrification into N2 or N2O with significant isotopic 

fractionation, resulting in 15N-rich residual nitrate, which is then assimilated into 

biomass (Sigman et al., 2009). Thus, denitrification or assimilation processes 

exceeds the supply of nitrate into the modern ocean.  Therefore, the shift from 

the base to the top of Member IV, within the modern δ15N values range, reflects 

a dynamic environmental scenario from initial denitrification or nitrate assimilation 

dominance towards a new environmental state evaluated below.  

 Two principal mechanisms can account for the decrease of δ15N: increasing 

nitrate availability or enhanced N-fixation. In the first case, although this scenario 

is compatible with gradual oxidation of the Ediacaran oceans (Fike et al., 2006; 

McFadden et al., 2008), prolonged anoxic conditions in the deep ocean during 

the Ediacaran (Jiang et al., 2011; Wang et al., 2012) likely contributed to 

extensive denitrification that removed nitrate from seawater. Thus, nitrate unlikely 

exceeded denitrification, which does not support a model of increased nitrate 

availability. Alternatively, high P conditions likely promoted by combined 

continental weathering (Lan et al., 2019) and P remineralization (Laakso et al., 

2020) would have led to active biological N2-fixation to overcome the N loss due 

to denitrification. This is because dissolved N is tightly correlated with dissolved 

P in open ocean water, with an N/P ratio of 16:1 (Redfield et al., 1963). In order 

to maintain the ratio relatively constant, instantaneous changes in the nitrate 

reservoir through denitrification would have led to increased N2-fixation (Lenton 

and Watson, 2000) to return the nitrate reservoir to its initial size, closer to the 

Redfield ratio. In addition, high phosphorus availability in the proximal area, 

supported by the occurrence of widespread phosphorite deposits, could also 

explain the lowest δ15N values reached in the Zhimaping section, as low as -

1.4‰, as areas with high phosphorus content would have experienced more 

intense  N2-fixation to maintain the N/P ratio constant.  
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  Hence, the general decrease of δ15N values in Member IV is best explained 

as a new equilibrium in the N cycle, whereby N2-fixation becomes dominant over 

denitrification as the predominant biological process modulating sedimentary 

δ15N values.  

2.5.4 Blooms of oxygenic phototrophs and the recovery of the SE 

One of the principal characteristics of the SE is the lack of covariation between 

carbonate and sedimentary organic carbon δ13C trends. Covariation between 

coeval δ13Ccarb and δ13Corg isotope records has been used to assess the ancient 

DIC pool changes. This is because, under the conventional understanding of the 

carbon cycle, δ13C of organic and carbonate carbon is derived from the same DIC 

reservoir and covary accordingly (Rothman et al., 2003). Therefore, coupled 

δ13Ccarb and δ13Corg signatures reflect primary δ13C signatures of seawater while 

decoupled δ13Ccarb and δ13Corg signatures are interpreted as evidence for 

diagenetic alteration in sediments (Derry et al., 1992; Schrag, 2013; Cui et al., 

2017) or oxidation of DOC (Rothman et al., 2003; Fike et al., 2006; McFadden et 

al., 2008).  

Paired data sets of δ13Ccarb and δ13Corg in this study are mostly decoupled 

during the SE and exhibit a coupled trend only in the uppermost part of Member 

IV. This is consistent with previous data reported in South China (McFadden et 

al., 2008; Kikumoto et al., 2014) and shows the same pattern as the Shuram 

Excursion in Oman (Fike et al., 2006). Although it cannot be entirely ruled out that 

the SE was a consequence of diagenesis, in the context of this study, the 

negative δ13Ccarb excursions are interpreted as the result of the remineralization 

of a massive 13C−depleted DOC pool (Rothman et al., 2003). The turning point 

to coupled and more positive trends would reflect a transition towards a new 

environmental state proposed to be dominated by oxygenic photosynthetic 

primary producers under extensive bloom conditions.   

The new proposed environmental state is illustrated in Fig. 2.9, which 

illustrates a late Ediacaran carbon and nitrogen cycle evolution during the SE and 

the recovery to pre-excursion values. Before the recovery, in Fig. 2.9a, the 

environmental scenario was characterized by denitrification as the principal N 

metabolic pathway and heterotrophic remineralization of the existing DOC that 

led to 13C-depleted rich DIC pool and, thus, low δ13Ccarb. However, in Fig. 2.9b, 

extensive primary productivity in shallow waters led to increased export 
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production and extensive organic carbon burial during the recovery. 

Consequently, the 13C-enriched DIC budget considerably increased and 

eventually counteracted the existing 13C-depleted DIC and drove positive shifts 

in both δ13Ccarb and δ13Corg, thus recovering from the SE excursion. In this latter 

scenario, N2-fixation became the primary N metabolism in the N biogeochemical 

cycle that, together with phosphorous availability, led to extensive primary 

production. The C and N biogeochemical evolution resulted in primary production 

to overcome secondary production in the C-isotope signal, that is, oxygenic 

photosynthesis overcoming oxidative phosphorylation, which promoted the 

recovery of the Shuram excursion.  

 

Fig. 2.9 Schematic diagram showing the biogeochemical evolution of the late Ediacaran ocean. 
a) From the Shuram excursion to b) the recovery from the Shuram excursion. PP= Primary 
production; OMZ= Oxygen Minimum Zone. Text in bold represents the dominant 
processes/fractions. In a), denitrification was the dominant N biogeochemical process. 
Recycling and remineralization of DOC by heterotrophic organisms led to a 13C-depleted rich 
DIC pool. Anoxic waters were predominantly ferruginous (Li et al., 2010; Xiao et al., 2012). In 
b), N2-fixation became the main N biogeochemical process. Extensive PP in shallow waters 
favoured the increase of organic carbon fluxes towards deep-waters and the 13C-enriched DIC 
budget, which counteracted the 13C-depleted DIC pool and led to positive shifts in δ13Ccarb and 
δ13Corg, thus, the recovery from the excursion. Anoxic waters were predominantly euxinic (Li et 
al., 2010). These diagrams show the evolution from dominating secondary biomass production 
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to dominating primary biomass production in the late Ediacaran oceans. XG= Xiangerwan, ZM= 
Zhimaping, QK= Qinglinkou, TY= Taoying, XJ= Xiajiaomeng, FT= Fengtan.  

The dominance of primary over secondary production has also been proposed 

for the contemporaneous Shuram Formation in Oman, where preserved organic 

biomarkers reveal multiple sources of syngenetic organic matter with more 

significant contributions from bacterial than algal biomass during the recovery of 

the SE (Lee et al., 2013). In addition, the δ15N shift towards lower values, and 

thus dominance of N2-fixation metabolism, would have promoted the ecological 

advantage to N2-fixing cyanobacteria relative to eukaryotic algae, which lack the 

capacity for N2-fixation and instead preferentially assimilate nitrate (Tyrrell, 1999).  

 The variable dominance of distinct microbial communities can also be tested 

from the C/N results. Laboratory experiments reveal that during early and 

maximum blooms, dominated by primary producers such as cyanobacteria, C/N 

ratios tend to increase above the Redfield ratio to a maximum because rates of 

total N uptake exceed those of regeneration (Bronk et al., 1998). However,  during 

post-bloom periods, dominated by consumer interactions, the C/N ratio tends to 

decrease close to the Redfield ratio because of the degradation of low molecular 

weight organic carbon (Kepkay et al., 1997). The C/N ratio shows a 

heterogeneous distribution between the studied sections, shown in Fig. 2.10a 

and b, and is consistent with the dominance of primary or secondary producers 

in the different environments. For example, values near the Redfield ratio (distal 

environments) suggest consumer interactions or secondary production 

dominance. However, values higher than the Redfield ratio in proximal 

environments (C/N between 20 and 85) are consistent with those reported from 

this period in South China (Kikumoto et al., 2014; Wang et al., 2017) and 

elsewhere (Ader et al., 2014) and represent periods of blooms of primary 

production.  

Remarkably, the SE recovery has not been exclusively recorded in organic-

rich deposits in South China. Key stratigraphic worldwide sections with negative 

δ13Ccarb correlated with the SE also show the recovery in fine-grained sediments, 

organic-rich in some cases. For example, in Oman, recovery from −12‰ to −4‰ 

occurs in black siltstone and shales (Lee et al., 2013) or calcareous shales (Le 

Guerroué et al., 2006). In Australia, δ13Ccarb recovers from −10‰ to 0‰ along a 

siliciclastic sequence (Calver, 2000). Similarly, the recovery from −10‰ to +2‰ 

in India occurs in organic-rich wackestone shales (Kaufman et al., 2006). In Death 
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Valley, the recovery from −10‰ to −4‰ occurs in siltstones of the Rainstorm 

Member IV (Bergmann et al., 2011; Verdel et al., 2011). Moreover, in Scotland, 

δ13Ccarb recovers sharply from −11‰ to +3‰ occurs in a 100 m thick pelitic 

interval (Prave et al., 2009).  

It is important to emphasize that the vast majority of preserved OM in marine 

sediments is intimately associated and largely driven by fine-grained sediments 

(Müller and Suess, 1979; Hedges and Keil, 1995). Because of the potential link 

between the SE recovery and fine-grained sediments, the question that arises is 

whether the SE recovery, at a global scale, may result from extensive OM primary 

production, as proposed occurring in South China. However, more investigations, 

especially focused on the quantification of organic carbon content and biomass 

sources identification on worldwide key stratigraphic sections, are required to 

obtain a global picture of the OM origin and distribution to understand the 

applicability of the hypothesis about the SE recovery presented here to the global 

late Ediacaran period.  

  

Fig. 2.10 Measured C and N abundances in the different depositional environments. a) C/N 
ratio presented by stratigraphic sections. The dashed line represents the Redfield ratio 
(C/N=106:16). b) Statistical distribution of C/N ratios from shallow to deep environments 
showing the full range of ratios (ticked lines), the mean (lines with a number), and one standard 
deviation distribution (box).  

2.5.5 Coexistence of primary and secondary organic matter 

The new photosynthetic C produced near the surface may have co-existed 

with older and recalcitrant (resistant to microbial decomposition) DOC principally 

stored in deep-waters but ultimately brought to shallow depths via upwelling 

(Rothman et al., 2003; Wang et al., 2016). The heterogenous δ13C trends in the 

basin reflect a source mixing between the autotrophic (primary production) and 
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heterotrophic (secondary production) pools and describe a transient C-cycle 

characterized by a longer C residence time during the late Ediacaran compared 

to today’s ocean-atmosphere system, which is 105 years. Thus, this study 

suggests that a heterogeneous reduction in the DOC pool size after extensive 

remineralization into 13C-depleted carbonates would have led to the δ13C trends 

heterogeneity along the basin.  

Three different factors may have accounted for this heterogenous DOC pool 

size reduction. Firstly, the presence of anoxic-euxinic conditions in the mid-slope 

and deep basinal environments, as previously proposed (Jiang et al., 2011; Wang 

et al., 2012), allowed anaerobic degradation of organic matter to dominate the 

production of 13C−depleted DIC buried in carbonate precipitates. Secondly, the 

chemically resistant nature of the refractory DOC in the deep ocean (Clayton, 

1991) led to less efficient microbial oxidation. This is because the DOC is 

principally formed by a refractory fraction stored in the deep sea and constitutes 

72% of the total organic carbon in the oceans (Hansell et al., 2009). The refractory 

fraction is formed by high molecular weight and structurally complex compounds 

rich in C and resistant to microbial oxidation and degradation (Clayton, 1991). 

And thirdly, upwelling during transgression could have delivered 13C-depleted 

bicarbonate together with regenerated nutrients from the deep sea to the photic 

zone, which would fuel primary productivity and trigger a turnover of 13C−depleted 

mid-slope and basinal waters.  

Extensive primary production in shelf environments would lead to a likely 

sulfidic oxygen minimum zone immediately below the productivity zone (Li et al., 

2010; Wang et al., 2012), favouring the preservation of organic matter. This 

scenario explains why the distal lower slope section (Xiajiaomeng), located 

immediately below the oxygen minimum zone, presents a carbon isotopic trend 

similar to the proximal environment, characterized by a high concentration of 

organic carbon burial. Any of the factors mentioned above, or a combination of 

them, imply a dynamic situation where DOC is continuously produced and 

recycled, in which case the different δ13Ccarb and δ13Corg trends represent higher 

primary than secondary production rates, allowing the DOC pool to wax and 

wane. 

In order to independently confirm the occurrence of different biomass sources 

in the Nanhua Basin, Raman spectra of organic matter are investigated. The 

Raman spectra of organic matter in the studied samples reflect the presence of 
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different types of kerogen structure (“type-A”, “type-B” and “type-C”; Fig. 2.3). 

One reason that may account for different kerogen structures is the metamorphic 

grade that affects the organic matter. However, the peak temperature analysis 

(Table 2-3) shows that all the evaluated samples are below or near the base of 

the greenschist metamorphic grade, around 280−311oC in proximal and distal 

environments, respectively. In addition, there is no correlation between 

temperature and spectral characteristics in the studied samples (Fig. 2.3a). For 

example, spectra of organic matter in the shelf lagoon and lower slope have a 

similar shape and I-1350/1600 values but differ by ∼15-20 oC in their peak 

metamorphic temperature. Similarly, the Raman spectra of organic matter 

between the lower slope and basin show similar peak metamorphic temperatures 

between 302-308 oC, but remarkably different shapes and I-1350/1600 values. 

Therefore, these observations imply that all these rocks were exposed to the 

same temperature and pressure regime of regional metamorphism, and 

therefore, the observed different kerogen structures are not associated with 

metamorphic temperature variations along the basin. 

Accordingly, the different kerogen structures are attributed to various carbon 

sources, as previously argued (Mirasol-Robert et al., 2017; Dodd et al., 2019). In 

recent studies, heterogeneities in the Raman spectral I-1350/1600 parameter of 

organic matter in microfossils have been interpreted to be associated with the 

presence of organic compounds derived from different sources. This is because 

the structural ordering of organic matter depends on the original composition of 

the biological precursor (Foucher et al., 2015; Qu et al., 2015, 2017). This 

heterogeneity is remarkably evident among the studied sections with I-1350/1600 

values between 0.61 and 1.11 (Fig. 2.3b and Table 2-3) and with a remarkable 

distribution easily correlated with the different environments. This observation is 

consistent with a range of different structural organizations of organic matter in 

Member IV, and therefore different sources of organic matter are inferred.  

The Raman characteristics of the organic matter from throughout the basin 

have a remarkably similar distribution to the C isotope trends described in this 

study. Specifically, the shelf lagoon and lower slope sections are characterized 

by δ13C recovery trends, where the kerogen structure is of “type-A”, defined by I-

1350/1600 values between 0.61-0.75. In contrast, the basin section shows a δ13C 

trend towards more depleted values and hosts kerogen of “type-B”, defined by I-

1350/1600 values between 0.94 and 1.11.  Based on these observations, it is 
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suggested that the different environments were characterized by variable 

dominance of kerogen types A, B and C, thus organic matter from different 

sources. The correlation between kerogen types and δ13C trends indicates that 

kerogen “type-A” was the most dominant type in the basin and represents organic 

matter sourced from primary production. If so, dominant kerogen “type-B” 

sourced from heterotrophic production during the SE was overcome by kerogen 

“type-A” sourced from extensive primary production, pointing to a new 

environmental 13C-enriched DIC scenario that eventually promoted the recovery 

from the SE.  

Summary 

High primary production in Member IV of the Doushantuo Fm. is reflected by 

the occurrence of organic-rich shale and phosphorite deposits. A late Ediacaran 

environmental scenario, likely characterized by increased phosphate availability 

and the consequent increased N2-fixation and CO2-fixation, stimulated primary 

production and high carbon fluxes. The enhanced primary production is 

consistent with recently modelled organic carbon fluxes during the Ediacaran, 

predicting a higher proportion of organic carbon burial than today (Canfield et al., 

2020). The subsequent recovery to near-zero δ13Ccarb values was modulated by 

primary producers, who fix both C and N.  This new biological pump would have 

favoured the increase of organic carbon fluxes towards deep-waters and the 13C-

enriched DIC budget, which counteracted the 13C-depleted DIC pool and led to 

positive shifts in δ13Ccarb and δ13Corg, thus, the recovery from the excursion.  

The identification of different types of organic matter by Raman spectroscopy 

lends independent support for different sources of biomass. The occurrence of 

three different kerogen types, “type-A”, “type-B”, and “type-C”, is interpreted as 

primary, secondary and mixed OM, respectively, given identical metamorphic 

grades. These kerogen types present well-differentiated spectra shapes and I-

1350/1600 values between depositional environments, reflecting the dominance 

of one biomass source over the others present. Hence, the dominance of 

oxygenic photosynthesis over consumer interactions resulted in the gradual 

recovery of the SE. Secular changes in δ13C and δ15N chemostratigraphy and 

Raman structural order are helpful to understand the evolution of late Ediacaran 

environmental conditions and provide an elegant explanation for the recovery 

from the most negative carbon isotope excursion in Earth history. 
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Abstract 

 Organic-rich shales from the uppermost Doushantuo Fm. (South China) record 

the recovery from the global Shuram excursion, the most negative carbon isotopic 

excursion in Earth history. However, little is known about the sedimentary 

characteristics of the organic matter (OM) in these rocks. Here, we use Raman 

and energy dispersive spectroscopy to identify and then characterise original 

sedimentary and mineralogical signatures that can be linked to microbial and/or 

abiotic diagenetic processes.  

 Raman spectra of organic matter from several sections along a platform-to-

basin transect revealed a systematic difference in kerogen structure between 

depositional environments. Sedimentological and mineralogical characteristics of 

the studied samples pointed towards massive oxidation of biomass during 

diagenesis. For example, the occurrence of 13C-depleted carbonate concretions 

and OM enclosed by lenticular dolomitic structures within the host shale unit 

suggested organic matter remineralisation and anaerobic oxidation, which 

resulted in authigenic carbonate precipitation during the earliest stages of 

sediment diagenesis. In this light, OM degradation would have favoured the 

dissolution of titanium-bearing minerals leading to a sufficient supply of Ti4+. This 

led to the precipitation of authigenic anatase, generally rounded in shape and 

sometimes replacing acritarch-like shapes where anatase could be interpreted as 

a biomediated early diagenetic product. However, other mineralogical features 

pointed to high levels of primary production, like apatite as bands that host 

spheroidal microfossils with highly fluorescent quartz with OM within granules. 

Another example is the occurrence of 30-50 μm barite grains with euhedral 

morphologies and associated with phosphate, or as a subhedral grain of 22 μm 

partially replacing organic-rich spheroidal morphologies.  

 New Raman spectroscopy and SEM results pointed to a dynamic late 

Ediacaran environmental scenario with mineralogical and sedimentological 

signals of OM remineralisation and primary photosynthetic production. These 

observations support the recently proposed scenario, whereby the variable 

dominance of primary and secondary production yielded different signals in the 

C-isotope composition of OM and carbonate.  
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3.1 Introduction 

 The description of organic-rich shales of Member IV of the Doushantuo Fm. 

revealed important mineralogical and sedimentological features that may help 

understand the paleoenvironmental conditions that prevailed during the Shuram 

excursion recovery thus, the late Ediacaran ecosystems. Polished thin sections 

from selected samples from a platform-to-basin transect in the studied area 

(Nanhua Basin, South China) were evaluated. Combined petrography, Raman 

spectroscopy and Scanning Electron Microscopy analysis serve as independent, 

complementary methods to identify and confirm the principal organic-inorganic 

associations and sedimentological features,  

 One of the sedimentological features corresponds to carbonate concretions 

found in different environments. Carbonates concretions are sedimentological 

structures that may provide unique records of ancient biogeochemical processes 

in marine sediments. They are typically authigenic aggregates formed in organic‐

rich mudstones where a significant fraction of the bicarbonate required for 

carbonate precipitation is supplied from the decomposition of organic matter in 

the sediments (Berner, 1968). As such, they may provide insight into ancient 

biogeochemical processes and the evolution of pore fluid chemistry during burial 

and compaction of sediments (Raiswell and Fisher, 2000; Pearson and Nelson, 

2005; Loyd et al., 2012). Carbonate concretions have been typically explained 

due to biological processes such as microbial sulfate reduction or anaerobic 

oxidation of methane (Sellés-Martínez, 1996; Raiswell and Fisher, 2000; Dong et 

al., 2008). However, none of these biotic processes explains the mechanisms 

that lead concretions to form characteristic spheroidal shapes. Hence, it is 

essential to assess alternative mechanisms that may explain concretions 

formation carefully, along with the composition of their constituent minerals.  

 Abiotic chemically-oscillating reactions represent a plausible mechanism 

that may explain the formation of spheroidal concretion resulting from early 

diagenetic oxidation of biomass (Papineau et al., 2017; Papineau, 2020). One of 

these reactions, the Belousov-Zhabotinsky (BZ) reaction, involves the out-of-

equilibrium oxidation of carboxylic acids (–COOH) from biomass degradation with 

strong halogen oxidants, such as bromate (BrO3
-) and iodate (IO3

-), and organic 

acids like malonic (CH2(COOH)2) and strong acids like sulfuric (H2SO4) acids to 

produce CO2 (Zaikin and Zhabotinsky, 1970). This reaction produces 



 

80 

 

characteristic concentric and radial geometric patterns, which have been 

attributed to the formation of rosettes in phosphorites (Papineau et al. 2016), 

diagenetic spheroids in chert granules (Papineau et al., 2017), granular iron 

formations (Dodd et al., 2018), malachite botryoids (Papineau 2020) and 

diagenetic spheroids inside stromatolitic dolomite (Gabriel et al., 2021). In 

addition, the studies mentioned above share organic-mineral associations 

primarily formed by 13C-depleted organic matter, 13C-depleted carbonate, apatite 

and sulphides. Interestingly, similar mineral assemblages are described in 

Member IV concretions and rosettes. The close similarity of compositional 

mineralogy and diagenetic spheroids of previous studies to mineral associations 

and morphological features described in Member IV suggests that the latter may 

also represent the patterns of abiotic chemically oscillating reactions during 

diagenetic oxidation of organic matter. 

Phosphatic concretions and rosettes represent direct evidence of high 

phosphorus availability in the environment where they are formed.  Phosphorite 

formation through time is recognised as episodic and global extent (Cook and 

Shergold, 2005; Xiao et al., 2012). During the Ediacaran, significant episodes of 

phosphogenesis, especially well developed in South China, resulted in the 

deposition of phosphorite deposits (Cook and Shergold, 2005; Xiao et al., 2012; 

She et al., 2014; Cui et al., 2015, 2016). It is likely the reason for widespread 

phosphorite deposits in Member IV, where most have been described with 

features consistent with preservation in shallow environments where oxic 

conditions likely dominated the water column (Xiao et al., 2012; Cui et al., 2015). 

The formation of phosphorite concretions is generally due to microbial 

interactions. Degradation of photosynthetically derived OM generally increases 

13C-depleted alkalinity and phosphate enrichment in pore waters, replacing 

carbonate by apatite (Jahnke et al., 1983; Schenau, Slomp and De Lange, 2000). 

In the studied Member IV phosphorite concretion, banded apatite hosts coccoidal 

cyanobacteria and acritarch-like microfossils whose size and spheroidal packing 

possibly represent remnants of colonial microbial activity. Identical biological 

associations have been reported as products of early diagenetic phosphatization 

(Kremer, 2005, 2006).  

 Anatase (TiO2) is another frequent mineral in Member IV. It mainly occurs as 

detrital grains, although authigenic crystals replacing microfossils-like 

morphologies are also present. Authigenic anatase is rare because of the low Ti 
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concentration in seawater (Skrabal, 2006). Despite its scarcity, previous studies 

report the occurrence of authigenic anatase closely associated with organic 

matter or by-products derived from biomass in bitumen or oil-water contacts (Liu 

et al., 2019; Schulz et al., 2016). More recently, authigenic anatase has been 

documented within fossil cells (Sirantoine et al., 2020) what constitutes direct 

evidence of biological mechanisms in the precipitation of anatase. Although no 

evidence of microbial activity directly driving the precipitation of authigenic 

anatase has been reported, the organic matter-anatase interaction may be 

viewed as potential biosignatures that result from biomediated early diagenetic 

products. 

 This chapter reports mineralogical and sedimentological features such as 

carbonate and phosphatic concretions, phosphatic rosettes, and authigenic 

anatase. The occurrence of various minerals and sedimentological features 

intimately associated with different types of kerogen structures points to a 

dynamic scenario where remineralisation and production of organic matter are 

proposed as the principal mechanisms during the recovery of the Shuram 

excursion. This study provides new insights into sedimentological characteristics 

of the stratigraphic unit that records the recovery of the most negative carbon 

isotopic excursion in Earth history. 

3.2 Methodology 

3.2.1 Samples 

From the 174 samples used in this study, only sixteen were used to make 

polished thin sections. The selection was made based on total organic carbon 

content, with values between 2 and 12% wt., and four environments are 

represented: shelf lagoon (Xiangerwan, Zhimaping and Qinglinkou), upper slope 

(Taoying), lower slope (Xiajiaomeng) and basin (Fengtan). Thin sections were 

made by the Earth Science Micropalaeontology lab technician. The raw samples 

(hand specimen) were trimmed using a diamond saw and mounted with epoxy 

onto a standard 27 × 46 mm glass slide. Then, samples were polished using 

specialized polishing compounds to bring the sample to the standard 30 μm 

thickness. Finally, progressively finer polishing compounds were applied to the 

samples to produce a polished thin section. The stratigraphic section, collection 

points and thin section database are shown in Fig. 3.1 and Fig. 3.2, respectively. 

Corresponding petrographic descriptions are included in the Results section. 
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3.2.2 Optical microscopy  

 Petrographic descriptions of sixteen selected thin sections were carried out in 

the Geological Spectroscopy Laboratory at the Department of Earth Sciences 

(UCL). The petrographic microscope consists of an Olympus BX51 optical 

microscope with UIS2/UIS (Universal Infinity System) optical system and built-in 

transmitted Koehler illumination. Imaging modes used were transmitted light, 

crossed polar position and reflected light. All objectives available for polished thin 

sections were 5X, 10X, 20X, 50X, and 100X. Petrographic descriptions of the TS 

were used to identify relevant sedimentological and textural features and target 

minerals and organic morphologies of interest to be analysed by micro-Raman 

spectroscopy.  

a) Raman Spectroscopy 

 Raman spectra of carbonaceous material were obtained in the Geological 

Spectroscopy Laboratory at UCL with a high-resolution WiTec alpha300 confocal 

Raman imaging system using a 532-nm wavelength laser with output laser power 

maintained at ∼9 mW. This system incorporates two gratings of 600 and 1800 

lines per mm to diffract light that provides bandwidths between 800 and 4000 cm-

1 and spectral resolutions between 0.1 and 4 cm-1 wavenumbers. This study used 

a grating of 600 lines per mm to provide spectral resolution around 4 cm−1 over a 

bandwidth of 4000 cm−1. Spectral accuracy was calibrated against an in-house 

diamond standard and was better than 1 cm-1.  

 Data acquisition was made through the WITec Project Four Plus software. It 

allowed creating hyperspectral images for organic matter and specific minerals 

using peak intensity mapping for characteristic peaks in a scan whereby each 

point of the scanned area is associated with a spectrum. Raman hyperspectral 

scans were obtained at variable magnifications between 20-100Å, at variable 

spatial resolutions of up to 360 nm/pixel and 1–5 μm below the thin section 

surface, to avoid possible artefacts produced by surface contamination or 

polishing. Cosmic ray reduction was applied on all Raman spectra, and their 

backgrounds were fitted to a polynomial function of order XY and subtracted. 

Raman hyperspectral maps were created with the WITec Project Four Plus 

software by mapping the primary peak intensity for specific mineral phases and 

converted into a colour scaling map that discriminates the different compounds 

(organic matter and minerals) and allow to obtain their spatial distribution.  
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b) Scanning Electron Microscope 

 A Carl Zeiss EVO25 scanning electron microscope with an Oxford Instrument 

Xmax 80 electron dispersive spectrometer (EDS) detector was used at the 

Institute of Archaeology (UCL). Eight selected thin sections were used and 

carbon-coated with a Quorum Technologies K975X carbon coater before 

analysis. All these analyses were performed after micro-Raman analyses. The 

working distance was 8.5 mm and with an electron beam of 20 keV. Spectra were 

collected using Oxford Instruments Aztec 5.0 software with a ~ 18 mA current for 

120 s. The software was optimised against a pure cobalt standard before data 

collection, with a deadtime of approximately 40% on the cobalt. Maps were 

collected with a pixel resolution of 1024*768 pixels, process time 5 and a dwell 

time of 200 microseconds per pixel. Detection of distinctive x-ray emissions from 

the sample was done by energy dispersive spectroscopy (EDS) to detect 

elements and provide independent confirmation of mineral identification 

quantitatively. ZAF correction was applied to minimise the impact of the atomic-

number effect, the absorption effect and the fluorescence excitation effect, and 

the analyses were accurate to within ~ 1%. Results from analyses were 

normalised to 100%. 

3.3. Results 

Results are presented for each stratigraphic section and grouped per 

environment: proximal and distal.  Fig. 3.1 shows the location of the sections 

within the basin and the height position of the selected samples. It also shows 

outcrops images highlighting geological features of the studied sections. In 

addition, a thin section database is presented in Fig. 3.2 that highlights the areas 

selected for micro-analytical data.
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Fig. 3.1 Location of the stratigraphic sections and the selected samples and outcrops images. 
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Fig. 3.2 Thin sections used in this study ordered by stratigraphic section. The red numbered 
squares correspond to the subsequent figures in this study. Thin sections are between 5 and 
2 cm wide. 

3.3.1 Proximal sections diagenetic and mineralogical characteristics 

Xiangerwan  

 Member IV in the Xiangerwan section is <1.5 m thick, and the studied thin 

sections show homogeneous petrographic characteristics. In general, samples in 

Xiangerwan are very fine grain massive organic-rich mudstones, well sorted and 

with a lack of internal structures (Fig. 3.3a). Samples are primarily composed of 
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organic matter, subangular quartz and disperse sub-rounded and rounded 

anatase (Fig. 3.3b and c), and clays, which were not detected due to their small 

size. These organic and inorganic fractions are confirmed by Raman spectra 

shown in Fig. 3.3g with characteristic D and G bands at 1335 and 1602 cm-1 

respectively for organic matter, 206 and 466 cm-1 for quartz and 147, 401, 516 

and 638 cm-1 for anatase. Brown rounded organic bodies are observed scattered 

throughout the TS (Fig. 3.3a).  

 The most characteristic feature of the Xiangerwan samples is the presence of 

black organic bodies dendritic (Fig. 3.3d and e) or rounded in shape (Fig. 3.3f) in 

a microcrystalline texture matrix. However, no special attention will be given to 

these organic bodies, apart from anatase grains within the branches of the 

dendritic morphology Fig. 3.3e, dashed circles). These anatase grains consist of 

sub-rounded morphologies with sizes between 10-15 μm, comparably larger than 

the other samples in Xiangerwan, where anatase is subangular and generally <5 

μm size.  

 

Fig. 3.3 Petrographic and Raman characteristics of Xiangerwan samples. a) Massive organic 
matter with brown spherical morphologies. b) Hyperspectral map of massive organic matter. 
The colours in the hyperspectral maps correspond to the colours in the Raman spectra. The 
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light blue colour near the centre of the picture corresponds to epoxy. c) Quartz and anatase 
distribution of b). d) Dendritic morphology in a microcrystalline matrix. e) Hyperspectral map of 
dendritic morphology showing the organic matter distribution. Dashed circles show anatase 
grains enclosed within the microfossil. f) Rounded and black organic body from the Xiangerwan 
section. g) Raman spectra showing the most intense peaks for primary organic and mineral 
fractions from Xiangerwan samples. 

Zhimaping 

 Zhimaping section is located ∼50 Km to the southeast of Xiangerwan, where 

Member IV shales may reach ∼ 30m thick. In this section, the samples selected 

correspond to concretions. Petrographic results describe two different lithofacies, 

consistent with the occurrence of two types of concretions, carbonate and 

phosphatic (Fig. 3.4a and Fig. 3.5b, respectively).  

 The first lithofacies is found within the carbonate concretions. It corresponds 

to organic-rich shales with irregular and horizontal-trending hydrocarbon-filled 

layer and organics in interstices in a clot of coarser carbonate crystals, distributed 

along grain boundaries without alignment or preferred orientation (Fig. 3.4b-d). 

These carbonate crystals appear either isolated or imbricated in larger 

aggregates, sometimes forming spherical or ellipsoidal morphologies. Initial 

results after Raman spectroscopy reveal the presence of organic matter with 

characteristic D and G bands at ∼1332 and 1602 cm-1, respectively, quartz, 

carbonate and pyrite, as shown in the corresponding hyperspectral image (Fig. 

3.4c) and the spectra composition (Fig. 3.4e). Pyrite finely disseminated occurs 

homogeneously between 5-10 μm size and rounded/sub-rounded habit (Fig. 

3.4c) with characteristic Raman peaks at 345 and 381 cm-1. The carbonate phase 

corresponds to calcite, as interpreted from the distinctive Raman peaks at ∼157, 

∼283, ∼714 and ∼1085 cm-1 (Fig. 3.4e) and supported by the Mg-Ca ratio 

(Chapter 2). However, further analysis with SEM and quantitative spectra results 

(Fig. 3.4f-g-h) revealed the presence of apatite and dolomite not identified or with 

unresolved spectra in the Raman analysis. Apatite is exclusively associated with 

organic spheroidal morphologies that resemble acritarch-like shapes with 

spicules and ellipsoidal morphologies between 40-80 μm in size (Fig. 3.4d-f, 

white dashed box). However, dolomite appears as darker subhedral grains (Fig. 

3.4g) or forming spheroids with an inner core of organic matter surrounded by a 

dolomitic rim (Fig. 3.4f). 
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Fig. 3.4 Petrographic, Raman and SEM characteristics of carbonate concretion in Zhimaping 
section. a) Concretion at the top of Member IV. b) Thin section from the concretion shown in 
a). It is formed by organic matter in interstices in a clot of coarser carbonate crystals. At the 
centre of the picture, a microfossil-like shape showing a layered and concentric carbonate 
structure. c) Organic-rich shale with irregular and horizontal-trending hydrocarbon-filled layers 
and acritarch-like morphologies. d) Raman hyperspectral image of c). The colours in the 
hyperspectral maps correspond to the colours in the Raman spectra. e) Raman spectra 
showing the most intense peaks for primary organic and mineral fractions. f) EDS map showing 
the dolomitic rims in ellipsoidal morphologies, pyrite distribution and apatite associated with 
organic spheroidal morphologies. g) Backscattered electron image of f) highlighting the dark 
dolomite grains and microfossils-like morphologies. h) SEM Spectra confirming the presence 
of apatite (above) and dolomite (below). 

 The second lithofacies correspond to a phosphatic concretion formed by dark 

organic-rich shale with alternating pale and dark bands thinly laminated (Fig. 3.5b 

and Fig. 3.5g). Pale bands correspond to phosphatic bands that contain variable 

amounts of black and white spheroidal microfossils that resemble coccoidal 

cyanobacteria and acritarch-like microfossils, some entirely replaced by quartz or 

anatase, and some with concentric organic matter surrounded by a quartzitic rim 

(Fig. 3.5d). Microfossils are randomly distributed within bands, and their 

diameters vary between 5-20 μm (Fig. 3.5 d-e-h-i-j). In general, these spheroidal 

microfossils are isolated and not interconnected, although, in some 

morphologies, it is possible to see quartzitic segments or spines-shape radially 

connecting different spheroids. Raman results have detected organic matter with 

D and G bands at ∼1339 and ∼1605 cm-1, quartz, anatase and apatite (Fig. 3.5d-

250 μm 100 μm

b e

dc

f g h

a

Spectrum 1: Apatite

Spectrum 2: Dolomite

30 μm

70 μm100 μm



 

89 

 

l). SEM results have independently revealed the presence of mostly the same 

minerals with two exceptions. Firstly, anatase is only detected by Raman in the 

form of subhedral and elongated crystals <7.5 μm, or more remarkably in the 

rounded shape of ∼17 μm entirely replacing acritarch like microfossils (Fig. 3.5i). 

Secondly, although Raman results show subhedral grains of apatite scattered in 

the sample (Fig. 3.5i), SEM results reveal that apatite is the primary component 

of the pale bands matrix that hosts the spheroidal microfossils with highly 

fluorescent quartz with OM (Fig. 3.5c-e-f-j).  

 

Fig. 3.5 Petrographic, Raman and SEM characteristics of phosphatic concretion in Zhimaping 
section. a) Phosphatic concretion at the top of Member IV. b) Organic rich shale with alternating 
pale and dark bands. c) Apatite matrix hosting spheroidal and acritarch-like microfossils. d) 
Raman hyperspectral maps showing spheroidal microfossils that resemble coccoidal 
cyanobacteria total or partially replaced by quartz. The colours in the hyperspectral maps 
correspond to the colours in the Raman spectra. e) Backscattered electron image of d). f) SEM 
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Spectra confirming the quarzitic mineralogy of the spheroidal microfossils (above) and the 
apatite mineralogy of the matrix (below). g) Organic rich shale with dominating dark bands. h) 
Petrographic view of the acritarch-like morphologies. i) Raman hyperspectral maps showing 
rounded authigenic anatase replacing acritarch-like morphologies. j) Backscattered electron 
image of g). k) SEM Spectra confirming the principal mineral phases in the phosphatic 
concretion. Spectrum 3= quartz; Spectrum 4= OM; Spectrum 5= apatite; Spectrum 6= pyrite. 
i) Raman spectra showing the most intense peaks for primary organic and mineral fractions. 

Qinglinkou 

 Qinglinkou section is located ∼40 Km to the south of the Zhimaping sections, 

where Member IV is ∼10 m thick. Samples studied from this section present two 

different types of lithofacies. The first one is described at the base of Member IV 

and consists of massive organic-rich and fine-grained shale with thinly laminated 

quartz distributed horizontally and disseminated pyrite and filling fractures/veins 

Fig. 3.6a). Raman spectra detect the presence of OM with characteristic Raman 

D band at 1339 cm-1 and G band between 1611 cm-1, quartz peaks at 209 and 

468 cm-1, anatase peaks at 146, 398, 517 and 640 cm-1, pyrite peaks at 345 and 

380 cm-1 and barite peaks at 455 and 991 cm-1 Fig. 3.6 h). Pyrite is generally 

rounded-subhedral with variable sizes between 1-20 μm (Fig. 3.6d-i-j). In 

addition, there are larger but rare euhedral grains up to 40 μm (Fig. 3.6e), and 

framboidal pyrite spheroids between 5-10 μm are observed (Fig. 3.6). Isolated 

anatase crystals generally present subhedral habits except near framboidal 

pyrite, where anatase is generally rounded and about 5 μm in size (Fig. 3.6b). 

Barite occurs up to 8 μm size randomly distributed (blue circles Fig. 3.6). 

However, further SEM analyses independently confirm the presence of isolated 

subhedral grains of up to 20 μm size (Fig. 3.6e and Fig. 3.6f, spectrum 2).  

 The second type of lithofacies is found towards the top of Member IV. In this 

case, Member IV consists of moderately laminated well-sorted mudstone. The 

sample is composed of clay-dominated mudstone with well-preserved lenticular 

fabric (Fig. 3.6g). Brown lenses are generally thicker and can be as small as 20 

μm. Conversely, white lenses are thinner and more elongated with sizes 

generally between 20-40 μm. Lenses commonly appear horizontally distributed 

and parallel to dissolution fractures filled in by kerogen. As seen in the Raman 

hyperspectral image (Fig. 3.6i), primary minerals include subangular 

monocrystalline quartz, disseminated pyrite and feldspar (white grains).  

 In contrast to the lithofacies at the base of Member IV, pyrite at the top of 

Member IV presents a subhedral-anhedral habit between 10-20 μm with no 

presence of framboidal pyrite. Organic matter is presented in dark brown colours 
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that turn into black clots when filling dissolution spaces or fractures. OM Raman 

bands show similar positions to the first lithofacies, with a D band at ∼1340 cm-1 

and a G band at 1611 cm-1 (Fig. 3.6h). Feldspar exhibits variable sizes between 

5-40 μm. It is generally subangular in shape and is shown as light grey grains in 

the electron image (Fig. 3.6i-j). Characteristic Raman peaks confirm this mineral 

at 468 and 518 cm-1 (Fig. 3.6h) and elemental chemical composition from SEM 

results (Fig. 3.6i-j).  

 
Fig. 3.6 Petrographic, Raman and SEM characteristics of Qinglinkou samples. a) Thin section 
at the base of Member IV showing massive organic-rich and fine-grained shale and framboidal 
pyrite (black rounded morphologies). b) Raman hyperspectral image of a). The colours in the 
hyperspectral maps correspond to the colours in the Raman spectra. c) Arbitrary backscattered 
electron image of sample QLK 16. d) Raman hyperspectral map of c) highlighting the mineral 
fraction. e) EDS map of c) showing the presence of barite grains. f) SEM Spectra showing the 
elemental analysis for pyrite (left) and barite (right). g) Thin section of a sample at the top of 
Member IV consisting of mudstone with well-preserved lenticular fabric. h) Raman spectra 
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showing the most intense peaks for primary organic and mineral fractions. i) Raman 
hyperspectral map of g) highlighting the mineral fraction. j) Arbitrary backscattered electron 
image of g) with arrows pointing to feldspar and pyrite grains. k) SEM Spectra showing the 
elemental analysis for feldspar (left) and pyrite (right). 

3.3.2 Distal sections diagenetic and mineralogical characteristics 

Taoying 

 Samples from the upper slope Taoying section consist primarily of very dark 

massive organic-rich shale with a lack of internal structures (Fig. 3.7a). It presents 

thinly laminated and elongated quartz horizontally distributed and rounded and 

sub-rounded brown organic-rich bodies embedded in lenses parallel to the 

quartzitic bedding (Fig. 3.7c). Raman results reveal the presence of sub-rounded 

and subangular quartz crystals, sometimes as needle-like shapes with peaks at 

206 and 475 cm-1, rounded and sub-rounded anatase between 5-15 μm, isolated 

or forming aggregates, with peaks at 149, 398, 517 and 640 cm-1, scattered sub-

angular feldspar with sizes up to 20 μm and Raman peaks at 480 and 57 cm-1,  

and barite grains, frequently sub-angular and up to 10 μm size (Fig. 3.7b-f). 

Raman spectra of OM revealed two different fractions of organic material. The 

first one, represented by red in Fig. 3.7d, presents characteristic D and G bands 

at ∼1336 and ∼1603 cm-1 (Fig. 3.7f). The second one, represented by the black 

colour in Fig. 3.7d (HF-OM), is found within spheroidal structures and is highly 

fluorescent with mostly an unresolved Raman spectrum, although it is possible to 

identify D and G bands at ∼1350 and ∼1580 cm-1  (Fig. 3.7f). These spheroidal 

morphologies form aggregates and present a quartzitic rim, partially replacing the 

outer structure and authigenic barite grain up to 22 μm replacing the structure 

(Fig. 3.7d). However, complementary SEM analyses reveal a phosphorus mineral 

associated with the highly fluorescent organic matter fraction (Fig. 3.7e). 

Elemental analysis shows a mineral rich in Al and Fe (Fig. 3.7g-h) that could be 

attributed to the Strengite (Fe)-Variscite (Al) series.  These are phosphates where 

Al gradually replaces Fe3+. Variscite is produced by the action of phosphate-rich 

waters on aluminous rocks, whereas the alteration of iron-containing phosphates 

forms strengite. Strengite-variscite minerals are also the primary components of 

diagenetic rosette-like spheroids of ∼50 μm (Fig. 3.7i-j). These rosettes present 

concentric layers with characteristic mineral zonation with alternating strengite 

and variscite from the core towards the outer rim of the rosette. The general 

strengite composition is formed by 30% Fe, 17% P, 3% H and 50% O, while 

variscite contains 17% Al, 20% P, 3% H and 60% O. Elemental analysis confirms 
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the presence of both phases that correlate with the general chemical 

composition. Spectrum 3 (Fig. 3.7j) corresponds to strengite with 30.6% Fe, 20% 

P, 1.8% Al and 47.7% O. Spectrum 4 corresponds to variscite with 17.4% Al, 23.4 

P, 4.4% Fe and 55% O.  Thus, elemental analysis shows a compositional 

difference between pale strengite with Fe>Al and dark variscite with Fe<Al.  

 

Fig. 3.7 Petrographic, Raman and SEM characteristics of Taoying samples. a) Thin section of 
very dark massive organic-rich shale. b) Raman hyperspectral map showing the mineral 
fraction formed by anatase, quartz, barite and feldspar. The colours in the hyperspectral maps 
correspond to the colours in the Raman spectra. c) Image organic-rich rounded bodies 
embedded in lenses in reflected light. d) Raman hyperspectral image of rounded organic-rich 
morphologies forming aggregates. Quarzitic rims are formed at the outer boundaries of the 
microfossils. e) EDS map of d) indicating the presence of phosphorus and barium minerals. f) 
Raman spectra showing the most intense peaks for primary organic and mineral fractions. g) 
Backscattered Electron image of e). h) Elemental analysis of g) showing the presence of 
Strengite (Fe)-Variscite (Al) (upper spectrum) and barite (lower spectrum). i) Backscattered 
electron image of rosette-like spheroids showing a characteristic mineral zonation. j) Elemental 
analysis of spots selected in i) confirming the composition of pale bands (Strengite, upper 
spectrum) and the dark bands (variscite, lower spectrum).   

Xiajiaomeng 

 Xiajiaomeng section is located in the lower slope area. The shale of Member 

IV is <2 m thick and exhibits a single microstructure consisting of massive, very 

150 μm

100 μm

50 μm

g

h

a

e f

b c d

i j

Spectrum 2

Barite

Spectrum 3: 

Strengite

Spectrum 4:

Variscite

Spectrum 1: 

Strengite



 

94 

 

dark organic-rich shale with euhedral-subhedral carbonate crystals up to 25 μm, 

although most commonly between 5-15 μm size (Fig. 3.8a-g). Isolated crystals 

are distributed randomly, whereas aggregates form lenticular structures 

horizontally distributed of variable thickness (Fig. 3.8b). Disseminated pyrite is 

also found in different sizes and shapes. Pyrite mainly occurs with subhedral 

habits between 1-20 μm, followed by larger euhedral grains up to 40 μm and not 

frequent but present, framboidal pyrite between 5-10 μm (Fig. 3.8b-i). Raman 

spectral analysis (Fig. 3.8c) manifests spectral D and G bands of OM at ∼1350 

and ∼1605 cm-1, respectively. This OM is accompanied by amorphous, highly 

fluorescent OM (Fig. 3.8f, black clots) with an unresolved spectrum and is 

described as solid bitumen. Quartz occurs in sub-angular shapes, and it confirms 

by the Raman peaks at 206 and 465 cm-1. The carbonate phase shows peaks at 

175, 301 and 1101 cm-1, which are characteristic of dolomite. In addition, 

dispersed isolated anatase grains are found in sizes < 5 μm and generally 

rounded in shape, although sub angular grains are also detected (Fig. 3.8j 

dashed circles).  

 The principal sedimentological feature observed on these samples consists of 

granules in a variety of morphologies. The vast majority are spheroidal or 

ellipsoidal, with sizes between 100-400 μm and non-uniformly distributed. They 

present a core formed by OM surrounded by characteristic rims entirely formed 

by dolomite (Fig. 3.8a-b-d-e-f-g-h). In some concretions, the rim is formed by 

dolomite aggregates (Fig. 3.8h), whereas, in other concretionary structures, the 

rim is formed by individual dolomite crystals with an easily distinguishable 

euhedral habit (Fig. 3.8e). In other cases, these concretions appear as spheres, 

independently distributed or forming aggregates, filled by sparitic dolomite with 

characteristic rhombic morphologies (Fig. 3.8d-f). Inter-sphere spaces in 

concretions are filled by OM, bitumen, quartz and pyrite Fig. 3.8f.  
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Fig. 3.8 Petrographic, Raman and SEM characteristics of Xiajiaomeng samples. a) Thin section 
showing massive and very dark organic-rich shale with carbonate crystals and concretionary 
structures. b) Raman hyperspectral map of a) representing the mineral fraction. The colours in 
the hyperspectral maps correspond to the colours in the Raman spectra. c) Raman spectra 
showing the most intense peaks for primary organic and mineral fractions. d) Thin sections 
showing different diagenetic structures. e) Concretion with a rim formed by individual euhedral 
dolomite crystals. f) Raman hyperspectral map of e) with the mineralogy that forms the inter-
sphere spaces in concretions (sparitic dolomite, OM and HF-OM). g) Thin sections showing 
additional diagenetic structures. h) Concretion with a rim formed by dolomitic aggregates and 
isolated euhedral crystals. i) Raman hyperspectral map of h) indicating the mineral fractions 
distribution. Small dashed circles highlight rounded anatase grains. j) Cross polarised light 
image showing dolomitic lenticular structures of variable sizes with a horizontal distribution 

Fengtan 

 Fengtan section is located in the deep basin area. Overall, shales of Member 

IV are <5 m thick, and samples can be divided into two lithofacies types. The first 

corresponds to dark banded OM in parallel nonlinear beddings alternating with 

white cryptocrystalline silica well cemented and compacted (Fig. 3.9a). The 

general texture resembles boudinage structures where a rigid layer is stretched 

and deformed amidst less competent surroundings. Raman spectrum of OM 

shows D and G bands at ∼1335 and ∼1607 cm-1, respectively (Fig. 3.9e). Mixed 

with the OM and silica, subhedral brownish grains up to 40 μm size with no 

preferential orientation are observed (green grains in Fig. 3.9b and brown grains 

in Fig. 3.9c). Raman spectra of these grains show characteristic peaks at 221, 

433, 625, 1008 and 1102 cm-1 (Fig. 3.9e), and elemental analysis shows higher 

Fe, K and S concentrations (Fig. 3.9j, spectrum 1; Fig. 3.9k, spectrum 4). 

Altogether, these observations allow determining that the brown mineral 

corresponds to jarosite, a sulfate mineral formed by the oxidation of iron sulfides. 
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In addition, dispersed pyrite crystals exclusively occur as euhedral grains 

between 0.25-2 mm that seem preferentially placed within or at the edge of white 

layers (silica). Some pyrite crystals contain organic matter embedded in long 

lenses and jarosite isolated crystals (Fig. 3.9h). Lastly, anatase grains are 

observed with sub-angular shapes and < 5 μm randomly distributed within the 

matrix (Fig. 3.9b).  

 The second lithofacies describes dark OM with apparent horizontal lamination 

with quartzitic patches, most commonly in elongated shapes arranged parallelly 

to lamination and cross-cutting several bedding planes (Fig. 3.9c). These patches 

are up to 2 mm long and between 200-400 μm thick. Additional subhedral 

feldspar grains up to 20 μm are also identified with no preferred orientation (Fig. 

3.9g-i-l, spectrum 3), confirmed by the characteristic Raman peaks at 467 513 

cm-1 (Fig. 3.9e). In some places, OM forms irregular, very dark lenses that use 

higher magnifications on the microscope, resulting in spherical or ellipsoidal 

colloid to particulate OM with variable sizes between 5-20 μm. Jarosite grains are 

also observed with no preferred arrangement. Electron image results reveal 

irregular patches formed by jarosite (Fig. 3.9i; pale colour, and Fig. 3.9l, spectrum 

4). In addition, euhedral and subhedral barite grains up to 50 μm are described 

based on Raman peaks at 455 and 989 cm-1 (Fig. 3.9d-e) and independently 

confirmed by elemental analysis (Fig. 3.9j). Finally, anatase found on this 

lithofacies shows sub-rounded morphologies and sizes < 5 μm when associated 

with feldspar, and rounded morphology and sizes between 5-10 μm when 

associated with barite and jarosite (Fig. 3.9d-g). 
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Fig. 3.9 Petrographic, Raman and SEM characteristics of Fengtan samples. a) Thin section of 
the first lithofacies described showing alternating dark banded OM and white cryptocrystalline 
silica. b) Raman hyperspectral map showing the mineral fractions of a). The colours in the 
hyperspectral maps correspond to the colours in the Raman spectra. c) Thin section showing 
laminated OM and quarzitic patches. d) Raman hyperspectral map of c) revealing a mineral 
fraction primarily formed by jarosite and barite. e) Raman spectra showing the most intense 
peaks for primary organic and mineral fractions. f) This section of the second lithofacies 
described showing massive OM and quarzitic bands. g) Raman hyperspectral map of the 
second lithofacies showing the mineral distribution formed exclusively by feldspar, sub-angular 
quartz and sub-rounded and rounded anatase grains. h) Euhedral pyrite crystals with 
embedded OM in long lenses. i) Arbitrary backscattered electron image of the second 
lithofacies. j) Elemental spectra of the selected point in d) corresponding to Barite. k) Elemental 
spectra of the selected point in h) corresponding to pyrite. l) Elemental spectra of selected 
points in i). The right spectrum corresponds to jarosite, and the left spectrum corresponds to 
quartz.  

A compilation of the most relevant data described in the above six stratigraphic 

sections is shown in Table 3-1. This table is organized by depositional 

environment and summarises the different concretionary structures observed and 

the associated mineralogy.
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Table 3-1  Summary table of observations for Member IV organic-rich samples. It includes the most relevant concretionary structures observed and associated 
organic-inorganic fractions. 

Size 30 -100 μm 20 cm

Mineralogy C-D C

Size 22 μm 50 μm

Morphology Spheroidal Rosettes

Mineralogy

Size 5-20 μm 10-50 μm

Mineralogy OM OM

Size <5 μm 5-15 μm <5 μm 5-10 μm

Mineralogy

Size 10-40 μm 20-50 μm

Morphology Subhedral Euhedral-subhedral

Mineralogy Ja Ba

Size 10-20 μm 5-10 μm

Mineralogy

Size 1 -20 μm 5-20 μm 5-20 μm 5-20 μm up to 5 cm 200-400 μm

Morphology Subangular Cocoidal Subangular Quarcitic rim Banded Patches

Mineralogy

Size

Morphology

Mineralogy

Quartz Calcite/Dolomite Anatase Pyrite Apatite/Variscite-Strengite Barite Jarosite Feldspar

Fig. 3.6d-e; Fig. 3.7b-

d;  Fig. 3.9b-d-i; 

All sections

Fig. 3.6i-j; Fig. 3.7b; 

Fig. 3.9d-g

Fig. 3.4d-f,; Fig. 3.5b; 

Fig. 3.8i; Fig. 3.5e; 

Fig. 3.9h

1-20 μm

Subhedral

Fig. 3.4a; Fig. 3.4b-f; 

Fig. 3.8a-d-g

Fig. 3.5a; Fig. 3.7g-i

Fig. 3.4d; Fig. 3.5d-e-

h-j

5-20 μm

Subangular

Subrounded and rounded

Subhedral- framboidal-euhedral

Subrounded

0.25-2mm

EuhedralMorphology

Subangular-subrounded

5-40 μm 20 μm 

5-15 μm

Isolated or forming aggregates

2-10 μm

Framboidal

1-3 cm

Bands

Achitach-likeCocoidal

Shelf lagoon

1

Morphology
 Spherical and 

ellipsoidal 
Concretion

An

Qtz

F

Py

Rounded

8-20 μm

Qtz

1

D

An

Py

Spheroidal or ellipsoidal granules. Dolomitic rims. 

Sparitic dolomite spheres

5-15 μm (indiv) and 100-400 μm (aggreg)

<5 μm

Ba

V-S

F

Qtz

An

Subangular

Subangular

1-20 μm, 5-10 μm, 40 μm

Pyrite

Py

Quartz

Qtz

Feldspar

F

Rounded and 

suhhedral

Figure

Ap

An

Ba

Subrounded and 

subangular

Subhedral

Rounded

Fig. 3.3e-c; Fig. 3.5h; 

Fig. 3.6c; Fig. 3.7b; 

Fig. 3.8i; Fig. 3.9b-k;  

Carbonate

Phosphate

Microsfossils

Anatase

Sulphate

Morphology

Morphology

Upper slope Lower slope Basin

Kerogen type 1--2 2
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3.4. Discussion  

3.4.1 Member IV organic matter and mineral association  

 The general organic-inorganic association is primarily formed by organic 

matter, quartz and anatase (TiO2). As explained in Chapter 2, three different 

types of organic matter are proposed based on kerogen structure dissimilarities 

(“type-A”, “type B”, and “type-C”) resulting from Raman spectroscopy data. The 

different textures or lithofacies described on these samples cannot discriminate 

between types of organic matter because identifiable and/or unique textures 

characteristic for every kerogen type are not observed. For example, massive 

textures have been described in all environments. The same occurs with 

laminated textures, which are either found in proximal or distal environments. 

However, distinctive mineralogical and sedimentological features may help better 

characterise organic-inorganic associations of the different kerogen types.   

 Carbonate minerals are exclusively found in Zhimaping (proximal section) 

associated with disperse clots of OM and in Xiajiaomeng (distal section) 

associated with massive OM. As seen in Fig. 3.4d and Fig. 3.8b-d-g, these 

carbonates are generally present as euhedral-subhedral crystals and spheroidal-

ellipsoidal concretions that show depleted 13C compositions for carbonates and 

surrounding organic matter (see geochemical data in Chapter 2). Similar depleted 

13C compositions in sedimentary concretions and banded iron formations have 

been previously interpreted as the result of oxidised biomass (Jiang et al., 2007; 

Plet et al., 2016; Dodd et al., 2018). The potential relationship between the 

formation of carbonate concretions described in Member IV and oxidised 

biomass will be addressed in the next section.  

 Phosphates are only found in the shelf lagoon and the upper slope. While in 

the former, phosphates appear in the form of apatite bands that host spheroidal 

microfossils (Fig. 3.5c-d-e), in the latter, phosphates appear in the form of 

variscite-strengite phases forming spheroidal and rosette morphologies (Fig. 

3.7g-i). The occurrence of widespread phosphorite deposits in Member IV has 

been previously described with features consistent with preservation in shallow 

environments where oxic conditions may have dominated the water column (Xiao 

et al., 2012; Cui et al., 2015). Phosphorous is considered a limiting nutrient that 

plays a significant role in regulating primary production, whereby organic matter 

turns the ultimate source of most P in marine sediments (Ingall et al., 1993). Thus, 
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high phosphorus availability is generally linked to high rates of primary 

production. The phosphorus minerals in the shelf lagoon samples present 

independent evidence of organic matter production and are consistent with the 

environmental scenario proposed in Chapter 2, where extensive primary 

production dominated shallow waters. This mineral occurrence could be linked to 

the existence of an upwelling area in the upper slope where dissolved 

phosphorus reached the surface and eventually precipitated as variscite-

strengite phases.  

 Feldspars are present in the shelf lagoon, upper slope and basin. Raman 

results and elemental analysis revealed that this mineral could be either 

orthoclase or microcline. Both minerals share the same chemical formula but 

differ in their crystal structure. The general chemical formula contains 14% K, 

10% Al, 30% Si, and 46% O. These numbers correlate with the data obtained in 

the elemental analysis of 11% K, 9% Al,32% Si and 48% O (Fig. 3.6k and Fig. 

3.9l). Raman spectroscopy could help discriminate between mineral phases 

because they share principal peaks at 290, 445, 455, 510, 630, 750, 810 and 

1125 cm-1, but microcline may be distinguished unambiguously from orthoclase 

because of the characteristic band positions and the evolution of the peak triplet 

between 450 and 520 cm-1 (Freeman et al., 2008). However, Raman spectra 

collected in the studied samples do not show peaks of the peak triplet, likely 

because of low resolution. Therefore, feldspars mentioned in this study could 

correspond both to orthoclase or microcline.  

 Sulfates in the studied samples predominantly occur in the form of barite (Ba2+ 

sulfate) and jarosite (ferri-ferrous potassic sulfate). Barite is identified in proximal 

and distal sections (Fig. 3.6d-e, Fig. 3.7b-d and Fig. 3.9d), while jarosite is 

exclusively found in the distal Fengtan (Fig. 3.9b-d-i). Sulfate minerals are 

common in Ediacaran stratigraphic successions. It has been proposed that 

sulfate concentrations in seawater increased during the late Ediacaran from <1 

mmol/kg to likely 6 to 10 mmol/kg (Blättler et al., 2020). This increase is supported 

by sulfur isotope modelling and volumetric calculations of evaporite deposition 

during the late Ediacaran-Cambrian that estimates deposits >100,000 km3 

(Evans, 2006). This sulfate enrichment would have been driven by evaporite 

weathering in the aftermath of orogenic activity and the subsequent continental 

erosion of the Gondwana continent (Campbell and Squire, 2010; Shields et al., 

2019).  
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 In the shelf lagoon and upper slope, small and dispersed irregular barite 

crystals with sizes <20 μm appear associated with quartz partly filling in voids of 

dissolved quartz grains and phosphates, partially replacing organic-rich 

spheroidal morphologies (Fig. 3.6d and Fig. 3.7d). Occurrence of barite has been 

previously reported in Member IV (Och et al., 2016), although morphologies and 

origin have not been discussed, and at the base of the Doushantuo Fm. (cap 

carbonate) in the form of fan morphologies. In the latter, the origin was attributed 

to methane hydrate destabilisation because they are generally enriched in Ba2+ 

(Jiang et al., 2006; Jiang, Shi and Zhang, 2006). However, this process would 

have led to massive marine barite precipitation not being detected in the studied 

sample. Alternatively, and because of the quartz and phosphorus diagenetic 

replacement as small irregular grains, barite in these environments was likely the 

result of mid-late diagenetic processes that locally increased Ba2+ concentration 

in pore waters and induced barite precipitation.  

 In Fengtan (distal), sulfates occur in both mineral forms, barite and jarosite. 

Here, barite appears as isolated euhedral crystals up to 50 μm embedded in an 

organic-rich matrix with no signs of grain dissolution (Fig. 3.9d). The size and 

morphology of these grains suggest that alternative Ba sources rather than Ba-

rich fluids may have played an essential role in the mineral precipitation. The 

principal source of barium is river runoff, and barite burial flux is generally 

delivered to the sediment-water interface by sinking flux of organic matter 

(Bishop, 1988). Other sinks in sedimentary phases for seawater Ba include 

adsorption onto aluminosilicate, carbonate, and ferromanganese oxyhydroxide 

(Dymond et al., 1992; Eagle et al., 2003). However, these alternative sinks for Ba 

are ruled out as none of these sedimentary phases have been identified on the 

studied samples. Therefore, the more likely explanation is that authigenic barite 

precipitation was facilitated by decaying organic matter that released Ba and 

increased its availability during diagenesis (Bishop, 1988; Van Beek et al., 2007). 

 Jarosite is the other sulfate mineral found in Fengtan. This mineral precipitation 

generally results from oxidative weathering products of early diagenetic pyrite 

(Hall et al., 2013). The presence of large (up to 2mm) euhedral pyrite in Fengtan 

is consistent with oxidative weathering processes. However, jarosite is a K and 

Fe-bearing sulfate mineral, and the source of potassium seems to be related to 

the presence of feldspar based on the following observation. SEM and Raman 

results reflect a relationship between feldspar and jarosite, in which samples with 
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well-developed feldspar crystals (Fig. 3.9g) are absent from jarosite. In contrast, 

feldspar appears as an accessory and small grains where jarosite is well 

developed (Fig. 3.9d). Then, it is likely that the dissolution of feldspar grains 

brought about enough K availability for jarosite to precipitate. Although limited to 

the deep basin, the co-occurrence of different sulfate minerals agrees with the 

proposed existence of an increased sulfate reservoir in the late Ediacaran ( 

Shields et al., 2019; Blättler et al. 2020). 

 Pyrite is also commonly found in most of the studied sections. Pyrite is 

relatively common in Member IV and has been previously described in many 

studies (Dong et al., 2008; McFadden et al., 2008; Wang et al., 2012; Xiao et al., 

2012; Ostrander et al., 2019). The ultimate source of sulfur for pyrite precipitation 

comes from marine sulfate, and pyrite is usually formed during early diagenesis 

at shallow burial depths, where detrital iron-bearing minerals react with hydrogen 

sulfide (H2S) to produce pyrite (Canfield and Berner, 1987). In the studied 

samples, pyrite mostly appears as rounded, framboidal, subhedral, and euhedral 

shapes with sizes up to 10 μm, 20 μm, 40 μm, and 2 mm, respectively (Fig. 3.4d-

f, Fig. 3.8e, Fig. 3.5b-e and Fig. 3.9h). This size heterogeneity shows no evident 

relation between pyrite size and habit and organic fraction, irrespectively the 

characteristics of OM (massive, spheroidal or in lenses). However, other 

observations are possible. For example, sections containing dolomite are absent 

from sulfate minerals but not pyrite (Fig. 3.4d-f and Fig. 3.8b-i). This is because 

the precipitation of dolomite is generally inhibited by the presence of sulfate 

(Compton, 1988). Thus, the precipitation of dolomite, including concretions, was 

achieved when sulphate was exhausted from porewaters. Another observation is 

that the co-occurrence of pyrite and jarosite in the studied samples is inexistent 

except in the deep basin, where large euhedral pyrite grains, sized between 0.25 

and 2 mm, are associated with jarosite between 10 and 40 μm (Fig. 3.9h). In 

bottom waters, enhanced production of H2S via bacteria sulfate reduction (BSR) 

likely favoured the precipitation of pyrite. However, BSR would not have 

overcome the sulfate reservoir in this environment. The co-occurrence of pyrite 

and jarosite in the same sample further suggests that sulfate was not exhausted 

and coexisted with sulfides allowing the precipitation of different sulfur authigenic 

minerals.  

 Lastly, anatase (TiO2) is present in all environments, but it shows different size 

distributions according to specific mineral associations. For example, in samples 
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associated with pyrite and/or jarosite, anatase is generally < 5 μm and sub-

rounded in shape (Fig. 3.8j and Fig. 3.9b-d), whereas in samples where anatase 

is associated with apatite and barite sizes increase to 17 μm and present rounded 

morphologies, in some cases replacing acritarch-like shapes (Fig. 3.5i and Fig. 

3.7b). This observation is important because it reflects larger sizes and rounded 

forms in samples with minerals associated with primary production areas. Thus, 

the precipitation or anatase could be linked to organic matter degradation as 

decay biomass would have produced low pH conditions that favoured the 

dissolution of titanium-bearing minerals leading to enough supply of Ti4+. The 

discussion about interpreting anatase as a biosignature will be addressed in 

Section 3.4.4.  

 Altogether, and observing the mineralogical summary in Table 3-2 that relates 

the occurrence of organic-inorganic fractions throughout the basin, it is possible 

to establish a relation between environments, kerogen and mineral fraction: 

• Kerogen “type-A” occurs in the shelf lagoon and lower slope and is 

primarily associated with 13C depleted carbonate, phosphates (apatite), 

anatase and pyrite.  

• Kerogen “type-B” occurs in the basin and is predominantly associated with 

sulfates (Ba and Fe), anatase and euhedral large pyrite. 

• Kerogen “type-C” occurs in the upper slope and has been described as an 

intermediate product of “type-A” and “type-B” kerogens. The mineral 

association remarkably agrees with this description as it consists of 

phosphates (variscite-strengite), also present associated with kerogen 

“type-A”, and Ba sulfates and alkali-bearing phases also present 

associated with kerogen “type-B”.  

In Chapter 2, kerogen types are described based on the similarity of δ13C trends 

and Raman spectral results. This characterisation is further supported by the 

mineral association described in this chapter.  For example, sections located in 

the shelf lagoon and lower slope, despite a geographic distance of more than 500 

km, show strong similitudes on δ13C data and organic-mineral association and 

reflect that similar biogeochemical processes may have been operating 

simultaneously. As proposed in Chapter 2, the main biogeochemical process that 

dominated these environments was phototrophic primary production. Thus, the 

combination of mineral associations and Raman spectral data in this study has 

served as a source of identifiable and distinctive features that helped understand 



 

104 

 

organic-inorganic interactions during primary and secondary production. These 

mineral associations also served as independent evidence of the link between 

the recovery δ13C trends the primary production of biomass.  

  

Table 3-2 Summary table of organic matter-mineral association from proximal to distal 
environments. K= Kerogen, C=Calcite, D=Dolomite, Apa=Apatite, V-S=Variscite-Strengite, 
Ba= Barite, Ja= Jarosite, F= Feldspar.  

3.4.2 Concretionary structures as a result of biotic or abiotic processes 

 Carbonate concretionary structures are widespread in the organic-rich shales 

of Member IV. They are randomly distributed, showing spherical, ellipsoidal or 

irregular shapes with diameters ranging between 2 mm and 5 m (Jiang et al., 

2007; Zhou and Xiao, 2007; Dong et al., 2008, 2013; McFadden et al., 2008; Lu 

et al., 2013; Zhu et al., 2013; An et al., 2015; Zhou et al., 2017). This remarkable 

size heterogeneity could be better explained as the result of different styles of 

physical growth such as replacement growth, where host sediments become 

incorporated into a concretionary body via extensive cementation of pore spaces 

or displacive growth that occurs when sedimentary beds are forced apart by the 

growth of carbonate minerals (Astin and Scotchman, 1988; Sellés-Martínez, 

1996). In Member IV, two principal types of carbonate concretions are 

documented. The first group includes metre-to-centimetre scale concretions, 

generally isolated, ellipsoidal in shape, and aligned with the sedimentary bedding. 

This group presents characteristic displacive growth where host rock laminations 

are bent around the concretion contact, and that is generally related to early 

concretionary growth before compaction (Dong et al., 2008, 2013; Lu et al., 2013; 

Zhu et al., 2013; An et al., 2015; Zhou et al., 2017, this study Fig. 3.4a). The 

second group encloses micrometre spherical and ellipsoidal concretions formed 

via replacement growth and characterised by cores of OM surrounded by outlying 

dolomite of the concretionary bodies (Dong et al., 2008, 2013, this study Fig. 

3.4b-f and Fig. 3.8a-d-g). Fig. 3.10 compares carbonate concretions of Member 

Section
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IV described in the literature, and this study was formed by displacive growth and 

replacement growth. 

 

Fig. 3.10 Carbonate concretionary structures of Member IV. a-b) concretions formed by 
displacive growth in Dong et al. (2008) (a) and this study (b). c-d) concretions formed by 
replacement growth in Dong et al. (2008) (c) and this study (d). 

 The formation of the first group of concretions has been traditionally explained 

as the result of carbonate supersaturation in porewaters driven by the generation 

of bicarbonate, and therefore high alkalinity, from microbial activity around 

concretion nuclei in the sediments (Berner, 1968; Sellés-Martínez, 1996), and 

sustained during growth by a pool of inorganic bicarbonate that facilitated rapid 

precipitation of the concretion matrix during early diagenesis (Raiswell and 

Fisher, 2000; Gaines and Vorhies, 2016). Thus, the δ13C of carbonate 

concretions generally depends on the source of carbonate ions present in pore 

waters. As a result, δ13C values of carbonates concretions are usually 

characterised by values significantly depleted relative to seawater that is often 

used as fingerprints of specific microbial metabolic processes that triggered and 

maintained concretion growth (Raiswell and Fisher, 2000; Pearson and Nelson, 

2005; Loyd et al., 2012). An alternative mechanism to form these spheroid 

structures has been attributed to wave action in high energy, shallow marine 

environments (Simonson, 2003; Akin et al., 2013). However, this study ruled out 

this mechanism based on estimated sedimentation rates, calculated and 

explained in Chapter 4. In the sections where spheroidal morphologies are 

present, sedimentation rates are remarkably low (between 0.02 and 0.34 cm/kyr), 

a b

c d
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and shales are relativity homogeneous in granulometry. Thus, it is likely that 

shales were deposited below or near wave base, as already proposed based on 

sedimentological evidence by McFadden et al. (2008), where slow-moving 

currents prevented coarse-grained sediment from migrating into low-energy 

depositional environments. These observations disagree with a high energy 

environment, and therefore, the wave agitation model is not considered in this 

study as a potential mechanism of concretion formation. The formation of the 

second group, however, has been attributed to gas bubbles produced by 

oxygenic phototrophs in microbial mats and stromatolites (Bosak et al., 2010) or 

carbonate-filled gas bubbles formed by microbial decomposition of organic matter 

and anaerobic oxidation of methane near the sediment-water interface (Duck, 

1990, 1995; Dong et al., 2008). In both cases, gases from organic matter 

decomposition would have created cavities or bubbles subsequently filled by 

carbonate precipitated from anaerobic methane oxidation.   

 The central characteristics of both types of carbonate concretions are that they 

preferentially occur in organic-rich mudstones where the decomposition of 

organic matter facilitates the continuous supply of bicarbonate, and they are 

formed at shallow depths during the early stages of diagenesis (Berner, 1968; 

Sellés-Martínez, 1996; Raiswell and Fisher, 2000; Gaines and Vorhies, 2016). 

However, ellipsoidal carbonate concretions have been reported in organic-poor 

glacial deposits (Vuillemin et al., 2013), organic-poor mudstones (Gaines and 

Vorhies, 2016) and organic-poor green silty shale (Liu et al., 2019), indicating that 

the concretion growth may be sustained even under limited organic content 

conditions. In addition, decomposition of organic matter and anaerobic oxidation 

of produced gases do not explain relevant questions about concretion formation, 

such as why they are often spherical-ellipsoidal with sharp boundaries or the 

factors that make the concretion growth to end. To further understand these 

questions, alternative models of diagenetic concretions formation may be 

considered where biological and non-biological processes, or a combination of 

both because they are not necessarily mutually exclusive, could play a significant 

role in forming Member IV diagenetic concretions.  

 Chemically-oscillating reactions represent an abiotic mechanism of diagenetic 

structures formation that could potentially explain the spheroidal-ellipsoidal and 

rosette-like morphologies found in Zhimaping (Fig. 3.4f, Fig. 3.5a) Taoying (Fig. 

3.7i) and Xiajiaomeng (Fig. 3.8 a-d-g) sections. During early diagenesis, biomass 
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decomposition occurs through biotic decarboxylation reactions such as 

Tricarboxylic Acid Cycle (TCA cycle), known as the Krebs cycle, and 

fermentation. These reactions release carboxylic acids, which are readily used 

by autotrophic and heterotrophic organisms to create new metabolic 

intermediates. As diagenesis progresses, carboxylic acids are decomposed via 

abiotic decarboxylation reactions, such as chemically-oscillating reactions, to 

form CO2. After diagenesis, thermal abiotic decarboxylation becomes the 

principal chemical process that produces CO2, typically below the microbial 

habitability zones, that ultimately can contribute to carbonate supersaturation for 

concretionary growth (Irwin, Curtis and Coleman, 1977). The Belousov-

Zhabotinsky (BZ) reaction is a type of chemically-oscillating reaction that consists 

of out-of-equilibrium oxidation of carboxylic acids with strong halogen oxidants, 

such as bromate (BrO3
-) and iodate (IO3

-), and strong acids like malonic 

(CH2(COOH)2) and sulfuric (H2SO4) acids to produce CO2 (Zhabotinsky 1991; 

Papineau et al., 2017; Papineau 2020). The BZ reactions produce characteristic 

concentric and radial geometric patterns. Papineau et al. (2017) reproduced 

chemically-oscillating reactions using the same chemicals as the classical 

Belousov-Zhabotinsky experiment. The reaction products from these 

experiments are shown in Fig. 3.11. Oxidation spots and concentric oxidation 

fronts with rounded equidistant lines (Fig. 3.11a-b), curved equidistant lines 

forming a ‘cavity’ (Fig. 3.11b), single spot patterns (Fig. 3.11c), and CO2 bubble 

formation  Fig. 3.11 c-d) are the most identifiable features. Characteristic 

diagenetic patterns such as circularly-concentric laminations described in 

Paleoproterozoic dolomitic stromatolites (Gabriel et al., 2021), late 

Paleoproterozoic diagenetic spheroids in chert granules (Papineau et al., 2017), 

granules in iron formations from the Paleoproterozoic deposits (Dodd et al. 2018), 

and banded and concentric patterns in malachite botryoids (Papineau 2020)  

have been interpreted as the results of BZ reactions.  

 

Fig. 3.11 Reaction products from chemically-oscillating experiments performed by Papineau et 
al. (2017). a) oxidation spot that creates radially-expanding concentric equidistant lines. b) 
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Cavity formed by curved equidistant lines when front waves meet and are interfering. c) Single 
spot patterns and effervescence produced by CO2 bubbles. d) Concentric equidistant 
morphologies and effervescence produced by CO2 bubbles 

 Environmental conditions during the late Ediacaran could have facilitated 

spontaneous chemically-oscillating reactions in the subsurface as the principal 

ingredients for these reactions to occur could have been supplied from different 

sources: 

• Carboxylic acids: Extensive primary production was likely the most 

favourable scenario in the late Ediacaran oceans, as proposed and 

discussed in Chapters 2 and 4.  Organic production and increased carbon 

flux facilitated the preservation of widespread deposits of organic matter. 

Microbial decomposition of sinking organic matter in the water column and 

the water-sediment interface likely drove the release of abundant 

carboxylic acid that ultimately fuelled chemically-oscillating reactions. 

• Strong acids (sulphuric and phosphoric acid): phenanthroline ferrous 

sulphate is used as a catalyst for the cyclic reactions in seawater (Zaikin 

and Zhabotinsky, 1970). Seawater sulfate concentrations, as explained in 

the previous section, noticeably increased during the late Ediacaran. 

Consequently, this increase of sulfate concentrations in seawater would 

have promoted the remineralisation of organic phosphorus mediated by 

sulfate-reducing bacteria in anoxic environments (Laakso et al., 2020). 

This P source would complement continental weathering following the 

Marinoan and Gaskiers glaciations that likely continued for millions of 

years (Mills et al., 2011) and caused surface runoff to deliver P to the 

ocean (Lan et al., 2019). Both P sources would have promoted the 

availability of phosphates in the water column and sediments as 

supported by the widespread occurrence of phosphorite deposits in 

Member IV (Xiao et al., 2012; Cui et al., 2015). 

• Strong halogens oxidant (iodate and bromate): recent studies have used 

the iodine proxy as evidence for increased ocean oxygenation during the 

Paleo- and Neoproterozoic (Hardisty et al., 2017; Lu et al., 2017). These 

studies point to elevated levels of carbonate iodine during these periods 

relative to the Archaean, particularly during the extremely negative 

Lomagundi (Bekker and Holland, 2012) and Shuram (Fike et al., 2006) 

carbon isotope excursions. This increase of iodate during the Shuram 

excursion is highly relevant as this excursion constitutes the central core 
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of this research as Member IV records the recovery of the Shuram 

excursion, as explained in Chapter 2. The source of bromate, another 

halogen oxidant, was likely derived from cyanobacteria (Gribble, 2000) 

and marine algae (Huetteroth et al., 2004) because they produce 

brominated intermediates that decay to release organobromine 

compounds (Wever and Van Der Horst, 2013).  

 It is worth mentioning that the occurrence of carbonate spheroidal 

morphologies in this study is only observed in sections where carbonate is 

present (Zhimaping and Xiajiaomeng), located in areas of high primary 

production as proposed in Chapter 2. The presence of mineral assemblages that 

commonly include 13C-depleted carbonate that precipitates as various carbonate 

phases, ferric-ferrous phases, apatite mixed with OM, and sulphide have been 

ascribed to such abiotic diagenetic oxidation of biomass as the primary process 

involved in the formation of spheroidal structures (Papineau et al., 2017; Dodd et 

al. 2018; Gabriel et al. 2021). Although this mineral association agrees with the 

ones described in the previous section, where concretions and rosettes are 

present, most studied samples are absent from δ13Ccarb data. However, 

systematic 13C-depleted carbonate has been reported in samples from Member 

IV (Jiang et al., 2007; McFadden et al., 2008; Wang et al., 2016; Furuyama et al., 

2017) and elsewhere (Gaines and Vorhies, 2016). This would be consistent with 

the addition of 13C-depleted carbon from organic carbon, which is very common 

in the studied samples with values down to -39‰. In addition, negative δ13C 

values have been reported from concretions with values as low as −11‰ (Jiang 

et al., 2007; Dong et al., 2008), consistent with the existence of a 13C-depleted 

dissolved inorganic carbon pool in seawater.  

 It is also important to highlight that calcite and dolomite are present in the 

carbonate concretionary structures described in Zhimaping and Xiajiomeng 

sections. It is generally known that dolomite precipitation is inhibited by the 

presence of sulfate (Compton, 1988). It is then likely that calcite cementation 

began during concretion growth and continued afterwards when sulfate was 

exhausted from pore water, promoting the precipitation of dolomite concretions. 

This would explain why sulfates are absent in these sections of black shales, but 

sulfides are present. The traditional mechanism of concretion formation would 

have implied highly alkaline conditions typically associated with sulfate reduction 

in the sediments to favour carbonate precipitation. However, abiotic precipitation 



 

110 

 

of proto-dolomite has been recently reported as an alternative mechanism of 

dolomite formation (Liu et al., 2019). In this recent study, lab experiments 

demonstrated that highly negatively charged clay minerals such as illite and 

montmorillonite could aid the precipitation of abiotic proto-dolomite under ambient 

conditions, possibly via electrostatic binding hydroxylated Mg2+ and Ca2+. This is 

important because illite or mixtures of illite/smectite compositions have been 

reported as the only clays present in Member IV shales, illite the dominant 

(Bristow et al., 2009), and could have contributed to a favourable scenario for 

abiotic carbonate precipitation. Moreover, carboxylic acids from microbes or 

organo-molecules decomposition have recently been identified as a crucial 

functional group that facilitates the binding of Ca2+ and Mg2+ during Ca-Mg 

carbonate growth (Kenward et al., 2013; Qiu et al. 2017), which serves as 

independent evidence of abiotic mechanisms of carbonate precipitation.  

 Interestingly, morphologies and textures resulting from these experiments of 

abiotic carbonate precipitation are similar to those of biogenic dolomite (Liu et al., 

2019). However, unambiguous identification of those structures with an abiotic 

source is particularly problematic because of the ubiquitous presence of 

biological compounds. In this context, chemically-oscillating reactions may be 

viewed as an alternative abiotic mechanism capable of producing rounded and 

concentric patterns of carbonate composition due to radially expanding circular 

waves of diagenetic oxidation products. Thus, the hypothesis that arises is that 

oxidation of OM could have initiated chemically-oscillating reactions driven by the 

availability of strong acids and halogens in the medium. The carboxylic acid 

released during the decay of OM facilitated the binding of Ca2+ and Mg2+ during 

Ca-Mg carbonate growth, where the presence of illite clays played an essential 

role in promoting the precipitation of proto-dolomite. The similarity of 

compositional organic-mineral associations and carbonate rounded structures 

and rosettes between this study (Fig. 3.4b-f, Fig. 3.7d-g-i, Fig. 3.8 a-d-g) and 

previous studies (Papineau et al., 2017; Dodd et al. 2018; Gabriel et al. 2021; 

Papineau 2020) provide a plausible link to chemically-oscillating reactions as 

abiotic mechanisms of spheroidal morphologies formation in the early diagenetic 

environments. 
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3.4.3 Phosphorus-rich conditions inferred from phosphatic spheroids 

Phosphatic concretions and rosettes occur in organic-rich laminated horizons 

at Zhimaping and Taoying sections (Fig. 3.5a and Fig. 3.7g-i). Phosphate 

concretions in organic-rich shales commonly form during very early diagenesis, 

allowing the preservation of original depositional materials such as body fossils 

and other sedimentological features. This is the case of the morphologies in 

Zhimaping that resemble acritarchs and coccoidal cyanobacterial mats (Fig. 3.5d-

e-g-h-j). The excellent preservation of these morphologies indicates that the 

growth of phosphate concretions occurred during early diagenesis within 

decimetres to first meters of burial below the sediment-water interface because 

the most reliable indicator for early diagenetic concretion formation is 

the preservation of fossils within the concretion (Raiswell and Fisher, 2000; 

Marshall and Pirrie, 2013). This good preservation of well-differentiated microbial 

structures also suggests that late Ediacaran shallow environments witnessed the 

important ecological activity of microbial communities. A similar fossil 

assemblage of colonial coccoidal cyanobacteria and acritarchs was described in 

Silurian organic-rich cherts (Kremer, 2005, 2006). These studies suggested that 

acritarchs were the dominant microbial population of large post-blooms 

macroaggregates that rapidly sank to the seafloor and were overgrown by benthic 

coccoidal cyanobacterial mats. Then, decomposition of the phosphate 

macroaggregates during shallow burial would have favoured the early diagenetic 

phosphatization. The similarity of microfossils and mineral assemblages between 

these studies and the Zhimaping samples suggests that this situation might have 

occurred in Member IV through microbially mediated precipitation of apatite in a 

phosphorus-rich environment. 

 In light of this possible scenario, it is essential to understand the origin or 

sources of phosphorus during the late Ediacaran. Quantitative evidence points to 

a fundamental reorganisation of Earth’s phosphorus cycle during the Ediacaran 

Period. For example, worldwide phosphate resources vastly increased from the 

Cryogenian (∼500 million tons) to the Ediacaran (∼8000 million tons) (Cook and 

Shergold, 2005), and compiled data of P content in shales show an increase from 

0.1 wt.% in the early Neoproterozoic to 0.4 wt.% in the late Neoproterozoic 

(Reinhard et al., 2017). It has been suggested that phosphate exerted a primary 

control on blooms of oxygenic photosynthesis during the Ediacaran (She et al., 

https://www.sciencedirect.com/topics/earth-and-planetary-sciences/fossil-preservation
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2014), and indeed at both ends of Proterozoic (Papineau 2010), which led to 

eutrophication of the water column with high primary productivity in surface 

waters and high organic carbon fluxes into sediments. This P enrichment agrees 

with the occurrence of phosphorite deposits widespread in Member IV, and most 

have been described with features consistent with preservation in shallow 

environments where oxic conditions likely dominated the water column (Xiao et 

al., 2012; Cui et al., 2015). 

The sources of dissolved P that likely accounted for the reorganisation of the 

P cycle and phosphate accumulations in the Ediacaran are continental 

weathering and P remineralisation + oceanic upwelling. In the first case, it has 

been proposed that continental weathering following the Marinoan and Gaskiers 

glaciations likely continued for millions of years (Mills et al., 2011) and caused 

surface runoff to deliver P to the ocean (Lan et al., 2019). In the second case, a 

recent quantitative study (Laakso et al., 2020) proposes increasing deep marine 

P pool by one order of magnitude exclusively linked to extensive phosphorus 

remineralisation from biomass. Remineralisation of organic phosphorus would 

have been mediated by sulfate-reducing bacteria in anoxic environments and 

developed after increased sulfate concentrations in seawater. This sulfate 

increase is thought to have risen from <1 mM to likely 6 to 10 mM (Blättler et al., 

2020) during the late Ediacaran, likely related to orogenic activity and subsequent 

continental erosion of the Gondwana continent and evaporitic deposits (Campbell 

and Squire, 2010). Then, oceanic upwelling would have upwelled cold 

phosphorus-rich deep-water toward shallow areas resulting in high primary 

productivity (Wright et al., 1984, 1987; Bertram et al., 1992; Jarvis et al., 1994). 

Although it has been proposed that P from continental weathering is ∼60 times 

smaller than P remineralisation from deep oceans (Schlesinger and Bernhardt, 

1991), the combination of both processes likely led to an environmental scenario 

characterised by enhanced P availability that ultimately favoured primary 

production and phosphorite precipitation. 

The occurrence of phosphatic concretions in Zhimaping and rosettes in 

Taoying agree with a phosphorus-rich scenario. The fact that both sections are 

in areas of high autotrophic production, together with the preservation of 

microfossils, suggest the influence of microorganisms during phosphogenesis. 

Remineralisation of photosynthetically derived OM was likely responsible for a 

local increase in 13C-depleted alkalinity and phosphate enrichment in pore waters 
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that eventually replaced carbonate by apatite (Jahnke et al., 1983; Schenau, 

Slomp and De Lange, 2000). Thus, organic-bound phosphorus was ultimately the 

source of phosphorus for authigenic apatite precipitation. In Zhimaping, apatite 

appears as bands that host spheroidal microfossils total or partially replaced by 

highly fluorescent quartz within concretions. This abundant occurrence of apatite 

bands (Fig. 3.5b-c) suggests that this mineral was the precursor for concretion 

growth. In Taoying, the concentrically layered rosette with alternating strengite 

(pale colour) and variscite (dark colour) (Fig. 3.7i) resembles rosettes associated 

with apatite reported in Neoproterozoic phosphorites (Sun, Chan and Li, 2014) 

late Paleoproterozoic stromatolitic phosphorites (Papineau et al. 2016) or 

Paleoproterozoic organic-rich cherts (Mossman et al., 2005). 

In contrast to the Zhimaping section, where the presence of microfossils likely 

accounted for the origin of phosphatic concretions, in Taoying, the origin of 

rosettes is ambiguous as microbial activity seems not comparably relevant. 

However, the concentric layered pattern observed in Taoying resembles the 

structures described in Papineau et al., 2016; Papineau et al., 2017; Dodd et al., 

2018; Papineau, 2020; Gabriel et al., 2021, where chemically-oscillating 

reactions are invoked as the principal mechanism of granules formation, including 

rosettes, during the early diagenetic oxidation of microbial biomass. The same 

could apply to the phosphatic concretion in Zhimaping, where the rounded 

morphology could result from expanding circular waves of chemically-oscillating 

reaction products. The importance of these observations relies on the 

consideration of non-equilibrium diagenetic processes that involve the oxidation 

of organic matter by strongly oxidising fluids as principal contributors to the 

granules (concretions and rosettes) formation.  

3.4.4 Anatase as biosignature?  

Biosignatures are any characteristic molecule, substance or feature whose 

structure reveals an unambiguous link with a natural biological product, thus 

providing scientific evidence of past or present life. Thus, molecular fossils are 

measurable indicators of past life, but specific features of minerals and mineral 

assemblages may be diagnostic of the prior activity of organisms. The occurrence 

of anatase associated with OM and the grain size heterogeneity associated with 

the described mineral assemblages is now specifically addressed. Anatase is one 

of the five forms of titanium dioxide (TiO2) found in nature. It naturally occurs at 
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atmospheric pressure, is metastable and transforms irreversibly to rutile, another 

TiO2 form, at high temperature (> ~600 °C) (Jamieson and Olinger, 1969).  

The principal feature of anatase that turns it highly relevant in this study is its 

co-occurrence with organic matter or by-products derived from organic sources 

in various environments. Anatase is found in faults with hydrocarbon-bearing fluid 

flow enriched in dissolved organic carbon and oil-water contacts in oilfields 

(Schulz, Wirth and Schreiber, 2016), and it has been associated with 

hydrothermal deposits and hot springs in modern environments (Geptner et al., 

2005; Jorge-Villar et al., 2007). Also, anatase has been reported associated with 

fossil biomass in Eocene microbial fossils (Glamoclija et al., 2009), Archaean 

cherts (Foucher et al., 2013), Precambrian silicified organic-walled microfossils 

(OWMs) (Foucher et al., 2012), Archaean shales and siltstones (Fuchs et al., 

2015), Paleoproterozoic fossiliferous apatite granules (Papineau et al., 2017), 

Paleoarchean botryoids and stromatolites (Djokic et al., 2017) and bitumen in 

Cambrian shales (Liu et al., 2019). In addition, the presence of OM and anatase 

precipitation has been assessed by laboratory experiments that suggested a 

biomediated origin of anatase (Bower et al., 2015; Bower et al., 2017). More 

recently, authigenic anatase has been documented for the first time within fossil 

cells (Sirantoine et al., 2020) which constitutes direct evidence of biological 

mechanisms in the precipitation of anatase. 

In the present study, anatase is found in all the environments. Raman and 

SEM results reveal that anatase is observed as single discrete crystals widely 

distributed in the interstitial organic matter or forming aggregates. The first 

question is whether these anatase grains are detrital or authigenic in origin, or 

both may occur indistinctly. In this regard, the observed anatase grains can be 

grouped into two well-differentiated groups. The first one includes irregular sub-

rounded grains with sizes <5 μm and is widely distributed in the interstitial organic 

matter with no preferential orientation (pink grains in Fig. 3.3c, Fig. 3.6b, Fig. 

3.7b, Fig. 3.8j, Fig. 3.9b-g). In this group, anatase is commonly accompanied by 

subangular to subrounded detrital quartz grains and feldspar. The second group 

includes rounded anatase presented either isolated with sizes up to 17 μm or 

forming aggregates up to 30 μm size (pink colour in Fig. 3.3e, Fig. 3.5i, Fig. 3.7b 

and Fig. 3.9g). However, the most remarkable features described are that some 

anatase grains from this second group are found within organic bodies (Fig. 

3.3e), replacing microfossils morphologies (Fig. 3.5i) or embedded in quartzitic 
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cement rims (Fig. 3.7b). In the light of these observations, it is reasonable to 

propose that the first group of anatase has a detrital origin while the second group 

has an authigenic origin, with characteristic diagenetic replacement of organic 

precursors.  

The likely source for detrital anatase is reworked Ti-bearing minerals during 

sedimentation of Member IV of the Doushantuo Fm., deposited in passive 

continental margin initiated along the southeastern side of the Yangtze block at 

∼800 Ma (Jiang et al., 2003; Wang and Li, 2003; Jiang et al., 2011). Titanium 

ions needed for authigenic anatase precipitation could also be derived from the 

in-situ alteration of detrital Ti-oxide grains. However, its intimate association with 

microfossil remains suggests that biological mechanisms may have modulated 

the concentration and formation of authigenic anatase. The occurrence of 

authigenic anatase-apatite-barite association would support this biomediated 

early diagenetic anatase in areas exclusively located in shallow environments 

(shelf lagoon and upper slope) affected by dynamic biological activity.  

Specific chemical properties of titanium ion make its concentration in open 

seawater extremely low (0.005 to 0.35 nM; (Skrabal, 2006). For example, in its 

dominant valance state (4+), titanium has low solubility under both oxic and 

anoxic conditions, and it is generally less mobile unless hydrogeochemical 

conditions below pH 2 are reached (Brookins, 1988). However, titanium is 

mobilised in the presence of organic acids, which can form chelation complexes 

with Ti4+(Schulz et al., 2016) and preferentially precipitate as anatase with 

increasing pH (Liu et al., 2019). Moreover, it is known that under oxidative, 

aqueous, and illuminated environments, such as shallow marine environments, 

anatase has a photocatalytic bactericidal effect that contributes to the oxidation 

of biomass (Dunlop et al., 2002; Fujishima and Zhang, 2006; Glamoclija et al., 

2009).   

In this context, rounded authigenic anatase grains, both isolated or forming 

aggregates, found in the studied samples of Member IV may be interpreted as 

biomediated early diagenetic products. The total replacement of acritarch-like 

shapes by anatase (Fig. 3.5i) can be considered direct evidence of biomediated 

authigenic anatase. Although there is no current evidence whether the microbial-

anatase interaction during either their life or during fossilisation controls the 

precipitation of anatase, biomass was likely indirectly responsible for the 

precipitation of authigenic anatase. For example, OM degradation could favour 
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the dissolution of titanium bearing minerals, including detrital anatase, leading to 

enough supply of Ti4+ resulting in the precipitation of authigenic anatase. Acids 

released during the putrefaction of biomass would have led to local reduction of 

the pH in porewaters, which would have facilitated the dissolution of detrital 

titanium-bearing minerals, such as biotite and amphibole. They would have 

preconditioned favourable physicochemical conditions for anatase to precipitate.  

Summary 

Organic-rich shales of Member IV of the Doushantuo Fm. offer valuable 

information about sedimentological and organic matter-mineral associations 

during the recovery from the most negative carbon isotopic excursion in Earth 

history. Table 3-1 summarises the main diagenetic and mineralogical 

observations described for Member IV organic. From them, the most 

representative are a) carbonate concretionary structures from metre-to-

micrometre scale with spherical and ellipsoidal morphologies, b) phosphatic 

minerals forming centimetre scale concretions and rosettes, and c) sizeable 

authigenic anatase crystals and aggregates up to 30 μm replacing microfossils-

like morphologies. All these structures are regarded as diagenetic in origin and 

are exclusively found in and below environments dominated by high primary 

photosynthetic production (see Chapter 2).  

The close similarity of the spatial basin distribution between these 

sedimentological features and the different signals in the C-isotope composition 

of OM and carbonate (see Chapter 2) suggests a close interaction between 

photosynthetic biomass production and diagenetic structures formation. As such, 

enhanced biomass production would have entailed aerobic degradation of OM in 

the water column and microbial sulfate reduction or anaerobic oxidation of 

methane in the sediment-water interface. Biotic oxidation of biomass would have 

produced acids, including carboxylic acids and organic-bound elements such as 

phosphorus. Bioavailable phosphorus, together with remineralized phosphorus 

upwelled from deep-water, likely favoured the precipitation of phosphatic 

minerals. Acids released from OM degradation would also facilitate the 

dissolution of titanium bearing minerals, including detrital anatase, leading to 

enough supply of Ti4+ resulting in the precipitation of authigenic anatase. Lastly, 

abiotic oxidation of carboxylic acids via the out-of-equilibrium chemically-

oscillating reactions provides a plausible explanation for the spheroidal and 



 

117 

 

ellipsoidal concretions and rosette morphologies described in the studied 

sections.  

New Raman spectroscopy and SEM results suggest a dynamic late Ediacaran 

environmental scenario with mineralogical and sedimentological signals of OM 

remineralisation, mineral associations, fossilization, and primary photosynthetic 

production. Member IV sedimentological structures and organic-inorganic 

associations point to extensive diagenetic processes operating during the 

remineralization of biomass. The diagenetic oxidation of OM was biotically 

facilitated by increased microbial communities, resulted from dominant primary 

production, and was abiotically driven via chemically-oscillating reactions. These 

observations would support the recently proposed scenario, whereby the variable 

dominance of primary and secondary production yielded different signals in the 

C-isotope composition of OM and carbonate. 
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Chapter 4 / Late Ediacaran 

paleoproductivity reconstruction
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Abstract   

Marine primary productivity is crucial in the global carbon cycle and 

fundamentally controls marine ecosystems and ecological dynamics. 

Paleoproductivity equations are typically used as environmental indicators 

whereby regional organic carbon distributions may be inferred. In this line, 

Member IV organic-rich shales offer the opportunity of tracing signs of ancient 

photosynthetic production because of the high TOC values, up to 15%, these 

shales contain.   

In this study, traditional paleoproductivity equations are combined with 

inorganic and organic modelling at a basin-scale to understand better the 

environmental conditions under which organic matter was produced, 

accumulated and preserved. Measured TOC values from 174 Member IV 

samples in a platform-to-basin transect served to back-calculate original TOC 

(TOCo) values and reconstruct primary productivity. Then, results are compared 

to two simulated scenarios, with varying redox conditions, to test which one better 

reproduce original environmental conditions.  

Numerical calculations of paleoproductivity showed a remarkable shift from 

values ranging between 104 and 105 mgC/cm2ky in the underlying Member III to 

values between 106 and 107 mgC/cm2ky in Member IV, exceeding the worldwide 

average modern PP estimations by one order of magnitude. Accordingly, carbon 

flux shifted from 103-104 in Member III to 104-105 mgC/cm2ky in Member IV.  In 

addition, a preferred scenario with PP from near-coast and upwelling areas, and 

the subsequent formation of an OMZ, better matches computed and measured 

TOCo values.  

Results indicated a late Ediacaran period characterized by active and 

extensive photosynthetic primary production during Member IV deposition. This 

scenario supports the hypothesis presented in Chapter 2, whereby extensive 

primary productivity overcome secondary productivity as the main input of 

biomass source. Consequently, organic carbon burial increased the 13C-enriched 

DIC budget, which counteracted the existing 13C-depleted inorganic carbon pool 

and led to positive shifts in both δ13Ccarb and δ13Corg, thus the recovery from the 

Shuram excursion. 



 

120 

 

4.1 Introduction  

Estimates of paleoproductivity are typically used as environmental indicators 

and robust tools to model regional characteristics of organic carbon distributions. 

In this line, organic-rich deposits offer an exceptional opportunity to reconstruct 

paleoenvironmental conditions because of their generally high total organic 

carbon (TOC) content. TOC production, accumulation and preservation are 

generally driven by primary productivity (PP), inorganic basin fill and redox 

conditions (Demaison and Moore, 1980; Pedersen and Calvert, 1990; Tyson, 

2001; Mann and Zweigel, 2009; Piper and Calvert, 2009).  

Marine paleoproductivity estimations can be obtained in many different ways 

(Felix, 2014, and references therein). The two main types of calculation methods 

are equations based on multivariate regression on individual variables such as 

linear sedimentary rate (LSR) or dry bulk density (DBD) (Müller and Suess, 1979) 

and equations that include descriptions of processes such as carbon flux and 

burial efficiency (Knies and Mann, 2002; Mann and Zweigel, 2009; Schoepfer et 

al., 2015), sometimes in combination with regression (Stein, 1986). Most of these 

equations were derived using data from oxic and anoxic environments, turning 

them into robust paleoproductivity proxies. However, they bring a certain 

associated degree of uncertainty when using the different equations. For 

example, equations derived from pure multivariate regression are limited for the 

number and availability of datasets used, while the process-based equations 

include understanding of the physical processes so results can be linked to the 

studied system's physics (Felix, 2014). Nevertheless, a complete analysis of the 

different equations in Felix (2014) concluded that better results for productivity 

are obtained using the equations based on processes such as carbon flux and 

burial efficiency.  

Organic-rich black shales of Member IV were widespread deposited along the 

Nanhua Basin during a sea-level highstand and transgression (Vernhet, 2007). 

The high TOC content measured in the studied samples, up to 12%, and in the 

literature, up to 15% (Li et al., 2010), converts these deposits in relevant 

geological records of organic matter production and preservation during the late 

Ediacaran. But more importantly, these deposits constitute a valuable tool to 

understand the characteristics of the late Ediacaran paleoenvironments and 

ecological organization that prevailed during the recovery from the Shuram 
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excursion. Thus, the study of Member IV organic-rich deposits may help explore 

the controls and temporal evolution of paleoproductivity and its link to the 

recovery from the Shuram excursion.  

This paleoproductivity study consists of three different steps: inorganic 

modelling, paleoproductivity equations and organic modelling at a basin scale. 

These steps are intimately related and are used in a logical sequence whereby 

outputs from one stage are used as inputs from the next stage. This modelling 

uses the equations from Knies et al. (2008) and Mann and Zweigel (2009), and 

the concept is based on the interrelated aspects of the production of organic 

matter, inorganic basin fill and preservation conditions during deposition and 

burial. Thus, the primary objective of the combined blocks is to obtain quantitative 

productivity reconstructions that will serve to test and verify alternative 

paleoenvironmental models.  

One of the principal drivers of organic carbon preservation is the level of anoxia 

in the water column. However, despite the efforts to understand the redox 

conditions during the late Ediacaran and early Cambrian, there is no 

unambiguous yet agreed-upon model within the scientific community for Member 

IV. During this period, oceans are proposed to be ferruginous (Canfield et al., 

2008), euxinic (Shen et al., 2008), dominant ferruginous with a euxinic wedge (Li 

et al., 2010; Jiang et al., 2011), modern-like ocean (Canfield et al., 2007; Sahoo 

et al., 2012; Chen et al., 2015), or with a standard/euxinic oxygen-minimum zone 

(Ader et al., 2014; Guilbaud et al., 2017; Wang X. et al., 2018; Wang D. et al., 

2018). 

Under such a plethora of models and circumstances, different environmental 

hypotheses will be tested with varying redox conditions and measured TOC 

values from the studied sections and the literature. The aim will be to understand 

the impact that shallow PP, level of anoxia and inorganic fraction played as 

principal factors influencing the temporal and spatial organic matter distribution 

and preservation in the Nanhua Basin.  

4.2 Methodology 

This study integrated data from two different methods. On the one hand, it 

used classical paleoproductivity equations published in the literature. On the 

other hand, it combined 3D inorganic and organic facies modelling calculated with 

the software OF-Mod (Organic Facies Modelling), provided by the SINTEF 
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Norwegian company, that allowed for the reconstruction of total organic carbon 

or primary productivity basin distribution. Both methods are interrelated and were 

used in a logic sequence whereby outputs from one stage were used as inputs 

from the next stage. Fig. 4.1 shows the modelling workflow used.  

 

Fig. 4.1 The general modelling workflow using OF-Mod 3D (inorganic and organic modelling) 
and paleoproductivity equations.  

4.2.1 3D inorganic modelling 

The inorganic modelling required several inputs calculated as follows: 

• Paleobathymetry maps: data spanning Member IV shales of fourteen 

sections from this study and the literature were compiled. These sections 

included six locations in the shelf lagoon (Kikumoto et al., 2014; Och et al., 2016; 

this study), three from the upper slope are (Guo et al., 2007; Wang et al., 2016; 

this study), two locations from the lower slope area (Sahoo et al., 2016; this study) 

and three locations from the basin (Guo et al., 2007; Lu et al., 2013; Furuyama 

et al., 2017; Wang et al., 2018; this study). The paleobathymetric calibration was 

done by assigning a paleodepth to every section based on Jiang et al. (2011) 

stratigraphic and paleogeographic reconstruction with the following water depths: 

tidal flat 5 m, shelf lagoon between 50-80 m, shelf margin 30-60 m, slope between 

100-500 m, and basin between 500-1000 m. The horizontal grid definition was no 

cells X= 60, no cells Y= 70 and grid cell size= 10000 m. Once the first grid was 

created (top of Member IV), isopach maps (thickness variation) were calculated 

to construct the base grid. These grids, top and base, will physically constrain the 

studied interval and form the model’s frame.  

• Age calibration: every sample of the six studied sections (n=174) was 

assigned a relative age. End members of Member IV were set at 560 and 551 

Ma for the base and top. Then, intermediate ages were calculated according to 

the relative stratigraphic position of each sample within the interval.  
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• Stratigraphic sections: only data from the six studied sections were 

included. The principal data include total organic carbon, position, reference 

depth and age. 

• Palaeo coastline position, inferred from the paleogeographic 

reconstruction of Jiang et al. (2011).  

• Sea-level curve estimated from van der Meer et al. (2017) and references 

therein.  

•  Facies maps: The sedimentary facies were modelled based on a set of 

fuzzy logic rules. Fuzzy logic is an approach to computing based on “degrees of 

truth” rather than the usual “true or false” of Boolean logic, on which the modern 

computer is based. Fuzzy logic includes 0 and 1 as end-member cases of truth 

(or “fact”), but also includes various degrees of truth in-between the end members 

for example; the result of a comparison between two things could be not “true” or 

“false” but “10% true”. This logic method considers various variables such as 

water depth and distance to shore to determine the distribution of sedimentary 

facies. Each sedimentary facies is assigned a sand fraction value, and by using 

Sugeno rules of calculation (Demicco, 2004), a sand-fraction map is determined 

from the sedimentary facies. Fig. 4.2 shows the fuzzy logic applied in this study. 

To simplify the model, only water depth and distance to shore variables were 

considered, and a total of seven different sedimentary facies were modelled: tidal, 

shelf, shelf lagoon, shelf margin, upper slope, lower slope and basin.  

 

Fig. 4.2 Fuzzy logic sedimentary model input for the definition of facies distribution. 

The inorganic modelling allowed defining the regional sand fraction model from 

which sand fraction (SF), dry bulk densities (DBD) and linear sedimentary rate 

(LSR) are the most relevant outputs. The OF-Mod software used the dry bulk 

density (the rock density with empty pore space) at the deposition to relate the 

mass of total rock to the mass of deposited organic matter. The software 
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calculated these parameters using the equations shown in Table 4-1.  LSR was 

additionally calculated for each sample as the total thickness of the time-

stratigraphic unit divided by its duration to check the reproducibility of results. 

Parameter Equation Units 

SF Fuzzy logic f (water depth and distance to shore) [frac] 

DBD 𝜌 = (𝑆𝐹 𝑥 𝜌𝑠𝑎 + (1 − 𝑆𝐹)𝜌𝑠ℎ)𝑥(1 − (𝑆𝐹 𝑥 ∅𝑠𝑎 + (1 − 𝑆𝐹)∅𝑠ℎ)) g/cm3 

LSR 𝐿𝑆𝑅 =
𝑧𝑛 − 𝑧𝑛+1

10(𝑡𝑛 − 𝑡𝑛+1)
 𝑥 (𝑆𝐹

1 − ∅𝑠𝑎

1 − ∅𝑠ℎ
+ (1 − 𝑆𝐹)

1 − ∅𝑠𝑎

1 − ∅𝑠ℎ
) cm/kyr 

Table 4-1 Inorganic modelling equations. SF= sand fraction; 𝜌𝑠𝑎= sand density; 𝜌𝑠ℎ= shales 

density; ∅sa = sand decompaction factor; ∅sh= shale decompaction factor, z = depth and t = time.  

4.2.2 Paleoproductivity and carbon flux equations 

In this study, different paleoproductivity equations were used to calculate 

organic carbon accumulation rate (OCAR), primary productivity (PP), organic 

carbon flux (CF), burial efficiency (BE) and preservation fraction (PF). OCAR 

measures the burial flux of organic carbon based on the preserved quantity of 

TOC in marine sediments. BE is the ratio of the quantity of organic carbon buried 

to reach the sediment-water interface. PF represents the fraction of primary 

productivity ultimately buried (and thus preserved) in the sedimentary record. CF 

is the TOC fraction that reaches the sediment surface. Summarized in Table 4-2, 

these equations served to reconstruct the paleoenvironmental conditions that 

prevailed during Member IV deposition.  These equations use four main 

parameters: TOCo, LSR, DBD and WD (water depth). 

TOC analyses at geochemical laboratories measure strictly present-day TOC 

that are generally lower than original TOC values. This % reduction is dependent 

on sample type, quality and collection. However, and in the absence of other 

factors, the decrease in TOCo is typically described as a function of thermal 

maturity due to the conversion of organic matter to petroleum and carbonaceous 

material (Jarvie et al., 2007). Back calculation of TOCo can be achieved through 

equations that use hydrogen index (HI) or S2 peak from Rock-Eval pyrolysis. 

However, a simplistic calculation from Jarvie (1991) and Montgomery et al. 

(2005), which suggest a 36% loss in TOCo on laboratory maturation of low-

maturity shales, was applied in this study. Present-day TOC values used in this 

calculation come from Chapter 2. LSR was calculated for each sample as the 

total thickness of the time-stratigraphic unit divided by its duration. LSR results 
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from this calculation are compared to LSR calculations from the OF-Mod 

software. Finally, DBD and WD were derived from the 3D inorganic modelling.  

Parameter Author Equation  

Original TOC 
Jarvie 
(1991) 𝑇𝑂𝐶𝑜 =  

𝑇𝑂𝐶

0.64
 % wt. 

Organic carbon 
accumulation 

rate 

Algeo et 
al. (2013) 

𝑂𝐶𝐴𝑅 =  𝜌 𝑥 𝐿𝑆𝑅 mg/cm2ka 

P
ri
m

a
ry

 p
ro

d
u
c
ti
v
it
y
 

Multivariate 
regression 

Müller 
and 

Suess 
(1979) 

𝑃𝑃 =
𝑇𝑂𝐶 𝑥 𝜌

0.003 𝑥 𝐿𝑆𝑅0.3
 

mg/cm2ka 

Processes 
based 

Knies and 
Mann, 
(2002);  
Knies et 

al. (2008) 

𝑃𝑃 =

(

 
 𝑇𝑂𝐶 𝑥 0.378 𝑥 𝐷𝐵𝐷 𝑥 𝐿𝑆𝑅 𝑥 𝑊𝐷𝑜.63

(1 − (
1

0.037 𝑥 𝐿𝑆𝑅1.5 + 1
))

)

 
 

0.71

 
mg/cm2ka 

Regression 
+ 

processes 

Stein 
(1986) 

𝑃𝑃 = 5.31𝑥(𝑇𝑂𝐶𝑥𝜌)0.71𝑥 𝐿𝑆𝑅0.07 𝑥 𝑊𝐷0.45 
mg/cm2ka 

Carbon flux 
Betzer et 
al. (1984) 𝐶𝐹 =

0.409 𝑥 𝑃𝑃1.41

𝑊𝐷0.628
 mg/cm2ka 

Burial efficiency 
Betts and 
Holland 
(1991) 

𝑙𝑜𝑔
10 
(
𝐵𝐸

100
) =  

1.39 𝑥 𝑙𝑜𝑔
10 
𝐿𝑆𝑅

𝑙𝑜𝑔
10 
(𝐿𝑆𝑅 + 7.9)

+ 0.34 [frac] 

Preservation 
Factor 

Knies and 
Mann  
(2002) 

𝑃𝐹 = 
𝑂𝐶𝐴𝑅

𝑃𝑃
 % 

Dilution 
Mann and 
Zweigel 
(2009) 

𝐷 =  
100

(𝐷𝐵𝐷 𝑥 𝐿𝑆𝑅)
 [frac] 

Table 4-2 Paleoproductivity equations. PP = primary productivity (gC/m2a), TOCo = total organic 
carbon (wt.%), LSR = linear sedimentation rate (cm/ka) and ρ = dry bulk density (g/cm3), WD = 
water depth (m).  

4.2.3 3D organic modelling 

The concept is based on the interrelated aspects of the production of organic 

matter (type, quality and quantity), preservation conditions during deposition, 

burial, and inorganic basin fill (Knies and Mann, 2002). Therefore, primary 

productivity, anoxic conditions and sedimentation rate will play an active role as 

principal factors influencing the temporal and spatial organic matter preservation 

and distribution in marine environments.  

The OF-Mod software can model TOC in oxic and anoxic conditions based on 

a limited number of input parameters, PP, PF, CF, BE, and dilution, calculated in 

the previous step. OF-Mod organic modelling is based on the interplay of three 

organic matter fractions: marine, terrestrial and residual. However, this study 

evaluates only marine organic matter produced by primary productivity at the 

upper water column and degraded during settling to the sea bottom.  
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By this modelling, OF-Mod back-calculated the original TOC at the time of 

deposition, taking into account the water depth that impacts the transit time of 

organic matter in the water column, sediment grain size and sedimentation rate. 

Then, it allowed the calibration of primary productivity, taking into account the 

TOC values measured on the studies samples. If the TOC values calculated by 

OF-Mod were substantially different from those measured in the samples, it was 

possible to adjust the redox conditions and create oxygen minimum zones.  

To evaluate the quality of the organic matter, OF-Mod additionally allowed 

back-calculating the hydrogen index (HI). This index helps separate the different 

organic matter source groups (marine, terrestrial and residual) from quantifying 

the impact of each group on the organic matter quality. Although this model only 

works on marine organic matter, it is essential to set a default HI index to calibrate 

the total organic carbon and primary productivity. In this way, a range of HI 

between 400 and 600 (mgHC/gTOC) was used. The chosen HI range is based 

on the geochemical properties of kerogen type II, characteristic of marine 

environments (Peters and Cassa, 1994).  

Two different scenarios were considered in this modelling to compare different 

redox conditions. The first scenario included near-coast primary productivity and 

considered high chemocline position with mostly anoxic column waters, as 

proposed in late Ediacaran redox models (Li et al., 2010; Jiang et al., 2011). The 

second scenario included additional primary productivity in upwelling areas, an 

oxygen minimum zone parallel to the upper slope line and deepening of the 

chemocline due to extensive PP, which would cause oxic surface waters to 

expand toward deep-waters (Li et al., 2018). Output data consisted of TOCo, PP, 

OMZ and anoxic bottom waters (ABW) distribution maps. These results were 

compared to understand which paleoenvironmental scenario better reconstructs 

the original conditions under which TOC was produced and preserved in the 

Nanhua Basin.  

4.2.4 Assumptions and limitations 

This modelling counted with several assumptions which allow simplistic and 

conservative models. Thus, results are subject to further variations if new or 

additional data are available. Nevertheless, this modelling and results served as 

a predictive tool to approach and estimate inorganic and organic 

paleoenvironmental conditions at a basin scale. The principal assumptions were: 
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• The totality of organic carbon corresponded to marine organic carbon. 

• Temporal end-members: the top of Member IV has been chronologically 

constrained at 551.1 Ma by Condon et al. (2005). However, there is no relative 

age constrain for the base of Member IV. In the absence of new data, this 

study used 560 Ma as the base of Member IV based on several aspects. First, 

the Doushantuo Formation (ca. 635–551 Ma) covers ~90% of Ediacaran time; 

a simple age extrapolation would place the base of Member IV at ca. 560 Ma 

(e.g., Jiang et al., 2007). Second, the sequence boundary described at the 

Member II–III transition (McFadden et al., 2008) has been interpreted as a sea-

level fall during the Gaskiers glaciation and is thus ca. 580 Ma (Condon et al., 

2005; Tahata et al., 2013), and third, this estimate is consistent with a Pb–Pb 

age of 576 ± 14 Ma from the upper phosphorite layers of the Doushantuo 

Formation in Weng’an (Chen et al., 2004). However, in light of recent studies 

that constraint the termination of the Shuram excursion, and therefore the top 

of Member IV, at 560 Ma, the used temporal end-members of Member IV in 

this thesis may be modified if new and more accurate depositional ages of 

Member IV are reported.  

• The sedimentation rate was assumed to be linear over time in order to make 

the model simple. However, sedimentation is rarely linear because storm 

deposits, debris or turbiditic flows and other instantaneous depositional events 

may impact the overall sedimentation rate.  

• Hydrogen Index was set between 400 and 600 (mgHC/gTOC) to represent 

marine kerogen type II (Peters and Cassa, 1994).  

• Water depth, shown in Fig. 4-3a, was assigned according to the facies 

distribution proposed by Jiang et al. (2011): tidal flat 5 m, shelf lagoon 50-80 

m, shelf margin 30-60 m, slope 100-500 m, and basin 500-1000 m.  

• Water temperature: as explained in section 1.3.3, seawater temperature 

estimates during the Late Ediacaran were between 20-30oC (Meng et al., 

2011). Because of the comparable late Ediacaran – modern ocean 

temperatures, the kinetics of thermal mechanisms affecting Member IV organic 

matter degradation (aerobic respiration, fermentation) likely worked similarly 

to today. Hence, redox conditions might be the major factor affecting organic 

matter degradation.  
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4.3. Results 

Data from this study are compiled in Table 4-4. Maps created from the 

inorganic modelling are shown in Fig. 4.3.  

 

Fig. 4.3 Results from the inorganic modelling. a) Water depth map. b) Linear sedimentation 
rate map. c) Dry bulk density map. d) Facies distribution map.  

DBD values are dependent on the facies distribution map obtained from the 

fuzzy logic sedimentary analysis. Each facies was assigned a sand fraction with 

decreasing values towards the basin from 1 to 0.3 (Fig. 4.3d). This geographical 

facies and sand fraction distribution results in similar decreasing DBD distribution 

from the shore towards the basin (Fig. 4.3c). However, LSR is an independent 

parameter, and its variation depends on Member IV local stratigraphic thickness 

(Fig. 4.3b). Table 4-3 summarises the LSR and DBD values. 

  XG ZM QK TY XJ FT 

LSR  
(cm/ky) 

0.06 0.34 0.12 0.12 0.03 0.04 

DBD 
(g/cm3) 

0.94 0.92 0.94 0.83 0.68 0.68 
 

Table 4-3 LSR and DBD results in the studied sections. 
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Age Heigth WD TOCo DBD LSR BAR OCAR
Müller and Suess 

(1979)
 Stein (1986)

 Knies & Mann 

(2002)

Betts and 

Holland (1991)

PF (PP Knies & 

Mann 2002)

Ma m m % g/cm3 cm/kyr g/cm
2
 kyr mg/cm

2 
kyr mgC/cm2kyr mgC/cm2kyr mgC/cm2kyr mgC/cm2ky % %

Xiangerwan M III 565.0 0.0 54.0 0.2 0.94 0.37 0.35 0.7 85,666 73,113 107,348 9,489 0.49 0.0007

Xiangerwan M III 564.7 1.2 55.2 0.3 0.94 0.37 0.35 1.1 131,794 100,259 147,196 1,461 0.49 0.0007

Xiangerwan M III 564.5 1.8 55.8 0.3 0.94 0.37 0.35 1.2 144,973 107,801 158,265 1,607 0.49 0.0008

Xiangerwan M III 564.3 2.6 56.6 0.1 0.94 0.37 0.35 0.5 59,307 57,517 84,439 657 0.49 0.0006

Xiangerwan M III 564.2 3.0 57.0 0.4 0.94 0.37 0.35 1.4 171,332 122,544 179,899 1,899 0.49 0.0008

Xiangerwan M III 563.1 7.2 61.2 0.2 0.94 0.37 0.35 0.5 65,897 64,203 94,234 730 0.49 0.0006

Xiangerwan M III 562.6 8.8 62.8 0.1 0.94 0.37 0.35 0.4 52,717 55,436 81,361 584 0.49 0.0005

Xiangerwan M III 562.4 9.8 63.8 0.2 0.94 0.37 0.35 0.7 79,076 74,457 109,272 876 0.49 0.0006

Xiangerwan M III 562.1 10.8 64.8 0.2 0.94 0.37 0.35 0.6 72,486 70,488 103,443 803 0.49 0.0006

Xiangerwan M III 561.9 11.7 65.7 0.1 0.94 0.37 0.35 0.4 46,128 51,457 75,511 511 0.49 0.0005

Xiangerwan M III 561.6 12.7 66.7 0.2 0.94 0.37 0.35 0.5 65,897 66,738 97,932 730 0.49 0.0006

Xiangerwan M III 561.4 13.3 67.3 0.2 0.94 0.37 0.35 0.5 65,897 67,008 98,326 730 0.49 0.0006

Xiangerwan M III 560.9 15.3 69.3 0.1 0.94 0.37 0.35 0.4 46,128 52,707 77,335 511 0.49 0.0005

Xiangerwan M III 560.6 16.4 70.4 0.2 0.94 0.37 0.35 0.8 92,255 86,804 127,358 1,023 0.49 0.0006

Xiangerwan M III 560.3 17.4 71.4 0.2 0.94 0.37 0.35 0.7 79,076 78,301 114,878 876 0.49 0.0006

Xiangerwan M IV 560.0 18.3 72.3 4.2 0.94 0.06 0.06 2.4 3,051,519 628,855 1,991,071 48,538 0.03 0.0001

Xiangerwan M IV 559.0 18.4 72.4 5.3 0.94 0.06 0.06 3.0 3,848,557 741,953 2,349,149 61,232 0.03 0.0001

Xiangerwan M IV 555.8 18.7 72.7 9.3 0.94 0.06 0.06 5.2 6,763,441 1,109,283 3,512,141 107,677 0.03 0.0001

Xiangerwan M IV 554.2 18.8 72.8 8.3 0.94 0.06 0.06 4.7 6,068,879 1,028,096 3,255,072 96,608 0.03 0.0001

Xiangerwan M IV 553.2 18.9 72.9 6.8 0.94 0.06 0.06 3.8 4,930,252 887,630 2,810,330 78,465 0.03 0.0001

Xiangerwan M IV 552.1 19.0 73.0 8.3 0.94 0.06 0.06 4.7 6,034,720 1,025,249 3,246,034 96,065 0.03 0.0001

Xiangerwan M IV 551.1 19.1 73.1 7.2 0.94 0.06 0.06 4.1 5,237,681 927,724 2,937,252 83,364 0.03 0.0001

Xiangerwan Dengying Fm. 550.9 19.5 73.5 0.1 0.94 0.31 0.29 0.4 62,919 63,788 101,599 724 0.36 0.0004

Xiangerwan Dengying Fm. 550.9 19.7 73.7 0.1 0.94 0.31 0.29 0.4 62,919 63,866 101,722 724 0.36 0.0004

Xiangerwan Dengying Fm. 550.7 20.3 74.3 1.2 0.94 0.31 0.29 3.4 531,313 291,554 464,364 6,126 0.36 0.0007

Xiangerwan Dengying Fm. 550.0 22.3 76.3 2.2 0.94 0.31 0.29 6.2 964,752 450,662 717,725 11,132 0.36 0.0009

Zhimaping M III 579.0 0.0 72.0 1.0 0.92 0.19 0.18 1.9 526,299 250,737 484,601 6,633 0.18 0.0004

Zhimaping M III 578.5 0.9 72.9 1.8 0.92 0.19 0.18 3.2 903,348 370,023 715,122 11,392 0.18 0.0004

Zhimaping M III 578.0 1.9 73.9 0.9 0.92 0.19 0.18 1.5 432,036 220,523 426,176 5,444 0.18 0.0004

Zhimaping M III 577.6 2.6 74.6 1.8 0.92 0.19 0.18 3.1 887,638 369,253 713,590 11,195 0.18 0.0004

Zhimaping M III 577.1 3.6 75.6 0.9 0.92 0.19 0.18 1.7 471,312 236,989 457,970 5,940 0.18 0.0004

Zhimaping M III 576.6 4.7 76.7 1.5 0.92 0.19 0.18 2.6 730,534 325,602 629,185 9,212 0.18 0.0004

Zhimaping M III 576.0 5.7 77.7 1.8 0.92 0.19 0.18 3.3 926,914 387,822 749,391 11,692 0.18 0.0004

Zhimaping M III 575.0 7.7 79.7 3.5 0.92 0.19 0.18 6.3 1,783,131 624,225 1,206,111 22,509 0.18 0.0005

Zhimaping M IV 560.0 60.0 132.0 7.8 0.92 0.34 0.31 24.0 3,293,434 1,419,017 2,164,225 37,392 0.42 0.0011

Zhimaping M IV 559.6 61.2 133.2 3.3 0.92 0.34 0.31 10.1 1,387,757 771,379 1,176,447 15,741 0.42 0.0009

Zhimaping M IV 559.3 62.5 134.5 4.2 0.92 0.34 0.31 13.1 1,799,436 931,532 1,420,663 20,417 0.42 0.0009

Zhimaping M IV 559.0 63.3 135.3 2.2 0.92 0.34 0.31 6.9 942,878 590,400 900,393 10,691 0.42 0.0008

Zhimaping M IV 558.6 64.7 136.7 3.5 0.92 0.34 0.31 10.8 1,480,717 817,068 1,246,041 16,798 0.42 0.0009

Zhimaping M IV 558.5 65.1 137.1 1.8 0.92 0.34 0.31 5.6 763,598 511,328 779,776 8,656 0.42 0.0007

Zhimaping M IV 558.3 65.8 137.8 2.3 0.92 0.34 0.31 7.0 956,158 601,225 916,856 10,842 0.42 0.0008

Zhimaping M IV 558.1 66.4 138.4 2.6 0.92 0.34 0.31 8.0 1,102,238 666,385 1,016,213 12,501 0.42 0.0008

Zhimaping M IV 558.0 66.9 138.9 2.4 0.92 0.34 0.31 7.5 1,022,558 632,839 965,046 11,596 0.42 0.0008

Zhimaping M IV 557.8 67.6 139.6 1.9 0.92 0.34 0.31 5.9 803,438 534,372 814,879 9,109 0.42 0.0007

Zhimaping M IV 557.6 68.1 140.1 1.9 0.92 0.34 0.31 5.8 796,798 532,088 811,388 9,034 0.42 0.0007

Zhimaping M IV 557.4 68.9 140.9 2.8 0.92 0.34 0.31 8.6 1,175,278 702,973 1,071,958 13,331 0.42 0.0008

Zhimaping M IV 556.8 70.8 142.8 3.2 0.92 0.34 0.31 10.0 1,374,477 790,379 1,205,198 15,593 0.42 0.0008
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kyr mgC/cm2kyr mgC/cm2kyr mgC/cm2kyr mgC/cm2ky % %

Zhimaping M IV 556.6 71.3 143.3 3.0 0.92 0.34 0.31 9.3 1,268,238 747,794 1,140,250 14,387 0.42 0.0008

Zhimaping M IV 556.6 71.6 143.6 3.5 0.92 0.34 0.31 11.0 1,500,637 843,478 1,286,145 17,027 0.42 0.0009

Zhimaping M IV 556.3 72.4 144.4 3.4 0.92 0.34 0.31 10.6 1,447,517 824,227 1,256,771 16,424 0.42 0.0008

Zhimaping M IV 556.1 73.2 145.2 4.4 0.92 0.34 0.31 13.7 1,879,116 994,468 1,516,330 21,327 0.42 0.0009

Zhimaping M IV 555.7 74.5 146.5 5.4 0.92 0.34 0.31 16.8 2,304,075 1,153,802 1,759,237 26,156 0.42 0.0010

Zhimaping M IV 555.7 74.5 146.5 5.8 0.92 0.34 0.31 18.1 2,476,715 1,214,724 1,852,124 28,118 0.42 0.0010

Zhimaping M IV 555.5 75.1 147.1 4.2 0.92 0.34 0.31 13.0 1,786,156 964,911 1,471,211 20,271 0.42 0.0009

Zhimaping M IV 555.4 75.7 147.7 3.8 0.92 0.34 0.31 11.9 1,633,437 907,102 1,383,056 18,537 0.42 0.0009

Zhimaping M IV 555.1 76.4 148.4 2.5 0.92 0.34 0.31 7.6 1,042,478 660,854 1,007,589 11,825 0.42 0.0008

Zhimaping M IV 555.0 77.0 149.0 4.3 0.92 0.34 0.31 13.2 1,812,716 980,575 1,495,045 20,574 0.42 0.0009

Zhimaping M IV 554.9 77.4 149.4 2.8 0.92 0.34 0.31 8.6 1,175,278 721,756 1,100,426 13,333 0.42 0.0008

Zhimaping M IV 554.7 77.7 149.7 3.5 0.92 0.34 0.31 10.7 1,467,437 845,874 1,289,653 16,651 0.42 0.0008

Zhimaping M IV 554.6 78.1 150.1 1.8 0.92 0.34 0.31 5.7 783,518 542,431 827,007 8,885 0.42 0.0007

Zhimaping M IV 554.5 78.6 150.6 3.7 0.92 0.34 0.31 11.5 1,580,317 893,981 1,362,977 17,934 0.42 0.0008

Zhimaping M IV 554.3 79.2 151.2 0.6 0.92 0.34 0.31 1.7 239,040 234,267 357,163 2,707 0.42 0.0005

Zhimaping M IV 554.1 80.0 152.0 0.7 0.92 0.34 0.31 2.0 278,879 261,983 399,414 3,159 0.42 0.0005

Zhimaping M IV 554.1 80.0 152.0 8.8 0.92 0.34 0.31 27.2 3,731,673 1,652,265 2,519,005 42,390 0.42 0.0011

Zhimaping M IV 554.0 80.3 152.3 0.4 0.92 0.34 0.31 1.3 179,280 191,611 292,124 2,030 0.42 0.0004

Zhimaping M IV 553.9 80.7 152.7 0.9 0.92 0.34 0.31 2.9 391,759 334,172 509,464 4,439 0.42 0.0006

Zhimaping M IV 553.7 81.1 153.1 2.3 0.92 0.34 0.31 7.0 962,798 633,501 965,803 10,921 0.42 0.0007

Zhimaping M IV 553.6 81.6 153.6 3.2 0.92 0.34 0.31 10.0 1,367,837 814,065 1,241,070 15,521 0.42 0.0008

Zhimaping M IV 553.6 81.7 153.7 3.5 0.92 0.34 0.31 10.8 1,480,717 861,464 1,313,328 16,803 0.42 0.0008

Zhimaping M IV 553.4 82.2 154.2 4.5 0.92 0.34 0.31 14.0 1,918,956 1,037,081 1,581,049 21,783 0.42 0.0009

Zhimaping M IV 553.1 83.2 155.2 3.3 0.92 0.34 0.31 10.3 1,407,677 834,713 1,272,512 15,974 0.42 0.0008

Zhimaping M IV 552.5 85.2 157.2 0.7 0.92 0.34 0.31 2.0 278,879 265,979 405,469 3,159 0.42 0.0005

Zhimaping M IV 552.1 86.6 158.6 13.1 0.92 0.34 0.31 40.8 5,584,229 2,241,905 3,417,568 63,469 0.42 0.0012

Zhimaping M IV 551.9 87.2 159.2 3.2 0.92 0.34 0.31 9.8 1,347,917 818,601 1,247,866 15,296 0.42 0.0008

Zhimaping M IV 551.9 87.4 159.4 3.5 0.92 0.34 0.31 10.8 1,480,717 875,696 1,334,895 16,805 0.42 0.0008

Zhimaping M IV 551.8 87.7 159.7 2.9 0.92 0.34 0.31 9.1 1,241,678 773,341 1,178,861 14,089 0.42 0.0008

Zhimaping M IV 551.8 87.8 159.8 18.7 0.92 0.34 0.31 58.0 7,948,064 2,890,231 4,405,788 90,372 0.42 0.0013

Zhimaping M IV 551.7 87.9 159.9 5.2 0.92 0.34 0.31 16.2 2,224,396 1,170,714 1,784,600 25,257 0.42 0.0009

Zhimaping M IV 551.6 88.2 160.2 4.1 0.92 0.34 0.31 12.8 1,752,957 989,266 1,508,000 19,899 0.42 0.0008

Zhimaping M IV 551.6 88.4 160.4 3.5 0.92 0.34 0.31 10.7 1,467,437 872,565 1,330,099 16,654 0.42 0.0008

Zhimaping M IV 551.5 88.7 160.7 3.4 0.92 0.34 0.31 10.6 1,447,517 864,744 1,318,172 16,428 0.42 0.0008

Zhimaping M IV 551.4 88.9 160.9 3.2 0.92 0.34 0.31 9.8 1,347,917 822,640 1,253,985 15,297 0.42 0.0008

Zhimaping M IV 551.4 89.2 161.2 3.1 0.92 0.34 0.31 9.6 1,321,357 811,665 1,237,250 14,995 0.42 0.0008

Zhimaping M IV 551.3 89.4 161.4 0.7 0.92 0.34 0.31 2.3 312,079 291,530 444,388 3,536 0.42 0.0005

Zhimaping M IV 551.2 89.7 161.7 3.3 0.92 0.34 0.31 10.2 1,394,397 844,446 1,287,210 15,825 0.42 0.0008

Zhimaping M IV 551.1 89.9 161.9 2.1 0.92 0.34 0.31 6.4 876,478 607,723 926,363 9,942 0.42 0.0007

Zhimaping Dengying Fm. 550.9 90.1 162.1 13.6 0.92 0.04 0.04 5.0 10,961,923 1,999,380 7,503,198 189,741 0.02 0.0001

Zhimaping Dengying Fm. 550.6 90.2 162.2 1.8 0.92 0.04 0.04 0.7 1,472,497 480,856 1,804,535 25,431 0.02 0.0000

Zhimaping Dengying Fm. 550.0 90.4 162.4 8.3 0.92 0.04 0.04 3.1 6,708,043 1,412,148 5,299,427 116,048 0.02 0.0001

Qinglinkou M IV 560.0 0.0 58.0 15.0 0.94 0.12 0.11 16.7 8,942,561 1,479,961 3,519,961 124,425 0.08 0.0005

Qinglinkou M IV 559.7 0.3 58.3 10.7 0.94 0.12 0.11 11.9 6,358,328 1,164,378 2,769,335 88,437 0.08 0.00043

Qinglinkou M IV 559.4 0.7 58.7 10.2 0.94 0.12 0.11 11.3 6,051,567 1,127,673 2,681,986 84,167 0.08 0.00042

Qinglinkou M IV 559.1 1.1 59.1 3.3 0.94 0.12 0.11 3.6 1,952,118 506,575 1,204,783 27,117 0.08 0.00030

Qinglinkou M IV 558.9 1.3 59.3 1.7 0.94 0.12 0.11 1.9 1,013,242 318,494 757,465 14,065 0.08 0.00025

Qinglinkou M IV 558.4 1.9 59.9 3.9 0.94 0.12 0.11 4.3 2,333,246 578,447 1,375,668 32,419 0.08 0.00032

Qinglinkou M IV 557.7 2.7 60.7 5.2 0.94 0.12 0.11 5.8 3,104,798 712,768 1,695,050 43,155 0.08 0.00034

Qinglinkou M IV 557.3 3.2 61.2 0.8 0.94 0.12 0.11 0.8 446,198 180,457 429,138 6,189 0.08 0.00019
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Qinglinkou M IV 556.7 3.9 61.9 0.4 0.94 0.12 0.11 0.5 260,282 123,708 294,176 3,608 0.08 0.00016

Qinglinkou M IV 555.3 5.6 63.6 1.9 0.94 0.12 0.11 2.1 1,115,496 351,907 836,772 15,489 0.08 0.00025

Qinglinkou M IV 553.8 7.3 65.3 4.0 0.94 0.12 0.11 4.5 2,407,613 614,904 1,462,028 33,461 0.08 0.00031

Qinglinkou M IV 552.8 8.5 66.5 4.2 0.94 0.12 0.11 4.6 2,481,979 633,499 1,506,168 34,498 0.08 0.00031

Qinglinkou M IV 552.7 8.6 66.6 4.6 0.94 0.12 0.11 5.1 2,760,853 683,713 1,625,546 38,379 0.08 0.00032

Qinglinkou M IV 551.4 10.1 68.1 3.7 0.94 0.12 0.11 4.1 2,203,105 588,357 1,398,750 30,620 0.08 0.00029

Qinglinkou M IV 551.3 10.2 68.2 2.7 0.94 0.12 0.11 3.0 1,626,765 474,725 1,128,598 22,602 0.08 0.00027

Qinglinkou Dengying Fm. 551.3 10.4 68.4 0.9 0.94 0.05 0.05 0.4 713,474 206,589 712,363 11,792 0.02 0.00006

Qinglinkou Dengying Fm. 551.0 10.5 68.5 1.7 0.94 0.05 0.05 0.8 1,293,928 315,422 1,087,642 21,399 0.02 0.00007

Qinglinkou Dengying Fm. 550.4 10.7 68.7 4.1 0.94 0.05 0.05 1.9 3,192,495 599,628 2,067,628 52,851 0.02 0.00009

Qinglinkou Dengying Fm. 549.5 11.3 69.3 3.4 0.94 0.05 0.05 1.6 2,624,134 523,892 1,806,434 43,433 0.02 0.00009

Taoying M III 563.0 0.0 152.0 0.3 0.83 0.06 0.05 0.1 210,325 128,481 420,694 3,399 0.03 0.00003

Taoying M III 562.1 0.5 152.5 0.2 0.83 0.06 0.05 0.1 121,658 87,233 285,629 1,965 0.03 0.00003

Taoying M III 561.2 1.0 153.0 0.2 0.83 0.06 0.05 0.1 132,999 93,068 304,734 2,148 0.03 0.00003

Taoying M III 560.3 1.5 153.5 0.2 0.83 0.06 0.05 0.1 158,775 105,697 346,080 2,565 0.03 0.00003

Taoying M IV 559.7 2.0 154.0 1.6 0.83 0.12 0.10 1.6 856,223 436,887 1,026,844 11,863 0.08 0.00016

Taoying M IV 559.7 2.1 154.1 2.7 0.83 0.12 0.10 2.7 1,405,021 621,176 1,459,986 19,477 0.08 0.00018

Taoying M IV 559.4 2.5 154.5 3.4 0.83 0.12 0.10 3.4 1,798,068 740,932 1,741,446 24,932 0.08 0.00020

Taoying M IV 559.2 2.8 154.8 4.0 0.83 0.12 0.10 4.0 2,109,570 830,660 1,952,325 29,257 0.08 0.00021

Taoying M IV 558.8 3.3 155.3 6.1 0.83 0.12 0.10 6.1 3,199,012 1,117,987 2,627,617 44,386 0.08 0.00023

Taoying M IV 558.7 3.5 155.5 15.5 0.83 0.12 0.10 15.5 8,104,763 2,164,376 5,086,938 112,569 0.08 0.00031

Taoying M IV 558.4 6.0 158.0 1.0 0.83 0.12 0.10 1.0 542,275 319,551 751,008 7,510 0.08 0.00014

Taoying M IV 558.2 6.3 158.3 7.2 0.83 0.12 0.10 7.2 3,738,841 1,259,674 2,960,472 51,888 0.08 0.00024

Taoying M IV 557.6 7.1 159.1 4.6 0.83 0.12 0.10 4.6 2,422,703 927,797 2,180,470 33,607 0.08 0.00021

Taoying M IV 555.0 7.7 159.7 2.6 0.83 0.12 0.10 2.6 1,358,541 616,335 1,448,471 18,833 0.08 0.00018

Xiajiaomeng M III 570.0 0.0 451.0 2.1 0.68 0.07 0.05 1.0 1,025,684 698,980 2,025,680 15,746 0.04 0.00005

Xiajiaomeng M III 569.7 0.2 451.2 2.0 0.68 0.07 0.05 1.0 1,009,378 691,210 2,003,160 15,495 0.04 0.00005

Xiajiaomeng M III 569.0 0.8 451.8 1.1 0.68 0.07 0.05 0.5 543,511 445,645 1,291,498 8,338 0.04 0.00004

Xiajiaomeng M III 567.9 1.6 452.6 0.5 0.68 0.07 0.05 0.2 232,157 243,805 706,552 3,558 0.04 0.00003

Xiajiaomeng M III 567.1 2.3 453.3 5.9 0.68 0.07 0.05 2.9 2,950,491 1,483,419 4,298,968 45,348 0.04 0.00007

Xiajiaomeng M III 566.2 3.0 454.0 4.2 0.68 0.07 0.05 2.1 2,096,401 1,164,629 3,375,094 32,209 0.04 0.00006

Xiajiaomeng M III 564.7 4.1 455.1 1.3 0.68 0.07 0.05 0.6 621,156 491,571 1,424,563 9,531 0.04 0.00004

Xiajiaomeng M III 564.1 4.6 455.6 0.5 0.68 0.07 0.05 0.2 232,933 245,111 710,325 3,570 0.04 0.00003

Xiajiaomeng M III 562.9 5.5 456.5 1.1 0.68 0.07 0.05 0.5 543,511 447,726 1,297,490 8,338 0.04 0.00004

Xiajiaomeng M III 562.2 6.1 457.1 0.5 0.68 0.07 0.05 0.2 232,933 245,474 711,370 3,570 0.04 0.00003

Xiajiaomeng M III 561.2 6.9 457.9 0.5 0.68 0.07 0.05 0.2 232,933 245,667 711,927 3,570 0.04 0.00003

Xiajiaomeng M III 560.3 7.6 458.6 3.3 0.68 0.07 0.05 1.6 1,630,534 978,735 2,836,297 25,045 0.04 0.00006

Xiajiaomeng M III 560.1 7.8 458.8 2.3 0.68 0.07 0.05 1.2 1,164,667 770,865 2,233,903 17,883 0.04 0.00005

Xiajiaomeng M III 559.3 7.9 458.9 1.1 0.68 0.07 0.05 0.5 543,511 448,761 1,300,473 8,338 0.04 0.00004

Xiajiaomeng M IV 559.1 8.1 459.1 13.0 0.68 0.03 0.02 2.6 8,416,846 2,441,007 10,322,055 154,698 0.01 0.00003

Xiajiaomeng M IV 558.6 8.2 459.2 15.2 0.68 0.03 0.02 3.1 9,836,555 2,726,930 11,531,106 180,823 0.01 0.00003

Xiajiaomeng M IV 556.8 8.5 459.5 16.4 0.68 0.03 0.02 3.3 10,647,818 2,885,614 12,202,092 195,754 0.01 0.00003

Xiajiaomeng M IV 554.5 8.9 459.9 15.5 0.68 0.03 0.02 3.2 10,039,371 2,768,629 11,707,386 184,556 0.01 0.00003

Xiajiaomeng M IV 553.1 9.1 460.1 7.3 0.68 0.03 0.02 1.5 4,766,166 1,631,772 6,900,078 87,546 0.01 0.00002

Xiajiaomeng M IV 551.4 9.4 460.4 9.7 0.68 0.03 0.02 2.0 6,287,283 1,986,989 8,402,127 115,522 0.01 0.00002

Xiajiaomeng Dengying Fm. 551.0 9.6 460.6 0.6 0.68 0.02 0.01 0.1 477,513 273,283 1,455,958 9,754 0.00 0.00001

Xiajiaomeng Dengying Fm. 550.2 9.9 460.9 0.8 0.68 0.02 0.01 0.1 596,891 320,292 1,706,402 12,196 0.00 0.00001

Fengtan M III 565.0 0.0 541.0 0.4 0.68 0.03 0.02 0.1 246,967 211,637 913,267 4,568 0.01 0.00001

Fengtan M III 563.6 0.4 541.4 0.2 0.68 0.03 0.02 0.0 113,193 121,668 525,025 2,092 0.01 0.00001

Fengtan M III 561.9 0.9 541.9 0.4 0.68 0.03 0.02 0.1 257,258 218,024 940,824 4,758 0.01 0.00001

PRIMARY PRODUCTIVITY CF (Betzer 1994) BE PF  

Section Formation

PP from  Knies & 

Mann 2002
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Age Heigth WD TOCo DBD LSR BAR OCAR
Müller and Suess 

(1979)
 Stein (1986)

 Knies & Mann 

(2002)

Betts and 

Holland (1991)

PF (PP Knies & 

Mann 2002)

Ma m m % g/cm3 cm/kyr g/cm
2
 kyr mg/cm

2 
kyr mgC/cm2kyr mgC/cm2kyr mgC/cm2kyr mgC/cm2ky % %

Fengtan M III 560.8 1.2 542.2 0.3 0.68 0.03 0.02 0.0 164,645 158,855 685,494 3,044 0.01 0.00001

Fengtan M III 560.1 1.4 542.4 0.2 0.68 0.03 0.02 0.0 144,064 144,510 623,592 2,663 0.01 0.00001

Fengtan M IV 559.9 1.5 542.5 0.5 0.68 0.04 0.03 0.1 269,481 256,267 912,295 4,553 0.02 0.00002

Fengtan M IV 559.6 1.6 542.6 0.4 0.68 0.04 0.03 0.1 206,602 212,235 755,544 3,490 0.02 0.00001

Fengtan M IV 559.4 1.7 542.7 0.7 0.68 0.04 0.03 0.2 377,273 325,474 1,158,665 6,377 0.02 0.00002

Fengtan M IV 559.3 1.7 542.7 1.2 0.68 0.04 0.03 0.4 691,668 500,536 1,781,876 11,699 0.02 0.00002

Fengtan M IV 559.1 1.8 542.8 1.9 0.68 0.04 0.03 0.6 1,077,923 685,933 2,441,875 18,241 0.02 0.00002

Fengtan M IV 559.1 1.8 542.8 2.3 0.68 0.04 0.03 0.7 1,329,439 796,079 2,833,986 22,503 0.02 0.00002

Fengtan M IV 558.8 1.9 542.9 5.2 0.68 0.04 0.03 1.6 3,000,220 1,418,947 5,051,352 50,829 0.02 0.00003

Fengtan M IV 558.6 2.1 543.1 3.8 0.68 0.04 0.03 1.1 2,155,847 1,122,284 3,995,252 36,511 0.02 0.00003

Fengtan M IV 558.2 2.2 543.2 11.0 0.68 0.04 0.03 3.4 6,305,852 2,404,951 8,561,447 106,920 0.02 0.00004

Fengtan M IV 557.8 2.4 543.4 3.1 0.68 0.04 0.03 1.0 1,805,522 989,801 3,523,616 30,572 0.02 0.00003

Fengtan M IV 557.3 2.6 543.6 3.1 0.68 0.04 0.03 0.9 1,769,591 975,937 3,474,256 29,963 0.02 0.00003

Fengtan M IV 556.9 2.8 543.8 3.2 0.68 0.04 0.03 1.0 1,850,435 1,007,554 3,586,807 31,333 0.02 0.00003

Fengtan M IV 556.4 3.0 544.0 2.9 0.68 0.04 0.03 0.9 1,679,764 940,810 3,349,201 28,440 0.02 0.00003

Fengtan M IV 556.0 3.2 544.2 9.5 0.68 0.04 0.03 2.9 5,483,037 2,179,479 7,758,744 92,955 0.02 0.00004

Fengtan M IV 555.8 3.3 544.3 13.3 0.68 0.04 0.03 4.1 7,632,597 2,756,645 9,813,398 129,444 0.02 0.00004

Fengtan M IV 555.3 3.5 544.5 2.2 0.68 0.04 0.03 0.7 1,275,543 774,103 2,755,732 21,590 0.02 0.00002

Fengtan M IV 554.7 3.8 544.8 1.7 0.68 0.04 0.03 0.5 979,114 641,733 2,284,504 16,568 0.02 0.00002

Fengtan M IV 554.0 4.1 545.1 1.1 0.68 0.04 0.03 0.3 655,737 482,890 1,719,038 11,091 0.02 0.00002

Fengtan M IV 553.3 4.4 545.4 2.4 0.68 0.04 0.03 0.7 1,375,251 817,202 2,909,145 23,280 0.02 0.00003

Fengtan M IV 552.7 4.7 545.7 2.6 0.68 0.04 0.03 0.8 1,473,162 858,308 3,055,477 24,939 0.02 0.00003

Fengtan M IV 551.3 5.3 546.3 1.5 0.68 0.04 0.03 0.4 833,594 573,163 2,040,386 14,103 0.02 0.00002

Fengtan Dengying Fm. 550.8 5.5 546.5 2.2 0.68 0.05 0.04 0.8 1,214,685 779,065 2,613,987 19,995 0.02 0.00003

Fengtan Dengying Fm. 548.1 6.9 547.9 2.0 0.68 0.05 0.04 0.7 1,119,922 736,255 2,470,328 18,433 0.02 0.00003

Fengtan Dengying Fm. 546.2 7.9 548.9 2.1 0.68 0.05 0.04 0.7 1,162,996 756,871 2,539,487 19,143 0.02 0.00003

Fengtan Dengying Fm. 545.0 8.5 549.5 2.3 0.68 0.05 0.04 0.8 1,283,603 812,195 2,725,107 21,131 0.02 0.00003

PRIMARY PRODUCTIVITY CF (Betzer 1994) BE PF  

Section Formation

PP from  Knies & 

Mann 2002
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Results from primary productivity equations are shown in Fig. 4.4, where it is 

observed that all the parameters measured show general increasing trends from 

the Member III-IV boundary upward sections.  

 

Fig. 4.4 Results from paleoproductivity equations. a) Corrected TOC values (TOCo). b) Organic 
carbon accumulation rate (OCAR). c) Primary productivity (PP) calculated with the Knies et al. 
(2008) equation. d) Carbon flux (CF). The red area in c) represents the range of long-term 
regionally primary productivity in the modern ocean (Behrenfeld et al., 2006).  

Table 4-5 summarises the maximum, minimum and average values of the 

different parameters calculated in the sections plotted in Fig. 4.4. 

    Sections 

    XG ZM QK TY XJ FT 

TOCo (wt. %) 

Min 4.2 0.4 0.4 1 7.3 0.4 

Max 9.3 18.7 15 15.5 16.4 13.3 

Av 7 3.7 4.8 4.9 12.8 3.5 

OCAR 
(mgC/cm2ky) 

Min 2.4 1.3 0.5 1 1.5 0.1 

Max 5.2 58 16.7 15.5 3.3 4.1 

Av 4 11.5 5.4 4.9 2.6 1.1 

PP 
(mgC/cm2ky) 

Min 2x106 3x105 3x105  7.5x104  8.4x106  7.5x104 

Max 3.5x106  4.4x106  3.5x106  5x106  12.2x106  9.8x106 

Av  2.8x106  1.3x106  1.5x106 2.1x106  10.2x106  3.5x106 

CF 
(mgC/cm2ky) 

Min  5x104  2x103 3600 750  8.7x104 3490 

Max  10.8x104  9x104  12.5x104  11.2x104 19.6x104 12.9x104 

Av  8.2x104  1.8x104  4x104 35.4x104 15.3x104  3.4x104 

BE [-] - 0.03 0.42 0.08 0.08 0.01 0.02 
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Table 4-5 Maximum, minimum and average values for TOCo, OCAR, PP, CF, and BE in the 
studied sections.  

Maps created from the organic modelling are shown in Fig. 4.5. These maps 

represent the PP and TOCo after modelling scenarios 1 (Fig. 4.5a-b) and 2 (Fig. 

4.5c-d).  

 

Fig. 4.5 Results from the organic modelling. a) PP in scenario 1. b) TOCo in scenario 1. c) PP 
in scenario 2. d) TOCo in scenario 2.  

4.4. Discussion  

4.4.1 Equation type and influence of the inorganic fraction 

Marine productivity calculations are fundamental to understanding variations 

in the global carbon cycle. They reflect the characteristics of the original 

depositional environment and ecosystem’s dynamics. However, reliable 

estimation of productivity in ancient marine systems has proven difficult generally 

due to limited or geochemical modification of the original data. In this way, 

multiple geochemical proxies have been used to reconstruct past changes in 

biological productivity, including, among others, C and N isotopes, trace metal 

(Cu, Ni, Cd, Zn) abundances and organic biomarkers (Calvert, 1987; Peters et 

al., 2005; Tribovillard et al., 2006).  
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Organic carbon stored in sedimentary deposits provides the most direct proxy 

for productivity (Pedersen and Calvert, 1990; Canfield, 1994; Tyson, 2005; Algeo 

et al., 2013; Felix, 2014; Schoepfer et al., 2015). Most of the organic carbon in 

sediments comes from sinking particles of photosynthetic organic matter 

produced in the surface ocean. When this organic matter is exported from the 

surface to the deep ocean, it is decomposed by bacterial respiration before 

reaching the sediment (Opsahl and Benner, 1997). A relatively small fraction of 

primary production (generally ~0.1% to 10%) survives at the sediment-water 

interface and is deposited (Müller and Suess, 1979; Canfield, 1994). Finally, only 

a small fraction of organic matter survives remineralization via anaerobic 

respiration metabolisms after burial in the sediments (Opsahl and Benner, 1997). 

However, the deposition of marine organic carbon is a function not only of 

primary productivity but also different processes such as carbon flux of material 

from the sea surface to the seafloor, preservation of organic carbon in the water 

column and during diagenesis, and dilution of organic carbon by lithogenic or 

biogenic components in the sediment (Canfield, 1994; Tyson, 2001, 2005).  

These processes depend on different variables, such as water depth, 

sedimentation rate, sand fraction and dry bulk density (Felix, 2014, and 

references therein).  

The number of variables has led to the development of different approaches 

to calculate primary productivity from TOC. The two principal methods mentioned 

above are equations based on multivariate regression on the individual variables 

and equations that include descriptions of processes. In general, authors tend to 

use only one calculation method to determine primary productivity values and 

interpret the results. However, different equations' variability in results may lead 

to different interpretations of the paleoenvironments that drove the formation of 

organic-rich deposits. To reduce this uncertainty and assess variations in primary 

productivity, this study uses three different equations: equation derived from 

multivariate regression (Müller and Suess, 1979), equation based on processes 

only such as carbon flux, burial efficiency and sediment accumulation rate (Knies 

and Mann, 2002; Knies et al., 2008), and equation that combines TOC calculated 

from multivariate regression and carbon flux (process) (Stein, 1986). A 

comparison of results after using the three different equations is shown in Fig. 

4.6.  
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Fig. 4.6 Comparison of paleoproductivity results. It compares the multivariate regression 
(Müller and Suess, 1979), processes-based method (Knies and Mann, 2002; Knies et al., 
2008), and the combined regression + processes-based method (Stein, 1986).  

A detailed comparison between regression and process-based methods is 

found in Felix (2014). This comparison states that the advantage of the first 

method, multivariate regression, relies on all dependencies between the 

variables used implicitly in the equation. However, the small number and 

sometimes limited availability of data sets that can be used for derivation 

constitute the main disadvantages of this method.  

The second method, process-based, partly reduces the disadvantages of 

multivariate regression by equations derived using fewer variables and more data 

sets. In addition, process-based equations include a physical understanding of 

the processes that allows adapting them to environments not included in the data 

set for the derivation of the equation, such as environments in the geological past, 

which could be different from present environments. Consequently, better 

reproducibility between measured and calculated productivity has been obtained 

using processes-based equations rather than multivariate regression equations 

(Felix, 2014; Schoepfer et al., 2015).  

Results from the three equations used in this study (Fig. 4.6) show relatively 

similar trends but with up to one order of magnitude of difference in values.  In 

any case, these equations show a sharp shift at the base of Member IV that is 

maintained throughout Member IV. This shift represents a change from ~105 

mgC/cm2ky in Member III, comparable to average modern productivity 

(Longhurst et al., 1995; Behrenfeld et al., 2006), towards an environmental 
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scenario with primary production rates one order of magnitude higher than the 

modern ocean. It has been observed that all these equations somewhat 

overestimated the productivity, possibly because the lack of differentiation 

between marine and terrigenous organic carbon may have produced 

overestimations caused by the inclusion of the terrigenous fraction in the 

calculations (Felix, 2014). However, in the present study, terrigenous organic 

matter is discarded because ecosystems were exclusively marine during the 

Ediacaran period. Thus, any overestimation, if present, should be regarded as 

errors in DBD, LSR, WD or TOC calculations.  

From the three equations used, Müller and Suess (1979) and Knies and Mann 

(2002) show similar results, but given that process-based equations better 

reconstruct paleoproductivity, this study applied the Knies and Mann (2002) 

equation, and the resulted productivity was used to calculate carbon flux and 

preservation factor. Moreover, the Knies and Mann (2002) equation is used in the 

OF-Mod software. Thus, productivity maps are consistent with calculations. This 

equation includes two critical processes: decomposition in sediments (burial 

efficiency) and dilution by inorganic sediment (see equations in Table 4-2).  

Burial efficiency represents the proportion of photosynthetic carbon that is 

sedimented and preserved once early diagenesis is essentially complete 

(Henrichs and Reeburgh, 1987; Betts and Holland, 1991). Dilution refers to the 

amount of inorganic fraction able to dilute organic matter (Mann and Zweigel, 

2009). Both processes are driven by inorganic mineral content and LSR, which 

exert a dominant influence on the preservation, degradation and/or dilution of 

organic matter (Tyson, 2005). However, calculations from the studied samples 

reveal that dilution on the organic matter was inexistent. This is because typically, 

dilution only has an effect when LSR reaches ca. 10 cm/ka and higher, that is 

when LSR changes from preventing organic matter oxidation and thus enhancing 

preservation, to trigger dilution because more sedimentation has no further 

influence on preservation (Betts and Holland, 1991). This can be observed in Fig. 

4.7a, where the LSR-BE relationship for the studied samples locate them in the 

BE range, consistently with the very low LSR characteristic of Member IV 

deposition, between 0.03 and 0.34 cm/ky (see Table 4-3). Thus, the exceptionally 

high preserved TOCo values, with averaged values between 3.5 and 12.8%, but 

the very low BE, between 0.01 and 0.42%, suggest that primary productivity 
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occurred at levels vast enough to preserve high TOCo values after a loss of 99% 

of the organic matter produced.  

Another observation that reflects the impact of LSR on organic matter 

preservation is the relation between BAR and OCAR shown in Fig. 4.7b. BAR is 

the product of LSR and DBD, while OCAR is the product of BAR and TOCo. One 

could expect that the higher the TOCo, the higher the OCAR. However, it can be 

easily observed that sections located in distal environments obtain lower OCAR 

values. Typically, low BARs are obtained in distal environments because the 

sand fraction, which controls the DBD, is very low, and LSR decreases with the 

distance from the shore. Distal sections in this study contain some of the highest 

TOCo values but the lowest OCAR. For example, Xiajiaomeng has average TOCo 

values of 12.8% and presents OCAR values of 2.65 mgC/cm2ky. However, 

average TOCo values of Fengtan and Zhimaping are very similar, ~3.5%, but 

OCAR differs from 1.1 mgC/cm2ky in Fengtan to 11.5 mgC/cm2ky in Zhimaping.  

 

Fig. 4.7 Inorganic influence on organic carbon accumulation and preservation. a) Linear 
sedimentation rate (LSR) versus burial efficiency (BE). The limit between BE dominated, and 
dilution effect was defined by Betts and Holland (1991). b) Bulk accumulation rate (BAR) versus 
organic carbon accumulation rate (OCAR) by redox sections. c) Averaged Bulk accumulation 
rate (BAR) versus organic carbon preservation factor (PF). 
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4.4.2 Quantitative reconstruction of primary productivity 

In this study, reconstructions of the environmental conditions during the late 

Ediacaran show increased primary productivity and carbon flux in the entire 

basin, with distal sections representing the highest values. This can be observed 

in Fig. 4.4c-d and Table 4-5, where PP shifts from values ranging between 104 

and 105 mgC/cm2ky in the underlying Member III to values between 106 and 107 

mgC/cm2ky in Member IV. CF accordingly shifts from 103-104 in Member III to 

104-105 mgC/cm2ky in Member IV. The calculated PP ranges exceed the average 

modern PP estimations by one order of magnitude, ranging between ~104-105 

mgC/cm2ky (Longhurst et al., 1995; Behrenfeld et al., 2006) suggesting a late 

Ediacaran period characterized by active and extensive photosynthetic primary 

production. This observation has been already proposed in Chapter 2 based on 

C and N geochemistry. Thus, the estimated paleoproductivity quantification, far 

above typical modern PP values, further supports a scenario dominated by 

primary production.  

Increased carbon fluxes during the Neoproterozoic, specifically during the late 

Ediacaran (541-560 Ma), were previously reported (Canfield et al., 2020). In this 

study, based on carbon mass balance calculations, it was concluded that the 

Neoproterozoic average organic carbon buried in proportion to total carbon burial 

was elevated relative to today (forg=0.2). However, this study also highlights that 

within the Ediacaran period, with average forg=0.185, the latter part (541-560 Ma) 

was the most vigorous with forg=0.231 in organic carbon burial. Given the low LSR 

calculated during this same period (Table 4-3) and negligible dilution effect, it is 

likely that higher carbon burial was due to higher organic carbon production 

accompanied by specific redox conditions that facilitated its preservation. The 

different redox scenarios will be discussed in the next section.  

Paleoproductivity estimates have also been reported for the Ediacaran-

Cambrian boundary in South China (Xiang et al., 2018; Jin et al., 2019). However, 

no previous investigations up to date, apart from the present study, have provided 

numerical quantification and paleo reconstructions of PP of Member IV organic-

rich shales. This lack of comparable studies makes difficult critical and reliable 

results comparison. However, this study shows a certain degree of correlation 

with the Ediacaran-Cambrian paleoproductivity calculations and may be viewed 

as supplementary data that allow obtaining a broad picture of the late Ediacaran-
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Cambrian transition paleoproductivity scenario. For example, Xiang et al. (2018) 

used some of the equations applied in the present study (Müller and Suess, 1979; 

Stein, 1986), which calculated a paleoproductivity in upper Ediacaran-lower 

Cambrian mudstones of 105-106 mgC/cm2ky. 

In the same way, Jin et al. (2019) reported similar paleoproductivity values, 

between 105-106 mgC/cm2ky, that shift towards modern ocean range upward 

section in lower Cambrian black shales. The similarity in PP values between 

these two studies and the present study suggests two principal observations. 

First, the identical PP values in the Xiang et al. (2018) and Jin et al. (2019) reflect 

homogeneous regional paleoproductivity conditions, as the former study is 

located in the easternmost part of the Yangtze platform, while the latter study is 

located in the westernmost area of the same platform, separated ~1800 km each 

other. And second, consistent results between these studies and the present 

study validates both the inorganic-organic modelling and paleoproductivity 

calculations.  

Therefore, the late Ediacaran environment would be characterized by an 

abrupt change in paleoproductivity and carbon burial at Member III-Member IV 

boundary, with values shifting from 105-106 in Member III to 106-107 mgC/cm2ky 

in Member IV, with most of Member IV values near the lower boundary (106 

mgC/cm2ky). This situation was subsequently maintained during Member IV 

deposition (560-551 Ma) and the late stage of the Ediacaran (542 Ma). Then PP 

values returned to 105-106 mgC/cm2ky in the lower Cambrian, to finally returned 

to PP values comparable to the modern ocean at ~518 Ma. This interpretation 

may be seen as an episode of massive organic carbon production, with peak 

values during Member IV deposition that progressively evolved and returned to 

pre-enhanced PP values. In addition, this interpretation serves as robust 

evidence that extensive photosynthetic production took place during Member IV 

deposition and that the high PP values support the hypothesis formulated in 

Chapter 2, which proposes primary production to overcome secondary 

production, and therefore dominance of different biomass sources, as the driver 

for the recovery of the Shuram excursion. 

4.4.3 Establishment of modern-type oxygen minimum zones (OMZs) 

The central control on the accumulation of organic-rich sediments is oxygen-

depleted conditions in the environment. However, anoxia may act as the primary 
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driver in the formation of these organic-rich rocks being responsible for the 

preservation and consequent enrichment of organic carbon in sediments 

(Demaison & Moore, 1980), or it may arise as a consequence of increased high 

organic carbon flux resultant from high primary productivity in surface waters 

(Pedersen and Calvert, 1990). In South China, redox conditions of Ediacaran and 

early Cambrian oceans have been broadly studied, yet they are still the focus of 

longstanding debate. Multiple models seek to reconstruct the redox structure 

based on redox proxies, such as iron speciation, trace metal contents, sulfur 

isotopes and nitrogen isotopes. For example, Canfield et al. (2008) and Shen et 

al. (2008) proposed that ferruginous and euxinic, respectively, dominated the 

water column during the late Ediacaran. 

In the same way, Li et al. (2010) and Jiang et al. (2011) also proposed 

dominating ferruginous conditions in the water column but with a euxinic wedge 

in the upper slope area. The same model was adapted to exclusively early 

Cambrian conditions and evolved into a multi-layer model with different N, S, Mn, 

Fe and CH4 zonation described in the upper slope area (Li et al., 2018.) Other 

studies proposed modern-like ocean redox models, including regional to global 

deep-ocean ventilation (Canfield c, 2007; Sahoo et al., 2012; Chen et al., 2015; 

Shields et al., 2019), a standard oxygen-minimum zone model (Ader et al., 2014; 

Guilbaud et al., 2017) or euxinic oxygen-minimum zone model (Wang X. et al., 

2018; Wang D. et al., 2018).  

Fe speciation and S isotopes studies on the organic-rich shales of Member IV 

from shallow to deep environments determined that Member IV was deposited in 

environments with euxinic bottom waters and oxygenated shallow waters 

(McFadden et al., 2008; Scott et al., 2008; Kendall et al., 2015; Sahoo et al., 

2016; Ostrander et al., 2019). The same studies reported high δ238U, δ98Mo, and 

Mo concentrations that were used to suggest extensive ocean oxygenation 

during the deposition of Member IV, being the last of several oceanic oxygenation 

events (OOEs) reported throughout the Ediacaran Period (McFadden et al., 

2008; Sahoo et al., 2016; Gregory et al., 2017; Ostrander et al., 2019). However, 

the extent of the ocean oxygenation and deepening on the chemocline remains 

under discussion with recent quantitative models proposing oxygenation 

occurring only on shelf areas of the global Ediacaran oceans (Shi et al., 2017), 

or the total ventilation of the deep ocean (Shields et al., 2019).  



 

142 

 

In light of the multiple redox scenarios mentioned above, this present study 

worked on two simplified scenarios with different redox conditions intending to 

approach the environmental characteristics that allowed the production and 

preservation of organic matter. The inorganic and organic modelling allowed the 

representation of the TOCo basin distribution based on the TOC measured in the 

studied samples (Fig. 4.5b-d). This computed TOCo was compared to TOC 

values compiled from fourteen sections from this study, and the literature, shown 

in Fig. 4.8, served as control points along the basin to test how reliable the 

proposed scenarios are. The TOC compiled data exclusively comes from black 

shales of Member IV and were also corrected, with the equation from Jarvie 

(1991), to obtain an estimated original value.  

 

Fig. 4.8 Corrected TOC data from the fourteen sections used to compare measured versus 
computed TOC values. The number below every section represents the average value. Data 
from this study (Guo et al., 2007; Lu et al., 2013; Kikumoto et al., 2014; Och et al., 2016; Sahoo 
et al., 2016; Wang et al., 2016, 2018; Furuyama et al., 2017). Sections are ordered from shallow 
environments (green), upper slope (dark blue), lower slope (light blue) and basin (red). 
XG=Xiangerwan, JL=Jiulongwan, ZM=Zhimaping, QK=Qinglinkou, WC=Wuhe core, 
JQ=Jiuqunao, MS=Maoshi, TY=Taoying, SP=Siduping, SG=Songtao, XJ=Xiajiaomeng, 
LB=Longbizui, FT=Fengtan, YW=Yanwutan.  

The first scenario considers primary productivity limited to the near-coast area 

and predominant anoxic column waters with a high chemocline position. These 

conditions simulate the redox conditions of the open shelf model (Li et al., 2010) 

and intrashelf basin model (Jiang et al., 2011) proposed for the late Ediacaran in 

South China. These conditions were simulated by setting a very shallow 

oxygenated water layer, reduced carbon-flux fraction in the shelf lagoon with 
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minimum and maximum water depth of 5 and 80 m, respectively, and anoxic 

bottom waters with a transition between oxic-dysoxic-anoxic at ~200m depth. The 

anoxic fraction resulting from these settings can be observed in Fig. 4.9a. In this 

scenario, PP is proposed to primarily come from shallow waters with a higher 

contribution from the area near the shore, the fetch area where more nutrients 

are expected to arrive. The PP data used in the model come from the numerical 

reconstruction by using the Knies and Mann (2002) paleoproductivity equation 

with a basin distribution shown in Fig. 4.5a.  

 

Fig. 4.9. Proposed PP Scenario 1. a) Anoxic fraction basin distribution. b) Computed TOC map 
based on PP dominantly produced near the shore PP and redox conditions of a).  The TOC 
data in coloured circles represent the measured average TOC data from the organic-rich 
Member IV samples compiled in Fig. 4.8. 
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The combination of PP, inorganic fraction effect on organic matter and the 

redox conditions mentioned above resulted in a computed TOCo distribution with 

the highest values, between 3 and 4%, located in the shelf lagoon, and general 

basin values between 2 and 4%. However, compared with the measured TOCo 

data, there is a remarkable difference between shelf lagoon and distal sections. 

The former shows measured TOCo values within or near the computed TOCo, 

whereas the latter presents an evident mismatch between computed and 

measured data (2-3% computed versus between 4-16% measured). In this 

scenario, anoxic conditions likely favoured preserving the organic matter in the 

water column and once deposited. However, primary productivity was mainly 

limited to the near coast area and oxic shallow water thin layer. This PP 

distribution may explain why higher TOCo values (up to 4%) are found around the 

shelf lagoon, where the influence of both nearshore PP and oxic shallow water 

layer PP converge, and where inorganic fraction would have facilitated high DBD, 

thus BAR, that facilitated the preservation of the organic matter. Conversely, 

lower TOCo values (between 2 and 3%) are found in distal areas because these 

areas are only fed from PP coming from the oxic shallow water layer, likely with 

limited nutrient availability, and where the inorganic fraction is characterized by 

lower DBD and BAR relative to the shelf lagoon area. In any case, the computed 

and measured TOCo differ by more than 10%, so an alternative scenario is 

needed to get a better redox-TOC correlation approach. 

The second scenario proposed includes PP near the shore area, additional 

primary productivity in upwelling areas, an oxygen minimum zone parallel to the 

upper slope line and deepening of the chemocline. Compared to the first 

scenario, the second scenario includes PP from the near coast area and a rich-

nutrient area located in the upper slope due to upwelling processes that brought 

nutrients to the surface. The distribution of PP for the second scenario is shown 

in Fig. 4.5c. The case of upwelled nutrients during transgression with phosphorus 

remineralization from deep-waters, 13C-depleted bicarbonate, and increased N2-

fixation in Chapter 2 as a plausible mechanism to explain the enhanced PP 

turnover mid-slope 13C−depleted and basinal waters towards shallow waters.  

Similarly to the first scenario, the second scenario considers anoxic conditions 

at the bottom of the shelf lagoon. However, two relevant differences with the first 

scenario account for better computed and measured TOCo results.  First, an OMZ 

was modelled parallel to the upper slope line, immediately below the additional 
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PP zone, the fetch area of upwelled nutrients. The OMZ was set at 180, 200, 220 

and 300 m for the boundary oxic-dysoxic, dysoxic-anoxic, anoxic-dysoxic, and 

dysoxic-oxic. Due to the extensive PP, the oxic surface waters expanded toward 

deep-waters due to photosynthetic O2 production oxidizing the surface waters 

under low pO2 (Reinhard et al., 2016; Li et al., 2018). It is important to consider 

that enhanced PP generally leads to increasing water-column anoxia. For this 

reason, the second difference is that this scenario considers anoxic conditions 

starting in the lower slope area and gradually increasing towards the basin, with 

varying anoxic fraction from 0.6 to 1, to consider O2 consumption by the oxidation 

of falling organic matter.  

 

Fig. 4.10 Proposed PP scenario 2. a) Anoxic fraction basin distribution with anoxic areas in the 
shelf lagoon, OMZ and bottom waters. b) Computed TOC map based on PP produced near 
the shore PP and additional PP shown in Fig. 4.5c, and redox conditions of a).  The TOC data 
in coloured circles represent the measured average TOC data from the organic-rich Member 
IV samples compiled in Fig. 4.8.  
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The computed TOCo obtained with this second scenario's PP and redox 

configuration offers a more accurate calibration than the measured TOCo data. 

The maximum TOCo computed values are 12% and are distributed directly below 

the OMZ, where measured TOCo reaches 10-15%. In the upper slope area, 

computed and measured TOCo values correlate remarkably well. However, data 

from the Fengtan (FT) and Yanwutan (YW) sections with lower computed than 

calculated TOCo values reasonably indicate that only a limited area below the 

upper slope line was fed with OM that escaped remineralization thanks to the 

OMZ and that even more, heterogeneous redox conditions may have affected 

the basin area.  

In the modern ocean, upwelling zones are by far the areas with the highest PP 

values, with ~ 3x106 mgC/cm2ky (Lückge et al., 1996), only comparable to pelagic 

environments such as Antarctica with PP values up to 3.25x106 mgC/cm2ky 

(Bonn et al., 1998). The highest PP and TOCo calculated in this study correspond 

to the Xiajiaomeng section, located in the lower slope, with an average of 

10.2x106 mgC/cm2ky and 12.8%. These calculated PP surpass the highest 

modern ocean values. Because they are not only the result of anoxic conditions 

but also the TOCo and the inorganic fraction, a plausible explanation for such high 

values is the existence of an additional PP in upwelling zones that subsequently 

produced an OMZ and deepening of the chemocline. Although a complete match 

between computed and measured TOCo data was not achieved, this approach 

serves as an initial reconstruction to environmental conditions under which 

organic matter was likely produced and preserved.   

This second scenario would support the studies proposing a standard oxygen-

minimum zone model (Ader et al., 2014; Guilbaud et al., 2017) or euxinic oxygen-

minimum zone model (Wang X. et al., 2018; Wang D. et al., 2018). Regarding 

the latter, the characteristic euxinic conditions inferred from several sections 

located in the upper slope area (Li et al., 2010; Jiang et al., 2011; Wang et al., 

2012; Och et al., 2016; Ostrander et al., 2019) suggest that the OMZ may be 

sulfidic. It is worth noting that euxinic conditions have also been reported in the 

deep basin (Wang et al., 2012; Sahoo et al., 2016). However, this is not 

incompatible with increasing oxic conditions in the water column and euxinic 

conditions dominating at the bottom of the water column or the sediment-water 

interface. The increasing oxic conditions would be consistent with the 

remineralization of a massive DOC pool that hypothetically existed during the late 
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Ediacaran (Rothman et al., 2003; Fike et al., 2006; McFadden et al., 2008) and 

that led to the most negative carbon isotope excursion in Earth history, known 

globally as the Shuram excursion.  

Ideally, a third scenario would have been run to evaluate exclusively oxic 

conditions in the water column. However, this scenario was not possible to model 

due to the software license availability. The idea for the third scenario emerged 

from the comparison between BAR and OCAR data of modern ocean compiled 

by Schoepfer et al. (2015) with more than 4000 data from locations worldwide 

classified according to oxic-anoxic conditions. When plotting BAR and OCAR 

from this present study and compared to the extensive data compilation shown 

in Fig. 4.11, it is observed that samples from this study lie primarily in the oxic 

field.  DBD data from this study were compared to the data from the Schoepfer 

et al. (2015) compilation and resulted in similar values so, the displaced position 

towards lower BAR values relative to the rest of the oxic samples is attributed to 

the very slow LSR characteristic of Member IV deposition. The oxic-like 

conditions would explain the low preservation factor (PF) with 10-3 % (Fig. 4.7c 

and Table 4-4) calculated through the paleoproductivity equations. This is 

because oxic conditions are typically established when PF=0 (Knies and Mann, 

2002; Mann and Zweigel, 2009). In this third scenario, modern-like ocean redox 

conditions would have been tested following the same methodology as in 

scenario 1 and 2 and compared to regional to global deep-ocean ventilation 

models proposed by Canfield et al. (2007), Chen et al. (2015), Sahoo et al. (2012) 

and  Shields et al. (2019). 

 

Fig. 4.11 Bulk accumulation rate (BAR) and organic carbon accumulation rate (OCAR) by 
redox facies.  
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Although constrained by limited data and assumptions, these proposed 

models offer different redox scenarios to approach the original environmental 

conditions and numerically reconstruct the paleoproductivity. From the two 

scenarios exposed, the preferred scenario is the second for several reasons. 

First, this scenario simulated TOCo similar to measured TOC values, meaning 

that the modelled redox conditions anticipated a better computed-measured 

match. Second, the relatively high TOCo measured in several distal sections such 

as Taoying, Siduping, Xiajiaomeng, or Longbizui is likely to occur if sustained PP 

took place in shallow waters, considering that less than 1% of TOCo was 

ultimately preserved.  

Third, the simulated conditions require the existence of an OMZ, which is not 

entirely speculative given the paleoproductivity calculations with higher values 

than those found in present-day OMZs. Ader et al. (2014) OMZ previously 

illustrated the existence of an OMZ in the late Ediacaran, that is consistent with 

the exception found in Taoying regarding δ15N where, instead of following the 

regional trend towards less positive δ15N upward sections, it presents increasing 

values from +2.5‰ to +3.7‰ that could be linked to increased denitrification in 

the OMZ area.  

Fourth, high PP in the surface would have caused oxic surface waters to 

expand towards deep-waters in the surface, thus deepening the chemocline. 

Therefore, the gradual increasing anoxic fraction towards the deep basin in 

scenario 2 favoured the deposition of new organic matter from the surface in less 

anoxic areas, like the lower slope, where organic matter production surpassed 

degradation and oxidation. These conditions, with deeper oxygenated water 

column, would explain why the Xiajiaomeng, in the lower slope, shows recovery 

δ13Corg and δ13Ccarb trends, similarly to proximal sections, instead of more 

depleted δ13Corg and δ13Ccarb trends, like record the distal sections.  

The first scenario, however, does not explain the dissimilarity in δ15N and 

δ13Corg and δ13Ccarb data between the regional pattern and specific sections. 

Under homogeneous deep basin anoxic conditions, similar isotopic trends 

between distal sections would be expected. However, geochemical results point 

to redox heterogeneities, more proper of the second scenario. Also, the simulated 

redox conditions in the first scenario do not sufficiently correlate with the 

computed-modelled TOCo. For these reasons, the first scenario is rejected as a 

possible redox scenario in the South China late Ediacaran ocean.  
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Individual isotopic signatures and paleoproductivity calculations jointly point to 

the establishment of a modern-type oxygen minimum zone resulting from 

extensive photosynthetic primary productivity that favoured increased carbon 

burial which may have contributed to the oxygenation of the water column in the 

late Ediacaran Nanhua Basin.  

Summary 

Total organic carbon contents from Member IV organic-rich shales were 

evaluated in samples from a platform-to-deep transect in the Nanhua Basin to 

obtain primary productivity reconstructions. Original TOC values resulted in 

average values between 3.5 and 12.8%. Calculations, through process-based 

equations, were accompanied by inorganic and organic basin modelling that 

constrain the depositional environment in which organic matter was massively 

produced and relatively well-preserved. 

 Inorganic results indicate that the inorganic fraction exerted a dominant 

influence on organic carbon preservation. Under the used temporal end members 

of Member IV, LSR was substantially low (between 0.03 and 0.34 cm/ky), 

avoiding the dilution of organic matter. However, the low LSR increased OM 

residence time in the water column, resulting in higher OM exposition to 

degradation. Similarly, BE was calculated to be very low, between 0.01 and 

0.42%. Thus, the exceptionally high preserved TOCo values but very low BE, 

suggest that primary productivity occurred at levels vast enough to preserve high 

TOCo values after a loss of 99% of the organic matter produced. 

Numerical calculations of paleoproductivity showed a remarkable shift from 

values ranging between 104 and 105 mgC/cm2ky in the underlying Member III to 

values between 106 and 107 mgC/cm2ky in Member IV. Accordingly, carbon flux 

shifted from 103-104 in Member III to 104-105 mgC/cm2ky in Member IV. The 

calculated PP ranges exceed the average modern PP estimations by one order 

of magnitude, ranging between ~104-105 mgC/cm2ky (Longhurst et al., 1995; 

Behrenfeld et al., 2006) period characterized by active and extensive 

photosynthetic primary production during Member IV deposition.  

Amid the varying redox models proposed for the late Ediacaran-early 

Cambrian, this study tested two different scenarios. The first modelled near-coast 
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primary productivity and considered high chemocline position with mostly anoxic 

column waters. Due to extensive PP, the second scenario modelled additional 

primary productivity in upwelling areas, an oxygen minimum zone, and deeper 

chemocline. Although a total match between computed and measured TOCo was 

not achieved, the second scenario better approaches the paleoenvironmental 

conditions that likely prevailed during Member IV deposition. Under this second 

scenario, extensive PP would explain the preservation of high TOCo, with the 

highest values observed in sections located immediately below the OMZ. This 

scenario, and the calculations, would support the hypothesis presented in 

Chapter 2 whereby extensive primary productivity overcome secondary 

productivity as the main input of biomass source and organic carbon burial 

increased the 13C-enriched DIC budget, which counteracted the existing 13C-

depleted inorganic carbon pool and led to positive shifts in both δ13Ccarb and 

δ13Corg, thus the recovery from the Shuram excursion.  

Although constrained by data availability and assumptions, the quantification 

of primary productivity through complete inorganic and organic basin analysis 

offers a new perspective of redox conditions, variability in primary productivity, 

and paleoenvironmental reconstruction of early microbial ecosystems. This is the 

first detailed coupled inorganic-organic analysis done in the Nanhua Basin to date 

and serves as a basin-scale analysis methodology applicable in worldwide 

organic-rich deposits. However, a better knowledge of the initial conditions and 

constraints of the assumptions may lead to changes in the results. The 

methodology applied, combining inorganic variables and geochemical proxies as 

inputs, sets the basis of an alternative approach to reconstructing ancient 

environments.  
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Conclusions 

This thesis started addressing three scientific questions by studying organic-

rich deposits of Member IV of the Doushantuo Fm., in South China. A 

multidisciplinary approach that involved C and N geochemistry, paleoproductivity 

modelling and microscopy methods was critical to better understand the regional 

paleoenvironmental scenario and the regional picture of the late Ediacaran 

history in South China. The application of different but complementary 

methodologies allowed evidence to be independently confirmed and provided 

robust arguments to support the answers to the questions proposed.  

What role did primary production in the ocean play during the Shuram 

excursion in the Nanhua Basin? 

Primary production played a key role during the Shuram excursion, and more 

specifically, during the recovery from the Shuram excursion to pre-excursion 

values. Extensive primary production and organic burial were the primary drivers 

for positive shifts in both δ13Ccarb and δ13Corg when the 13C-enriched dissolved 

inorganic carbon budget from primary production counteracted the existing 13C-

depleted inorganic carbon pool. Primary productivity during the late Ediacaran 

increased from 104 and 105 mgC/cm2ky in the underlying Member III to values 

between 106 and 107 mgC/cm2ky in Member IV, exceeding the average modern 

PP estimations by one order of magnitude. The exceptionally high preserved 

TOCo values, up to 18%, but very low burial efficiency (<0.5%), suggest that 

primary productivity occurred at levels vast enough to bury and preserve organic 

matter with high TOCo values after a loss of 99% of the organic matter produced. 

Thus, these high TOC values reflect the magnitude of organic carbon production 

in shallow waters, comparable in numbers to organic matter produced in modern 

upwelling zones.  

Could organic matter burial be linked to C and N cycle perturbations 

during the late Ediacaran? 

The answer is yes. In the first place, N cycle variations in the studied sections 

revealed homogeneous regional δ15N shift from the base to the top of Member IV 

from +6‰ to +2‰. Within a range comparable with modern shelf sediments, this 

shift is interpreted to reflect a dynamic environmental scenario from initial 

denitrification or nitrate assimilation dominance towards a new environmental 

state dominated by active biological N2-fixation. The new equilibrium in the N 
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cycle was likely driven by high P availability, from combined continental 

weathering and P remineralization, that led N2-fixation to become the 

predominant biological process in order to overcome the N loss due to 

denitrification and return the nitrate reservoir to its initial size, closer to the 

Redfield ratio.  

In the second place, P and N availability fuelled primary photosynthetic 

production to levels high enough to overcome secondary productivity. In the 

context of this study, negative δ13Ccarb excursions are interpreted as resulting 

from the remineralization of a massive 13C−depleted DOC pool. This 

interpretation does not exclude the possibility that diagenesis impacted the SE 

δ13Ccarb signature. Indeed, the new sedimentological-mineralogical data supports 

that some 13C-depleted carbonate may come from diagenetic oxidation of 

biomass. However, increasing evidence support that SE may represent the 

oxidation of the marine organic carbon pool. Therefore, the δ13Ccarb and δ13Corg 

variations described in this study are attributed to environmental changes from 

secondary (DOC pool) to primary production dominance. Thus, the 13C-depleted 

organic carbon from photosynthesis was largely removed when buried, leading 

to high δ13Ccarb and the recovery from the SE.  

Can the different sources of biomass that influenced the C cycle 

perturbations during the late Ediacaran be inferred from Raman 

spectroscopy and organic-mineral associations? 

After using optical methods, this study indicates that organic matter generated 

during primary and secondary production is characterized by well-differentiated 

kerogen Raman spectra and diagenetic sedimentological-mineralogical features. 

Raman spectroscopy allowed differentiating kerogen from photosynthetic and 

secondary production origin based on the distinctive features in the Raman 

spectrum profile and the I-1350/I-1600 ratio. These combined parameters 

allowed identifying the dominant kerogen type in every studied environment, 

constraining the spatial distribution of organic matter in the basin. Further, 

organic-mineral associations show a close similarity to the distribution of organic 

matter, whereby it was possible to establish relationships between 

paleoenvironments, kerogens and mineral fractions. For example, photosynthetic 

organic matter is associated with carbonate and phosphates forming different 

diagenetic granules, whereas organic matter from secondary production is mainly 

associated with sulfates and is absent from noticeable diagenetic structures.  
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Future challenges and suggestions 

This thesis has shown that organic-rich shales of Member IV of the 

Doushantuo Fm. contain highly relevant information regarding 

paleoenvironmental conditions, mineralogical features and biogeochemical 

perturbations during the recovery from the most enigmatic carbon cycle 

perturbation in Earth's history. As such, results from this PhD study invite us to 

investigate Member IV through additional questions further than those mentioned 

above and extend the hypotheses proposed to other geological times and 

organic-rich deposits.  

The diverse but complementary methodology used is not limited to the 

Ediacaran Period or the South China regions. The main benefit of the 

methodology applied and the broad interpretations described is the applicability 

on organic-rich deposits from other geological periods or worldwide regions. For 

example, oxidation of biomass may be inferred from isotopic signatures and the 

formation of diagenetic structures and redox conditions interpreted from organic 

facies modelling. Similarly, the primary production of organic matter may be 

interpreted from isotopic signatures, specific organic-mineral associations and 

back-calculations of paleoproductivity. In any case, the combination of the 

different methods used allowed obtaining robust arguments and presented 

certain correlations that may be extrapolated to modern and, more importantly, 

ancient organic-rich deposits where post sedimentary processes may have 

significantly altered the original organic matter content.  

This thesis proposed additional scientific questions that may help improve the 

knowledge about this interesting period and expand the understanding of ancient 

biogeochemical cycles. Next scientific questions are organized by chapter and 

include: 

Chapter 2 

This thesis interprets the δ13Ccarb excursions as resulting from the 

remineralization of a massive 13C−depleted DOC pool. However, it does also 

support some contribution of a sedimentary diagenetic effect. Oxidant budget to 

accomplish complete DOC oxidation has recently been modelled, and realistic 

results were obtained. In the case of the diagenetic effect, how could it be 

quantified to understand the extent of remineralization vs diagenetic contribution 
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on the final δ13Ccarb signature of the Shuram excursion? This question, although 

ambiguous, is strongly limited by the detection of reliable diagenetic signatures. 

Biogeochemical modelling, working on different scenarios with the variable 

influence of oxidation and diagenesis, could serve to match the original and 

modelled δ13Ccarb signature. However, the definition of “original” signature 

remains problematic as no detection of post-depositional alteration does not 

imply no occurrence of alteration. Future studies should focus on 

sedimentological and mineralogical observations to further explore the diagenetic 

phenomena but limited expressed in sedimentary deposits. 

Chapter 3 

Another aspect that could be considered in future investigations is the 

relevance of chemically-oscillating reactions as potential drivers for abiotic 

oxidation of biomass and diagenetic spheroids formation. The importance of the 

observations made in this and other studies relies on the possible contribution of 

chemically-oscillating reactions in the origin of the C-isotope signal in carbonates. 

As mentioned in Chapter 2, several mechanisms are proposed to explain the low 

δ13Ccarb values that form the SE, such as post-depositional diagenesis, OM 

oxidation, detrital organic contribution or expelled hydrocarbons. However, 

chemically-oscillating reactions entail an alternative explanation for depleted 

carbonate contribution and, at the same time, provide a plausible explanation for 

the spheroidal diagenetic structures (including concretions, granules and 

rosettes) reported in a multitude of sedimentary deposits such as the 

morphologies described from the studied samples, or described in the literature.  

Thus, two principal scientific questions may be formulated:  

• Abiotic chemically-oscillating reactions are a plausible explanation for the 

spheroidal and concentric-layered structures found in the studied samples. 

Nanometre-scale spheroids have also been interpreted as a common 

microbial product in sedimentary OM with morphologies resulting from 

spheroidal microbes. Could both mechanisms jointly work to produce a unique 

final diagenetic product? Would they produce individual unambiguous signals? 

• Some of the concretionary structures described in the studied samples host 

microfossils. Could spheroids, and other concretionary morphologies 

described in organic-rich deposits, be used as a proxy for early diagenesis in 
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fossil OM suggesting a significant contribution of microbes to OM 

preservation?  

In addition, anatase is ubiquitous in the studied samples. It is associated with 

all organic matter types and minerals described and present in various sizes and 

morphologies. Anatase is generally formed abiogenically. However, the 

observation that the largest and spherical anatase grains are only found within 

organic matter or replacing microfossils-like structures suggest a link between 

OM degradation and authigenic anatase. In addition, the organic matter-anatase 

association has been previously reported in many studies, thus raising whether 

anatase may be ascribed as a biomediated early diagenetic product. Given the 

various OM-anatase association described in Member IV, further investigations 

may help assess two key questions: a) the biogenicity of ancient microbial 

remains and b) whether microbes are directly or indirectly responsible for anatase 

precipitation (anatase biomineralization vs biomediated anatase).  

Chapter 4 

The modelling work could be particularly relevant on projects where organic 

matter's oxidation, biotic or abiotic, is the primary topic because the quantification 

of original organic matter produced and preserved may impact the plausibility of 

proposed oxidation processes. For example, if, after modelling, the amount of 

original organic matter preserved is low, would it be possible to expect large 

isotopic perturbations sustained in time resulting from abiotic or biotic oxidation 

of organic matter?  Or these isotopic perturbations may rely on other alternative 

physical-chemical processes? These questions require a profound knowledge of 

biogeochemical cycling and diagenetic processes. However, organic matter 

modelling may contribute to the answer by describing the original geological 

framework under which C and N cycling and sedimentary processes occurred.  

In conclusion, this thesis covered well-differentiated disciplines of the Earth 

Sciences research, applied diverse but complementary methodologies, proposed 

a plausible solution to the recovery of the mysterious Shuram excursion, back-

calculated paleoproductivity using combined inorganic-organic modelling never 

used before, characterized different late Ediacaran organic matter types with 

optical methods, and identified sedimentological and mineralogical features that 

set the basis of future research with scientific questions to be resolved. Results 

obtained substantially contributed to the knowledge of the late Ediacaran in South 

China, but with potential applicability to the global picture of the Ediacaran.  
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