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Abstract A pronounced late Miocene cooling (LMC) from ~7 to 5.7 Ma has been documented in
extratropical and tropical sea surface temperature records, but to date, available proxy evidence has not
revealed a significant pCO2 decline over this event. Here, we provide a new, high‐resolution pCO2 proxy
record over the LMC based on alkenone carbon isotopic fractionation (εp) measured in sediments from the
South Atlantic at Ocean Drilling Program (ODP) Site 1088. We apply a recent proxy calibration derived
from a compilation of laboratory cultures, which more accurately reflects the proxy sensitivity to pCO2

changes during late Quaternary glacial‐interglacial cycles, together with new micropaleontological proxies
to reconstruct past variations in algal growth rate, an important secondary influence on the εp. Our
resulting pCO2 record suggests an approximately twofold to threefold decline over the LMC and confirms a
strong coupling between climate and pCO2 through the late Miocene. Within this long‐term trend are
pCO2 variations on sub‐myr timescales that may reflect 400‐kyr long‐eccentricity cycles, in which pCO2

minima coincide with several orbital‐scale maxima in published high‐resolution benthic δ18O records. These
may correspond to ephemeral glaciations, potentially in the Northern Hemisphere. Our temperature and
planktonic δ18O records from Site 1088 are consistent with substantial equatorward movement of Southern
Ocean frontal systems during the LMC. This suggests that potential feedbacks between cooling, ocean
circulation and deep ocean CO2 storage may warrant further investigation during the LMC.

1. Introduction

The late Miocene offers the opportunity to assess the sensitivity of the Earth's climate to orbital forcing and
to changing boundary conditions, such as ice volume and greenhouse gas concentrations, on a sometimes
warmer‐than‐modern Earth (Holbourn et al., 2018). It was a time period where significant global changes
in climate have occurred. Starting about seven million years ago, both hemispheres witnessed synchronous
cooling and large areas of the continents experienced drying (Schuster et al., 2006). Recent globally distrib-
uted sea surface temperature (SST) reconstructions also show substantial and coherent long‐term,
large‐magnitude ocean cooling starting at around the same time (Herbert et al., 2016). Large‐scale cooling
and aridification during the late Miocene could have initiated a positive feedback loop with possible growth
of ice sheets and deserts leading to a significant increase in continental albedo and further decrease of global
temperatures.

During the late Miocene, the Antarctic ice sheets were already relatively stable, while ice sheets in the
Northern Hemisphere were likely small and ephemeral, prior to the onset of permanent Arctic glaciation
around 3.2 Ma (Holbourn et al., 2018; Zachos et al., 2001). Strong obliquity cycles appear in benthic 18O
records at 7.7 Ma supporting high‐latitude forcing and increased Northern Hemisphere glacial activity
(Drury et al., 2017). A long‐term trend toward heavier benthic δ18O maxima in the Ocean Drilling
Program (ODP) Site 1146 record in the South China Sea started around 7 Ma and is punctuated by
orbital‐scale events of globally traceable benthic δ18O excursions up to 3‰. These periodic benthic δ18O
maxima are in the range of late Pliocene values and transitional values between peak Holocene and glacial
levels at the same location, therefore indicating times of such ephemeral Northern Hemisphere glaciation
(Holbourn et al., 2018).

Carbon isotopes in soils also show important global ecological changes during the late Miocene and the early
Pliocene with a shift in dominance from C3 to C4 plants between 4 and 8 Ma in Asia (Cerling et al., 1997).
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However, considering that the large‐magnitude cooling would be unfavorable for the expansion of C4 plants,
their appearance in the geological record is best explained by an environment of declining atmospheric CO2

levels (Cerling et al., 1997; Herbert et al., 2016). Furthermore, a large divergence between the carbon isotopic
compositions of small versus large coccoliths arose during the same time period (Bolton & Stoll, 2013). It is
hypothesized that coccolithophores at low [CO2]aq increase their demand of HCO3

− at the site of photo-
synthesis by diminishing the allocation of HCO3

− to calcification, which is most pronounced in larger cells
and may explain the divergence in δ13C. The findings of these so‐called “vital effects” further strengthen the
theory of declining pCO2 during the late Miocene.

Although the indirect evidence from these proxies suggests change in pCO2 during this interval, the exact
role of CO2 in the evolution of the global climate across the late Miocene is still under debate, mostly because
of the low resolution of existing direct pCO2 reconstructions (Sosdian et al., 2018). Consequently, the late
Miocene was long thought of a period with a climate decoupled from atmospheric pCO2 (Pagani et al., 2005)
and to date, most reconstructions support a decoupling between pCO2 and climate during the Miocene and
Late Pliocene (LaRiviere et al., 2012).

In this study, we reconstruct atmospheric pCO2 between 8 and 4.5 Ma at the highest (average 125 kyr,
between 5.5 and 7 Ma at ~55 kyr) resolution to date, using the carbon isotope fractionation during photo-
synthesis measured in alkenones (εp) in a sediment core in the South Atlantic. εp is a widely used pCO2 proxy
sensitive to dissolved CO2 (Pagani, 2014) and other physiological parameters such as cell growth rate and
size. We employ a recent recalibration of the εp pCO2 proxy based on laboratory culture studies (Stoll
et al., 2019) and estimate with independent proxies the effect of the physiological parameters in coccolitho-
phores which have been shown to be important for εp. In particular, we evaluate the changing ocean surface
hydrological situation, including stratification and frontal movements, over this time interval to improve our
understanding of potential growth rate variations in coccolithophores. Our result yields a high‐resolution
pCO2 reconstruction defining a clear decline coincident with the late Miocene cooling (LMC).

2. Site Locations and Oceanographic Setting

ODP Site 1088 (41.13°S, 13.6°E) was drilled during ODP Leg 177, in the southeastern South Atlantic, on the
northeastern limit of the Agulhas ridge, at a water depth of 2,082 m, well above the modern lysocline in this
region and therefore with excellent carbonate preservation. The studied samples were recovered from Hole
1088B using advanced piston coring (APC), between 39 and 93 meters composite depth (mcd) and belong to
a single lithostratigraphic unit dominated by nannofossil ooze with variable amounts of foraminifera.
Details about the sedimentological and physical properties of Site 1088 can be found in the Leg 177 Initial
Reports (Gersonde et al., 1999). ODP Site 1090 (42.9°S, 8.8°E) was drilled during the same ODP Leg 1077
and is very close to the position of Site 1088, at a water depth of 3,700 m.

Today, Site 1088 is located south of the Subtropical Front (STF) in the Southern Ocean and north of the
Subantarctic front (SAF). The area between these two fronts is defined as the Subantarctic Zone (SAZ)
and is characterized by a large temperature gradient, from 15°C north of the STF to 8°C south of the SAF
(Figure 1). Modern SST varies seasonally between 10°C and 15°C, with an annual mean of 13–14°C, and sali-
nity is relatively constant, around 34‰, while δ18Osw is 0.16‰. Cold and fresher subantarctic surface waters
with negative δ18Osw values can reach Site 1088 by cross‐frontal northward transport (De Ruijter et al., 1999)
(Figure 1). Dissolved phosphate ([PO4

3−]) in surface waters is 0.75 μM. Coccolithophores calcify mainly dur-
ing summer (December to February) in middle to high latitudes in the Southern Hemisphere (Hopkins
et al., 2015), and average modern growth rates for the summer months based on model parametrizations
(Krumhardt et al., 2017) are 0.9 day−1 (divisions/day) at Site 1088. Paleoceanographic records at Site 1088
and 1090 during the Late andMiddle Pleistocene have shown that the position of the SAF has shifted repeat-
edly at orbital and suborbital timescales, bringing colder, fresher, and nutrient‐rich waters to the position of
Site 1088 during episodes of glacial expansion (Kemp et al., 2010). The paleogeography of Site 1088 (Table S4
in Herbert et al., 2016) during the observed time interval is very similar to today and has not significantly
moved. Around 8 Ma, the site was roughly 1.03° south and 1.99° west of today's location. Based on a calcula-
tion of pre‐industrial [CO2]aq, we additionally assume the site is near equilibrium with the atmosphere
(Figure S1 in the supporting information).
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To provide context for the Miocene proxy interpretation, several samples of Pleistocene age were also exam-
ined. Unfortunately, Late Pleistocene sediments could not be sampled from Site 1088 as the core is fully
depleted; for this location we have relied on published SST and foraminiferal isotope data from Site 1090
(SST from Martínez‐Garcia et al., 2010, and δ18O from Hodell et al., 2003); incorporated results are shown
in Table S1. We have conducted new analyses from Site 1266, which was recovered during ODP Leg 208
(28°31.97′S, 2°46.77′E) on the southern flank of Walvis Ridge, at a water depth of 3,806 m, also above the
lysocline during the Cenozoic (Zachos et al., 2004). At 1266, Late Pleistocene sediments are characterized
by high content in well‐preserved nannofossil and foraminifera. Site 1266 is currently situated in the subtro-
pical gyre, with modern SST in the range of 20°C, average annual [PO4

3−] of 0.23 μM, and more saline and
higher δ18Osw surface waters than Site 1088. As we discuss in section 5.1, the modern surface hydrography of
1266 may be analogous to that of Site 1088 during times in the late Miocene.

3. Methods
3.1. Organic Geochemistry

The total lipid extract (TLE) was obtained from 25–35 g of freeze‐dried sediment, using a Dionex 350 accel-
erated solvent extractor from Thermo, with a 5:1 ratio of dichloromethane to methanol (CH2Cl2/MeOH)
extraction solvent in four static cycles at 100°C. The TLE was saponified by adding a 2‐ml mixture 0.5‐M

Figure 1. Overview of the modern ocean setting. Symbols show the locations of ODP Expedition 177 Sites 1088 and 1090
and IODP Site 1266. Modern‐day data are highlighted in four panels: (a) Annual temperature (Locarnini et al., 2013)
and (b) annual phosphate (Garcia et al., 2013) were extracted from gridded World Ocean Atlas 2013 (WOA13) using
Ocean Data View (ODV), (c) Southern Hemisphere summer months (DJM) coccolithophore growth rate after Krumhardt
et al. (2017), and (d) oxygen isotope composition of surface waters after LeGrande and Schmidt (2006); small panel shows
the modeled precipitation‐evaporation for the pre‐industrial control and LGM from the BRIDGE simulations (Valdes
et al., 2017).
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KOH in 95:5 MeOH/H2O and heating it for 2 hr at 75°C. The neutral fraction was obtained and eluted
through silica gel columns for small‐scale separation of, aliphatic hydrocarbons using 4 ml of Hexane,
ketone fraction with 4 ml of CH2Cl2, and a polar fraction using 4 ml of MeOH.

The ketone fraction, containing the alkenones, was dried under an N2 stream and dissolved in toluene to be
injected for quantification at ETH Zurich. Samples were analyzed on a Thermo Scientific Trace 1310 Gas
Chromatograph (GC) equipped with an Agilent non‐polar (60 m × 0.25 mm × 0.25 μm) capillary column
(VF‐200ms) and 5‐m guard column with 2‐ml/min He as carrier gas flow. Samples were injected into a pro-
grammable temperature vaporization (PTV) inlet and quantified by flame ionization detection (FID). GC
oven held initial temperature of 120°C for 1 min, ramped first by a temperature increase of 40°C/min to
200°C, then followed by 5°C/min to 300°C, and held isothermal for 15 min. Finally, it was ramped 2°C/
min to 320°C. For each sample, a known amount of n‐alkanes C38 and C40 was added as internal standard.

Uk′
37 ratio was estimated directly from the FID after the abundance of the C37 diunsaturated and triunsatu-

rated ketones. Lab‐sample replicates and in‐house alkenone standard were injected every sequence to

determine instrument drift and to guarantee long‐term validation giving a precision of 0.025 Uk′
37 units.

Alkenone‐derived SST was calculated from Uk′
37 using the global calibration from Müller et al. (1998), the

same calibration on which previous published SST from Site 1088 were presented (Herbert et al., 2016).

Carbon isotopic compositions of C37:2 alkenones were measured on a Thermo Scientific Delta V mass spec-
trometer interfaced with a Thermo Scientific Trace 1310 GC (irMS) at ETH Zurich. GCwas equipped with an
Agilent non‐polar capillary column (VF‐200ms) using a 2‐ml/min He as carrier gas flow. Initial GC tempera-
ture was set at 90°C and ramped to 250°C at 25°/min, increased to 305°C at 1°/min, and finally increased to
320°C at 10°/min to be held isothermally for 7 min. Replicates, in‐house alkenone standard, and known iso-
topic mixtures A5 and B4 (supplied by Arndt Schimmelmann, University of Indiana) were injected at every
sequence to determine the analytical accuracy of the measurement and an uncertainty of 0.4‰ is reported.
Carbon isotopes are reported relative to the Vienna PeeDee Belemnite (VPDB) standard.

3.2. Inorganic Geochemistry

Previously freeze‐dried and organic extracted bulk sediment was sieved with deionized water through a
150‐μm sieve and oven dried overnight at 50°C. Several planktonic foraminifera species (Globigerina
bulloides,Neogloboquadrina pachyderma sinistral [sin.], and Globoconella spp.) and the benthic foraminifera
genus Cibicidoides spp. were picked in Miocene samples from Site 1088. The species picked belonging to the
subgenus Globoconella were mainly Globoconella conoidea (until 55 mcd) and Globoconella conomiozea
(below 55 mcd). Species fromGloboconella subgenus have been proposed to represent conditions in the ther-
mocline since the early Miocene (Norris et al., 1994). For the Last Interglacial (MIS5, 125 ka) and Last
Glacial Maximum (LGM, 20 ka) samples from Site 1266, the species Globigerina inflata, Globigerinoides
ruber, and Globorotalia truncatulinoides were picked. Typically, 10–15 planktonic specimen and 5 benthic
specimen larger than 150 μm were picked per sample. Foraminifera were crushed, rinsed twice with deio-
nized water and once with MeOH, and dried overnight at 50°C. Samples were analyzed at ETH Zurich on
a GAS BENCH II system coupled to a Delta V Plus irMS (Thermo Scientific) following procedures described
by Breitenbach and Bernasconi (2011). Analytical precision after system calibration by two in‐house stan-
dards and international standards NBS‐19 and NBS‐18 was 0.07‰ for both stable isotopes. Values are
reported relative to the VPDB standard. Measurement replicates yielded a mean difference for oxygen and
carbon isotopes of 0.04‰. The equation used to reconstruct δ18Osw from paired alkenone‐SST‐δ18Oc mea-
surements on N. pachyderma sin. and G. bulloides is that of Shackleton (1974) (δ18Osw = δ18Oc + 0.27 −

(4.38 − (4.382–4 × 0.1(16.9 − T))1/2)/(0.1 × 2)). We did not account for any “vital effects” in δ18Oc since
we simply wanted to observe temporal changes and trends, which should not be affected if the “vital effects”
stayed constant over time.

3.3. Coccolith Size Reconstruction

The coccolith size used for pCO2 calculations was estimated in two steps. First, the calcareous nannofossil
biostratigraphy at Site 1088 (Marino & Flores, 2002) contains semiquantitative abundance data on the alke-
none producing coccolithophorid Reticulofenestra pseudoumbilicus on a scale of numerical representation
(0 = absent, 0.2 = very rare, 1 = rare, 2 = few, 6 = common, 8 = abundant, and 10 = very abundant). Data
from smear slides cover the analyzed depth interval of this study, and a weighted size is interpolated for
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each sample (Figure S2). Therefore, a mean size for each of the four published size categories (<3 μm= 2 μm,
3–5 μm= 4 μm, 5–7 μm= 6 μm, and >7 μm= 8 μm) was chosen, multiplied with the numerical representa-
tion for each size (a, b, c, and d) and finally divided by the total numerical representation of the size compo-
sition, illustrated with the following equation:

weighted size ¼ 2aþ 4bþ 6cþ 8d
aþ bþ cþ d

(1)

Second, a fully quantitative estimation of the mean size of Reticulofenestra pseudoumbilicus from a subset
of five samples was carried out using polarized light microscopy and the C‐Calcita software (Fuertes
et al., 2014). Those five samples represent the whole range of semiquantitative size (small‐mid‐large),
and they are used to accurately quantify the size classes from assemblage counts. The difference between
weighted coccolith size and quantitative size is almost negligible, with the semiquantitative size underes-
timating at the smaller and overestimating at the larger end of the size spectrum (Figure S3). Therefore,
the reported coccolith size values are the weighted sizes corrected with this secondary regression.

3.4. Calculation of εp

The isotopic fractionation (εp) during photosynthetic fixation of carbon between [CO2]aq and algal biomass is
calculated using the following equation originally described by Freeman and Hayes (1992):

εp ¼
δ13C CO2½ �aq þ 1000

δ13Corg þ 1000
− 1

 !
*1000 (2)

The isotopic difference between phytoplankton biomass δ13Corg and δ13C37:2 is 4.2‰ (Popp et al., 1998)
and takes into account that lipids are lighter than the total cell organic carbon (Jasper et al., 1994), which
is the value expressed in δ13Corg. It is applied as follows:

δ13Corg ¼ δ13C37: 2 þ 4:2‰* 1þ δ13C37: 2
1000

� �
(3)

The values for δ13C[CO2]aq are derived using the initial δ13C values for N. pachyderma sin. as a first
assumption of δ13CDIC. The mean offset between mixed layer depth δ13CDIC and δ13Cpachyderma in sedi-
ment traps in the North Atlantic (latitude) is 0.81‰ (Jonkers et al., 2013). As there is no equivalent at
similar latitudes in the South Atlantic, we add 0.81‰ to the downcore δ13Cpachyderma at Site 1088 to cor-
rect the vital effect in δ13C. Calculation of DIC value into an isotopic CO2 signal, which is lighter than

DIC, and depends on temperature (derived from Uk′
37 ; in kelvins) and pH (which is neglected) follows

the equation from Rau et al. (1996) based on Mook et al. (1974):

δ13C CO2½ �aq ¼ δ13CDIC þ 23:644 −
9701:5

T

� �
(4)

To carefully include and propagate the uncertainties of each parameter introduced, whether it is for εp or
any subsequent calculation, a full Monte Carlo simulation (n = 10,000) was conducted. The input para-
meters (Table S5) were randomly sampled within 2 standard deviations (s.d.) of the mean of the following
uncertainties: ±1.5°C for temperature based on the reported calibration error by Müller et al. (1998);
±0.1‰ for foraminiferal calcite δ13C and the standard error of the mean (between ±0.05 and ±0.43‰)
for alkenone δ13C, conservative error estimates based on replicate runs; ±0.13 μm for the cell size based
on the regression uncertainty between semiquantitative and quantitative size; ±10% for light and
±0.1 μM for phosphate, based on the mean standard error of the sigmoidal model regression. This
approach is in agreement with recent publications in the field (e.g., Badger et al., 2019; Y. G. Zhang,
Henderiks, et al., 2020), and all the error bars in all relevant figures are 1 s.d.

3.5. Age Model Composite Core Images, Color Profiles, and Magnetic Susceptibility Data

Composite core images for Hole 1088B were generated by cutting individual core sections from core table
photos (downloaded from JANUS: http://www‐odp.tamu.edu/database/). Each section image was then
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compiled and scaled to the shipboard mcd using the Includes_Core_Table_Photos functions within Code for
Ocean Drilling Data (CODD v1; Wilkens et al., 2017). To account for the single‐point lighting source used in
core table photos, a lighting correction was also applied.

As shipboard color reflectance data were not collected at Site 1088, core color information (hue, saturation,
lightness, red, green, and blue) was extracted every mm from the composite core images using the CODD
“CreateHoleCoreImageProfiles” function. The extracted lightness (L) showed the clearest variability and
was chosen to approximate Lstar data. The top 4 cm of each section was excluded from the L profile to
remove a lighting artifact at section ends. To account for core heterogeneity, the L data were then despiked
using the CODD “Median_DeSpike” function (despiked data over 2 s.d. from themedian within a 400‐point/
0.4‐mwindow) and then smoothed using an 11‐point binomial smoothing. All extracted data are provided in
supporting information Table S1.

The composite core images from Hole 1088B show clear evidence for core disturbance at the top of most
cores (supporting information Table S2). These intervals were excluded from the extracted lightness and
shipboard magnetic susceptibility (MS) records. The shipboard MS data were also despiked using the
“Median_DeSpike” function (despiked data over 2 s.d. from the median within a 40 point/0.4 m window;
supporting information Table S3).

4. Results
4.1. Astrochronology

The composite core images, extracted L data and shipboard MS data show 2.5‐ to 3‐ and 8.5‐ to 9‐m cycles,
with intervals where 0.8‐ to 1‐m cycles are present (Figure 2). Based on biostratigraphic age constraints from
Marino and Flores (2002), updated to Neogene GTS 2012 (Hilgen et al., 2012), these cycles likely relate to
short‐ and long‐term eccentricity, with occasional obliquity influences. The MS and extracted L are approxi-
mately antiphase to each other. The high‐resolution extracted L data have especially well‐expressed cycles,
with the highest‐amplitude variability coinciding with the lowest overall L values. Around 38–40 mcd there
are two distinct, high‐amplitude minima in L, surrounded by progressively lower amplitude cycles, all
approximately 110 kyr in duration. These high‐amplitude cycles are very well expressed and likely occur
during a 405‐kyr eccentricity maximum when the short‐term eccentricity cycles are strong.

Figure 2. Minimal tuning applied to Hole 1088B, with (a) the extracted L data on depth, (b) the eccentricity tuning target
from Laskar et al. (2004), (c) the extracted L data converted to age, and (d) the benthic δ13C data from Hole 1088B
((Billups, 2002; Billups et al., 2008; Hodell et al., 2003; Hodell & Venz‐Curtis, 2006; this study) compared to the benthic
δ13C data from the equatorial Atlantic Ceara Rise stack/ODP Site 926 (Drury et al., 2017; Shackleton & Hall, 1997;
Wilkens et al., 2017).
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Therefore, the lowest absolute L values occur during 405‐kyr maxima. In the Pleistocene, the extracted L
data have an inverse relationship with the benthic δ18O data, with L maxima coinciding with benthic
δ18O minima. Based on the Pleistocene age control provided by Hodell et al. (2003), the extracted L data
are in phase with the ~110‐kyr eccentricity cycles. Although the available benthic δ18O is too low resolution
to confirm whether the Pleistocene phase relationships between extracted L, benthic δ18O and eccentricity
are also valid for the late Miocene and Pliocene, we assume that L maxima are in phase with short‐term
~110‐kyr eccentricity maxima.

An astrochronology for Hole 1088B was generated between 4.2 and 7.9 Ma (38–90 mcd; Figure 2), using
24 minimal tie points between L maxima and ~110‐kyr eccentricity maxima (Ecc; Laskar et al., 2004). The
amplitude modulation in the data broadly follows the amplitude modulation of eccentricity. Eccentricity
is exceptionally poorly expressed in the L data during the 2.4‐Myr eccentricity minima (4.4–4.8 and
7.3–7.7 Ma), and as such, the astrochronology is less secure in these intervals. The overall robustness of
the astrochronology is constrained by the generally good agreement between the benthic foraminiferal
δ13C data from ODP Site 1088B (Billups, 2002; Billups et al., 2008; Hodell et al., 2003; Hodell & Venz‐
Curtis, 2006; this study) and equatorial Atlantic Ceara Rise/ODP Site 926 (Drury et al., 2017; Shackleton
& Hall, 1997; Wilkens et al., 2017). The equatorial‐south Atlantic benthic δ13C correlation is particularly
good across the late Miocene carbon isotope shift (LMCIS), which supports the accuracy of the astrochronol-
ogy even though the amplitude in the L data in this interval is somewhat suppressed.

4.2. Alkenone Abundance and SST Reconstruction

The accumulation rate of alkenones (C37AR, in ng/cm2/kyr) is calculated using the amount of alkenones
(ng/g) in the dry bulk sediment multiplied by the mass accumulation rate (MAR, in g/cm2/kyr). Since the
sediment was not powdered in order to permit separation of intact foraminifera post extraction and no
extraction standard was used, this metric must only be used as a qualitative trend and should not be com-
pared with that of other publications. MAR is calculated by the multiplication of linear sedimentation rate
(LSR) with the dry bulk density (DBD, from Diester‐Haass et al., 2005). With the new age model, LSR
changes with respect to previous publications. MAR and C37AR can be seen in Figure S2. The MAR steadily
decreases during the LMC from roughly 3 to 1 g/cm2/kyr and the C37AR increases from roughly 100 to
almost 400 ng/cm2/kyr.

The reconstructed SST (Figure 3d) produces the same trend and, in large, similar values as previously pub-
lished for Site 1088B by Herbert et al. (2016). The new measured samples reflect the long‐term cooling trend
over the LMC with temperatures decreasing 5–6°C from 20°C around 7.5 Ma to 14.5°C around 5.7 Ma. This
long‐term cooling abruptly ended with a 5–6°C increase within less than 130 kyr (red shaded interval
in Figure 3).

4.3. Stable Isotopes

At Site 1088, the three planktonic foraminifera species show broadly similar trends in δ18O (Figure 3), with
differences in the absolute values as a function of their habitat depth. G. bulloides and N. pachyderma sin.
show very similar values for most of the record, except for a sample older than 7.5 Ma in which they diverge
(almost 0.5‰). Globoconella spp. shows heavier values than the other two species with an average offset of
0.6‰ to N. pachyderma sin., indicating a deeper habitat.

Another important observation from this data set is that the time period of the temperature change from
15°C to 20.5°C around 5.7 Ma coincides with very similar δ18O values for all three species. The samples
representing the points for 15°C and 20.5°C are even happening at a time of 0‰ difference between the deep
and intermediate dwelling species. δ18O values for the benthic species Cibicidoides spp. and the planktonic
species G. bulloides are displayed over existing data from Billups et al. (2008). The minor differences among
the two data sources for the planktonic δ18O are probably caused by measurement of different sizes since
Billups et al. (2008) used the larger 250‐ to 355‐μm fraction.

The planktonic foraminiferal carbon isotope values (δ13C) for N. pachyderma sin. (Figure 4b) decrease by
about 1‰ during the time of the LMCIS (from 7.5 to 6.7 Ma). The LMCIS has been shown to be a globally
synchronous event in benthic and planktic foraminifera (Drury et al., 2017), indicating a change in δ13C
of oceanic DIC driven by changes in ocean circulation (Hodell & Venz‐Curtis, 2006) rather than changes
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in productivity (Drury et al., 2018). G. bulloides shows an unknown disequilibrium process in δ13Cbulloides in
the Southern Ocean (>40°S) (Prasanna et al., 2016), which is why the carbon isotopes of N. pachyderma sin.
are used for the following calculations.

The values from the alkenone carbon isotope record (δ13C37:2) range from−22.90‰ to−24.64‰ (Figure 4a).
Large changes of up to 1.3‰ from one to the next sample are observed in the part older than 6.5 Ma; the
younger time interval shows less variation. There is also no clear overall trend visible. The final values for
εp (Figure 4c) are between 10.88‰ and 12.79‰ and show similar fluctuations as the δ13C37:2. Overall, a small
decreasing trend is noticeable.

4.4. Late Pleistocene Proxies in ODP Site 1266

In the four samples from Site 1266, representing glacial and interglacial times, N. pachyderma sin. is not pre-
sent. Therefore, the DIC estimations for the εp calculations at 1266 are based on the species G. inflata. Based
on core‐top observations, the δ13C offset between G. inflata and N. pachyderma sin. is −0.95‰ (Elderfield
et al., 2002), which is added to δ13Cinflata as correction to compare it with δ13Cpachyderma records of Site

Figure 3. ODP Site 1088 (a) δ18O of planktonic species G. bulloides. Existing data from Billups et al. (2008) in dark green
with an 11‐point running average in bold (250‐ to 355‐μm size fraction). (b) δ18O of N. pachyderma sin. in orange
and Globoconella spp. in purple. Shadings represent a ±0.1‰ error estimation. (c) δ18O of the benthic species Cibicidoides
spp. existing data from Billups and Schrag (2002) and Billups et al. (2008) in dark blue with an 11‐point running
average in bold (250‐ to 355‐μm size fraction). (d) Alkenone‐based sea surface temperatures from Herbert et al. (2016) in
blue with a ±1.5°C error shading. Red dots in all graphs show the new measurements carried out during this study,
and all this is updated to the new age model. The red shaded bar indicates the abrupt end of the LMC.
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1088. Additionally, the previously described correction of +0.81‰ for the vital effect between DIC and
δ13Cpachyderma is added and εp is calculated (Table S2). Additional measurements for δ18Osw at Site 1266
for the glacial and interglacial endmembers are shown in Table S1.

5. Discussion
5.1. Changing Surface Ocean Environment at Site 1088
5.1.1. Southern Ocean Frontal Movements
Changes of δ18O in planktonic foraminifera may reflect changes in surface ocean temperature and/or the
isotopic composition of surface seawater (δ18Osw), which itself can reflect the local hydrological balance
as well as ice‐volume changes (Kucera, 2007). The gradual decrease of about 0.8‰ in δ18Obulloides during
the late Miocene (Figure 3a) has been previously interpreted as a regional warming at Site 1088 of at most
3–4°C (Billups et al., 2008). However, alkenone SST reconstruction shows a clear cooling trend over the late
Miocene (Herbert et al., 2016), discarding a temperature rise as the driver of the δ18O decrease in G. bulloides
at Site 1088. A large decrease in global ice volume (a sea level equivalent of 80 to 90 m at 0.09%/−10 m sea
level; from Ravelo & Hillaire‐Marcel, 2007) would be required to explain the decreasing trend in δ18O.
However, New Jersey Margin sea level reconstructions do not show a large transgression during this time
period (Miller et al., 2005) and melting Antarctic ice masses on such a magnitude during a time described
as a global cooling seems unlikely. Crucially, the δ18O of benthic foraminfera at Site 1088 stays relatively
constant over this time interval (±0.3‰), with no evidence for a large decrease due to decreasing ice volume.
This is in agreement with the long‐term trends observed in late Miocene benthic δ18O records from all major
ocean basins (Drury et al., 2016, 2017; Hodell et al., 2001; Holbourn et al., 2018). Rather, the difference
between benthic and planktic δ18O increases by 0.8‰ over the LMC (Figure 5). We propose that δ18Oc at
Site 1088 evolved over the LMC due to a local surface freshening as hydrological fronts in the Southern
Ocean moved equatorward and shifted the precipitation‐evaporation (P‐E) balance at the location.

Figure 4. ODP Site 1088 (a) δ13C of the organic matter of alkenone C37:2 with green shading showing the standard error
of the mean after multiple measurements. (b) δ13C of the planktonic species N. pachyderma sin. with orange shading
showing the ±0.1‰ error envelope. The black error indicates the timing of the late Miocene carbon isotope shift (LMCIS)
between 7.5 and 6.7 Ma. (c) Resulting εp with brown shading showing the error propagated with the Monte Carlo
simulation from δ13C (alkenones and N. pachyderma sin.) and temperature. (d) Alkenone‐based SST from Herbert et
al. (2016) in blue with red dots indicating measurements from this study, both with a ±1.5°C error envelope. The red
shaded bar indicates the abrupt end of the LMC.
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If the temperature change reflected in the alkenone SST proxy is representative of the surface water tempera-
ture evolution experienced by G. bulloides orN. pachyderma sin. (e.g., reflect a similar depth habitat and sea-
son as the alkenone producers), then δ18Osw can be estimated from δ18Oc according to the temperature
calibration of calcite for that species (e.g., Shackleton, 1974). This approach yields a progressive decrease
in δ18Osw of roughly 1.5‰ over the LMC (Figure 5c). The difference between benthic and planktic δ18O
exhibits a similar trend between 7.5 and 5.7 Ma but suggests a more modest 0.8‰ decline in planktic δ18O
relative to the benthic over the same time interval. Regardless of the contrast in estimated magnitude, both
of these trends imply a relative decrease in local surface δ18Osw during the LMC.

In the modern ocean, there is progressive poleward depletion in δ18Osw, with an ~1.5‰ range between 20°S
and 55°S along the primemeridion in the South Atlantic (LeGrande & Schmidt, 2006) (Figure 1d). This pole-
ward depletion reflects the transition from low P‐E in the subtropical gyre to high P‐E near the polar front, as
well as a poleward progressive depletion in the δ18O of precipitation due to lower temperature (Figure 1). We
propose that equatorward movement of frontal positions during the LMC could cause a freshening leading
to lighter, more depleted values in δ18Osw at the location of Site 1088. A shift of the Antarctic Polar Front
(APF) toward the equator has been described to result from global cooling and can likely be linked to an
onset of glaciation and feedbacks that lead to falling pCO2 (e.g., Toggweiler et al., 2006).

Figure 5. ODP Site 1088. (a) Stratification index “STRA” showing how the upper water column structure changed over
time. The shaded error envelope (±0.14‰) reflects the propagated error of ±0.1‰ for δ18O (error ¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
a2 þ b2

p
). The

black arrow shows the gradual decrease in surface stratification. (b) Gradient between planktic (G. bulloides) and benthic
(Cibicidoides spp.) foraminifera (Billups et al., 2008), red dots show the data from this study. (c) δ18Osw calculated
using the two intermediate‐dwelling species G. bulloides, marked with a square, and N. pachyderma, marked with a cross.
The light blue shading is an expression of the overall observed trend based on two estimates of δ18Osw. The black
arrow indicates the gradual, long‐term freshening at the location. (d) Alkenone‐based SST from Herbert et al. (2016) in
blue with a ±1.5°C error envelope. The red dots indicate the new measurements for 1088B from this study, and the
red shaded bar indicates the abrupt end of the LMC.
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During the cooling from interglacial conditions to glacial maxima of the Late Pleistocene, an analogous
equatorward movement of polar fronts in the region has been described. During the LGM, the APF and
Subantartic Fronts (SAF) shifted equatorward by about 4–5° latitude (Gersonde et al., 2003) or potentially
even more (APF up to 15°, SAF up to 9°, STF up to 7°) (see Kohfeld et al., 2013, and references therein).
A glacial reduction of δ18Osw surface seawater at Site 1090 of 0.5‰ is estimated (from Hodell et al., 2003;
Table S1) and fits the difference of water masses that are on either side of the APF today. Frontal movement
during the LGM is also marked by an equatorward shift in the locus of maximum export production (Chase

et al., 2003). The magnitude of cooling during the LMC, (5–6°C, estimated based on Uk′
37 ) is similar to or

slightly larger than that observed for the last glacial‐interglacial transition in the latitude band of 40–50°S
in the present day SAZ (Kohfeld et al., 2013). Potentially, an equatorial shift in frontal positions with a com-
parable magnitude occurred between 7.5 and 5.7 Ma during the LMC.

The mechanism that describes the frontal movement during the LGM, which we take as an analog to the
LMC, is a change in wind‐driven circulation and precipitation patterns, associated with a steepening of
the equator‐to‐pole temperature gradient and hence an intensification of the Hadley cell (Herbert et al., 2016;
Holbourn et al., 2018). Such a scenario is also described in Kohfeld et al. (2013), where a stronger equator‐to‐
pole thermal gradient could intensify the jet stream, leading to stronger Southern Hemisphere westerlies.
Higher productivity in the SAZ may be sustained by enhanced wind‐driven upwelling. A northward trans-
port of cold polar and nutrient‐rich waters by Ekman transport to the SAZ could explain an enrichment in
nutrients at Site 1088.

In addition to equatorward frontal movement during the LMC, we also suggest that the APF and SAF were
likely located poleward of their current interglacial position at the onset of the LMC. ODP Sites from Leg 114
(roughly 50°S, 28°W), which are today located within the Polar Front Zone, were proposed to be located
north of the Polar Front during much of the late Miocene (Warnke et al., 1992). The late Miocene tempera-
tures at Site 1088 prior to the onset of LMC are 10° or more warmer than modern SST (13–14°C), a contrast
in climate state which may have been accompanied by further poleward frontal positions compared to the
interglacial. Given these considerations, it is possible that the surface oceanographic conditions at Site
1088 in the late Miocene were more analogous to those of locations located in the modern‐day subtropical
gyre, such as the modern setting of Site 1266.
5.1.2. Stratification and Nutrient Supply
Today, deeper mixed layer depths are observed south of the SAZ (de Boyer Montégut et al., 2004), where ver-
tical temperature gradients are less steep and surface ocean stratification less pronounced. Homogenization
of upper water column properties by mixing is therefore not only more efficient in these polar regions in
comparison to areas north of the SAZ but also leads to a greater abundance in nutrients via efficient recy-
cling and redistribution. The gradient between intermediate (50–150 m) and deep living (below 200 m)
planktonic foraminifera (Δδ18O deep‐interm.) in globally distributed core‐top samples shows high correla-
tion to [PO4

3−] in surface waters (10 m), which reflects the intensity of mixing in the water column
(see Text S1). Downcore, we calculated the gradient (stratification index, “STRA”) between intermediate
and deep dwelling planktonic foraminifera using N. pachyderma sin. (Figure 5a), which at present today
represents conditions in the intermediate water column (Jonkers et al., 2013), and Globoconella spp. As long
as this gradient is predominantly driven by changes in the water column conditions at the typical foraminif-
eral depth habitats, and not changes in the depth habitat of one species relative to the other, then we expect
this “STRA” gradient to track changes in nutrient supply to the surface ocean.

There is only indirect evidence for depth habitats of extinct planktonic foraminiferal species. All observa-
tions regarding this important issue result from oxygen isotope ratios of different species relative to each
other (Keller, 1985; Norris et al., 1994). Globoconella spp. are assumed to have lived at the depth of the ther-
mocline since the early Miocene based on the heavier δ18O values (Keller, 1985) and are a typical species of
the transitional zone, together withG. bulloides andN. pachyderma, that separates subtropical from subpolar
waters (Kennett et al., 1985). N. pachyderma sin. is a typical polar to subpolar species in modern waters,
whileG. bulloides is a common dweller in the subpolar and temperate latitudes. In theMiocene, both species
have been interpreted as having similar ecological habitat and dwelling in the mixed layer depth based on
their δ18O values (Kennett et al., 1985; Paulsen, 2005). The gradient between deep thermocline species, such
as Globoconella spp., and mixed layer depth species, such as N. pachyderma sin. or G. bulloides, has been
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previously interpreted in terms of water column stratification in records in the mid‐latitude South Atlantic
during the late Miocene (Matthews et al., 1980; Paulsen, 2005).

Over the LMC, the range of “STRA” at Site 1088 changes within 0‰ to 1‰ (Figure 5a), which is modest com-
pared to the full range of 3‰ observed in the modern ocean. In the early part of the LMC, stratification is
highly variable. From 6.5 Ma onward, there is a decreasing trend that parallels cooling of SST. Minimum
stratification is observed between 5.5 and 5.9 Ma, including the time of the severest cooling and the first
abrupt transition to warm temperatures at the end of the LMC. Lowest values of “STRA” are found today
in well‐mixed waters south of the polar front (Figure S4). The trend to lower stratification at Site 1088 hap-
pens around the same time for which Warnke et al. (1992) propose a significant Antarctic glacial expansion
seen by the arrival of ice‐rafted debris (IRDs) at ODP Sites 699 and 701 (50°S), possibly showing an expansion
of Antarctic sea ice and a northward shift of the SAZ. We propose that the trend in “STRA” shows a deepen-
ing of the mixed layer depth, caused by either higher wind stress and/or by a reduction in density contrast
across the upper water column. Both of these causes can be explained by a northward movement of the wes-
terlies/SAZ, similar to the observations made in the previous section 5.1.1. This northward movement of the
SAZ would in turn introduce nutrient‐rich waters to the Site and potentially increase the biological produc-
tivity (e.g., Diester‐Haass et al., 2005).

In fact, there is a resurgence of large Reticuofenestra pseudoumbilicus during the period of decreasing strati-
fication (Figure S2). An inverse correlation between the abundance of larger coccoltihophores and water col-
umn stratification has been observed during the early Miocene in in the western subtropical South Atlantic,
and it was proposed that more well‐mixed surface waters with more nutrients could lead to an expansion of
cell sizes (Henderiks & Pagani, 2007). This hypothesis is consistent with the observation that larger cell sizes
have higher half saturation constants for nutrient acquisition and that nutrient abundance may favor expan-
sion of cell sizes (Guitián et al., 2020). During this time interval there is also an increase in both the benthic
foraminiferal accumulation rate (BFAR) (Diester‐Haass et al., 2005) the C37AR (Figure S2). Enhanced sur-
face production may contribute to these increased accumulation rates, although changes in bottom water
conditions are also likely to play a role.

5.2. Estimation of pCO2 From Alkenone εp
5.2.1. Diffusive Versus Culture‐Based Empirical Calibration Approaches
Traditionally, alkenone‐based pCO2 reconstructions were based on a diffusive model, recently reviewed by
Pagani (2014). In the most widely used formulation (Jasper et al., 1994), a single coefficient, “b,”was used to
relate εp and CO2 and encompasses all non‐CO2 effects on fractionation including growth rate, cell geome-
try, and other physiological factors. This simplified model assumes a theoretical hyperbolic relationship
between εp and CO2. However, recent evaluation of fractionation during laboratory experiments suggests
that the empirical relationship between CO2 and εp is logarithmic (Stoll et al., 2019), with εp less sensitive
to CO2 in the low CO2 range (Badger et al., 2019) than previously inferred by the diffusive model. This is
likely due to the operation of carbon concentrating mechanisms (CCMs). Based on culture data, a multi-
linear regression model was proposed in which εp is dependent on [CO2]aq, cell radius, growth rate (μ),
and light (Stoll et al., 2019). This model incorporates the nonlinear response of εp to changes in 1/[CO2]aq
which include empirical effects of CCMs on εp, as observed across culture experiments. The main advantage
of this culture calibration is that it closely approximates the sensitivity of εp to CO2 during Quaternary
glacial‐interglacial cycles as recorded by alkenones, in sites which are unlikely to have experienced signifi-
cant changes in nutrient‐ or temperature‐stimulated growth rates such as the tropical oligotrophic ocean
(ODP Sites 925 and 999).

The drawback of such a model is that it is empirical, not a process‐based physical model. Therefore, its
applicability is best for settings most analogous to the culture conditions in which it was calibrated and
the late Quaternary CO2 oscillations in the tropical oceans where it was validated. However, the tropical oli-
gotrophic sites are those of lowest [CO2]aq are likely to feature the most intense reliance on CCMs and there-
fore a low sensitivity of εp to changes in [CO2]aq (Stoll et al., 2019). From late Quaternary data alone—limited
to a range of 180–280 ppm—it is not possible to ascertain whether this sensitivity of εp to [CO2]aq may be
higher in settings where [CO2]aq limitation is less extreme. The culture calibration encompasses [CO2]aq
concentrations extending only to 30 μM. Unfortunately, there are no other empirical data sets from cultures
yet which would allow a rigorous assessment of the possibility of change in the slope of εp dependence on ln
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(CO2) at higher [CO2]aq. Therefore, we use the 2 s.d. uncertainty of the slope of the εp to CO2 calibration (0.42
is 1 s.d. for the coefficient a in Equation 5) in the Monte Carlo simulation to explores the effect of a reason-
able range of variation in the slope.

Future more robust interpretations of [CO2]aq from of εp should be supported by a realistic, experimentally
validated process‐based model for isotope fractionation within a multicompartment cell, an essential update
to replace the original, single cell compartment, diffusive model, which is long known to not accurately
simulate the processes of fractionation (Cassar et al., 2006; Hopkinson et al., 2011). Eventually, a
process‐based model must assimilate recent determinations of cell permeability (Blanco‐Ameijeiras
et al., 2020), the role of carbonic anhydrase and bicarbonate pumping (H. Zhang, Blanco‐Ameijeiras, et
al., 2020), and reconcile the in vitro fractionation of Rubisco (Boller et al., 2011) and other potential unidir-
ectional reactions in carbon acquisition (Wilkes & Pearson, 2019). To date, the statistical model we have so
far is the best supported tool for alkenone‐based pCO2 reconstruction in the CO2 range of preindustrial con-
ditions and the moderately higher pCO2 sampled by culture data sets.

The multivariate linear regression model (Stoll et al., 2019) distinguishes the sensitivity of εp to CO2 and
other variables:

εp ~ a * ln CO2 þ b * ln light þ c * μþ d * radius (5)

where CO2 is the aquatic carbon dioxide concentration, light is the incident light, μ is the growth rate, and
a, b, c, and d are coefficients (a = 2.66, b = 2.33, c = −6.98, and d = −1.28). To apply the multilinear
regression model to calculate absolute [CO2]aq, cell radius, growth rate, and light need to be independently
constrained. Figure S5 shows a flowchart and Table S5 an overview of the various input variables to illus-
trate the different steps and assumptions that go into the calculation of pCO2. In the following sections, we
review our approach to constrain cell radius, light, and growth rate.
5.2.2. Estimating Cell Radius and Light During Alkenone Production
The cell radius is taken from a semiquantitative cell size trend at Site 1088 (Figure S2) and further calculated
as explained in section 3.4. Although carbonate dissolution has been observed during the LMC at Site 1088
(Diester‐Haass et al., 2005), the size trend does not appear to correlate well with the amount of fragments in
the sediment. One would expect an increase in fragmentation with an increase in carbonate dissolution and
potentially an increase in coccolith size, since smaller coccoliths dissolve more easily. Here, the amount of
fragments decreases during the LMC while the coccolith size tends to grow. It therefore seems to be safe
to assume that dissolution has no major impact on the cell size trend.

The light intensity during alkenone production is difficult to estimate in the past. Photosynthetic available
radiation (PAR) is a function of latitude, which has not significantly changed over time. PAR is highest at
surface in the modern ocean, but it is attenuated rapidly with depth, particularly in regions with high con-
centrations of particles like cells in suspension in the water column. The calculation of light at depth was
done using a model of penetration of PAR from surface to depth (Buiteveld, 1995; Murtugudde et al., 2002),
monthly climatologies of PAR, and the diffuse attenuation coefficient for downwelling irradiance at 490 nm
(Kd490). This is combined with Equation 1 in Lin et al. (2016) to calculate PAR at each depth. For Site 1088,
light is assumed to be at a constant value of 25 μE/m2/s, which corresponds to a depth during the growing
season of 40–50 m. For late Pleistocene data from Site 1266, a value of 50 μE/m2/s is assumed, in agreement
with doubled incident light at this latitude in modern‐day observations (Frouin et al., 2018). Because there
are few constraints on the light experienced during alkenone production, we have used values consistent
with modern‐day observations and maintained these constant over time. For conducting a rigorous error
propagation, an error of ±10% was assumed.
5.2.3. Constraints on Late Quaternary Growth Rates and Relation to εp
Application of the multivariate regression model requires that we estimate the absolute growth rate and
assess whether it has varied over the time interval of study. Phytoplankton (including coccolithophores)
growth rates (μ) in the modern ocean show dependency on SST (Sherman et al., 2016), as well as nutrient
limitation, as suggested in laboratory culture data experiments (Fielding, 2013; Perrin et al., 2016). For the
growth rate estimation, we use the parameterization by Krumhardt et al. (2017), which estimates growth
rates based on the limitation of [PO4

3−] and SST:
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μ ¼ μmax
N

N þ KM

� �
(6)

where N is the nutrient concentration [PO4
3−], KM the half saturation constant for that specific nutrient

(KM = 0.17 μM for [PO4
3−]), and μmax = 0.1419T0.8151 according to Fielding (2013). Temperature estima-

tions from Uk′
37 are used to estimate μmax.

In modern surface waters overlying the 1088 site, growth rates estimated from SST and [PO4
3−] are

0.9 day−1. Equatorward, in the oligotrophic waters not influenced by coastal upwelling processes such as
those at Site 1266, similar growth rates of 0.9 day−1 are estimated, as the growth rate depression due to lower
nutrient supply rates is compensated by the growth rate enhancement produced by higher temperatures
(Figure 1c). As discussed in section 5.1, we propose that from the late Miocene to early Pliocene, frontal
movements may have caused the waters overlying Site 1088 to experience conditions ranging between those
of modern locations of Site 1088 andmodern location of Site 1266. The similarity of growth rates across these
settings today suggests that frontal movement need not have caused large variations in overall phytoplank-
ton growth rates over this studies time interval.

We also derive growth rate estimates coherent with observed isotope fractionation for conditions of
known late Quaternary pCO2, an approach we term “late Quaternary anchoring.” This approach provides
an empirical estimation of the specific growth rate effect on εp in this oceanographic setting under known
conditions. The purpose of this calculation is not to replicate modeled annual growth rates or [PO4

3−] at
this site, but rather to provide estimated growth rate and [PO4

3−] which are consistent with their influ-
ence on εp in Equations 5 and 6, to provide more constraints on the calculation of [CO2]aq from εp for
late Miocene samples using those same equations. To this end, we use measurements of temperature
and εp from late Quaternary glacial‐interglacial pairs at Site 1266 and the more poleward location
GeoB3603 (Benthien et al., 2005) close to Site 1088. First, we calculate the [CO2]aq for the site predicted
by equilibrium solubility given the estimated paleotemperature and ice core pCO2 for the sampled inter-
val. Then, we use Equations 5 and 6 to back‐calculate the growth rate and [PO4

3−] required so that the
measured εp would yield a [CO2]aq estimation consistent with this ice‐core predicted [CO2]aq. For both

the CO2 solubility and the growth rate equation, we estimate temperature from Uk′
37 . The calculated

[PO4
3−] ranges from 0.22 to 0.27 μM at Site 1266 and from 0.23 to 0.26 μM at GeoB3603, with lowest

values during the interglacial and highest during the glacial. This examination (see Table S4) of the mod-
ern growth rate effect on εp suggests also that despite apparent differences in the modern annual average
[PO4

3−] at 10 m among these sites, there is a similar effective growth rate influence on εp across these
sites and the [PO4

3−] to attain them at these locations are similar during late Quaternary glacial‐
interglacials.

Alternatively, at Site 1266, we can also estimate the growth rates estimated independently from SST and
proxy‐derived [PO4

3−] from the stratification index.We compare this result with the growth rate which satis-
fies the multivariate regression for the observed late Quaternary εp. A direct global regression between the
“STRA” and the surface ocean [PO4

3−] has been derived (Text S1 and Figure S4, following Hernández‐
Almeida et al., 2020). The stratification index values of 0.17 and 0.34 would be calculated to yield [PO4

3−]
values of 0.68 and 0.63 for the LGM and MIS5 samples of Site 1266, respectively, and growth rates of 1.17
and 1.31 day−1 given 17.5 and 20.5°C in SST. These growth rates and [PO4

3−] are higher than those implied
by application of the multivariate regression to observed εp (Table S2) as well as modern data (Figure 1). This
suggests that the global “STRA” calibration overestimates the effective [PO4

3−] and growth rate reflected by
εp in this setting. This is also visualized in Figure S4 where the late Quaternary points for Site 1266 do not fall
on the global regression. Therefore, an adjustment must be made to the growth rates calculated from the glo-
bal “STRA”‐[PO4

3−] regression in order to obtain growth rates compatible with observed εp and Equations 5
and 6. Empirically, the “STRA”‐estimated growth rates can be scaled by a factor of 0.75 to be consistent with
Equations 5 and 6 and late Quaternary ice core pCO2.
5.2.4. Estimations of Late Miocene Growth Rates and Their Variations
We evaluate multiple scenarios for the growth rate parameter when applying Equation 5 to estimate [CO2]aq
through the Late Miocene. In a sensitivity analysis, we evaluate scenarios where growth rate is constant,
where growth rate varies depending only on proxy temperature with constant nutrients, where growth
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rate varies depending on proxy‐inferred [PO4
3−] ranges and where growth rate varies depending on both

proxy temperature and proxy‐inferred [PO4
3−]. The scenarios and their inputs are given in Table S3, growth

rates are visualized in Figure S6, and we describe each one below.

For our first scenario, we apply Equation 6 to estimate growth rate using proxy temperature and a proxy
for nutrient variations. To estimate past changes in [PO4

3−], we assume that variations in [PO4
3−] are

inversely proportional to the stratification of the upper water column as reflected by the STRA index in
our late Miocene samples (Figure S4). In Simulation 1, we assume this relationship between “STRA”
and [PO4

3−] is linear and apply an amplitude of [PO4
3−] variations which is narrow, simulating small

changes of nutrient stimulation of growth rate. This scenario would be a realistic option for the late
Miocene environment at Site 1088 if the small contrast in nutrient‐stimulation of growth rate observed
between the modern settings of Site GeoB3603 and Site 1266 (section 5.2.3) were also representative of
the evolution in nutrient‐stimulation in growth rate as the Late Miocene environment at Site 1088 transi-
tioned between more subtropical‐gyre setting and a setting more proximal to the polar front. This sce-
nario would also be a realistic option for late Miocene environment at Site 1088 if the range of
variability over glacial cycles at 1266 today is representative of that observed throughout the LMC at
1088. We propose that Site 1266 is a reasonable analog to the warm, subtropical‐gyre type conditions, dis-
tal from the polar fronts, which characterized the location of Site 1088 in the late Miocene. The growth
rate for the LMC calculated from these [PO4

3−] and the corresponding temperatures range from 0.73 to
1.12 day−1 (Figure 6b).

In Simulation 2, we apply the global calibration (Figure S4) to the “STRA” index measured for the late
Miocene samples (Figure 5a) to estimate [PO4

3−], which yields a large range in [PO4
3−] of 0.39 to

0.72 μM. In calculating growth rate from these [PO4
3−] estimates, we apply the scaling factor described in

section 5.2.3 to account for overestimates in this calibration (Figure 6b). Modern “STRA” values near Site
1088 from the coretop calibration are around 0.2 (Figure S4), suggesting that times of lowest stratification
during the LMC were similar to modern.

The trends in growth rate from Simulations 1 and 2 are similar to the trend in alkenone C37:2/C38:2 ratio
(Figure 6), which has been proposed to correlate directly with the growth rate of alkenone producers based
on observations in laboratory cultures (Herbert et al., 2018). Although limited calibration data exist for this
proposed proxy, its trends during the LMC at Site 1088 are consistent with control by coccolithophorid
growth rate. These findings are promising for the development of an additional proxy for past algal growth
rates. However, further research is needed.

Simulations 3 and 4 explore the effect of growth rate variations driven uniquely by changes in [PO4
3−]

and not temperature, to test the degree to which the derived pCO2 trends are independent of the
modeled temperature dependence of growth rate. Therefore, temperature is held constant at 19°C
which resembles the mean temperature over the LMC. Here, the estimated growth rate has a slight
increasing trend after 6.5 Ma. This corresponds to the decrease in surface ocean stratification
(Figure 5a) and to our approach of estimating variations in [PO4

3−], which are inversely proportional
to the stratification.

In Simulation 5, we employ a constant nutrient supply, since this is the most uncertain input in our calcula-
tion. Phosphate is held constant at 0.23 μM,which represents modern‐day conditions at Site 1266 and we use
the temperature estimated from alkenones to simulate temperature‐modulation of growth rate. This pro-
duces a growth rate ranging from 0.72–0.97 day−1.

Finally, Simulations 6 and 7 evaluate the sensitivity of calculated pCO2 to the assumption of constant
growth rate and constant cell size. In principle, growth rate could be invariant over time resulting from
compensating effects of decreasing temperatures (μ down) and increasing nutrients (μ up) resulting from
equatorward frontal movements. It is also possible that phytoplankton had adapted growth depth and
season to maintain similar long‐term average growth rates. The late Quaternary anchoring shows that
a similar effective growth rate influences εp at the Sites GeoB3603 and 1266 over glacial‐interglacial
cycles. A constant growth rate of 0.9 day−1 matches these observations as well as present day surface cocco-
lithophore growth rates during the growing season (December‐January‐February mean for Southern
Hemisphere, Figure 1c).
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5.3. pCO2 Estimates and Their Sensitivity to Input Parameters
5.3.1. Sensitivity of Estimated pCO2 Change to Growth Rate Assumptions
We compare the pCO2 estimations over the LMC from 7.6 to 5.7Ma which result from simulations of reason-
able variations in past growth rates, as well as pCO2 resulting from further simulations serving as sensitivity
analysis (as listed in Table S3). For a simplified discussion, we only comment on the rounded 50th percentile
and refer the reader to the figures and supporting information for the full error estimation. As we describe,
the trends in the data are more certain than the absolute past pCO2 values.

When growth rate varies in response to both observed temperatures and varying [PO4
3−], according to

Equation 6, based on “STRA” with a narrow range (0.22–0.27 μM), we estimate a decline in pCO2 from

Figure 6. ODP Site 1088. (a) Ratio between alkenone compounds C37:2 and C38:2 with green shading showing the
standard error of the mean after multiple measurements. (b) Two different temporal growth rate trends. Light green
crosses (Simulation 1) are based on the narrow [PO4

3−]. Dark green dots (Simulation 2) are based on the wide [PO4
3−],

including a 0.75 scaling factor. The dashed line shows the actual growth rate based on the wide [PO4
3−] without

any scaling factor. The arrows with dashed line indicate how the scaling factor reduces the value of the reported growth
rate. The shading shows the 1 s.d. propagated error from the Monte Carlo simulation. (c) Light green crosses show the
narrow [PO4

3−], and the dark green dots show the wide [PO4
3−] (see text for clarification). (d) Coccolith size trend.

Increasing nutrient trend seems to correlate with the increase in coccolith size. (e) Alkenone‐based SST from Herbert et
al. (2016) in blue with a ±1.5°C error envelope. The red dots indicate the new measurements for 1088B from this
study and the red shaded bar indicates the abrupt end of the LMC.
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~805 to ~200 ppm (Figure 7, Simulation 1). Simulation 2, with [PO4
3−] using the core top calibration and the

scaling factor, yields a similar amplitude pCO2 trend during the LMC from ~840 to ~200 ppm. We show the
second simulation only in the Figure S6 since the approach has an additional uncertainty with using
the scaling factor compared to Simulation 1. These two simulations additionally suggest significant
sub‐myr variability, which in parts of the record may reflect 400‐kyr long‐eccentricity cycles (Figure 8
shows cyclic minima in pCO2 during minima in the long 400‐kyr eccentricity cycle).

For Simulations 3 and 4, temperature is held constant at 19°C and growth rate varies only due to changes in
[PO4

3−], once in a narrow and once in a broader range. In both simulations, calculated pCO2 decreases over
the LMC from ~670 to ~330 ppm. This highlights that the declining trend in pCO2 over the LMC is not
simply an artifact of temperature forcing on growth rate, as the trend exists even in simulations where
growth rate is not influenced by temperature. Although there is uncertainty in the [PO4

3−] estimations
and therefore in the absolute values of reconstructed pCO2, the overall trend is very consistent throughout
the different simulations, showing εp as one of the drivingmechanisms behind the decreasing pCO2 trend. In
Simulation 5 with growth rate only influenced by a variable temperature, the pCO2 trend over the LMC
yields values from ~735 to ~185 ppm.

In the simulation of constant growth rates (Simulation 6, Figure 7), the calculated CO2 decline during the
LMC ranges from ~650 to ~310 ppm. A variation of this calculation (Simulation 7) assumes a constant cell
size of 4.4 μm (mean size over the record) with no temporal changes; this produces only slight differences
in pCO2 and confirms that cell size is not a driving factor in the long‐term pCO2 trend derived from our
records.
5.3.2. Comparison With Calculations From Diffusive Model
We compare the pCO2 calculations made with the statistical model, with pCO2 estimated based on the dif-
fusive approach using “b,” which incorporates all non‐CO2 effects on fractionation including growth rate,

Figure 7. Available proxies for pCO2 during the LMC. Simulation 1 with light blue crosses represents a pCO2 trend
where growth rate is calculated with the alkenone‐SST proxy record and a narrow [PO4

3−] range from 0.22 to
0.27 μM. Simulation 6 with purple dots represents a pCO2 trend where growth rate is kept constant at 0.9 day−1. The
error shading represents 1 s.d. from the Monte Carlo simulation, and it is disconnected to the youngest and oldest
sample of the record because of the error bias discussed in section 5.4. Additional proxy data indicated as boron isotopes
with red plus signs (Sosdian et al., 2018), dark green triangles (ODP 925) and light green dots (ODP 999) from
recalculated εp (Stoll et al., 2019), orange squares (ODP 846) from diatom εp record (Mejía et al., 2017), black crosses from
stomata index (Bai et al., 2015), and black stars from cGENIE modeling (Crichton et al., 2020). The red shaded bar
indicates the abrupt end of the LMC and coincides with a sharp increase in atmospheric CO2. Note the logarithmic scale
of the y axis. Small box: long‐term trend in pCO2 from the cGENIE modeling study by Crichton et al. (2020) for a
broader perspective. The two larger black stars are falling within the time period of this study.
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cell geometry, and other physiological factors and is typically suggested to scale linearly to the phosphate
concentration (Simulation 8, equation from Y. G. Zhang et al., 2013). Using the narrow range of possible
[PO4

3−] (0.22–0.27 μM) produces the correct estimations for the glacial‐interglacial values at Site 1266.
However, the range of pCO2 over the LMC with ~280 to ~215 ppm is dramatically different to all other
simulations. It is not only producing constantly lower values for most of the record, the variation over the
LMC with a decrease of only ~65 ppm CO2 suggests a completely different Earth climate sensitivity (ECS)
than results with the statistical model. A recently proposed variation of the diffusive “b” approach argues
that body size is a key factor that regulates metabolic rates and that the coccolith size can be used as a
proxy for growth rate, which in turn influences “b” (Y. G. Zhang, Henderiks, et al., 2020). We input
representative salinity (has a minor effect on “b,” we use the same value of 33.398 ± 0.5‰ as the authors)
and pH (mean value of 8.05 ± 0.1 for the LMC according to the Neogene record of Sosdian et al., 2018)
and our measured coccolith size (using an error of ±1 μm), alkenone temperature, and εp. This approach

Figure 8. Subset of the record with a focus on the LMC. Note the different x axis. (a) Δ13C between planktic (G. bulloides)
and benthic (Cibicidoides spp.) foraminifera at Site 1088 in the Southern Ocean (Billups et al., 2008) with a moving
average (bold) resolution of roughly 100 kyr. (b) Δ13C between planktic (G. sacculifer) and benthic (Cibicidoides spp.)
foraminifera at Site 1146 in the South China Sea from Holbourn et al. (2018) with a moving average (bold) resolution of
roughly 100 kyr, showing a presumed strengthening of the Pacific Ocean's biological pump (black arrow). (c)
Alkenone‐based SST from Herbert et al. (2016) at Site 1088 with a ±1.5°C error envelope. (d) This study's pCO2 trend over
the LMC. Simulation 1 with light blue crosses and Simulation 6 with purple dots, both with 1 s.d. error shading.
Indicated are distinct 400‐kyr minima, occurring simultaneously with 400‐kyr minima in eccentricity. (e) δ18Obenthic
from Site 1088 (Billups et al., 2008). (f) Eccentricity and obliquity cycles after Laskar et al. (2004). Blue bars show times
with 400‐kyr minima in pCO2 and eccentricity, simultaneously occurring as some maximas in δ18Obenthic. The red
shaded bar indicates the abrupt end of the LMC and coincides with a sharp increase in atmospheric CO2.
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produces again very low pCO2 values for the Site 1088 LMC record, ranging from ~165 to ~130 ppm
(Simulation 9) and showing a decrease of ~65 ppm CO2. The stark contrast between the diffusive model
and the statistical model can be seen in Figure 9.

5.4. Coherency Between Site 1088 pCO2 Record and Other Low‐Resolution pCO2 Estimates

Based on criteria highlighted in section 5.2.4, we consider Simulations 1 and 6 to provide the pCO2 recon-
structions best supported by understanding of growth rate and late Quaternary anchoring and use them
as the basis of comparisons with other pCO2 proxy records. First, Simulation 1 represents the most dynamic
resolution of growth rate where it is influenced by temporal changes in temperature and phosphate.
Defining the range of possible [PO4

3−] with late Quaternary anchoring gives additional constraint on the
absolute values. Second, Simulation 6 represents a less dynamic approach with a constant growth rate.
However, this scenario could be a good alternative since it takes into account compensating effects on
growth rate in a variable ocean surface environment as described in section 5.1.

The absolute values (50th percentile) we derive are similar to those provided by low‐resolution pCO2 recon-
structions based on boron isotopes (Sosdian et al., 2018), plant leaves stomatal index (Bai et al., 2015), εp
values based on a diatom record (Mejía et al., 2017), and recalculated alkenone εp values from tropical loca-
tions (Stoll et al., 2019) (Figure 7). The biggest discrepancy between low‐ and high‐resolution reconstructions
is for the oldest values at ~8.2 Ma, which shows the highest absolute CO2 values reconstructed. Here, we
want to emphasize one direct limitation of the statistical model, namely, that culture data upon which it
is based extend only to 30 μM [CO2]aq. This imparts higher uncertainty in the oldest data at 1088 which
exceeds the culture calibration limit. This issue can definitely be improved over time with the addition of
new culture data to the statistical model. Unfortunately, we see no alternative, consistent way to calculate
a value for this time period at the present time and the result we have so far is the best estimate to date.
However, lower‐latitude sites such as Site 925 and Site 999 remain within the range of this culture calibration
throughout the last 10 Ma because of a lower CO2 solubility and may provide more reliable absolute pCO2

estimates prior to 7.5 Ma (Stoll et al., 2019). Even though comparison is not precise due to the absence of an
orbitally resolved age model and low sampling at both sites, the estimated CO2 values overlap within the 1 s.
d. confidence interval. The youngest age point of Site 1088 (at ~4.3 Ma) also shows a much lower pCO2

Figure 9. Alkenone‐based pCO2 reconstruction from ODP Site 1088, highlighting the contrast between the traditional,
diffusive approach, and the culture‐based empirical calibration. Simulations 1 and 6 show the reported trends
displayed in previous figures; calculations are based on using the multilinear regression model by Stoll et al. (2019).
Simulations 8 and 9 are based on the diffusive approach using the “b” term (e.g., Y. G. Zhang et al., 2013). Simulation
9 is a slight variation of it, using coccolith size (Lsize) as an indicator of growth rate and is calculated using the
matlab‐script by Y. G. Zhang, Henderiks, et al. (2020). Even though values and variation differ, the observed 400‐kyr
cycles (blue bars) are visible using both approaches.
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compared to other proxies. This point in our measurements is unusually cold (14.75 ± 1.5°C), compared to
an adjacent sample fromHerbert et al. (2016) (17.91 ± 1.5°C), and further analyses would be required to con-
firm if it could reflect a transient low temperature, low pCO2 period. Additionally, the εp value of that sample
is lower than in most other samples (Figure 4), and the reported cold temperature leads to a calculation of a
low growth rate, further favoring unexpectedly low pCO2. Our new data set provides the first high‐resolution
record for the time period, documenting the relationship between CO2 decline and middle‐ and high‐lati-
tude cooling. We propose that our trend produced with the statistical model in its most complete form with
proxy data for nutrient and cell size (Simulation 1) is the most realistic simulation derived from εp. This sug-
gests a decline in atmospheric CO2 from ~805 to ~200 ppm. Simulation 6 represents an alternative surface
ocean scenario and produces a less extreme trend from ~650 to ~310 ppm. In summary, both trends record
a twofold to threefold decrease in pCO2. All of our sensitivity tests reproduce a similar decline in atmo-
spheric CO2, confirming that the conclusion of a late Miocene CO2 decline is robust to uncertainties in esti-
mations of growth rate. Finally, our reconstructed values and trend fit a recent cGENIE model (Crichton
et al., 2020), that predicts CO2 levels of 400 ppm at 4.5 Ma and 800 ppm at 7.5 Ma (Figure 7).

Estimation of the ECS for the LMC from paleodata is challenging because the LMC is best documented in
middle and high latitudes, and reliable temperature data from the tropics are sparse. Temperatures poleward
of 30° latitude in both hemispheres cooled by 6°C over the LMC (Herbert et al., 2016). One Mg/Ca record
suggests >2°C cooling over the LMC in the South China Sea (Holbourn et al., 2018), and a second record
from the tropics using planktic foraminiferal δ18O also implies a 2°C cooling between 7.2 and 6.1 Ma
(Drury et al., 2018) If this record is representative of the tropics, then the mean global temperature change
during the LMCmay have been in the order of 4°C. If the late Miocene were characterized by an ECS similar
to that in climate models, 1.5–4.5°C warming per doubling of CO2 (Solomon et al., 2007), the pCO2 change
estimated from the diffusive “b” model (~280 to ~215 ppm) would be accompanied by a global temperature
change during the LMC of only 0.57–1.71°C, much lower than proxy temperature estimate. In contrast,
given modern model ECS, the pCO2 change estimated from application of the statistical calibration would
be accompanied by a global temperature change of 3.01–9.04°C for Simulation 1 (~805 to ~200 ppm) and
1.60–4.81°C for Simulation 6 (~650 to ~310 ppm). This is well within the range of the proxy temperature esti-
mates and shows that our favored pCO2 estimate for the LMC is consistent with a similar ECS to that
observed in models of modern climate.

5.5. Changes in the Ocean Carbon Cycle

Our high‐resolution data provide new support for a decline in pCO2 during the LMC. Previous work has
observed that the LMC coincides with an intensification in the deep‐water δ13C gradient between the
Atlantic and Pacific after the LMCIS (Hodell & Venz‐Curtis, 2006; Tian et al., 2018), as well as an increase
in the gradient of δ13C between benthic and planktic in the South China Sea (Holbourn et al., 2018). Data
at 1088 reproduce the Pacific trend of steepening in the benthic and planktic δ13C gradient during the
LMC (Figure 8). Additionally, we observe an increase in C37AR in the sediment across the LMC, whereas
the opal percentage stays relatively constant (Diekmann et al., 2004). A similar increase in organic carbon
flux to the seafloor is inferred from an increased benthic foraminiferal accumulate rate at this site
(Diester‐Haass et al., 2005). Enhanced accumulation rate of alkenones and organic carbon, potentially in
the absence of evidence for increased biosilica production, may indicate increased organic preservation
due to a decrease in bottomwater oxygenation, characteristic of an accumulation of respired CO2 in the deep
ocean (Anderson et al., 2019). A change in ocean circulation may contribute to increased accumulation of
respired carbon in the deep South Atlantic and Pacific; the εNd decrease from −7‰ to −9.5‰ at Site 1088
also suggests an enhanced contribution of northern component waters from 7 to 5 Ma (Dausmann
et al., 2017).

Thus, our confirmation of a strong pCO2 decline is consistent with the recent hypothesis of a continuous CO2

drawdown during the LMC due to a positive feedback loop by a strengthened biological pump (Holbourn
et al., 2018). The authors argue that the strengthening of winds, due to a steeper equator to pole temperature
gradient, resulted in more ocean fertilization and upwelling. These changes in the nutrient supply stimu-
lated in turn the marine productivity which enhanced carbon storage in the deep ocean and contributed
to a decline in pCO2. In such a scenario, climate‐ocean carbon cycle feedbacks analogous to those during
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the LGM (e.g., Rae et al., 2018) or the mid‐Pleistocene transition (MPT) (e.g., Rodríguez‐Sanz et al., 2012)
may have operated during the LMC. If colder, glacial climates have a stronger equator‐pole temperature gra-
dient with equatorward shifted westerlies (Herbert et al., 2016), the expansion of the Antarctic Ocean frontal
system may have led to a northward expansion of sea ice cover, an enhanced stratification of the upper
Southern Ocean induced by surface ocean freshening and an increased storage of respired CO2 in the deep
ocean by reducing the vertical mixing (Archer et al., 2003; Sigman et al., 2010; Stephens & Keeling, 2000;
Toggweiler et al., 2006). Notably, the cooling and freshening trend is visible in our record and can be linked
to the proposed shift in the frontal system. The appearance of IRDs at Site 699 and 701 (50°S) in the Southern
Ocean during this time additionally supports the idea of progressively expanding sea ice (Warnke et al., 1992).
Since Site 1088 is located north of the SAZ throughout the LMC, the “STRA” is not an indication of the stra-
tification status south of the polar front (which would be more stratified due to surface freshening).
However, it remains to be seen if such carbon cycle feedbacks described for the LGM or MPT can be a rea-
sonable explanation for longer timescales such as the LMC. An unanswered question is what triggered the
truncation of this feedback at 5.7 Ma.

5.6. Relationship of CO2 to Global Climate Forcing

Previous estimates of alkenone‐derived CO2 records inferred low levels during the early to mid‐Miocene
with no significant shifts in the late Miocene (Pagani, Arthur, et al., 1999; Pagani, Freeman, et al., 1999).
Because no long‐term correlation of climate and CO2 has been identified, Pagani et al. (2005) suggested that
the late Miocene climate was decoupled from CO2 forcing. To date, no record presented resolves CO2

changes on an orbital timescale, and thus, the existing records may contain aliasing of orbital‐scale CO2

variability (Sosdian et al., 2018). The pCO2 record presented in this study references the CO2 record to tem-
perature and sedimentological manifestations of orbital cycles. It clearly shows a coupled relationship
between mid‐latitude temperature and greenhouse gases. It also proposes periodic events of very low atmo-
spheric CO2, values (blue bars, Figure 8) that would favor Northern Hemisphere glaciation (DeConto
et al., 2008).

Herbert et al. (2016) proposed that the late Miocene atmosphere descended to a critical level of CO2, from
above 500 ppm to below 350 ppm, which is considered a threshold associated with conditions that favor
C4 over C3 plants. This is consistent with the here observed long‐term approximately twofold to threefold
decline during the latest Miocene period. Additionally, their idea that pCO2 periodically decreased below
280 ppm is confirmed by periods in the temporal CO2 model where very low values (<200 ppm) are reached.
It has been shown that Greenland glaciation is mainly controlled by a decrease in pCO2, while other factors,
such as tectonic uplift or the closure of the Panama Seaway, play only a minor role (Lunt et al., 2008).
Dominant CO2 forcing together with the record presented here might highlight certain points in time where
northern ice sheets already existed, millions of years before the intensification of Northern Hemisphere
glaciation.

Findings of evidence for glaciers large enough to reach sea level, millions of years before the intensification
of Northern Hemisphere glaciation have been published before. Jansen and Sjøholm (1991) found IRDs in
the Norwegian Sea for a time of 5–6 Ma and John and Krissek (2002) recorded that the earliest significant
ice rafting from Southeast Greenland was late Miocene (∼7 Ma) in age, implying that glaciers large enough
to reach sea level were present long before the onset of widespread Northern Hemisphere glaciation. Full
glacial conditions in Southeast Greenland around 7 Ma were also recognized by (Larsen et al., 1994).
Mercer and Sutter (1982) found glacial till deposits (roughly 4.6–7 Ma) in South America (47°S) as evidence
of a local climate that was colder than today. They conclude that if global ice sheet volume at the end of the
Miocene was greater than today, the excess ice would accumulate in the Northern Hemisphere. Timewise, it
is suggested that the onset of widespread Northern Hemisphere glaciation is a culmination of a long‐term,
high‐latitude cooling, starting in the late Miocene (Maslin et al., 1998).

6. Conclusions

We report the first proxy reconstruction of atmospheric pCO2 that has a resolution high enough to show that
temperature and pCO2 are coupled during a long‐term global cooling episode in the late Miocene. The abso-
lute values of pCO2 estimates from the εp proxy are always more uncertain than the trends, due to the
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challenge of estimating past absolute phytoplankton growth rates. Nonetheless, the application of the
revised statistical calibration, rather than the traditional diffusive equation, yields absolute pCO2 estimates
and magnitudes of pCO2 change which are consistent with other low‐resolution pCO2 proxies and inverse
model‐based pCO2 estimates. The new pCO2 estimates suggest ECS which may have been within the range
estimated by standard ocean atmosphere GCMs and do not require new physical processes to explain the
observed cooling. Our work supports other findings that suggest a long phase of sea ice expansion in the
Antarctic region, together with an observed frontal movement during a time of global cooling. A potential
mechanism for the drawdown of CO2 and its storage in the deep ocean is a strengthening of the biological
pump together with a steepening in the equator‐to‐pole gradient and an expansion of the SAZ. However,
further research is required to test this or other mechanisms.

Data Availability Statement

All research data are being submitted to the PANGAEA repository (https://doi.org/10.1594/
PANGAEA.924529).
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