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Abstract: 
During the Pleistocene, Earth experienced high-amplitude fluctuations in global temperature, 
atmospheric composition, ice sheet extent, and sea level that were forced by orbital variations in the 
seasonal distribution of solar energy across the planet. Subtle cyclical variations in forcing were 
greatly amplified by internal feedbacks in the Earth system, with processes in the polar regions 
influential for pole-to-equator temperature gradients and atmospheric carbon dioxide levels. 
Exploring the behaviour of the polar ice sheets and the Southern Ocean during this interval is crucial 
for understanding how the climate system operates and for constraining its sensitivity to future 
changes. Southern Ocean processes, including wind-driven upwelling, sea ice formation, deep water 
production, and biological productivity, were instrumental in regulating Earth’s atmospheric carbon 
dioxide levels through Pleistocene glacial-interglacial cycles. On millennial timescales, rapid changes 
in ocean and atmospheric circulation were influenced by meltwater input from unstable ice sheet 
margins in both hemispheres, leading to highly variable regional and interhemispheric climate 
responses. This chapter provides an overview of the tools used in marine sediment and ice core 
archives to reconstruct Pleistocene changes in the Earth system. We discuss the mechanisms that 
controlled Earth’s climate over different timescales, and review the latest evidence that is revealing 
how the Antarctic Ice Sheet has both influenced and responded to Pleistocene climate change, 
including during intervals when Earth’s climate was similar to near-future projections. Despite 
experiencing ice volume changes that were modest in comparison to the advance and retreat of 
large Northern Hemisphere ice sheets, Antarctica has been a very active player in the ice sheet-
ocean-climate system of the past 2.6 million years, and evidence increasingly suggests that it could 
respond dramatically to anthropogenic warming. 
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11.1 Background and motivation  
 

11.1.1 Introduction 
 
Following the warm Mid Pliocene interval, Earth’s climate cooled through the late Pliocene and 
passed a threshold causing intensification of glaciation in the Northern Hemisphere, with periodic 
expansion and retreat of ice sheets in Eurasia and North America since ~2.6-2.7 Ma (Raymo, 1994; 
Lisiecki and Raymo, 2005; Lawrence et al., 2006; DeConto et al., 2008; Bailey et al., 2013). This event 
marked the onset of the Pleistocene epoch (0-2.6 Ma) and, for the first time in the Cenozoic, Earth’s 
climate system was characterised by bipolar glaciation (Zachos et al., 2001). Pleistocene glacial-
interglacial cycles were paced by orbital forcing on ~21, ~41, and ~100 kyr timescales (Hays et al., 
1976; Imbrie et al., 1992; Imbrie et al., 1993), leading to high-amplitude fluctuations in global 
temperature, atmospheric composition, ice sheet extent, and sea level (Chappell and Shackleton, 
1986; Petit et al., 1999; Lisiecki and Raymo, 2005; Elderfield et al., 2012). The prevailing view is that 
ice volume variance over the Pleistocene has been dominated by ice sheets expanding to cover large 
parts of North America and Eurasia during glacial periods, and mostly disappearing during 
interglacials, with only Greenland remaining partially glaciated during all but the warmest 
interglacials. For the past 800,000 years, these changes in climate were consistently accompanied by 
atmospheric carbon dioxide (CO2) variability, which ranged between ~180 ppm during glacials and 
~280 ppm during the warmest interglacials (Figure 11.1).  
 
The Earth is currently in the Holocene (0-11.7 ka BP), an interglacial period with a remarkably stable 
climate state. However, human interference in the Earth system, in particular through greenhouse 
gas emissions, has significantly perturbed this stability and has already resulted in atmospheric CO2 
levels that exceed 400 ppm. Such atmospheric conditions are not thought to have existed since the 
Pliocene, leading to the proposal that we have entered a new epoch known as the Anthropocene 
(Crutzen and Stoermer, 2000). Assessments by the Intergovernmental Panel on Climate Change 
indicate that it is virtually certain that these elevated CO2 levels will prevent an orbitally-induced 
inception of glaciation before the end of the next millennium, even under reduced emission 
scenarios (Masson-Delmotte et al., 2013). It is clear that, due to anthropogenic activity, we are 
entering into a non-analogue state of the Earth system, and one in which changes in Antarctica may 
play a relatively more important role than they did during the glacial-interglacial cycles of the 
Pleistocene. 
 
Exploring paleoclimate and paleoenvironmental change during the Pleistocene has proven 
fundamental to our understanding of the Earth’s climate system. Important advances have included 
testing the orbital theory of ice ages (Milankovitch, 1941; Hays et al., 1976), assessing oceanic 
mechanisms for centennial scale climate perturbations (Marcott et al., 2014; Chen et al., 2015), and 
quantifying sea level rise from melting polar ice sheets (Dutton et al., 2015; DeConto and Pollard, 
2016). These three examples highlight, respectively, the critical role of Earth system feedbacks for 
climate, the potential for rapid non-linear changes to occur in the Earth system, and the value of 
geological evidence for predicting future changes in response to our evolving anthropogenic 
experiment. Much is known, but many important questions remain unanswered, particularly in the 
Southern Ocean and Antarctica, and it is against this backdrop that the present chapter is set. 
 
Perhaps the most pressing of these questions is how, and how fast, the polar ice sheets will respond 
to a future warming climate, which has significant implications for global sea level rise (IPCC, 2019). 
The Antarctic Ice Sheet contains a potential contribution to global sea levels of ~58 m (Fretwell et al., 
2013; Morlighem et al., 2020), comprising ~4 m of marine-based ice in West Antarctica and ~19 m of 
marine-based ice and ~34 m of terrestrial-based ice in East Antarctica (Fretwell et al., 2013). 
Whereas the terrestrial portions of the Antarctic Ice Sheet are expected to be relatively stable, the 



idea that the marine-based sectors could be susceptible to retreat or collapse under only moderate 
climate warming was recognised some time ago (Mercer, 1978). Theoretical calculations and 
modern observations suggest that two key factors affecting ice sheet mass balance could be critical 
for such retreat. First, where marine-based ice sheets rest on a reverse sloping bed that deepens 
inland, they are susceptible to marine ice sheet instability, a positive feedback process governing ice 
flow that enables rapid retreat following an initial perturbation (Weertman, 1974; Schoof, 2007). 
Second, most ice streams are significantly supported by offshore buttressing ice shelves, whose 
thinning or removal would reduce the back-stress on the ice and accelerate upstream ice sheet flow 
(Rignot et al., 2004; Dupont and Alley, 2005; Fürst et al., 2016). Recent observations indicate that 
marine ice sheet instability is potentially already underway in parts of West Antarctica (Joughin et 
al., 2014; Rignot et al., 2014; Wouters et al., 2015), while the West Antarctic ice shelves are currently 
losing mass (Paolo et al., 2015). Despite recognising the importance of these processes, the levels of 
atmospheric or ocean warming required to generate retreat of the marine-based portions of the 
Antarctic Ice Sheet are not well constrained, making it essential to assess their past behaviour under 
different climatic regimes. Since reverse sloping beds developed in the late Pliocene (Bart et al., 
1999; De Santis et al., 1999; Bart and Iwai, 2012; McKay et al., 2019), and the ice shelves became 
more persistent and extensive with Pleistocene cooling (McKay et al., 2009), the Pleistocene interval 
provides the closest analogue for the modern and future Antarctic Ice Sheet (Colleoni et al., 2018). 
 

11.1.2 Orbital cyclicity and climate 
 
Building on earlier work by James Croll, who had proposed that an orbital influence on seasonality 
and winter snowfall led to the development of past ice ages (Croll, 1864), Milutin Milankovitch took 
the critical step of linking high-latitude summer insolation in the Northern Hemisphere to the growth 
of continental scale ice sheets during the Pleistocene (Milankovitch, 1941). In the Milankovitch 
model, intervals with low summer insolation are predicted to produce fewer positive degree days 
and a positive ice mass balance over multiple seasons, thereby enabling ice sheet expansion. 
Seasonal and spatial variations in insolation are themselves determined by the Earth’s orbital 
configuration, with significant periodic variations on timescales of ~21 kyr (precession), ~41 kyr 
(obliquity, or axial tilt) and ~100 kyr (orbital eccentricity). In support of the Milankovitch theory, 
Earth’s climate during the early Pleistocene (~2.6 Ma to ~900 ka) was largely characterised by ~41 
kyr cycles forced by obliquity (Imbrie et al., 1992; Lisiecki and Raymo, 2005), with intervals of low 
obliquity leading to reduced seasonality, cooler summers, and ice sheet growth. Whereas the early 
Pleistocene glacial and interglacial periods had similar durations and climate responded fairly linearly 
to insolation changes, the climate cyclicity changed significantly during the Mid Pleistocene 
Transition (MPT), which occurred gradually over a few hundred thousand years at ~900 ka 
(Ruddiman et al., 1989). Glacial-interglacial cycles since the MPT have been strongly asymmetric, 
with long glacial periods and shorter interglacials recurring on a quasi-100 kyr timescale (Figure 
11.1a) (Lisiecki and Raymo, 2005), indicating a more complex non-linear response of the Earth 
system to orbital forcing (Imbrie et al., 1993). 
 
In detail, the exact manner by which orbital insolation has controlled the Pleistocene glacial-
interglacial cycles remains a matter of debate, with several questions remaining to be fully 
answered. These include: 
 

(i) the detailed timing of glacial-interglacial transitions in relation to orbital forcing (Kawamura et al., 
2007; Drysdale et al., 2009; Thomas et al., 2009); 
 

(ii) the importance of peak summer insolation values (Milankovitch model) versus summer duration, 
seasonally-integrated insolation, or latitudinal insolation gradients (Huybers, 2006; Huybers and 
Denton, 2008) in forcing Earth’s climate; 
 



(iii) the cause of temporal shifts in the expression of different orbital frequencies in Earth’s ice 
volume and climate records, as seen at the MPT (Ruddiman et al., 1989; Maslin and Brierley, 2015);  
 

(iv) the extent to which the late Pleistocene 100 kyr cycles reflect a non-linear earth system response 
to eccentricity forcing (Imbrie et al., 1993); forcing by multiple obliquity cycles (Huybers and 
Wunsch, 2005), by combined obliquity and precession cycles (Ruddiman, 2006; Huybers, 2011), or by 
multiple precession cycles (Cheng et al., 2016); or internal oscillations of the climate system (Berger, 
1999; Rial et al., 2013); 
 

(v) the necessity for orbital and millennial scale processes to combine to cause glaciation and 
deglaciation (Anderson et al., 2009; Cheng et al., 2009; Barker et al., 2011); and 
 

(vi) the relative importance of Northern Hemisphere versus Southern Hemisphere forcing, and in 
particular the role of local insolation in governing the ice sheet mass balance of terrestrial and 
marine-based ice sheets (Knorr and Lohmann, 2003; Huybers, 2006; Raymo et al., 2006; Huybers and 
Denton, 2008; Laepple et al., 2011; He et al., 2013). 
 

11.1.3 Antarctic feedbacks in the global climate system 
 
Although orbital forcing is recognised as the pacemaker of Pleistocene glacial cycles, it is important 
to emphasise that the globally-integrated annual insolation budget is insensitive to obliquity and 
precession, and only weakly sensitive to eccentricity. Therefore, the direct effect of orbital forcing on 
Earth’s energy balance is inadequate to explain glacial-interglacial cycles. Instead, a series of internal 
Earth system processes and feedbacks are required to translate and amplify subtle regional and 
seasonal changes driven by orbital forcing into the large-scale Pleistocene climate cycles (Imbrie et 
al., 1993; Shackleton, 2000; Ruddiman, 2006). These feedbacks arise from interactions between 
different components of the climate system, including pole-to-equator temperature gradients 
(which alter the atmospheric and ocean circulation), the biosphere, the cryosphere, and the carbon 

cycle. The close link between a global stack of benthic foraminiferal oxygen isotope records (δ18O), 
indicating Earth’s climate state (i.e. a combination of ice volume and deep ocean temperature), and 
the ice core records of atmospheric CO2 concentrations exemplifies these critical feedbacks (Figure 
11.1a,c). Exploring and quantifying how these feedbacks operated in the past represents a key step 
in understanding the Earth’s climate system and informing us about possible future changes that will 
arise from anthropogenic forcing. 
 
Historically, explanations for Pleistocene climate change focused on the Northern Hemisphere ice 
sheets, which made the major contribution to sea level variability, and on Atlantic Ocean processes, 
which can convey climate signals into the Southern Hemisphere and globally. However, ice core 
records indicate a striking correlation between local Antarctic temperatures and atmospheric CO2 
concentrations (Figure 11.1b,c). As such, research is increasingly recognising the critical importance 
of Southern Ocean processes, such as sea ice formation, ocean stratification, upwelling, deep water 
formation, and biological productivity, in the Pleistocene climate system (Sigman and Boyle, 2000; 
Martinez-Garcia et al., 2011; Ferrari et al., 2014; Kohfeld and Chase, 2017). Furthermore, evidence is 
emerging for a more dynamic behaviour of the Antarctic Ice Sheet in response to Pleistocene climate 
cycles than had previously been recognised (McKay et al., 2012b; Dutton et al., 2015; Wilson et al., 
2018; Rohling et al., 2019; Turney et al., 2020). Therefore, the Antarctic Ice Sheet may be both an 
active player in the interconnected climate system (Weaver et al., 2003; Fogwill et al., 2015; 
Schloesser et al., 2019) and a highly sensitive component that could respond dramatically to future 
anthropogenic warming (DeConto and Pollard, 2016; Golledge et al., 2017; Rintoul et al., 2018). 
 
While this chapter will touch on some of the above debates concerning the operation of the 
Pleistocene climate system, including mechanisms for the MPT, we do not seek to provide an 
authoritative review of Pleistocene glacial-interglacial cycles or their link with orbital forcing at a 



global scale. Such a topic would be deserving of an entire book in itself. Instead, we focus on 
changes in Antarctic climate and the Antarctic Ice Sheet during this interval, and the role of Southern 
Ocean and Antarctic processes in the interconnected global Earth system. We make a particular 
effort to discuss some of the key interactions between the Antarctic Ice Sheet, ocean circulation, and 
global carbon cycle changes, across orbital and millennial timescales. 
 

11.1.4 Strengths of Pleistocene research on Antarctica 
 
Although we now appear to be entering into a world in which large Northern Hemisphere ice sheets 
will no longer exert such a dominant influence on global climate variability, an understanding of the 
Earth system behaviour during the Pleistocene epoch is highly relevant for constraining ice sheet-
ocean-climate interactions on the modern and future Earth. Below we highlight some of the key 
strengths of research on this interval: 
 

(i) Boundary conditions: Geological boundary conditions during the Pleistocene were close to those 
of the modern day, in terms of the latitudinal distribution and topography of the continents, the 
bathymetry and geometry of ocean gateways, and the subglacial topography beneath ice sheets. 
These are important factors that determine atmospheric and ocean circulation, global heat 
transport, and ice sheet stability and dynamics. The Pleistocene behaviour is therefore expected to 
provide a useful guide to how a wide range of climate feedbacks could operate and interact in 
future, with the similarities in boundary conditions beneficial for climate modelling. 
 

(ii) Temporal resolution: When compared to earlier intervals of the Cenozoic, Pleistocene 
paleoclimate records from archives such as ocean sediments, lake sediments, and speleothems 
generally benefit from better temporal resolution and a wider range of precise dating methods. This 
geological evidence provides the opportunity to constrain processes operating in the climate system 
from orbital to sub-centennial timescales, with the potential in some cases to determine rates of 
change, although this latter goal remains challenging beyond the Last Glacial Maximum (LGM). 
 

(iii) Ice core records: Extremely well resolved records of late Pleistocene polar temperatures and 
atmospheric compositions are contained in ice cores, which span the last ~100 kyr in Greenland and 
~800 kyr in Antarctica (Figure 11.1). These archives provide critical evidence on the local climate 
forcing acting on the ice sheets at an annual to centennial resolution, as well as recording global 
carbon cycle changes and interhemispheric patterns of climate variability. 
 

(iv) Spatial integration: Pleistocene sediment records are readily obtained from the seafloor and lake 
beds using shallow coring techniques, as well as extended piston coring, leading to a wide spatial 
coverage of climate archives. Combining well-dated highly-resolved records from widely-distributed 
geological archives and polar ice cores reveals interhemispheric patterns of climate variability and 
connections between different components of the climate system. As such, and in combination with 
climate modelling, it is possible to constrain how the critical processes and feedbacks that amplify 
climate responses are operating. 
 

(v) Cold climates: The glacial periods of the late Pleistocene represent a good example of Earth 
system behaviour in a significantly colder climate state than the modern day, which provides a 
robust test for our understanding of the climate system, and in particular for the processes and 
parameterisations employed in ocean, ice sheet, and climate models. Critically, we are also able to 
explore Earth system responses to natural warming events that had a similar magnitude to projected 
scenarios for the future, such as the 5-6 °C of global warming during the last glacial termination.  
 

(vi) Future analogues: The warmest interglacials of the Pleistocene were globally ~1-2 °C warmer 
than the pre-industrial Holocene, and potentially warmer than this for short intervals in Antarctica 
due to polar amplification (Figure 11.1b). Therefore, records from these periods provide insight into 



Earth system behaviour under levels of modest warming that are relevant to climate projections for 
the coming decades. 
 
 

11.2 Archives of Pleistocene Antarctic climate and climate-relevant 

processes 
 

11.2.1 Polar ice cores 
 

11.2.1.1 Background and characteristics of ice core records 
 
Continuous deep ice cores have been recovered in Antarctica extending back to ~800 ka, providing 
highly-resolved records of Antarctic temperatures and atmospheric carbon dioxide (CO2) 
concentrations over the last eight glacial-interglacial cycles (Figure 11.1b,c). Past temperatures can 

be derived from the isotopic composition of oxygen (δ18Oice) or deuterium (δDice) in the ice, while 
past concentrations of atmospheric CO2 and other greenhouse gases are recorded in the trapped gas 
bubbles. Recent discussions of Antarctic ice core science, including the historical background, 
theoretical and practical considerations, and interpretations of the records, can be found in reviews 
by Alley (2010), Jouzel (2013), and Brook and Buizert (2018), and only a short summary is given 
below. 
 
The earliest deep drilling was carried out at Byrd Station in West Antarctica (Gow et al., 1968), but it 
was several decades before the first continuous record covering multiple glacial-interglacial cycles 
was recovered, at Vostok Station in East Antarctica (Petit et al., 1999) (Figure 11.2). The Vostok 
record extends through four glacial cycles to ~420 ka, while the European Programme for Ice Coring 
in Antarctica (EPICA) project subsequently recovered an even longer core from Dome C (EDC) (Figure 
11.2), which extends from the present day to ~800 ka (EPICA Community Members, 2004; Jouzel et 
al., 2007). To achieve such long records spanning multiple glacial-interglacial cycles, drilling was 
carried out on the East Antarctic Plateau, where low snow accumulation rates and slow ice flow 
mean that old ice can be reliably obtained from deep parts of the ice sheet. However, low 
accumulation rates also limit the temporal resolution of the records and restrict the ability to date 
the ice by layer-counting, so dating in these settings requires a combination of glaciological ice 
flow/snow accumulation modelling and orbital tuning. 
 
At lower-lying settings, including coastal regions and West Antarctica, snow accumulation rates are 
higher and annual layers are thicker. This scenario enables dating by layer-counting (at least in the 
upper portions of cores where there has been less compaction) and the acquisition of highly-
resolved climate records for the last glacial cycle. Recent examples include the deglacial record from 
the West Antarctic Ice Sheet (WAIS) Divide ice core (WDC) (WAIS Divide Project Members, 2013; 
Marcott et al., 2014) and a Holocene record from the Roosevelt Island Climate Evolution (RICE) core 
(Bertler et al., 2018) (Figure 11.2). Since these settings experience a stronger marine influence than 
the East Antarctic Plateau, they may also provide more sensitive records of changes in ocean 
circulation and sea ice in the Southern Ocean (WAIS Divide Project Members, 2013; Bertler et al., 
2018), making them highly complementary to the interior records. In addition, comparisons between 
records from the Atlantic, Indian, and Pacific sectors of the ice sheet can provide evidence on the 
spatial patterns of climate variability and sea ice extent (Stenni et al., 2011; Holloway et al., 2017; 
Buizert et al., 2018). By comparing records between multiple ice cores, there is also potential to 
recover past changes in local ice sheet elevation, which may in turn provide evidence on ice sheet 
mass balance, ice flow, and glacio-isostatic adjustment (Bradley et al., 2012; Sutter et al., 2020). 
 



For the last glacial cycle, records of Northern Hemisphere climate have also been recovered using ice 
cores in Greenland, thereby enabling interhemispheric comparisons. In particular, the ice cores 
recovered by the European Greenland Ice-core Project (GRIP) and the Greenland Ice Sheet Project 2 
(GISP2) were instrumental in providing high-resolution records of millennial and centennial climate 
change in the North Atlantic region during the last glacial period and the last deglaciation (Johnsen 
et al., 1992; Dansgaard et al., 1993; Grootes et al., 1993). More recently, the North Greenland Ice-
core Project (NGRIP) recovered a core from a more northerly site, providing a record that extends 
further back into the last interglacial period (NGRIP Members, 2004). Chronologies in Greenland are 
generally based on layer counting in the upper portions of cores, with age uncertainties of less than 
~1 kyr back to 60 ka in the GICC05 chronology (Svensson et al., 2008), but approaches such as 
glaciological flow modelling, orbital tuning, and correlations based on volcanic ash layers or methane 
content are required at deeper depths where the layers are more compressed. 
 

11.2.1.2 Ice core climate proxies 
 

Past Antarctic temperatures can be derived from measurements of δ18Oice or δDice in the ice, using an 
approach based on the relatively well understood process of Rayleigh distillation. As water vapour is 
transported through the atmosphere, colder temperatures lead to more removal as rain or snow, 
which preferentially removes the heavy isotopes (18O, D) and leads to a lighter isotopic composition 
(i.e. more 16O, H) in the remaining vapour, which is ultimately recorded in the ice core record (Jouzel 
et al., 2007). This relationship appears relatively simple in the modern day, but additional 
considerations are required when applying it to the past, such as changes in the nature and location 
of the moisture source, changes in seasonality, and changes in ice sheet elevation (Jouzel et al., 
2003; Bradley et al., 2012). Evidence of past climate change can also be preserved more directly in 
the temperature of the ice itself, enabling independent estimates of temperature changes during the 
last deglaciation to be obtained by modelling of borehole thermometry data (Cuffey et al., 2016). For 

times of rapid climate change, modelling of the isotopic composition of nitrogen (δ15N) trapped in 
gas bubbles can also be used to reconstruct temperature changes (Severinghaus and Brook, 1999), 
although this approach has been more widely used in Greenland than in Antarctica (Cuffey et al., 
2016). Overall, the application of these alternative methods has provided temperature estimates 

that add confidence to the high-resolution reconstructions based on δ18Oice or δDice. 
 
Atmospheric compositions are recorded in trapped bubbles of gas, enabling reconstructions of past 
changes in greenhouse gas concentrations, such as CO2, methane, and nitrous oxides (Petit et al., 
1999; Spahni et al., 2005). However, gas bubbles continuously exchange with the atmosphere and 
only become trapped (or ‘locked-in’) when snow is converted to ice, which typically occurs at ~50-
120 metres depth depending on local site conditions (Parrenin et al., 2013). Therefore, in any given 
sample, the gas compositions are always younger than the surrounding ice, with the gas-ice age 

offset (∆age) determined by the lock-in depth and the accumulation rate. For Antarctic coastal sites 

with rapid accumulation rates, ∆age is typically only ~200-1500 y during the last glacial period, 
whereas it can be as high as ~6-8 kyr where accumulation rates are low on the East Antarctic Plateau 
(Marcott et al., 2014). 
 
When comparing records of gas composition (e.g. atmospheric CO2) to records obtained on the ice 

itself (e.g. δ18Oice), a correction is routinely applied for ∆age. However, this correction introduces an 
uncertainty which limits the ability to resolve the detailed phasing between atmospheric 
composition and climate. Suggestions that deglacial warming in Antarctica preceded the 
atmospheric CO2 increase by a few hundred years at the start of the last deglaciation (Fischer et al., 

1999; Monnin et al., 2001) may have underestimated the uncertainty in ∆age, whereas a more recent 
analysis with improved age constraints indicates that the onset of deglacial CO2 and temperature 
change was synchronous within error (Parrenin et al., 2013). Most recently, using data from the 



WAIS Divide Core (WDC), which benefits from high snow accumulation rates and a small ∆age (~200-
300 years), it has been suggested that atmospheric CO2 changes may actually have slightly led the 
temperature changes for much of the deglaciation (Marcott et al., 2014). 
 
Measurements of methane gas concentrations serve two additional purposes, beyond quantifying its 
role as a greenhouse gas. First, because changes in atmospheric methane concentrations are 
virtually synchronous across the globe, comparison of the methane signal allows for synchronisation 
of ice core age models between Greenland and Antarctica, which is crucial for evaluating the 
interhemispheric phasing of climate (Blunier and Brook, 2001; EPICA Community Members, 2006; 
WAIS Divide Project Members, 2015). In principle, a similar approach would be possible using CO2 
records, but the Greenland ice cores do not provide reliable CO2 reconstructions due to in-situ 
production from chemical impurities. Second, since the atmospheric methane budget is believed to 
be dominated by Northern Hemisphere processes, methane records may provide markers within ice 
cores for rapid Northern Hemisphere climate changes (e.g. Dansgaard-Oeschger warming events). 
An interesting consequence is that measurements of methane and CO2 on the same gas phase in an 

Antarctic ice core can be used to make a direct comparison (independent of uncertainty in ∆age) 
between the timing of Northern Hemisphere processes (recorded by methane concentrations) and 
changes in the global carbon cycle (recorded by CO2 concentrations) (Marcott et al., 2014). 
 
Many other chemical constituents can also be measured in ice cores to provide proxy evidence on 
regional or global climate forcings and responses. Examples include past sea ice extent (recorded by 
sea-salt sodium fluxes, ssNa), dust deposition rates (recorded by non-sea-salt calcium fluxes, nssCa), 
and inputs of biological aerosols (e.g. methanesulphonate or sulphate) (Wolff et al., 2006). While 
providing highly valuable records, source and transport effects typically need to be considered for a 
full understanding of those proxies (Levine et al., 2014), and the relative role of these processes may 
differ between ice core locations and through time. To complement the dust records, measurements 
of radiogenic isotopes (e.g. neodymium, strontium, and lead) can be used to trace the dust source 
regions (Grousset and Biscaye, 2005; Aciego et al., 2009; Vallelonga et al., 2010) and therefore to 
evaluate changes in dust emission and/or atmospheric circulation patterns in the past. Similarly, 
records of volcanic eruptions can be obtained from tephra layers in ice, providing evidence on the 
volcanic forcing of climate (Sigl et al., 2015), as well as being a useful chronological tool for dating 
and correlating records (Narcisi et al., 2005; Hillenbrand et al., 2008; Parrenin et al., 2013; Turney et 
al., 2020). 
 

11.2.1.3 Recent advances in ice core proxies and attempts to obtain ice older 

than one million years 
 
Recent pioneering advances in generating climate records from Antarctic ice cores include the 
development of analytically challenging measurements on the gas bubbles and the recovery of ice 

older than ~800 ka. Isotopic measurements have previously been made on the oxygen gas (δ18Oair) to 
monitor changes in the atmospheric oxygen cycle, which is linked to variability in the global 
monsoon (Petit et al., 1999; Severinghaus et al., 2009). More recently, methods have been 

developed to measure carbon isotopes of the trace constituent CO2 (δ13CCO2), providing novel 
constraints on the sources and sinks of atmospheric CO2 and new insights into the global carbon 
cycle (Bauska et al., 2016). Another pioneering development is the measurement of the 
krypton/nitrogen (Kr/N2) ratio, which serves as a proxy for global mean ocean temperature because 
the solubility of each gas has a different temperature-dependence (Bereiter et al., 2018). 
 
Whereas the existing East Antarctic ice cores provide a continuous climate record back to ~800 ka, a 
major long term goal is to obtain older records, in particular to resolve the nature and causes of the 
MPT at ~900 ka (Jouzel and Masson-Delmotte, 2010). One recent approach has involved drilling 



horizontal blue-ice sections from marginal settings of the ice sheet where old ice upwells towards 
the surface. This method has obtained discontinuous snapshots of older ice from short intervals at 
~1 Ma, ~1.5 Ma, and ~2 Ma (Higgins et al., 2015; Yan et al., 2019), providing new constraints on the 
carbon cycle-climate relationship before the MPT. However, those data remain challenging to 
interpret because they represent short time intervals and are subject to large dating uncertainties. 
To circumvent those issues, and to provide a continuous record through the MPT, a number of 
efforts are underway to obtain a deep Antarctic ice core that extends to ~1.5 Ma, which modelling 
studies suggest is a feasible goal (Fischer et al., 2013; Sutter et al., 2019). The ‘Beyond EPICA’ project 
proposed that a suitable site exists at Little Dome C near Concordia Station on the East Antarctic 
Plateau and drilling operations were set to begin in the 2020-2021 field season. 
 

11.2.2 Deep-sea paleoceanographic records 
 
Deep-sea sediment cores have been collected from throughout the global oceans and provide 
relatively continuous archives of past changes in ocean properties. Analyses on such cores have 
enabled reconstructions of many aspects of ocean chemistry, biology, and physics, from which 
changes in regional and global climate states and oceanic and atmospheric processes can be 
inferred. The general approach is well demonstrated by the series of international programmes that 
have used riserless drilling to recover long sediment cores from the seafloor, namely the Deep Sea 
Drilling Project (DSDP, 1968-1983), Ocean Drilling Program (ODP, 1983-2003), Integrated Ocean 
Drilling Program (IODP, 2003-2013), and International Ocean Discovery Program (IODP, 2013-2023). 
These programmes have been running for more than half a century and have facilitated many of the 
major advances made in the earth sciences over this interval, in particular in paleoceanography and 
paleoclimate. Since Pleistocene sediments are generally accessible to a wider range of drilling and 
coring approaches than sequences from older epochs, a large number of cores have also been 
collected during expeditions led by particular countries or institutes. These endeavours have 
typically provided records from the last deglaciation, but in some cases longer records have been 
recovered extending through multiple glacial-interglacial cycles. 
 

11.2.2.1 Proxies for climate and ocean-atmosphere-ice sheet processes 
 
By analysing the fossil and mineral contents, grain sizes, magnetic properties, and chemical and 
isotopic compositions of various fractions of the sediment, it is possible to recover both qualitative 
and quantitative evidence on a multitude of climate-relevant parameters. These parameters include 
global ice volume, deep-ocean temperatures, sea surface temperatures (SST), salinity, water mass 
sourcing, ocean current strength, biological productivity, nutrient utilisation, pH, carbonate ion 
concentration, nutrient content, iceberg rafting, sediment provenance, dust input, and sea ice 
extent. In general, observations and measurements on sediment cores provide ‘proxies’ for the 
parameter of interest, rather than enabling a direct reconstruction. Therefore, such proxies must be 
tested and calibrated using a combination of theoretical calculations, laboratory experiments, core-
top calibrations, and numerical ocean modelling. General reviews of paleoceanographic approaches 
and proxies can be found in the literature (Henderson, 2002; Katz et al., 2010; Robinson and Siddall, 
2012) and details of methodology and proxy developments are beyond the scope of this 
contribution. Here we restrict ourselves to listing a range of the most widely applied proxies, 
together with notes highlighting some important aspects of their application, and selected 
references to guide the reader towards pioneering studies and recent instructive updates (Table 
11.1).  
 

11.2.2.2 Pleistocene age models 
 



In order to apply such proxy methods in the past, and to make comparisons between marine 
sediment cores and ice cores, it is necessary to generate age models that convert sediment core 
depths to calendar ages. For sediments of Pleistocene age, a wide range of approaches are possible 
and these techniques are often used in combination to achieve the most robust and/or highest 
resolution age model: 
 

(i) Radiocarbon (∆14C) dating of carbonate fossils or organic matter: This method provides absolute 
ages for individual sediment layers, subject to consideration of surface reservoir ages (Skinner et al., 
2019) and conversion from radiocarbon years to calendar years (Reimer et al., 2013). Due to the 
short half-life of radiocarbon, this method is only applicable back to ~40 ka. In addition, bioturbation 
or reworking of microfossils and inputs of aged terrestrial organic carbon can present challenges, 
particularly on the Antarctic continental shelf (Anderson et al., 2014).  
 

(ii) Correlation of carbonate δ18O records to a benthic δ18O stack: This method is routinely used 
where foraminiferal carbonate is available in a sediment core, but carbonate is sparse and typically 
absent from Southern Ocean and Antarctic margin sediments. In this region, other types of proxy 

records can be used for correlation with a benthic δ18O stack, but this approach leads to greater 
uncertainties when assessing leads and lags with far-field records. Some caution is also needed 

because deep ocean δ18O changes are not synchronous on millennial timescales (Skinner and 

Shackleton, 2005), while δ18O stacks are typically constructed using orbital tuning with an assumed 
phase lag between insolation changes and the climate response (e.g. SPECMAP, Martinson et al., 
1987; LR04, Lisiecki and Raymo, 2005).  
 

(iii) Biostratigraphy using carbonate or siliceous microfossils and nannofossils: Although it usually 
provides lower resolution age constraints than the above two methods, diatom biostratigraphy is 
widely and effectively used in the Southern Ocean where carbonate is often absent (Gersonde and 
Barcena, 1998; Cody et al., 2012). However, it is limited by the need to assume linear sedimentation 
rates between datums that are often widely separated in time, and by the reworking processes that 
affect many depositional settings on the Antarctic shelf (McKay et al., 2019). A specific challenge for 
the late Pleistocene is the lack of species turnover events, with only 9 diatom events spanning the 
last 800 kyr (Cody et al., 2012), only one of which is a first appearance datum (FAD), whereas the 
majority are last appearance datums (LADs) that are susceptible to reworking. 
 

(iv) Tephrostratigraphy: Discrete tephra layers in sediment cores can be identified from their 
mineralogy and geochemistry, providing a valuable tool for regional correlation and dating that is 
often used in combination with other approaches. In Antarctica, this approach is most promising in 
regions of active volcanism associated with the West Antarctic Rift system. For example, 40Ar-39Ar 
dating of tephra deposits provides absolute constraints for the development of Neogene 
chronologies in the Ross Sea (Naish et al., 2009). In addition, the recognition of distinct tephra or 
crypto-tephra layers can also enable correlation between Antarctic marine sediments and ice core 
records (Narcisi et al., 2005; Hillenbrand et al., 2008; Parrenin et al., 2013; Di Roberto et al., 2019; 
Turney et al., 2020). 
 

(v) Magnetostratigraphy: Magnetic measurements are routinely conducted on cores during IODP 
expeditions, enabling precise stratigraphic alignment at major reversals (e.g. Brunhes-Matayama 
boundary; Bassinot et al., 1994) and coarse-scale interpolation in between, often assuming constant 
sedimentation rates. Additional approaches such as relative paleo-intensity are also being developed 
to provide finer resolution age models away from magnetic reversals (Laj et al., 2004). 
 

(vi) Correlation to ice core records: In the North Atlantic region, high-resolution age models for 
glacial periods have been generated based on correlation of North Atlantic SST proxies to Greenland 
ice core climate records (Shackleton et al., 2000) or synthetic tuning targets (Barker et al., 2015), 
based on the assumption that rapid millennial climate events are effectively synchronous across the 
region. Although Pleistocene climate changes in the Southern Ocean were generally less abrupt than 



in Greenland, SST records in South Atlantic and Southern Ocean cores typically show a strong 
similarity to Antarctic ice core temperatures on glacial-interglacial and millennial timescales, 
enabling the inter-comparison of marine and ice core records (Mortyn et al., 2003). The validity of 
transferring Antarctic ice core age scales to sediment cores in this way has recently been 
demonstrated (Hoffman et al., 2017). However, because of the assumption of synchronicity between 
these signals, caution is required when considering the relative phasing of climate events between 
marine and ice core records. In certain Southern Ocean settings, distinct glacial-interglacial and 
millennial timescale changes in dust inputs have also been inferred from proxies in marine sediment 
cores (e.g. iron content, leaf waxes, or magnetic susceptibility), enabling correlation to dust records 
in Antarctic ice cores (Pugh et al., 2009; Martinez-Garcia et al., 2011; Weber et al., 2012). 
 

(vii) Correlations using sediment core properties: It is often possible to correlate between records 
from the same region where there is systematic climate-related variability in sediment properties 
such as carbonate percent, colour index, or magnetic susceptibility. This correlation can allow an age 
model to be transferred from a core with a well-established chronology and depositional model to 
another core that may have fewer age constraints. 
 

11.2.2.3 Bioturbation and resolution 
 
Unlike ice cores, sediment cores are generally subject to bioturbation, in which burrowing organisms 
living in oxic or sub-oxic conditions mix sediment components vertically over depths of up to tens of 
centimetres. Ocean sediments can also experience periods of erosion or non-deposition related to 
ocean current strength, sea level change, submarine channel activity, or iceberg scouring. In 
combination, bioturbation, hiatuses, and low or variable sedimentation rates limit the age resolution 
that is achievable in proxy records to typically a few hundred to a few thousand years. However, 
higher resolution paleoceanographic records can be obtained in settings with high accumulation 
rates, such as sediment drifts where sediment is locally focused, or highly productive regions with 
high biogenic particle fluxes. Nearshore sites with significant terrestrial inputs can also generate high 
resolution records, but much of the Antarctic continental shelf has been characterised by polar 
glacial regimes during the late Pleistocene that are sediment-starved due to limited discharge of 
turbid meltwater (McKay et al., 2009). An additional challenge in the cold, corrosive waters of the 
Southern Ocean arises from the poor preservation of carbonate microfossils, which can further limit 
sediment accumulation rates, age model resolution, and the range of proxy approaches available. 
 

11.2.2.4 Deep-sea coral archives 
 
Since they are not subject to bioturbation or highly variable sedimentation rates, deep-sea 
scleractinian corals have emerged as a promising archive that is suitable for absolute dating and the 
application of multiple geochemical tracers (Robinson et al., 2014). Measurements on fossil corals 
are particularly valuable in the Southern Ocean because it circumvents the challenges of carbonate 
dissolution and age model resolution that affect foraminifera-based proxies. As such, deep-sea 
corals have enabled glacial and deglacial reconstructions of Southern Ocean ventilation 
(radiocarbon; Burke and Robinson, 2012; Hines et al., 2015), water mass sourcing (neodymium 
isotopes; Robinson and van de Flierdt, 2009; Wilson et al., 2020), pH (boron isotopes; Rae et al., 
2018), and surface nutrient utilisation (nitrogen isotopes; Wang et al., 2017). Future research in the 
Southern Ocean will be significantly enhanced by an increasing spatial and temporal coverage of 
deep-sea coral measurements and an expansion in the range of proxy measurements, as well as by 
integrating evidence from deep-sea corals with sediment and ice core records. 
 

11.2.3 Ice-proximal sedimentary records 
 



Globally-distributed sediment cores provide evidence on large scale changes in Earth’s climate 
system, with reconstructions of global deep water chemistry being particularly informative on 
processes occurring in the polar regions where deep waters form (Lisiecki and Raymo, 2005; Gebbie 
and Huybers, 2011). However, a full understanding of Antarctic changes requires evidence from sites 
that are more proximal to the Antarctic Ice Sheet, for a number of reasons. First, because of the 
polar amplification of climate, a knowledge of globally-averaged temperatures is not sufficient for 
understanding the local climate forcing acting on the Antarctic Ice Sheet. Given the strong oceanic 
influences on ice sheet mass balance for Antarctica’s marine-based ice sheets, records from both the 
surface and subsurface of the high latitude Southern Ocean are required. Second, changes in sea ice 
extent, biological productivity, and sub-surface water mass properties can vary spatially over short 
distances, such as across Southern Ocean fronts, which necessitates an array of well-distributed local 
records. Third, and crucially for reconstructing past changes in ice sheet behaviour, local records of 
iceberg rafted debris (IRD), sediment provenance, and sedimentary signatures of glacial grounding 
can be obtained. Since each catchment of the Antarctic Ice Sheet likely has a different sensitivity to 
climate and ocean forcing (Golledge et al., 2017), reconstructions of past ice sheet behaviour and 
proximal ocean dynamics need to be made on a sector-by-sector basis. 
 
Proximal sites include the Antarctic continental shelves, the nearby continental rise, and the deep 
ocean. Records from shelf sites provide the only way to obtain direct evidence on past changes in ice 
sheet extent, based on the evidence of subglacial versus open marine sedimentation (McKay et al., 
2012b; Smith et al., 2019) or the erosion and deformation signatures produced by ice grounding 
(Domack et al., 1999; McKay et al., 2012b; Reinardy et al., 2015). However, these settings are often 
characterised by discontinuous records with low sedimentation rates, poor core recovery, and 
significant erosional hiatuses due to glacial over-riding, making them difficult to date. Conventional 

dating tools using foraminiferal δ18O or SST reconstructions are rarely available, and dating is 
generally achieved at a coarse resolution using magnetostratigraphy, biostratigraphy, and 
tephrostratigraphy, as well as radiocarbon where possible.  
 
Where foraminifera are present at shelf sites, radiocarbon-based approaches are viable to generate 
age models covering the last ~40 kyr, but such records are rare (e.g. Mackintosh et al., 2011; McKay 
et al., 2016; Hillenbrand et al., 2017; Bart et al., 2018). Many studies rely on radiocarbon dating of 
bulk organic matter or its acid-insoluble fraction, but in shelf settings characterised by low 
sedimentation rates and extensive glacial reworking of pre-LGM deposits, such measurements are 
usually compromised by the presence of reworked fossil carbon leading to anomalously old ages 
(Anderson et al., 2014). However, novel approaches are being developed to overcome the influence 
of such contamination, including ramped pyrolysis (Rosenheim et al., 2013) and compound-specific 
analyses (Ohkouchi et al., 2003), which attempt to extract the youngest populations of organic 
carbon present in the sediment. In the Ross Sea, recent studies have observed in-situ calcareous 
foraminifera in certain sub-ice-shelf and grounding-line-proximal settings (Bart et al., 2016), which 
has provided better radiocarbon constraints for records of the last deglaciation (Bart et al., 2018), as 
well as enabling more robust radiocarbon age models to be developed based on a combination of 
bulk, compound-specific, and foraminiferal analyses (Prothro et al., 2020). 
 
On the continental rise and in the deep ocean, depositional settings with more continuous 
sedimentation are more common, allowing the recovery of longer records with fewer (if any) 
erosional hiatuses that are more suitable for dating. While the general lack of carbonate sediments 

restricts conventional δ18O-based approaches in much of the Southern Ocean, methods including 
magnetostratigraphy, biostratigraphy, and cyclostratigraphy are generally applicable. In specific 
settings, these methods may be supplemented by correlating proxy records for dust with Antarctic 
ice core records (Pugh et al., 2009), or by assuming a link between biological productivity and glacial-
interglacial climate state (Bonn et al., 1998; Hillenbrand et al., 2009; Wu et al., 2017). Although the 



continental rise is typically located hundreds or thousands of kilometres from ice sheet margins 
(Figure 11.2), sediment sequences recovered from levees on the banks of canyons influenced by 
turbidity currents have proven to be a valuable archive of orbital-scale continental margin processes 
(Escutia et al., 2011; Wilson et al., 2018). Aspects of past ice sheet behaviour are recorded by proxies 
including IRD fluxes (Patterson et al., 2014; Weber et al., 2014; Wilson et al., 2018; Wu et al., 2021) 
and mineralogical or geochemical provenance signatures of the sediments (Farmer et al., 2006; Roy 
et al., 2007; Hillenbrand et al., 2009; Licht and Hemming, 2017; Wilson et al., 2018; Wu et al., 2021). 
Records of IRD indicate the presence of ice grounded at sea level, and can be used to infer dynamic 
ice margin behaviour. However, it is important to emphasise that IRD accumulation rates are not 
simply related to ice volume (or to changes in ice volume), since they are also influenced by the 
original sediment content of the ice, variability in the loss of basal sediment during ice shelf and 
iceberg transport (Clark and Pisias, 2000; Smith et al., 2019), and ocean temperatures and ocean 
currents which determine the locus of deposition (Cook et al., 2014; Licht and Hemming, 2017). 
Provenance of the fine-grained or bulk sediment provides information about the source rocks 
undergoing subglacial erosion on the proximal continent (Roy et al., 2007), and can therefore be 
used to infer changes in erosional sources linked to past ice sheet extent (Wilson et al., 2018) or to 
indicate sediment transport pathways (Simões Pereira et al., 2018). The other advantage of records 
from such offshore settings is that they are usually well-located to provide complementary evidence 
(often in the same samples) on paleoceanographic and climate changes, enabling records of ice 
sheet behaviour to be integrated with regional and global climate forcings and effects. 
 
 

11.3 Records of global and Southern Ocean climate during the 

Pleistocene 
 
In this section we present a compilation of key records of global and Southern Ocean climate, 
derived from sediment cores and ice cores over the last 800 kyr (Figure 11.3) and from sediment 
cores over the last 3 Myr (Figure 11.4). Lisiecki and Raymo (2005) combined benthic foraminiferal 

δ18O records from 57 globally-distributed sites to generate a Plio-Pleistocene reference curve (the 
“LR04 stack”) that reflects a combination of deep ocean temperature and ice volume. The LR04 stack 
indicates glacial-interglacial cycles in global climate superimposed on a progressive cooling during 
the Pleistocene, which was mostly expressed in more extreme glacial conditions (Figure 11.4g). The 
stack also demonstrates two major climate shifts (Lisiecki and Raymo, 2005): a switch in cyclicity 
from dominantly ~41 kyr to ~100 kyr cycles at the MPT (~900 ka, yellow bar in Figure 11.4), and an 
increase in interglacial intensity since the Mid Brunhes Event (MBE, ~430 ka, yellow bar in Figure 
11.3) (Jansen et al., 1986). 
 

11.3.1 Global sea level 
 
While the LR04 stack provides an excellent stratigraphic tool for the Pleistocene (Lisiecki and Raymo, 
2005), it is influenced by changes in both global ice volume and deep ocean temperatures 
(Shackleton, 2000), and their relative contributions to that record have varied through time 

(Elderfield et al., 2012). By combining records of benthic foraminiferal δ18O and Mg/Ca ratios in the 

same sediment core, the δ18O signal can be deconvolved into separate deep ocean temperature and 
“ice volume” components (Sosdian and Rosenthal, 2009; Elderfield et al., 2012) (Figure 11.3b, light 
blue line). However, converting the ice volume component in an individual record into a global ice 
volume or sea level record is complicated by local hydrographic (salinity) changes and also requires 

assumptions about the δ18O compositions of past ice sheets (Jakob et al., 2020). A similar 

deconvolution approach has been proposed using a global compilation of planktonic δ18O records 

and SST estimates (Shakun et al., 2015), while other methods have included scaling benthic δ18O 



records to coral-derived sea levels for the last deglaciation (Waelbroeck et al., 2002) or combining 

benthic δ18O data with ice sheet modelling (Bintanja et al., 2005). An alternative approach for 

generating continuous sea level reconstructions has exploited planktonic foraminiferal δ18O records 
from the Red Sea (Rohling et al., 2004; Grant et al., 2014) and the Mediterranean Sea (Rohling et al., 
2014), by modelling the hydrographic response of these restricted basins to eustatic sea level change 
and local isostatic adjustments. The Red Sea record provides a sea level reconstruction back to ~500 
ka (Grant et al., 2014) (Figure 11.3b, solid blue line), while the Mediterranean Sea record extends 
back into the Pliocene (Figure 11.3b and Figure 11.4a, dashed blue line), although with larger 
uncertainties for the earlier section (Rohling et al., 2014). A recent statistical approach has combined 
a number of the above records with other similar ones to provide a late Pleistocene sea level stack 
for the last ~800 kyr (Spratt and Lisiecki, 2016) (Figure 11.3a).  
 
The above methods largely agree on the scale of the late Pleistocene sea level changes (Figure 
11.3a,b), indicating glacial-interglacial fluctuations of up to ~130 m since the MBE, with smaller 
changes both before the MBE and during the Marine Isotope Stage (MIS) 10-9 and MIS 8-7 
transitions. However, the individual records are subject to quite large uncertainties (e.g. compare 

the two records in Figure 11.3b), and a statistical treatment indicates uncertainties of 9-12 m (1σ) 
for the sea level stack (Spratt and Lisiecki, 2016) (Figure 11.3a). Therefore, while these approaches 
provide valuable evidence on global sea level change through the late Pleistocene on orbital 
timescales, they are not well suited for resolving changes in Antarctic ice volume, which are 
expected to represent only ~10 % of the global sea level signal during this interval (Tigchelaar et al., 
2018). A particular issue here is that coral-based reconstructions indicate peak sea levels higher than 
the Holocene for certain recent interglacials (e.g. 6-9 m during MIS 5e (~116-129 ka), 6-13 m during 
MIS 11; Dutton et al., 2015), which would implicate ice loss from the Antarctic Ice Sheet, but this 
magnitude of past sea level variability is not resolvable in the marine proxy records given their 
uncertainties. It is also important to note that the sea level estimates from sediment cores provide a 
globally-integrated measure of ice volume, and cannot identify the locations where ice volume 
changes occurred, or the phasing of ice sheet advance and retreat between hemispheres. Therefore, 
while Elderfield et al. (2012) suggested that an expansion of global ice volume at ~900 ka during the 
MPT (Figure 11.4b) may have included a significant Antarctic contribution, direct evidence is needed 
to test the location of this ice growth. 
 

11.3.2 Sea surface temperatures 
 
In terms of Earth’s surface climate, the best global coverage of past changes is derived from proxy-
based SST reconstructions in widely-distributed marine cores. The construction of a stack from these 
records minimises the effects of local changes in ocean currents or frontal positions, as well as proxy 
uncertainties, and enhances the signal/noise ratio to produce a meaningful global reconstruction. A 
global alkenone-based SST stack based on 10 high-resolution Pleistocene records (Martínez-Botí et 
al., 2015a) indicates glacial-interglacial changes of ~3-4 °C in the late Pleistocene since the MBE 
(Figure 11.3c, black line), ~2-3 °C before the MBE, and ~1-2 °C in the early Pleistocene (Figure 11.4c, 
black line). In addition, a multi-proxy compilation of over 20,000 SST data points (including 
alkenones, Mg/Ca, and foraminiferal and radiolarian transfer functions) from 59 marine cores was 
used to generate a 2 Myr long record of global average surface temperature (GAST) by spatially 
weighting the SST data in latitudinal bands and converting to GAST using a climate model (Snyder, 
2016). This reconstruction indicates glacial-interglacial GAST changes of ~5-6 °C in the late 
Pleistocene since the MBE (Figure 11.3c, dashed black line), compared to ~4-5 °C in the interval 
preceding the MBE,  and ~2-3 °C in the earlier Pleistocene (1.2-2.0 Ma) (Figure 11.4d, dashed black 
line). Note that the larger changes in GAST than in SST reconstructions arise because larger 
temperature changes occur over land than over the ocean. 
 



We plot three individual alkenone-based SST records to demonstrate changes in different regions of 
the Southern Ocean. Two records are from the Subantarctic Zone, in the South Atlantic (PS2489-
2/ODP Site 1090; Martinez-Garcia et al., 2010) and the Southeast Pacific (PS75/34-2; Ho et al., 2012). 
The third record is from the Subtropical Zone, just north of the modern Subtropical Front, in the 
Tasman Sea (DSDP Site 593; McClymont et al., 2016). These records all demonstrate glacial cooling, 
resulting from a combination of global cooling, polar amplification, and shifts in Southern Ocean 
fronts. The magnitude of glacial-interglacial temperature changes in the subantarctic South Atlantic 
and Southeast Pacific Ocean were very similar, with both recording glacial cooling of ~6-8 °C since 
the MBE in comparison to glacial cooling of ~4-6 °C in the interval immediately before it (Martinez-
Garcia et al., 2009; Ho et al., 2012) (Figure 11.3d). These results are also in good agreement with 
subantarctic South Atlantic estimates from foraminiferal transfer functions over the last 550 kyr 
(Becquey and Gersonde, 2003). For the Tasman Sea, which today is influenced by subtropical waters, 
the late Pleistocene glacial-interglacial changes were slightly larger at ~8-10 °C, suggesting 
northward glacial shifts of the Subtropical Front (McClymont et al., 2016), with no distinct change at 
the MBE (Figure 11.3d). In both subantarctic and subtropical settings, the glacial-interglacial 
variability during the early Pleistocene was muted compared to the late Pleistocene (Figure 11.4d), 
being ~2-4 °C in the subantarctic South Atlantic (Martinez-Garcia et al., 2010) and ~4-5 °C in the 
Tasman Sea (McClymont et al., 2016).  
 

11.3.3 Intermediate and deep ocean temperatures 
 
Antarctic Intermediate Water (AAIW) forms today in the vicinity of the Subantarctic Front and 
propagates northwards at intermediate depths into each ocean basin. Therefore, a record of its 
changing properties reflects changes in surface conditions in the Subantarctic Zone of the Southern 
Ocean and/or changes in the location or mode of AAIW formation. Benthic foraminiferal Mg/Ca 
measurements at DSDP Site 593 in the Tasman Sea have been used to establish AAIW temperatures 
through the Pleistocene (McClymont et al., 2016). Glacial-interglacial variability in AAIW 
temperature was ~3-4 °C since the MPT and ~3 °C during the early Pleistocene, superimposed on a 
long term cooling trend since ~1.3 Ma (Figure 11.4e). Note that the trends in the Pliocene and early 
Pleistocene intervals of that record are sensitive to poorly constrained seawater Mg/Ca ratios for 
that time, but the mid to late Pleistocene cooling is a robust feature (McClymont et al., 2016). 
 
A large proportion of the global deep ocean is filled by deep waters that form in the Antarctic Zone 
of the high latitude Southern Ocean i.e. Antarctic Bottom Water (AABW) and Lower Circumpolar 
Deep Water (LCDW) (Gebbie and Huybers, 2011). Therefore, past deep water temperatures reflect 
conditions in the regions of deep water formation near Antarctica. At ODP Site 1123, benthic 
foraminiferal Mg/Ca ratios provide a record of past LCDW temperatures in the pathway of the 
largest inflow of Antarctic-sourced deep waters into the Pacific Ocean. At this site, glacial 
temperatures have persistently been -1 to -2 °C (i.e. close to the freezing point of seawater) for the 
past ~1.5 Myr (Figure 11.4f) (Elderfield et al., 2012). Before the MBE, interglacial temperatures were 
~1-2 °C and glacial-interglacial variability was ~2-3 °C, whereas since the MBE there have been 
slightly higher interglacial peak temperatures (~2-3 °C) and enhanced glacial-interglacial variability 
(~3-4 °C) (Figure 11.3e). 
 

11.3.4 Antarctic temperatures and atmospheric CO2 
 

Antarctic air temperature reconstructions for the last 800 kyr based on ice core δDice indicate a 
distinct ~100 kyr cyclicity and a sawtooth pattern of slow stepped cooling and rapid warming that 

mirrors the LR04 benthic δ18O stack (Figure 11.1). Late Pleistocene glacial-interglacial variations were 
~10-12 °C since the MBE, compared to ~7-8 °C before the MBE (Figure 11.3g). This difference arose 
mostly as a result of the significantly cooler ‘lukewarm’ interglacials that preceded the MBE, whereas 



glacial temperatures changed by only ~1 °C across the MBE (Jouzel et al., 2007). In comparison to 

estimates of GAST, Antarctica experienced polar amplification of around 1.6 times (2σ range of 1.2 
to 2.3 times) in the late Pleistocene (Snyder, 2016). It is also important to note that peak Antarctic 
temperatures during the last four interglacials (MIS 5e, MIS 7, MIS 9, and MIS 11) were warmer than 
the Holocene by 2-4 °C for a few thousand years (Jouzel et al., 2007) (Figure 11.3g). 
 
Atmospheric CO2 concentrations from a compilation of Antarctic ice core records (Bereiter et al., 
2015) demonstrate a very close link to Antarctic temperature variations. Since the MBE, glacial-
interglacial variability in atmospheric CO2 concentrations has averaged ~90 ppm, fluctuating 
between ~180-190 ppm during glacial periods and ~270-290 ppm during interglacials (Figure 11.3h). 
Before the MBE, the glacial-interglacial variability was smaller (~60-70 ppm), with glacial CO2 levels 
similar to the more recent glacials (~170-190 ppm) while interglacial CO2 levels were lower (peaks of 
~240-260 ppm) (Figure 11.3h). Beyond the ice core record, atmospheric CO2 reconstructions for the 
early Pleistocene are based on foraminiferal boron isotope records (Figure 11.4h), which have larger 
uncertainties but appear to indicate slightly higher glacial CO2 concentrations before the MPT (Chalk 
et al., 2017), as well as a decline in CO2 concentrations since the late Pliocene and earliest 
Pleistocene (Martínez-Botí et al., 2015a).    
 

11.3.5 Sea ice extent and dust supply 
 
Other processes in the Southern Ocean region also varied on a ~100 kyr timescale, although 
sometimes with different magnitudes or timing within a glacial cycle. Reconstructions of Southern 
Ocean sea ice extent based on ice-core ssNa content (Wolff et al., 2006) indicate initial expansions in 
sea ice at the onset of glaciation (e.g. MIS 5e to MIS 5d transition), with further enhancements 
towards maximum sea ice extent during full glacials (e.g. MIS 4) and glacial maxima (e.g. MIS 2) 
(Figure 11.3f). Although quantitative interpretation of the ssNa proxy faces some challenges, ssNa 
fluxes vary by up to a factor of four and show a striking similarity to Antarctic temperature records 
(Figure 11.3f cf. Figure 11.3g). Interglacials prior to the MBE experienced higher ssNa than more 
recent interglacials (Figure 11.3f), suggesting that interglacial sea ice retreat was more muted during 
the lukewarm interglacials before the MBE. 
 
Atmospheric dust supply to the Antarctic region is recorded in ice cores by non sea-salt calcium 
fluxes (nssCa) (Wolff et al., 2006), which vary by a factor of ~20 through glacial cycles (Figure 11.3i), 
in a similar pattern to iron fluxes. Glacial periods were characterised by an increased dust supply 
that was particularly pronounced during glacial maxima (Figure 11.3i). While changes in atmospheric 
transport to Antarctica may influence dust fluxes, the temporal patterns are well reproduced in dust 
flux records from Southern Ocean marine cores, such as ODP Site 1090 in the Subantarctic Zone of 
the South Atlantic (Martinez-Garcia et al., 2011) (Figure 11.3j, brown) and PS75/076-2 in the South 
Pacific (Figure 11.3j, orange), albeit with smaller relative glacial-interglacial changes. In combination 
with grain-size evidence for minimal variations in the wind-driven Antarctic Circumpolar Current 
during the LGM and Holocene (McCave et al., 2013), the agreement among these dust records 
suggests that a major part of the signal was due to changes in continental aridity, local wind 
strength, or shelf exposure in the Southern Hemisphere dust source regions (e.g. Patagonia). 
Whereas highly-resolved sea ice reconstructions are lacking beyond the oldest ice core record at 
~800 ka, high resolution marine records provide dust reconstructions for the entire Pleistocene and 
indicate an approximate doubling of glacial dust fluxes to the Southern Ocean at the MPT (Martinez-
Garcia et al., 2011) (Figure 11.4i). 
 
 

11.4 Late Pleistocene carbon cycle and climate dynamics 
 



11.4.1 Controls on glacial-interglacial atmospheric CO2 
 
Changes in the carbon cycle were a fundamental feature of late Pleistocene glacial-interglacial cycles 
(Figure 11.3) and were crucial for translating orbital forcing into changes in Earth’s energy balance 
and mean global temperature. While colder ocean temperatures during glacial periods (Figure 11.3c-
e) would have directly enhanced oceanic uptake of CO2 due to its greater solubility in cold water, 
thereby creating a positive feedback loop, the effect of these changes was modest in comparison to 
the full magnitude of glacial-interglacial atmospheric CO2 changes (Sigman and Boyle, 2000). 
Furthermore, this temperature effect was almost cancelled out by opposing effects from reduced 
carbon storage in a saltier glacial ocean and the reduced size of the terrestrial biosphere (Sigman 
and Boyle, 2000). Therefore, more active mechanisms of carbon storage must have been operating 
to explain the consistent ~90 ppm decrease in atmospheric CO2 during each glacial period since the 
MBE (Figure 11.3h). 
 
Because the deep ocean contains approximately 60 times more carbon than the atmosphere, it has 
been recognised for some time that carbon storage in the deep ocean was probably key to 
explaining these atmospheric CO2 variations. Various mechanisms were proposed involving changes 
in deep ocean circulation, ocean nutrient inventories, marine productivity, and alkalinity (Boyle, 
1988b; Broecker and Denton, 1989; Martin, 1990; Rickaby et al., 2010). Much of the early focus was 
on global ocean nutrient chemistry and North Atlantic Deep Water (NADW) formation, whereas 
more recently there has been a shift towards Southern Ocean carbon cycle mechanisms (Sigman and 
Boyle, 2000; Sigman et al., 2010). A significant role for processes in this region is supported by the 
close correlation between Antarctic temperatures and atmospheric CO2 during the last deglaciation 
(Monnin et al., 2001; Parrenin et al., 2013) and throughout the last 800 kyr (Jouzel et al., 2007; Luthi 
et al., 2008; Bereiter et al., 2015) (Figure 11.1). Since the temporal evolution of Antarctic 
temperature differed from Northern Hemisphere temperatures, this powerful observation has 
driven a search for theories and data to constrain the role of Antarctic and Southern Ocean 
processes in the global carbon cycle. 
 

11.4.2 Southern Ocean mechanisms based on sea ice, ocean circulation, and 

deep stratification 
 
An important role for Southern Ocean circulation in the glacial-interglacial carbon cycle was 
proposed by Toggweiler (1999), who suggested that changes in the strength and/or position of the 
Southern Hemisphere westerly winds could determine the structure of the overturning circulation 
and hence its capacity to store carbon (Toggweiler et al., 2006; Menviel et al., 2018). In simple 
terms, equatorward shifts in the westerly winds during glacial periods could weaken the wind forcing 
over the Antarctic Circumpolar Current, leading to reduced Southern Ocean upwelling and weaker 
overturning. This scenario would decrease CO2 release to the atmosphere through the Southern 
Ocean surface (i.e. reduced upwelling), and simultaneously increase carbon storage in the deep 
ocean through the combination of the low-latitude biological pump and a longer water residence 
time in the deep ocean (i.e. reduced overturning). The glacial expansion of sea ice in response to 
high-latitude cooling was proposed as an additional driver of deep ocean carbon storage, since it 
would restrict gas exchange between upwelling Southern Ocean deep waters and the atmosphere 
(Elderfield and Rickaby, 2000; Keeling and Stephens, 2001). 
 
More recently, the magnitude of the wind-driven mechanism proposed by Toggweiler (1999) has 
been challenged because eddy compensation in the Antarctic Circumpolar Current weakens the link 
between wind strength and Southern Ocean upwelling (Farneti et al., 2010). However, while our 
detailed understanding has evolved since the original hypothesis, the general concept remains 
influential, and a related idea has emerged that combines aspects of both the ventilation and sea ice 



mechanisms. Specifically, it has been proposed that changes in sea ice extent in the Southern Ocean 
control the surface ocean buoyancy forcing and hence the global deep ocean circulation structure 
(Adkins, 2013; Ferrari et al., 2014; Watson et al., 2015). The glacial expansion of sea ice would shoal 
the boundary between northern-sourced (NADW) and underlying southern-sourced (AABW) water 
masses, effectively increasing the volume of the deep overturning cell (Figure 11.5). In addition, a 
shoaled boundary would occupy a water depth where there is less rough seafloor bathymetry and 
significantly weaker vertical mixing, leading to reduced mixing between the two cells and increased 
deep stratification (Figure 11.5). This scenario would significantly enhance the capacity for glacial 
carbon storage in the deep overturning cell (Brovkin et al., 2007; Lund et al., 2011; Ferrari et al., 
2014; Watson et al., 2015; Marzocchi and Jansen, 2019; Stein et al., 2020). 
 
Observations consistent with those ideas include the enhanced salinity of glacial southern-sourced 
deep waters based on pore water chlorinity profiles (Adkins et al., 2002), increased glacial deep 

ocean stratification inferred from benthic foraminiferal carbon isotopes (δ13C) (Hodell et al., 2003; 

Curry and Oppo, 2005), increased glacial density stratification derived from δ18O gradients (Lund et 
al., 2011), and restriction of NADW from the lower overturning cell inferred from neodymium 
isotopes (Wilson et al., 2020). There is also strong evidence from sediment cores and deep-sea corals 
to support enhanced carbon storage in a more isolated glacial deep ocean and rapid carbon release 
during the deglaciation, which is derived from radiocarbon (Skinner et al., 2010; Burke and Robinson, 
2012; Skinner et al., 2017), boron isotopes (Martínez-Botí et al., 2015b; Rae et al., 2018), and 
oxygenation proxies (Jaccard et al., 2016; Anderson et al., 2019). These changes in ocean carbon 
storage and the associated changes in tracer distributions are also supported by recent ocean 
modelling studies (Mariotti et al., 2016; Menviel et al., 2018). 
 
Perhaps the biggest challenge in testing the finer details of these sea ice-based mechanisms arises 
from the difficulty in obtaining direct evidence on past sea ice processes and areal extent. Estimates 
of circum-Antarctic sea ice extent for the LGM are predominantly based on diatom and radiolarian 
transfer functions (Gersonde et al., 2005), which indicate a doubling of the modern area of winter 
sea ice and a northward shift of ~5-10 degrees in the winter sea ice edge in the Indian and Atlantic 
sectors. Recent studies have improved constraints on the Pacific sector at the LGM, supporting a 
northward shift of ~5 degrees latitude in the winter sea ice extent (Benz et al., 2016), and provide a 
clearer view on deglacial changes in the Atlantic sector (Xiao et al., 2016). However, past sea ice 
extent in some regions, such as the Pacific entrance to the Drake Passage, remains poorly 
constrained. Beyond reconstructing winter sea ice extent, it is challenging to obtain a more holistic 
view of past sea ice behaviour, although the distributions of organic biomarkers such as highly 
branched isoprenoids (HBIs) may provide complementary evidence on summer sea ice extent and 
seasonality (Collins et al., 2013), which appears to have been enhanced during the LGM (Green et al., 
2020). Such evidence will be essential for distinguishing between different sea ice-based processes 
that control the deep ocean structure, because some mechanisms are based on changes in the 
summer sea ice position (Ferrari et al., 2014) whereas others are sensitive to sea ice formation rates 
(Nadeau et al., 2019). 
 
For a full understanding of ocean-atmosphere-climate interactions in the Southern Ocean, it is also 
important to establish the exact timing of past sea ice changes, particularly during transitions such as 
the last deglaciation. Challenges arise from age model uncertainties and the limited latitudinal 
distribution of sediment cores, although sea ice records have been recovered from all the major 
ocean basins, including the Atlantic (Shemesh et al., 2002; Allen et al., 2005; Collins et al., 2012; Xiao 
et al., 2016), Indian (Crosta et al., 2004; Xiao et al., 2016), and Pacific Oceans (Ferry et al., 2015). A 
complimentary approach, with potential to provide highly-resolved records of past changes, is based 
on sea ice proxies such as ssNa in ice cores (Wolff et al., 2006). While atmospheric transport is a 
major control on ssNa input to Antarctic ice core sites on interannual timescales, ssNa levels over 



geological timescales appear to be linked to sea ice extent because the sea ice surface is the major 
source of ssNa (Levine et al., 2014). Despite uncertainties arising from transport processes, records 
of ssNa and methane sulphonic acid (MSA) (Abram et al., 2013) appear to be useful semi-
quantitative proxies for past sea ice extent, and are particularly useful for recording the timing of 
rapid sea ice changes. Future observational and modelling studies will be important for translating 
ice core ssNa and MSA records into a more quantitative understanding of past sea ice behaviour. 
Better sea ice implementation in ocean and climate models is also required, since the existing 
models give widely different results and struggle to reproduce a sea ice field for the LGM that is 
consistent with data constraints (Roche et al., 2012), although that situation is improving (Green et 
al., 2020). A related challenge arises from modelling bottom water formation around Antarctica, 
specifically the contribution of dense shelf water production to AABW (Snow et al., 2016), because 
this process is not included in most current climate models. 
 

11.4.3 Southern Ocean mechanisms based on dust supply, productivity, and 

nutrient utilisation 
 
The other major way in which Southern Ocean processes could influence the global carbon cycle is 
through changes in surface ocean productivity. The high-latitude Southern Ocean is presently a high-
nutrient low-chlorophyll area, where iron and possibly other micronutrients limit biological 
productivity (Martin, 1990). In the modern (interglacial) ocean, nutrients in this region are not fully 
utilised, which leads to a leak in the biological pump. Upwelling deep waters release regenerated 
CO2 to the atmosphere, while the subduction of water masses with high preformed nutrient levels 
reduces the efficiency of carbon sequestration for a given global ocean nutrient inventory (and for a 
given ocean circulation structure and strength) (Sigman et al., 2010). Recognising this scenario for 
the modern day led to the “iron hypothesis”, in which it was proposed that increased glacial dust 
supply to this region could have provided the missing dissolved iron, thereby enhancing Southern 
Ocean productivity and nutrient utilisation, and increasing glacial carbon storage in the deep ocean 
(Martin, 1990).  
 
Antarctic ice core records provide a test for the iron hypothesis because dust fluxes can be inferred 
from nssCa fluxes (Wolff et al., 2006; Lambert et al., 2008). Those records support a major increase 
in dust supply from Patagonia during glacial periods (Figure 11.3i), although with the caveat that 
dust transport to Antarctic ice cores may have differed from dust transport to the Southern Ocean. 
Evidence that this signal is broadly representative of dust input to the Southern Ocean is found in 
dust records from marine cores (Figure 11.3j), which indicate glacial increases in dust fluxes by a 
factor of 5-10 at ODP Site 1090 in the Subantarctic Zone of the South Atlantic Ocean (Martinez-
Garcia et al., 2011), and by a factor of ~3 at a number of sites in the South Pacific sector of the 
Southern Ocean (Lamy et al., 2014). Complementary studies have confirmed the carbon cycle impact 
of this mechanism, by demonstrating that increased dust fluxes led to both increased productivity 
(from alkenone fluxes) and increased nutrient utilisation (from foraminiferal nitrogen isotopes) in 
the Subantarctic Zone (Martinez-Garcia et al., 2014). A recent compilation of dust records indicates 
that the dust signal was circumpolar in extent, but also highlights the potential for spatial differences 
in carbon sequestration linked to geographical variations in dust fluxes and the effect of frontal 
shifts on nutrient supply (Thöle et al., 2019). 
 
The Subantarctic Zone was probably the key region where increased dust fluxes could have 
enhanced glacial carbon sequestration, because increased sea ice coverage, reduced upwelling, and 
increased near-surface stratification in the Antarctic Zone probably reduced the importance of this 
latter region for carbon exchange during glacial periods. Indeed, glacial increases in Antarctic Zone 
nutrient utilisation (diatom nitrogen isotopes) coincided with reduced productivity (opal and barium 
proxies) for at least the last two glacial cycles (Francois et al., 1997; Studer et al., 2015), which can 



only be reconciled by a reduction in nutrient supply from below. However, a full mechanistic 
understanding of the changes in upwelling, near-surface stratification, nutrient supply, iron 
fertilisation, and export productivity across all sectors of the Antarctic and Subantarctic Zones is yet 
to be established. The challenge in establishing a full Southern Ocean carbon budget is complex 
because of the interactions between each of these regions, but modelling studies generally agree 
that subantarctic iron fertilisation could cause a decline in glacial atmospheric CO2 of ~30-40 ppm 
(Brovkin et al., 2007; Hain et al., 2010). 
 
In marine records, it is possible to take a further step in assessing the influence of iron fertilisation 
on the carbon cycle because multiple proxies can be used to simultaneously trace not only dust 
input and marine export productivity, but also the effect on bottom water (or pore water) carbon 
chemistry and oxygen content (Gottschalk et al., 2016; Jaccard et al., 2016). As a result, it may be 
possible to separate changes in deep ocean carbon storage that occurred due to productivity 
variations (predominantly in the Subantarctic Zone) from changes that were linked to stratification 
and deep ocean ventilation (predominantly in the Antarctic Zone). Evidently, both mechanisms are 
required to explain CO2 changes through glacial-interglacial cycles (Jaccard et al., 2013; Jaccard et al., 
2016), and they likely also played a role in carbon cycle dynamics on millennial timescales 
(Gottschalk et al., 2016; Jaccard et al., 2016). 
 

11.4.4 Sequence of changes through the last glacial cycle 
 
Explaining glacial-interglacial cycles in terms of changes in the atmospheric CO2 budget between 
glacial and interglacial states is not sufficient for a full understanding of how the Earth’s climate 
system operated. In addition, transient events must be studied to address questions such as what 
triggered glaciation or deglaciation, what feedbacks were operating, and how fast these feedbacks 
acted. Ongoing efforts are seeking to refine proxies and age models, to generate high resolution 
paleo-records, and to integrate them with modelling approaches to delve into the mechanisms. 
 
Here we summarise such efforts to constrain the sequence and timing of changes that operated in 
the progression towards full glaciation, drawing heavily on a recent compilation of regional SST 
records and other proxy reconstructions for the last glacial cycle (Kohfeld and Chase, 2017) (Figure 
11.6). Early in the glacial cycle, at the MIS 5e to MIS 5d transition, both hemispheres experienced SST 
changes that were largest at high latitudes and probably linked to a major decline in summer 
insolation forcing (Kohfeld and Chase, 2017). The direct effect of cooling would only have been a 
modest CO2 drawdown due to the solubility effect, but the indirect effects were larger. Antarctic ice 
core ssNa records indicate an expansion of winter sea ice at this time (Wolff et al., 2006), although 
marine diatom records indicate that the sea ice expansion was moderate and spatially variable 
(Figure 11.6). These changes were accompanied by increased nutrient utilisation in the Antarctic 
Zone (Studer et al., 2015) (Figure 11.6), probably because near-surface stratification caused by 
seasonal melting of sea ice led to a restricted supply of nutrients from below. Together, the cooling, 
sea ice expansion, and increased surface stratification would have restricted carbon release to the 
atmosphere and increased deep ocean carbon storage (Keeling and Stephens, 2001; Sigman et al., 
2010), helping to explain the ~35 ppm drop in atmospheric CO2. 
 
At the MIS 5 to MIS 4 transition, there was further global cooling, leading to average SST ~3 °C cooler 
than during interglacials, with the most pronounced changes at high latitudes (Kohfeld and Chase, 
2017). It was accompanied by Antarctic sea ice expansion (Figure 11.6) and major changes in ocean 

circulation, as recorded by benthic δ13C (Oliver et al., 2010) and neodymium isotope records 
(Piotrowski et al., 2005; Wilson et al., 2015) (Figure 11.6). These circulation changes could have 
arisen directly from polar cooling and sea ice expansion (Ferrari et al., 2014) (Figure 11.5), with an 
additional potential influence from AABW formation by brine rejection (Bouttes et al., 2010; Adkins, 



2013). Dust fluxes increased significantly at the MIS 5 to MIS 4 transition, as recorded in ice cores 
(Wolff et al., 2006; Lambert et al., 2008) (Figure 11.6) and Southern Ocean sediment cores 
(Martinez-Garcia et al., 2009; Martinez-Garcia et al., 2014) (Figure 11.3j), indicating that increased 
nutrient utilisation by iron fertilisation of the Subantarctic Zone was restricted to this later step. 
Hence, a combination of sea ice expansion, ocean circulation changes, and iron fertilisation could 
explain the ~40 ppm drop in atmospheric CO2. Modelling studies also suggest that the switch in deep 
ocean structure could have magnified the CO2 drawdown effect of the polar surface ocean 
stratification and sea ice changes that emerged in MIS 5d (Hain et al., 2010), leading to additional 
carbon storage at this time. 
 
After increases in atmospheric CO2 of ~20-30 ppm during MIS 3, the lowest glacial CO2 values were 
reached during MIS 2. Many of the proxies that changed during the MIS 5 to MIS 4 transition 
reached their most extreme values at the LGM (Figure 11.6), indicating maximum contributions to 
carbon drawdown from high latitude temperatures, ocean circulation, and iron fertilisation of the 
Subantarctic Zone. 
 

11.4.5 Millennial climate variability and the bipolar seesaw 
 
Glacial climates were also highly variable on sub-orbital timescales, and here we discuss some of the 
records of those changes and the mechanisms responsible. Early evidence for millennial and sub-
millennial climate change in the North Atlantic region during the last glacial period and deglaciation 

was provided by Greenland ice core δ18Oice records (Dansgaard et al., 1993). Rapid fluctuations of 
more than 10 °C between cold stadial and warm interstadial intervals were termed Dansgaard-
Oeschger events (Figure 11.7; Figure 11.8a), which were also observed in reconstructions of regional 
North Atlantic climate (Figure 11.8b) and IRD input to the oceans (Bond et al., 1997; McManus et al., 
1999). Specific incidences of partial ice sheet collapse from the North American ice sheet, known as 
Heinrich events, were recorded by distinct IRD layers in marine sediment cores during some of the 
longest stadials (Bond et al., 1992; Alley and MacAyeal, 1994; Hemming, 2004).  
 
In comparison to the relative stability of Holocene climate, the greater variability of regional and 
global climate during late Pleistocene glacial and deglacial periods has been attributed to climatic 
and oceanographic boundary conditions that led to a bi-stable ocean circulation mode in the Atlantic 
Ocean (Broecker et al., 1985; Broecker et al., 1990; Ganopolski and Rahmstorf, 2001). Comparing ice 
core climate records from Greenland and Antarctica reveals that this signal was region-specific, with 
the Southern Ocean warming during cold Greenland stadials (yellow bars in Figure 11.7), and then 
starting to cool following the rapid onset of Greenland interstadials (Blunier and Brook, 2001; EPICA 
Community Members, 2006) (Figure 11.7). This anti-phased bipolar pattern is pervasive and has also 
been recognised in SST reconstructions from North and South Atlantic sediment cores (Barker et al., 
2009). Hence, the concept of a bipolar seesaw emerged (Broecker, 1998), in which a strong Atlantic 
meridional overturning circulation (AMOC) would lead to warming in the North Atlantic and cooling 
in the Southern Ocean, whereas a weak AMOC with reduced NADW formation would lead to cooling 
in the North Atlantic and the accumulation of heat in the South Atlantic and Southern Ocean 
(Broecker, 1998; Ganopolski and Rahmstorf, 2001; Stocker and Johnsen, 2003). The more gradual 
changes in Antarctica than Greenland (Figure 11.7) were initially linked to the large volume of the 
Southern Ocean which could act as a heat capacitor (Stocker and Johnsen, 2003), supported by the 
observation that longer stadial events in Greenland coincided with greater warming in Antarctica 
(EPICA Community Members, 2006). 
 
The concept of a bipolar seesaw has often been used to refer to both the observed anti-phasing in 
polar temperatures and the ocean circulation mechanism that may be behind it, even though the 
forcing mechanisms responsible have yet to be fully established. For example, it is not clear whether 



the forcing originates from processes controlling deep water formation in the North Atlantic 
(Ganopolski and Rahmstorf, 2001) or the Southern Ocean (Buizert and Schmittner, 2015), or some 
combination. It has also not been established whether oceanic processes (WAIS Divide Project 
Members, 2015) or atmospheric teleconnections (Hogg et al., 2016) play the dominant role in 
transferring the climate signal. Regardless of the mechanism, there are many examples of the signal 
of Dansgaard-Oeschger or Heinrich events being transmitted globally and almost instantaneously, 
leading to changes in multiple components of the Earth system. For stadials and/or Heinrich events, 
the effects include weakening of the Asian monsoon system (Wang et al., 2001), a southward shift of 
the intertropical convergence zone (Peterson et al., 2000; Wang et al., 2004; Mulitza et al., 2017), 
South Atlantic warming (Barker et al., 2009), and a strengthening and/or southward shift of the 
southern westerly winds (Lamy et al., 2007; Anderson et al., 2009; Whittaker et al., 2011). With 
highly-resolved and absolute-dated reconstructions, it may be possible to distinguish specific roles 
for oceanic and atmospheric processes in transmitting such signals (WAIS Divide Project Members, 
2015). Records from the WDC ice core indicate roles for both the atmosphere and the ocean, with an 
instantaneous but spatially-variable atmospheric response in the southern westerly winds being 
followed a few hundred years later by a spatially-uniform oceanic response (Buizert et al., 2018). 
 
There is also an increasing wealth of evidence indicating deep ocean circulation changes on 
millennial timescales during the last glacial cycle, including records from the Bermuda Rise in the 
deep Northwest Atlantic (Henry et al., 2016) (Figure 11.8c,d), the Portuguese margin of the 
Northeast Atlantic (Martrat et al., 2007), and the Cape Basin of the deep Southeast Atlantic 
(Piotrowski et al., 2005; Gottschalk et al., 2018). What remains less clear is the exact nature of the 
link between deep ocean circulation changes and these millennial events. While Heinrich events 
could force ocean circulation changes by freshening the North Atlantic surface ocean in regions of 
deep water formation (Ganopolski and Rahmstorf, 2001), iceberg discharge may also simply provide 
a positive feedback that lengthens or deepens a stadial following an initial perturbation (McManus 
et al., 1999). Recent evidence supports this latter view, because SST changes occurred before IRD 
input during Heinrich events in North Atlantic records covering the last ~400 kyr (Barker et al., 2015). 
The observation that similar circulation changes occurred during most stadials of the last glacial 
period, both those with and without Heinrich events (Figure 11.8c,d), would also support that view 
(Henry et al., 2016). However, such observations are not inconsistent with an ocean circulation 
origin for some abrupt climate events, such as the Younger Dryas (Muschitiello et al., 2019). 
Regardless of the actual trigger, which could differ between events, it is possible to effectively model 
spatial and temporal patterns of millennial climate variability during Heinrich stadials, and also many 
of the related changes in atmospheric and Southern Ocean processes, using North Atlantic 
freshwater hosing experiments (Ganopolski and Rahmstorf, 2001; Menviel et al., 2018). 
 
Other components of the Southern Ocean atmosphere-ocean system also record sub-orbital scale 
variability. For example, millennial variability is seen in records of the Agulhas leakage (Marino et al., 
2013), which is the ‘warm water return route’ which advects salt from the Indian Ocean via the 
southern tip of Africa to the Atlantic Ocean. Increases in the Agulhas leakage during North Atlantic 
stadials may have influenced the AMOC by resupplying salt to the Atlantic Ocean, leading to the 
potential for a dynamic feedback through the influence of the southern westerly winds and Southern 
Ocean fronts on the Agulhas leakage (Marino et al., 2013). Changes in the Agulhas leakage could also 
have influenced late Pleistocene glacial terminations by preconditioning the interglacial resumptions 
of AMOC (Peeters et al., 2004). The strength of the subantarctic portion of the Antarctic Circumpolar 
Current in the northern Drake Passage also appears to have fluctuated on millennial timescales 
during the last glacial period and deglaciation, with enhanced flow during Antarctic warm periods 
(North Atlantic stadials), possibly linked to southward shifts of the southern westerly winds to better 
align with the Drake Passage (Lamy et al., 2015). Similar to the effects of the Agulhas leakage on the 
warm water return route, these changes could have influenced the ‘cold water return route’ to the 



North Atlantic Ocean on both millennial (Lamy et al., 2015) and orbital or longer timescales (Toyos et 
al., 2020), although their origin and dynamics are yet to be fully understood. 
 
Understanding millennial climate variability is important because it may have played a crucial role in 
determining the timing and sequence of events during late Pleistocene glacial terminations 
(Anderson et al., 2009; Cheng et al., 2009; Denton et al., 2010; Roberts et al., 2010; Barker et al., 
2011; Shakun et al., 2012; Menviel et al., 2018). As summarised by Denton et al. (2010), North 
Atlantic freshwater forcing during Heinrich Stadial 1 and the associated AMOC weakening could have 
led to Southern Ocean warming, sea ice retreat, and a southward shift of the southern westerly 
winds. In combination, these changes would have acted to enhance near-surface upwelling and 
reduce deep ocean stratification, thereby allowing carbon stored in the deep ocean to escape to the 
atmosphere (Anderson et al., 2009; Martínez-Botí et al., 2015b; Rae et al., 2018). The ubiquitous 
association between such bipolar seesaw oscillations and late Pleistocene terminations (Barker et 
al., 2011) suggests that a particularly large or sustained millennial event, in combination with 
appropriate orbital forcing, could enable the climate system to cross a critical threshold that allows 
further positive feedbacks to move the system into a full interglacial period. We also note that the 
reinvigoration of AMOC at the start of the Bolling-Allerod warm period has been identified as the 
likely origin of a centennial-scale CO2 release from the ocean to the atmosphere (Marcott et al., 
2014; Chen et al., 2015), highlighting just how fast the ocean-atmosphere system can act. 
 
It is also important to understand the role of AMOC variability in heat transport, because the bipolar 
seesaw can cause significant local warming of the ocean and atmosphere in the vicinity of either 
Greenland or Antarctica that is above the expected ‘background’ levels for a given climate state. 
Such warming could be crucial for both atmospheric and ocean-driven mechanisms that influence 
ice sheet stability (Golledge et al., 2014; Weber et al., 2014; Clark et al., 2020). In this regard, we 
note that the operation of a bipolar seesaw is not restricted to glacial periods of the late Pleistocene, 
since it has also been observed during the early Pleistocene (Birner et al., 2016), with evidence also 
emerging for AMOC instability during recent interglacial periods (Galaasen et al., 2020). Therefore, 
when considering Antarctic climate records and the response of the Antarctic Ice Sheet, the 
operation of a bipolar seesaw should be considered as a pervasive (although likely variable) factor 
over at least the duration of the Pleistocene. Changes in the bipolar seesaw and southern westerly 
winds were probably also important earlier in the Neogene, with the influence of Antarctic cooling 
on the Agulhas leakage potentially contributing to the onset of Northern Hemisphere Glaciation 
(McKay et al., 2012a). 
 
 

11.5 Antarctic Ice Sheet dynamics in the late Pleistocene 
 

11.5.1 Climate context 
 
The predominantly marine-based WAIS (~4 m sea level equivalent) and marine-based sectors of the 
EAIS (~19 m sea level equivalent) are susceptible to retreat through a combination of reduced 
buttressing through ice shelf thinning and marine ice sheet instability, as outlined earlier. To 
constrain the levels of atmospheric or ocean warming required to generate ice sheet retreat, it is 
essential to assess past ice sheet behaviour in response to different climatic and oceanographic 
regimes, in particular during times that were warmer than today. Recent Pleistocene interglacials 
provide a good target, because both Antarctic ice cores and other globally-distributed marine and 
terrestrial paleoclimate reconstructions indicate that certain interglacials have been warmer than 
the pre-industrial Holocene, in particular MIS 5e, MIS 9, and MIS 11 (Jouzel et al., 2007; Lang and 
Wolff, 2011; Capron et al., 2014; Yin and Berger, 2015; Snyder, 2016; Holloway et al., 2017) (Figure 
11.3).  



 
In terms of average global SSTs, MIS 5e was probably warmer than pre-industrial conditions by only 
around 0.5-1 °C (McKay et al., 2011; Hoffman et al., 2017) (Figure 11.3c), although larger changes 
occurred at high latitudes (Capron et al., 2014; Hoffman et al., 2017). In Antarctica, peak 
temperatures during MIS 5e, MIS 9, and MIS 11 reached 2-4 °C warmer than the Holocene (Jouzel et 
al., 2007) (Figure 11.3g). Given similar greenhouse gas forcing to the Holocene (Figure 11.3h), the 
Antarctic warmth of these previous interglacials likely reflects differences in insolation forcing (Yin 
and Berger, 2015) and differences in interhemispheric heat transport by the AMOC (Holden et al., 
2010). It has also been suggested that some component of the peak interglacial warming of 
Antarctica and the Southern Ocean could have arisen as a local consequence of feedbacks from 
WAIS collapse (Holden et al., 2010), although evidence for WAIS collapse during the late Pleistocene 
remains inconclusive. Changes in sea ice extent and atmospheric transport could also have 
contributed to changes in ice core records during these intervals of peak warmth (Holloway et al., 
2016). 
 

11.5.2 Global evidence on the Antarctic Ice Sheet 
 

Global sea level reconstructions based on benthic foraminiferal δ18O records provide constraints on 
the magnitude and timing of past changes in globally-integrated ice volumes (Figure 11.3a,b, Figure 
11.4a,b). However, as discussed earlier, a number of caveats and uncertainties limit the precision of 
these methods, severely restricting their ability to quantitatively reconstruct past peak interglacial 
sea levels or the timing of Antarctic changes. Furthermore, such approaches cannot resolve where a 
given sea level change originated from, which is a critical factor when thinking about specific 
contributions from Antarctica through time as well as the local fingerprints of future sea level 
change on a warming planet (Hay et al., 2014). 
 
Instead, the most robust evidence on global sea levels during late Pleistocene interglacials is based 
on reconstructions from absolute-dated coral terraces, once corrections are made for tectonic uplift 
and glacio-isostatic adjustments (GIA) that affect local sea levels (Raymo and Mitrovica, 2012; 
Dutton et al., 2015). Such studies indicate elevated global mean sea levels during warm late 
Pleistocene interglacials, with estimates of ~6-9 m during MIS 5e (Kopp et al., 2009; Dutton and 
Lambeck, 2012) and ~6-13 m during MIS 11 (Raymo and Mitrovica, 2012). An additional source of 
error in those estimates comes from uncertainty in the GIA corrections that arises from differences 
in the size and distribution of the Northern Hemisphere ice sheets at the preceding glacial maxima. 
In light of the possibility that a greater proportion of Northern Hemisphere ice was in Eurasia rather 
than North America at the penultimate glacial maximum compared to the LGM, it has been 
suggested that global mean sea level during MIS 5e may have been another ~2 m higher than those 
estimates (Rohling et al., 2017).  
 
Since a significant amount of ice remained on Greenland during MIS 5e, a reduction in the Greenland 
ice sheet likely contributed no more than ~2 m to global sea level rise above Holocene levels (Colville 
et al., 2011; Dahl-Jensen et al., 2013; Yau et al., 2016a; Clark et al., 2020). Noble gas measurements 
in ice cores indicate a short-lived global mean ocean warming of ~1.1 ± 0.3 °C above Holocene levels 
at ~129 ka and lasting for around 2 kyr, leading to a sea level contribution from thermal expansion of 
0.7 ± 0.3 m, followed by a return to stable temperatures similar to the Holocene for the remainder 
of MIS 5e (Shackleton et al., 2020). Given the above constraints, the global sea level estimate of ~6-9 
m for MIS 5e implies significant ice loss from Antarctica (Dutton et al., 2015; Clark et al., 2020). In 
addition, ice loss in Greenland and Antarctica may not have occurred synchronously (Capron et al., 
2014; Yau et al., 2016b; Rohling et al., 2019; Clark et al., 2020), and therefore simply subtracting the 
Greenland contribution from the total sea level change during MIS 5e (i.e. the ‘mass balance’ 
approach) could underestimate Antarctic contributions to sea level change. Ice loss from Antarctica 



during MIS 11 is subject to more uncertainty, because of the wider range in global mean sea level 
estimates (~6-13 m), as well as evidence for a greater sea level contribution from Greenland ice 
sheet collapse (Reyes et al., 2014; Irvalı et al., 2020). Overall, the sea level evidence points to a 
reduced ice volume in Antarctica during both MIS 5e and MIS 11, presumably from retreat of some 
combination of the WAIS and the marine-based sectors of the EAIS, but the location of ice loss is not 
resolved by the sea level records. 
 
Compared to absolute sea level estimates, the magnitude and rates of sea level variability within 
interglacials remain less well constrained and are strongly debated. Significant sea level fluctuations 
of several metres were proposed to have occurred within MIS 5e (Kopp et al., 2009), whereas recent 
studies indicate relatively stable sea levels (Barlow et al., 2018; Polyak et al., 2018). For example, 
Polyak et al. (2018) reported phreatic overgrowths on coastal speleothems from Mallorca that 
indicate a stable local sea level during MIS 5e, which (after GIA adjustments) is consistent with an 
early MIS 5e peak in global mean sea level followed by a gradual decline. In terms of rates of change, 
estimates based on coral terraces suggest maximum rates of sea level rise within MIS 5e of ~3-7 
mm/yr (Kopp et al., 2013; Barlow et al., 2018). In contrast, while subject to large uncertainties, the 
sea level reconstruction from the Red Sea (Figure 11.3b) suggests potentially much higher rates of 
sea level rise of up to ~9-35 mm/yr for the most rapid millennial event within MIS 5e, which has 
been attributed mostly to changes in the Antarctic Ice Sheet volume (Rohling et al., 2019). 
  

11.5.3 Regional studies of Antarctic Ice Sheet behaviour before the LGM 
 
During the LGM, the Antarctic Ice Sheet extended across the continental shelves, reaching the shelf 
break along many but not all margins (RAISED Consortium, 2014). Hence, the glacial Antarctic Ice 
Sheet was characterised by a different geometry than today, with thickening near the present day 
ice margins and an overall increase in ice volume (see Chapter 12 for details). Such LGM and 
deglacial reconstructions draw heavily on radiocarbon-based dating of shelf sediments and 
terrestrial deposits (e.g. lake sediments, raised beaches, and moraines), as well as using cosmogenic 
nuclides (e.g. 10Be, 14C, 26Al) to constrain past rock exposure and ice sheet elevation. Our 
understanding of the LGM provides a useful context for assessing the likely geometry and volume of 
the ice sheet through previous glacial-interglacial cycles, but such reconstructions are more 
challenging due to the effects of LGM erosion and the difficulty in dating events in shelf and 
terrestrial records beyond the radiocarbon dating window. Recent advances in understanding the 
LGM and Holocene ice sheet have particularly benefited from the use of in-situ 14C exposure dating 
(e.g. Nichols et al., 2019), which is more sensitive to recent changes in the ice sheet and less 
susceptible to inheritance than cosmogenic 10Be or 26Al methods. For previous glacial cycles, 14C 
exposure dating is unavailable, while 10Be and 26Al data are more suitable for understanding the long 
term evolution of the ice sheet than for detailed reconstructions of variability within individual 
glacial or interglacial periods. The likelihood of multi-stage exposure and burial histories means that 
interpretations are typically non-unique (e.g. Jones et al., 2017 and references therein), while the 
relatively long half-lives of 10Be and 26Al preclude their use to constrain short climate events. For the 
above reasons, most of our knowledge of the earlier Pleistocene behaviour of the Antarctic Ice Sheet 
comes from offshore marine sediment cores and ice sheet modelling, which therefore form our main 
focus below. 
 

11.5.4 Regional evidence on the West Antarctic Ice Sheet 
 
In light of the sea level contributions that appear to be required from Antarctica during recent warm 
interglacials, and the sensitivity of West Antarctic catchments such as the Pine Island/Thwaites 
Glacier system (Amundsen Sea Embayment) and the Siple Coast (Ross Sea) (Figure 11.2) to ocean 
warming in models (Golledge et al., 2017), a partial or full collapse of the WAIS might be suspected 



for MIS 5e and/or MIS 11. However, geological evidence either supporting or refuting this suggestion 
has been hard to obtain. There is direct evidence for WAIS collapse during at least one late 
Pleistocene interglacial within the past 1.1 Myr, which comes from the discovery of Pleistocene 
open-ocean diatoms in tills beneath the modern Whillans Ice Stream at the Siple Coast (Scherer et 
al., 1998). Such a late Pleistocene collapse is also supported by faunal evidence from bryozoans for a 
trans-Antarctic seaway (Barnes and Hillenbrand, 2010). However, while Scherer et al. (1998) provide 
unequivocal evidence for at least one collapse event, neither study was able to determine which 
interglacial such collapse occurred in, how long it lasted, or whether collapse occurred multiple 
times. Future studies based on the molecular genetics of benthic marine species may provide better 
constraints on past gateway openings (Strugnell et al., 2018), but the detailed timing of any such 
Pleistocene events are yet to be resolved by this method (e.g. Collins et al., 2020).  
 
Offshore sedimentary evidence from the late Pleistocene has been obtained from sediment cores on 
the Ross Sea shelf during the Antarctic Drilling Project (ANDRILL; see also Chapter 10) (Figure 11.2). 
An extensive sequence of Pliocene sediments was recovered in core AND-1B and indicates significant 
Pliocene variability in the WAIS, including events of ice sheet advance across the Ross Sea shelf 
(recorded by subglacial diamictites) as well as extended intervals of retreat (recorded by diatomite) 
(Naish et al., 2009). The AND-1B record extends into the Pleistocene, where sediments indicative of 
ice retreat become less prominent, but open ocean deposition is indicated for some Pleistocene 
intervals (Naish et al., 2009). The Pleistocene record was analysed in detail by McKay et al. (2012b), 
who suggested that the late Pleistocene sedimentary environment generally fluctuated between two 
states: subglacial or grounding zone sedimentation during glacial periods, and deposition beneath a 
floating ice shelf during interglacials. Critically, loss of the Ross Ice Shelf at some point in the last 
~250 kyr is indicated by a thick layer of reworked volcanic glass sourced from Mt Erebus, which 
suggests that WAIS deglaciation occurred during either MIS 5e or MIS 7 (McKay et al., 2012b). The 
ANDRILL records can be challenging to interpret because of the combined influences of EAIS and 
WAIS dynamics on ice flow in the Ross Sea (McKay et al., 2012b), but the above interpretation is 
consistent with models that indicate a strong link between removal of the Ross Ice Shelf and WAIS 
deglaciation (Martin et al., 2019). Other limitations in acquiring a detailed late Pleistocene 
reconstruction from AND-1B arise from the presence of major erosional hiatuses and a lack of dating 
constraints (McKay et al., 2012b), indicating the need for further research in this region. The broader 
context of the Plio-Pleistocene AND-1B record, including a comparison to more proximal records 
from the Southern Victoria Land margin and geological sequences in the Transantarctic Mountains, 
can be found in Levy et al. (2012). 
 
Pleistocene evidence from the vicinity of the Amundsen Sea Embayment (Figure 11.2) is rather 
limited, but sequences from the continental rise have been used to address the possibility of a late 
Pleistocene WAIS collapse. In an early study, no collapse was inferred to have occurred over the past 
~1.8 Ma, based on the absence of distinct sedimentological changes that would be expected to have 
characterised such an event (Hillenbrand et al., 2002). However, subsequent research revealed an 
extended interval of MIS 13-15 that was characterised by elevated productivity and distinctive 
sediment inputs from the hinterland that hinted at WAIS collapse during this time (Hillenbrand et al., 
2009). Collapse or retreat during this lukewarm late Pleistocene interglacial may have been aided by 
the extended duration of warmth (Figure 11.3g) or by shifts in the Amundsen Sea low pressure 
system that led to increased incursions of warm Circumpolar Deep Water (CDW) onto the shelf since 
the MPT (Konfirst et al., 2012). However, if the WAIS collapsed during MIS 13-15, it might seem 
surprising to find no evidence here for more recent collapse events, given the warmer interglacial 
temperatures since the MBE, both globally and in Antarctica (Figure 11.3). In light of modelling 
outputs indicating that WAIS deglaciation in the Amundsen Sea Embayment could potentially occur 
without removal of the Ross Ice Shelf (Clark et al., 2020), it will be important to obtain better 
constraints on the late Pleistocene ice sheet history in this region. 



 
Sedimentary records providing evidence on the Antarctic Peninsula Ice Sheet were recovered from 
the continental rise of the Bellingshausen Sea during ODP Leg 178 (Sites 1095, 1096, 1101; Figure 
11.2). Clay mineral constraints (Hillenbrand and Ehrmann, 2005) and sedimentological changes 
(Cowan et al., 2008) both indicate Pleistocene advance and retreat of the Antarctic Peninsula Ice 
Sheet across the shelf, but a more detailed understanding is limited by the low resolution of those 
records. Since the Antarctic Peninsula Ice Sheet may survive even while the WAIS retreats 
significantly (Sutter et al., 2016), records from this region may not provide strong constraints on past 
or future behaviour of the WAIS or on global sea level contributions from West Antarctica. 
 
Overall, the offshore sedimentary records provide support for late Pleistocene variability of the 
WAIS, including retreat or collapse in certain interglacials, but the record is fragmentary and does 
not provide a clear picture of a consistent response between sectors during each of the recent warm 
interglacials. While ongoing marine geological studies are seeking to significantly improve this 
picture, alternative approaches are exploring how an ice sheet change such as WAIS collapse would 

be imprinted on Antarctic ice core records. For example, ice core δ18Oice or δDice records could be 
affected directly by changes in ice sheet elevation and glacio-isostatic adjustment, or indirectly 
through the impacts of ice sheet melting on ocean and atmospheric temperatures, sea ice extent, 
and atmospheric circulation (Bradley et al., 2012; Steig et al., 2015). Unfortunately, the direct effect 
of ice sheet elevation changes linked to WAIS collapse may not have had a significant impact at the 
location of existing East Antarctic ice cores (Bradley et al., 2012) (Figure 11.2), thereby limiting the 
ability to resolve such a change, which points to a need for ice cores in targeted locations. Modelling 

studies have also suggested that peaks in ice core δ18Oice or δDice that occurred early in MIS 5e could 
record the effect of significant reductions in sea ice linked to warm SSTs, without requiring WAIS 
collapse (Holloway et al., 2016).  
 
The latest evidence indicating changes to the WAIS during MIS 5e is emerging from blue-ice sites. 

Both δDice and other geochemical tracers measured on MIS 5e ice at the Mount Moulton blue-ice 
site in Marie Byrd Land of West Antarctica are consistent with the regional climate changes that 
would be expected to result from WAIS collapse (Korotkikh et al., 2011; Steig et al., 2015). In 
addition, a blue-ice record from the Patriot Hills Blue Ice Area, located ~50 km inland from the 
modern grounding line of the Filchner-Ronne Ice Shelf, provides indirect constraints on ice sheet 

changes in the Weddell Sea Embayment (Turney et al., 2020). Measurements of δDice in a short 
section of ice corresponding to Heinrich Stadial 11 suggest that temperatures were elevated above 
Holocene levels during the penultimate deglaciation. Critically, a subsequent hiatus between 130 ka 
and 80 ka appears to indicate a retreated grounding line in the Weddell Sea Embayment which, in 
combination with ice sheet modelling, would support significant mass loss from both the WAIS and 
the Recovery Basin of the EAIS during the last interglacial (Turney et al., 2020). Future studies of 
horizontal blue-ice cores can be expected to provide additional new insights, but research is also 
required to test the relationship between ice sheet grounding line positions and upstream flow 
patterns, as well as the origin of unconformities in blue-ice records (e.g. Winter et al., 2016). 
 

11.5.5 Regional evidence on the East Antarctic Ice Sheet 
 
Until recently, evidence constraining the behaviour of the EAIS through late Pleistocene glacial-
interglacial cycles (and during many other time periods) had been limited by the lack of suitable 
sedimentary archives recovered from this challenging and remote region (Figure 11.2). Early views 
on the EAIS generally favoured a history of stable behaviour through the Neogene because of its 
predominantly terrestrial-based geometry (Sugden et al., 1993), although counter-arguments for 
more dynamic behaviour were put forward (Webb and Harwood, 1991). It is now clear that nearly 
one-third of the ice in East Antarctica (~19 m sea level equivalent; Fretwell et al., 2013) is contained 



within marine-based catchments underlain by deep subglacial basins, notably the Wilkes, Aurora, 
and Recovery Subglacial Basins (Figure 11.2). For these regions, ice sheet modelling suggests that the 
dynamics were probably quite different from the continental-based EAIS interior (Fogwill et al., 
2014; Mengel and Levermann, 2014; DeConto and Pollard, 2016; Golledge et al., 2017).  
 
Recent studies from the continental shelf offshore of the Aurora Basin (Figure 11.2) provide support 
for a dynamic EAIS. Specifically, marine geophysical data indicative of a surface-meltwater rich 
subpolar glacial system supports retreat of this marine margin in the Oligocene and Miocene (Gulick 
et al., 2017), with a transition to a polar environment occurring in the late Miocene. Marine 
sequences from the Prydz Bay area, recovered from the uplifted terrestrial margin and from offshore 
sites during ODP Leg 188 (Sites 1165-1167; Figure 11.2), also clearly indicate dynamic behaviour of 
the EAIS during the Pliocene (Hambrey and McKelvey, 2000; Quilty et al., 2000; Cook et al., 2014). 
For example, characteristic 40Ar/39Ar ages indicate that far-travelled IRD from the vicinity of the 
Aurora Subglacial Basin reached ODP Site 1165 during the Pliocene (Cook et al., 2014). At the same 
time, cosmogenic isotope data from the Ross Sea (core AND-1B) (Figure 11.2) supports the idea that 
the terrestrial portion of the EAIS has remained largely intact and has not retreated significantly over 
at least the last 8 Myr (Shakun et al., 2018). Based on the above studies, it is clear that attention 
should be focused on the marine basins when assessing possible EAIS variability during the 
Pleistocene, with the caveat that the specific subglacial bedrock topography of each basin may result 
in significant spatial variability in ice sheet behaviour between sectors (Golledge et al., 2017; 
Morlighem et al., 2020). Furthermore, both the onshore and offshore bedrock topography of 
Antarctica has evolved over geological timescales, in response to multiple tectonic, erosional, and 
sedimentary processes, with implications for past ice sheet size and stability (e.g. Jamieson et al., 
2010; Austermann et al., 2015; Colleoni et al., 2018; Paxman et al., 2019; Paxman et al., 2020). Only 
recently have continent-scale topographic reconstructions for multiple time slices been attempted 
(e.g. Paxman et al., 2019), and these will require ongoing validation and refinement using geological 
records. 
 
Evidence constraining the late Pleistocene behaviour of the EAIS has come from cosmogenic 
isotopes, distal Southern Ocean IRD records, and more proximal studies of sedimentology and 
geochemical provenance. Cosmogenic isotope analyses adjacent to the Skelton Glacier, an outlet 
glacier that drains a portion of the EAIS into the Ross Sea, indicate that it had surface elevations at 
least ~200 m higher than today for a significant portion of the Pleistocene, presumably representing 
past glacial periods with an expanded ice sheet (Jones et al., 2017). Since cosmogenic isotope studies 
do not indicate thickening of the EAIS interior during Pleistocene glacial periods (e.g. Lilly et al., 
2010; Suganuma et al., 2014), elevation changes in the transition regions between the interior and 
the marine margins may have been driven by ice shelf and marine processes (Jones et al., 2017). 
While the Dronning Maud Land region of East Antarctica experienced very limited elevation changes 
during the last deglaciation, more than 500 m of long-term thinning is indicated for the EAIS in this 
region during the Pleistocene (Suganuma et al., 2014). Thinning of the EAIS interior since the 
Pliocene is also reported in other regions (Yamane et al., 2015), and may have been linked to global 
cooling, sea ice expansion, and reduced atmospheric moisture transport, leading to reduced 
accumulation rates (Suganuma et al., 2014; Yamane et al., 2015). Overall, while the cosmogenic 
isotope evidence points to spatially-variable Pleistocene elevation changes of the EAIS, these data do 
not constrain the lateral extent of the ice sheet, and are not well-suited for constraining the 
possibility of past short-lived retreat events leading to ice surface elevations similar to or lower than 
today. 
 
Teitler et al. (2010) presented distal IRD records from ODP Leg 177 Site 1090 in the Agulhas Basin of 
the Southeast Atlantic covering multiple glacial cycles over the past ~500 kyr. These authors 
observed almost continuous IRD deposition over that interval, but significantly more IRD during 



glacial periods, which they attributed to an influence of cold SSTs on iceberg survivability into lower 
latitudes. The mineralogical provenance of the IRD indicates a dominantly EAIS source, such that the 
continuous presence of IRD was used to infer persistent marine margins of the EAIS across this 
interval (Teitler et al., 2010). That inference is consistent with sea level reconstructions during late 
Pleistocene interglacials (Dutton et al., 2015) and the stability of the interior EAIS (Shakun et al., 
2018), because even sea level contributions from Antarctica of up to ~6-13 m (Dutton et al., 2015) 
would not imply retreat of the ice sheet margins onto land. However, the strong control of iceberg 
survivability makes their record highly sensitive to climate variability, limiting the ability to infer 
changes in iceberg production and to draw conclusions on the dynamic behaviour of EAIS margins 
(Teitler et al., 2010). 
 
For the Lambert Glacier-Amery Ice Shelf system, which drains a large catchment of the EAIS into 

Prydz Bay (Figure 11.2), data from ODP Legs 119 and 188 provide information on its Plio-Pleistocene 

behaviour. Focusing on ODP Site 1166 on the continental shelf and ODP Site 1167 on the continental 

slope (Figure 11.2), Passchier et al. (2003) presented sedimentological evidence indicating a switch 

in behaviour between the early and late Pleistocene. Alternations between glacially-derived debrites 

and fine-grained pelagic interbeds at ODP Site 1167 during the early Pleistocene were attributed to 

advance and retreat of the grounding line, implying that the Lambert Glacier was a highly dynamic 

ice stream (Passchier et al., 2003). In contrast, since the MPT, grounding-line debrites were replaced 

by glacio-marine deposition, from which it was inferred that the glacial advances of the Lambert 

Glacier became less extreme and no longer reached the shelf edge, suggesting a less dynamic ice 

sheet (Passchier et al., 2003). Nevertheless, clay mineralogy and IRD records from the Prydz Bay 

continental rise covering the last ~500 kyr do indicate late Pleistocene variability in the Lambert 

Glacier-Amery Ice Shelf system (Wu et al., 2021). As well as providing evidence for glacial advances 

across the shelf and interglacial retreat, differences in clay mineralogy between individual glacial and 

interglacial periods suggest a sensitive response of the ice sheet in this region to subtle differences 

in oceanic and atmospheric forcing (Wu et al., 2021). 

 
The most prominent developments in understanding the past behaviour of the EAIS have come from 
IODP Expedition 318, which retrieved sediment cores from the continental shelf and rise in the 
vicinity of the Wilkes Subglacial Basin (Escutia et al., 2011) (Sites U1355-1361; Figure 11.2). While 
many new insights from that expedition concerned earlier periods of glacial history, Pleistocene 
sections were recovered from the continental rise sites, including Site U1361, which provides 
important constraints on the late Pleistocene variability of the EAIS in this region. A recent study 
used neodymium and strontium isotope measurements on the bulk and fine-grained sediment 
fractions to trace changes in sediment provenance during the late Pleistocene (Figure 11.9e), from 
which variability of the ice sheet margin was inferred (Wilson et al., 2018). These authors proposed 
that the ice margin retreated in the vicinity of the Wilkes Subglacial Basin during MIS 5e, MIS 9, and 
MIS 11, based on provenance signatures that differed from the Holocene sediments but which could 
be explained by a greater contribution from Ferrar Large Igneous Province and associated Beacon 
lithologies that are found inland in the Wilkes Subglacial Basin (Ferraccioli et al., 2009). Differing 
responses for those warm interglacials compared to the Holocene and MIS 7 indicate that retreat 
occurred when Antarctic air temperatures were at least 2 °C warmer than pre-industrial 
temperatures for 2,500 years or more (Jouzel et al., 2007) (Figure 11.9a), suggesting a role for 
extended warmth (rather than the absolute magnitude of peak interglacial temperatures) in forcing 
the ice sheet behaviour (Wilson et al., 2018). 
 
Overall, the Site U1361 record fingerprints a contribution to late Pleistocene interglacial sea levels 
from ice loss at the EAIS margin (Wilson et al., 2018), but those data are not able to quantify the 
extent of retreat or the total sea level contribution. However, the striking similarity between this 



record (Figure 11.9) and changes during the Pliocene (Cook et al., 2013; Bertram et al., 2018) is an 
important observation. In light of global climate cooling since the Pliocene (Figure 11.4c), the 
occurrence of similar ice sheet behaviour suggests that the late Pleistocene EAIS in the vicinity of the 
Wilkes Subglacial Basin has been more sensitive to glacial-interglacial changes than might have been 
anticipated. Because of the lower atmospheric CO2 levels of Pleistocene interglacials compared to 
the Pliocene, and the slightly cooler global average surface temperatures, it appears that other 
factors may have compensated to maintain a sensitive ice sheet. One key factor may have been the 
operation of a stronger bipolar seesaw in ocean heat transport during the late Pleistocene (Stocker 
and Johnsen, 2003; Barker et al., 2011), which could have played a major role in generating peak 
interglacial Antarctic temperatures that were ~2-4 °C warmer than the Holocene (Jouzel et al., 2007; 
Holden et al., 2010) (Figure 11.9a). Sea ice feedbacks may also have contributed to localised 
Southern Ocean warming (Holloway et al., 2016). Regardless of the combination of mechanisms 
responsible for the local warmth, it appears critical to consider local rather than global temperatures 
in forcing the ice sheet behaviour (Rohling et al., 2019; Clark et al., 2020). An additional contributing 
factor may have been the deepening of bedrock topography in the Wilkes Subglacial Basin through 
time (Colleoni et al., 2018), which could have enhanced the sensitivity of this catchment to ocean 
forcing, although only modest changes have been reconstructed between the Pliocene and late 
Pleistocene (Colleoni et al., 2018; Paxman et al., 2020).  
 
Two complementary studies have recently emerged, providing apparently contrasting views on the 
interglacial stability of ice in the Wilkes Subglacial Basin. Blackburn et al. (2020) showed that 
subglacial opal and calcite precipitates in the Wilkes Subglacial Basin record a level of 234U 
enrichment that is consistent with a major ice margin retreat during MIS 11 followed by the isolation 
of a marine-derived fluid reservoir beneath the ice sheet since this time (Blackburn et al., 2020). To 
first order, those data agree with the offshore marine record, which also recorded the most extreme 
provenance changes during MIS 11 (Figure 11.9e; Wilson et al., 2018), together providing support for 
a globally significant sea level contribution from the Wilkes Subglacial Basin of up to 3-4 metres at 
that time. In contrast, no such major retreat is inferred for MIS 5e (Blackburn et al., 2020), which 
may indicate that the MIS 5e retreat indicated by the marine record (Figure 11.9e) was more limited 

in extent. Evidence on the local ice sheet elevation during MIS 5e from δ18Oice values in the Talos 
Dome (TALDICE) ice core (Figure 11.2) also appears to rule out a collapse on the scale inferred for 
MIS 11, which restricts MIS 5e sea level contributions from the Wilkes Subglacial Basin to a 
maximum of ~0.4-0.8 m (Sutter et al., 2020). Therefore, while Wilson et al. (2018) highlighted the 
value in comparing recent super-interglacials to the slightly cooler Holocene or MIS 7 intervals, the 
response of the ice sheet to subtle differences between super-interglacials should also be explored.  
 
A major question to be addressed with future research is whether the EAIS in the vicinity of the 
Wilkes Subglacial Basin could even have been more sensitive to environmental change than the 
WAIS. If so, it would challenge a long-standing assumption that WAIS collapse would precede EAIS 
collapse, opening up the possibility that feedbacks from retreat of EAIS margins could contribute to 
WAIS collapse (Fogwill et al., 2015; Phipps et al., 2016). It will also be important to obtain similar 
constraints on the late Pleistocene behaviour of the EAIS margin in other regions, which are likely to 
have differing sensitivities to oceanic and atmospheric warming (Golledge et al., 2017). Late 
Pleistocene paleoenvironmental work is underway at the Sabrina Coast offshore of the Aurora 
Subglacial Basin (Holder et al., 2020; Tooze et al., 2020), and in Prydz Bay offshore of the Lambert 
Glacier-Amery Ice Shelf system (Wu et al., 2021), but much more extensive sediment provenance 
data will be required from these regions. In addition, the integration of ice sheet models with both 
erosion models and bedrock geology maps holds significant potential to improve interpretations of 
detrital provenance records in terms of past ice sheet dynamics (Aitken and Urosevic, 2021). 
 



11.5.6 Mechanisms of Antarctic Ice Sheet retreat and insights from ice sheet 

modelling 
 
The above evidence from geological reconstructions is important for constraining ice sheet models. 
In particular, the requirement for ice margin retreat in the Wilkes Subglacial Basin during Pleistocene 
super-interglacials (Wilson et al., 2018; Blackburn et al., 2020) (Figure 11.9e), similar to the Pliocene 
(Cook et al., 2013; Bertram et al., 2018), may implicate dynamic mechanisms such as ice shelf 
hydrofracture and ice cliff failure (in addition to marine ice sheet instability) in increasing the 
sensitivity of the Antarctic Ice Sheet to warm ocean temperatures (Pollard et al., 2015; DeConto and 
Pollard, 2016). With those processes incorporated, the output from the Penn State University ice 
sheet model (PSU-ISM) for MIS 5e (Figure 11.10c) appears to be in agreement with the geological 
data (Figure 11.9) and suggests that Antarctica could contribute ~6-7 m to global mean sea level 
during this time (DeConto and Pollard, 2016). That scenario involves local ice margin retreat into the 
subglacial basins of East Antarctica, and also the loss of large parts of the WAIS (Figure 11.10c), 
consistent with the observations from Turney et al. (2020). In contrast, running the same model 
without implementing hydrofracture or ice cliff failure led to no collapse of the WAIS and virtually no 
changes in East Antarctica (Figure 11.10d). The initial boundary conditions can also affect estimates 
of sea level change from ice sheet models, although they have a modest effect compared to 
differences in model physics. For example, the choice of glacial versus modern initial conditions 
leads to a difference of ~1.5 m in the predicted peak MIS 5e sea level rise (Figure 11.10b cf. Figure 
11.10c), because the deeper bed elevations resulting from a glacial starting point act to enhance ice 
margin retreat (DeConto and Pollard, 2016).  
 
From the above data-model comparison, it could be inferred that models lacking the ice cliff failure 
mechanism, such as the Parallel Ice Sheet Model (PISM) used by Golledge et al. (2017), or other 
statistical approaches (Ritz et al., 2015), may underestimate the sensitivity of the Antarctic Ice Sheet 
to ocean warming. However, significant caution is warranted here, because ice sheet collapse in the 
Wilkes Subglacial Basin (as required to explain the geological data from past super-interglacials) has 
been simulated using the PISM model (Mengel and Levermann, 2014) under a similar warming 
scenario to that used by DeConto and Pollard (2016). Indeed, a recent statistical analysis suggests 
that MIS 5e retreat could be achieved in the DeConto and Pollard (2016) model even without 
applying cliff failure mechanisms (Edwards et al., 2019). Most recently, using a revised version of the 
PSU-ISM model, it was proposed that marine ice cliff failure cannot be excluded as a major ice loss 
mechanism unless the Antarctic Ice Sheet contribution to peak MIS 5e sea levels was less than 3.5 m, 
while Antarctic contributions of over 6 m would require the operation of an ice cliff failure 
mechanism (Gilford et al., 2020). With the present observational constraints from MIS 5e, it is 
unclear whether such dynamic mechanisms are required, but constraining the role of ice cliff 
instability during past retreat events would represent a major step for accurately modelling the rates 
of change associated with Antarctic contributions to past interglacial sea levels. Furthermore, 
evidence on whether these processes were at play in the past would provide essential information 
to constrain the high-end predictions of future sea level change and to project near-future rates of 
sea level change (Edwards et al., 2019; Gilford et al., 2020). 
 
While atmospheric forcing for an ice sheet model can reasonably be approximated based on 
Antarctic ice core temperature reconstructions (Jouzel et al., 2007; DeConto and Pollard, 2016; 
Blasco et al., 2019) or using local insolation and atmospheric CO2 forcing (Tigchelaar et al., 2018), 
past ocean forcing of the Antarctic Ice Sheet is harder to implement. Challenges arise from the lack 
of suitable paleoceanographic archives from the Southern Ocean, in particular from sites proximal to 
the ice sheet where the forcing acts, and a lack of understanding of local ocean dynamics under ice 
shelves and near ice sheet grounding lines. Therefore, our present understanding of the mechanisms 
that may have influenced ocean forcing and contributed to melting of the Antarctic Ice Sheet is 



largely based on modern observations and modelling. As described above, changes in ocean heat 
transport linked to the bipolar seesaw (Stocker and Johnsen, 2003; Holden et al., 2010) may have 
been a major factor behind the elevated Southern Ocean warmth affecting surface, intermediate, 
and deep waters during deglacial or interglacial periods (Figure 11.9b-c). Alternatively, enhanced 
melting of the Antarctic Ice Sheet during MIS 5e could have been linked to warming of CDW arising 
from changes in the temperature of NADW or its fractional contribution to CDW (Duplessy et al., 
2007; Rohling et al., 2019). Regardless of the exact controlling mechanisms, CDW temperatures are 
important because where this water mass is able to cross the Antarctic continental shelves (such as 
in deep channels or where the shelves are narrow), its warmth can melt the undersides of ice 
shelves or the deep portions of an ice sheet near its grounding line (Pritchard et al., 2012; Alley et 
al., 2016; Silvano et al., 2016; Turner et al., 2017; Nakayama et al., 2019). If CDW was no more than 
~1 °C warmer during MIS 5e than during the pre-industrial Holocene (Duplessy et al., 2007; 
Shackleton et al., 2020), these changes may have been insufficient on their own to cause the 
magnitude of retreat proposed to have occurred (Figure 11.10c). However, increases in the 
upwelling of CDW and/or more efficient transport of CDW across the Antarctic shelves could also 
have been important for increasing the heat supply to the ice sheet margins (Fogwill et al., 2014; 
Hillenbrand et al., 2017; Turner et al., 2017). Hence, the possibility arises for forcing by atmospheric 
processes because of their control on CDW upwelling and transport (Anderson et al., 2009; Fogwill 
et al., 2014; Turner et al., 2017).  
 
In the absence of a full understanding of the above processes, ocean forcing has often been applied 
in a fairly simplistic way in ice sheet models, for example using a spatially uniform warming (Mengel 
and Levermann, 2014; DeConto and Pollard, 2016; Golledge et al., 2017; Turney et al., 2020). Where 
an ocean climatology derived from an atmosphere-ocean general circulation model was applied to 
an ice sheet model, both the climate forcing and the modelled ice sheet response were found to be 
inconsistent with paleoclimate records (Sutter et al., 2016), such that the application of a uniform 
warming was recommended. Regardless of the detailed approach, the majority of models applying 
an ocean forcing have suggested that collapse of the WAIS during MIS 5e was feasible in light of 
paleoclimate constraints (Capron et al., 2014; Hoffman et al., 2017). Specifically, modelled collapses 
occurred under regional ocean warming of ~0.5 °C (Golledge et al., 2017), ~1 °C (Turney et al., 2020), 
~2 °C (DeConto and Pollard, 2016), and ~2-3 °C (Sutter et al., 2016), and also in a model with 
transient variations in ocean forcing derived from a general circulation model that was forced to 
replicate reconstructed AMOC variability (Clark et al., 2020). In addition, a high-resolution modelling 
study using the BISICLES model also indicates the sensitivity of WAIS to collapse on centennial to 
millennial timescales in response to CDW incursions and ice shelf removal from any of its major ice 
shelves (Amundsen Sea, Ronne, or Ross) (Martin et al., 2019). While not specifically targeted at MIS 
5e, and probably somewhat extreme in the forcing assumed, that study indicates one mechanism 
through which the WAIS could respond to ocean warming and reduced ice shelf buttressing during 
MIS 5e. In contrast, one recent modelling study found that WAIS collapse during late Pleistocene 
interglacials only occurred when forced by sub-surface warming of ~4 °C (Tigchelaar et al., 2018), 
which the authors considered to be unrealistically high, but their suggestion that both the WAIS and 
EAIS were relatively stable creates a problem in explaining the global sea level data from MIS 5e and 
MIS 11. Marine Isotope Stage 11 has received less targeted attention from modelling, but a recent 
study simulated WAIS collapse during this interval with an intermediate ocean warming of only ~0.4 
°C when sustained for ~4 kyr (Mas e Braga et al., 2021), which represents warming that is around an 
order of magnitude lower than in Tigchelaar et al. (2018). It will be important to resolve the causes 
of such model differences, which will require higher resolution ice sheet models, the inclusion of 
both sea ice processes and cross-shelf CDW transport in coupled ocean-ice sheet models (Nakayama 
et al., 2019), and the incorporation of dynamical ice sheet-ocean-climate feedbacks, as well as better 
high latitude paleotemperature constraints and verification with geological records. 
 



Finally, it is important to emphasise that the relative contributions of different processes to ice loss 
are likely to differ between sectors of Antarctica and to vary with the climate state (Golledge et al., 
2017; Morlighem et al., 2020). Although late Pleistocene and near-future changes are likely to occur 
in marine basins, variable contributions can be expected from atmospheric and ocean warming, with 
WAIS catchments most sensitive to ocean warming and EAIS catchments sensitive to a combination 
of atmospheric and ocean warming (Golledge et al., 2017). Given the likelihood of differing 
sensitivities between regions, the existing late Pleistocene constraints on the Wilkes Subglacial Basin 
(Wilson et al., 2018; Blackburn et al., 2020; Sutter et al., 2020) are not sufficient on their own to 
validate or tune an ice sheet model. It will therefore be important to obtain further geological 
evidence from other sectors of the EAIS and WAIS in order to test the sensitivity of specific Antarctic 
catchments to atmospheric and/or ocean warming. Another major target for the future will be data 
constraining the possibility of WAIS collapse in each of the recent late Pleistocene interglacials, 
because at present the evidence is sparse and equivocal. Nevertheless, whereas earlier model 
studies tended to implicate MIS 7 as the late Pleistocene interglacial with the greatest potential for 
Antarctic Ice Sheet retreat due to the high insolation peak at this time (e.g. Pollard and DeConto, 
2009; de Boer et al., 2014), recent models have indicated greatest retreat during MIS 5e and MIS 11 
(e.g. Sutter et al., 2019), in better agreement with constraints from the Wilkes Subglacial Basin 
(Wilson et al., 2018; Blackburn et al., 2020) and with global sea level reconstructions (Dutton et al., 
2015; Spratt and Lisiecki, 2016).  
 

11.5.7 Millennial variability and ice sheet-ocean-climate feedbacks 
 

A recent assessment of global sea level variability during MIS 5e, based on the Red Sea δ18O record 
in combination with a salinity reconstruction from the surface ocean near Greenland, has implicated 
asynchronous ice volume changes between Greenland and Antarctica during this interval (Rohling et 
al., 2019). These authors suggested that an early MIS 5e sea level high stand at ~129-125 ka was 
caused by Antarctic melting during and following Heinrich Stadial 11, and that these changes 
preceded significant melting in Greenland. Given the coincidence of Antarctic melting with a cool 
interval in the Northern Hemisphere, and the asynchronicity with Greenland retreat, this millennial 
scale response of the Antarctic Ice Sheet has been attributed to changes in the supply of warm water 
to the Antarctic shelves linked to the bipolar seesaw (Holden et al., 2010; Marino et al., 2015; Clark 
et al., 2020; Turney et al., 2020). In addition to warming of the interior ocean and Southern Ocean 
during Heinrich Stadial 11 (Duplessy et al., 2007; Shackleton et al., 2020), southward shifts in the 
southern westerly winds likely occurred as a bipolar seesaw response to weakening of the AMOC 
(Menviel et al., 2018) and could have enhanced incursions of warm CDW onto the shelves (Fogwill et 
al., 2014). 
 
Millennial changes in the Antarctic Ice Sheet have also been proposed for the last glacial period. Sea 
level reconstructions from the Red Sea indicate sea level rise of up to ~30 m at ~20 mm/yr during 
the Antarctic warm events of MIS 3, which was originally attributed to approximately equal 
contributions from Antarctic and Northern Hemisphere ice sheets (Rohling et al., 2004). However, an 
Antarctic contribution of ~15 m would appear to be an over-estimate, since it would match or 
exceed the deglacial changes in Antarctica between the LGM and the Holocene (RAISED Consortium, 
2014; Tigchelaar et al., 2018). A recent ice sheet model supports ice loss from the Antarctic Ice Sheet 
in response to millennial scale climate variability during the last glacial period, but of a smaller 
magnitude, with ocean warming contributing to sea level rise of up to ~6 m from a combination of 
both WAIS and EAIS margins (Blasco et al., 2019). Evidence for rapid drops in global sea level during 
the last glacial period has also been reported, including a sea level fall of ~17 m towards the end of 
the LGM (Yokoyama et al., 2018), although a large proportion of that ice growth was presumably in 
the Northern Hemisphere. Regardless, these data suggest that ice sheets may also gain volume 



rapidly, so the origin of such ice growth events must be explored for a better understanding of ice 
sheet dynamics. 
 
Whereas salinity reconstructions and IRD records have provided extensive evidence on millennial 
variability of the North American and Greenland ice sheets during the late Pleistocene (Hemming, 
2004; Rohling et al., 2019), comparable marine geological evidence on the Antarctic Ice Sheet has 
been more limited. In an early pioneering study, IRD records from the high latitude Southeast 
Atlantic Subtropical Zone (Cape Basin core TNO57-21) and Antarctic Zone (ODP Site 1094) were used 
to infer millennial variability in iceberg discharge from the Weddell Sea sector of the WAIS during 
MIS 3 (Kanfoush et al., 2000). These authors suggested that such changes may have been linked to 
rapid sea level variability or to the enhanced warmth of CDW due to increased NADW contributions 
during Northern Hemisphere interstadials (Figure 11.7d,e). However, such a mechanism would seem 
inconsistent with the Red Sea and modelling studies described above, in which Antarctic retreat was 
linked to Northern Hemisphere stadials, and it might be suspected that complications from iceberg 
survivability in this setting make it challenging to infer the exact timing of discharge events from the 
Antarctic Ice Sheet.  
 
A more recent study used IRD records from cores in Iceberg Alley in the Scotia Sea to explore 
millennial variability in the Antarctic Ice Sheet during the last deglaciation (Weber et al., 2014). That 
study revealed centennial to millennial scale fluctuations in IRD content during the deglaciation, 
potentially indicating variability in ice sheet processes on very short timescales. Pronounced 
deglacial IRD peaks occurred during early Heinrich Stadial 1 (~17-16 ka) and at the onset of the 
Antarctic Cold Reversal (~15-14 ka), with the latter consistent with an Antarctic contribution to 
meltwater pulse (MWP) 1A (Weber et al., 2014). Although it is difficult to quantify the contribution 
of local icebergs from the Antarctic Peninsula (or the Weddell Sea region more generally) versus far-
travelled icebergs from East Antarctica in those records, future geochemical and mineralogical 
provenance studies may provide this information. Unfortunately, the effects of changes in basal 
sediment content and its survival, both in ice shelves as they flow to the calving line (Smith et al., 
2019) and in icebergs in the open ocean (Clark and Pisias, 2000), may challenge a simple 
interpretation of ice dynamics, but it is interesting to note that ice sheet models have reproduced a 
very similar temporal pattern in Antarctic ice discharge through the deglaciation (Golledge et al., 
2014). The debate concerning the origin of MWP-1A is active and ongoing, with the case also being 
made for a dominantly Northern Hemisphere meltwater source (Mackintosh et al., 2011), while a 

recent data-model comparison using planktonic δ18O records is consistent with significant 
contributions from both hemispheres (Yeung et al., 2019). 
 
The Antarctic Ice Sheet may not only respond to changes in AMOC and interhemispheric heat 
transport on millennial timescales, but it could also melt through local positive feedbacks following 
an initial perturbation. In particular, meltwater input and surface stratification could generate 
further local subsurface warming in the Southern Ocean, thereby enhancing ice shelf and ice sheet 
melting and accelerating ice sheet retreat (Golledge et al., 2014; Fogwill et al., 2015; Bronselaer et 
al., 2018; Schloesser et al., 2019). Such a positive feedback mechanism has been proposed to explain 
Antarctic melting during MWP-1A during the last deglaciation (Golledge et al., 2014; Weber et al., 
2014), as well as during early MIS 5e (Rohling et al., 2019). However, it is also worth noting that local 
processes near an ice margin could lead to negative feedbacks as well as positive ones. For example, 
the expansion of large ice shelf cavities in response to ice sheet retreat from the continental shelves 
could trigger extensive supercooling of near-surface waters and sea ice growth, thereby reducing ice 
shelf melting and slowing retreat (e.g. Ashley et al., 2021). As well as causing local changes, Antarctic 
meltwater inputs could also affect the global ocean circulation, because stratification of the near-
surface ocean would restrict AABW formation, as suggested for MWP-1A (Golledge et al., 2014) and 
early MIS 5e (Hayes et al., 2014). Furthermore, since meltwater inputs would be likely to enhance 



sea ice formation and generate surface cooling, they could cause northward shifts in ocean fronts 
and atmospheric circulation patterns, with the effects extending even to the intertropical 
convergence zone (Bronselaer et al., 2018). Therefore, in a case where Antarctic ice sheet melting 
arose from Southern Ocean warming and southward-shifted westerly winds linked to an AMOC 
reduction, these meltwater-induced changes could potentially provide a negative feedback on the 
original global-scale ocean and atmospheric circulation changes. With millennial variability of the 
Antarctic Ice Sheet only now starting to be addressed in ice sheet models (Golledge et al., 2014; 
Blasco et al., 2019; Martin et al., 2019; Clark et al., 2020), these kinds of dynamic ice sheet-ocean-
climate feedbacks (both local and global) will need to be incorporated for these models to be 
effective. 
 
 

11.6 Antarctica during earlier Pleistocene climate states 
 

11.6.1 Lukewarm interglacials 
 
Before the MBE at ~430 ka, interglacial periods in Antarctica were cooler than the more recent ones 
and are often described as “lukewarm” interglacials (Jouzel et al., 2007) (Figure 11.3g). Interglacial 
atmospheric CO2 concentrations were also lower during this interval (Figure 11.3h), consistent with a 
greenhouse gas influence on global temperatures, but a complete explanation for the changes at the 
MBE is lacking. While oceanic processes play a major role in setting atmospheric CO2 levels, there is 
currently little evidence to suggest significant differences in deep water source regions or ocean 

circulation across the MBE. Benthic δ13C and neodymium isotope data from the deep North Atlantic 
Ocean (Site U1313) during the early Pleistocene indicate that similar glacial and interglacial modes of 
deep ocean circulation have operated since the onset of significant glacial Southern Ocean 
stratification and sea ice expansion at the start of the Pleistocene (Lang et al., 2016). Similarly, high 
resolution neodymium isotope data spanning the last ~800 kyr from the mid-depth equatorial 
Atlantic (ODP Site 929) record no evidence of interglacial changes in Atlantic Ocean circulation 
across the MBE (Howe and Piotrowski, 2017), indicating a clear decoupling from atmospheric CO2 
and Antarctic temperatures. Since sea ice proxies in ice cores record a shift across the MBE that 
resembles Antarctic temperature changes (Wolff et al., 2006) (Figure 11.3f), Southern Ocean 
processes are a strong candidate to explain interglacial changes across the MBE. This suggestion is 
also supported by increases in interglacial Antarctic Zone productivity and deep water ventilation at 
ODP Site 1094 after the MBE (Jaccard et al., 2013). 
 
Here we highlight this interval because constraints on the Antarctic Ice Sheet response to the 
lukewarm interglacials could complement the evidence on more recent super-interglacials such as 
MIS 5e and MIS 11. However, there is currently a dearth of evidence from Antarctica during this 
interval. The ANDRILL cores from the Ross Sea are challenging to interpret during the lukewarm 
interglacials because clearly defined ice shelf sediments are less frequent than during the more 
recent interglacials, although there may have been an episode of ice shelf retreat and/or open ocean 
conditions during one of these interglacials (McKay et al., 2012b). As described earlier, the possibility 
of retreat or collapse of the WAIS during MIS 13-15 was put forward based on elevated productivity 
and distinctive sediment inputs in an Amundsen Sea core (Hillenbrand et al., 2009). If correct, this 
result would imply either the importance of extended warmth rather than peak warmth in triggering 
WAIS retreat, or a role for local ocean forcing at this time (Hillenbrand et al., 2009), but more 
evidence from other settings is required to confirm this event. 
 
For the EAIS, a clay minerology record from Prydz Bay also hints at enhanced retreat of the Lambert 
Glacier-Amery Ice Shelf system during MIS 13 (Wu et al., 2021), but that possibility needs to be 
tested with additional proxies and a longer record. At Site U1361 offshore of the Wilkes Subglacial 



Basin, it was not possible to conduct provenance work on the lukewarm interglacials due to core 
disturbance (Wilson et al., 2018). However, recent studies using other piston cores from this East 
Antarctic margin have provided paleoenvironmental records that extend back into interglacials prior 
to the MBE (Tolotti et al., 2018; Jimenez-Espejo et al., 2020). On the basis of elemental chemistry 
and XRF core-scanning records, Jimenez-Espejo et al. (2020) suggested that the lukewarm 
interglacials were characterised by a reduced variability in ocean conditions and ice sheet size, while 
Tolotti et al. (2018) indicated changes in diatom assemblages at the MBE. Future work using isotopic 
provenance and IRD records in this region could therefore provide further constraints on the 
behaviour of the ice sheet in the Wilkes Subglacial Basin during lukewarm interglacials.  
 

11.6.2 Super-interglacial MIS 31 
 
Similar to MIS 5e and MIS 11, certain early Pleistocene interglacials also experienced warmer than 
usual interglacial conditions, both in Antarctica and globally. A distinctive example is MIS 31 (1.08-
1.06 Ma), when the high latitude Southern Ocean warmed by several degrees above modern day 
values (Scherer et al., 2008; Villa et al., 2008; Beltran et al., 2020), accompanied by deep ocean 
warming and/or global ice volume decrease (Lisiecki and Raymo, 2005; Raymo et al., 2006) (Figure 
11.4g). This interval provides an additional test for the Antarctic Ice Sheet response to high latitude 
warming above present day temperatures, similar to the Pliocene but under more comparable ice 
sheet boundary conditions to the modern day. Notably, recent data from MIS 31 include SST 
reconstructions that indicate warming of ~5 °C at the Antarctic margin, based on organic biomarkers 
(Uk’

37; Long Chain Diol Index, LDI) at Site U1361 offshore of the Wilkes Subglacial Basin and at ODP 
Site 1101 offshore of the Antarctic Peninsula (Beltran et al., 2020) (Figure 11.2). This excess warmth 
has been linked to a specific alignment of orbital parameters (i.e. high obliquity and eccentricity) 
that led to an unusually high summer insolation anomaly at high latitudes (Berger and Loutre, 1991). 
However, such a magnitude of warming cannot be explained by insolation forcing alone, leading to 
the suggestion that a minor initial warming triggered ice sheet collapse, with subsequent dynamic 
ice sheet-ocean-climate feedbacks leading to the major warming event (Beltran et al., 2020). 
 
The best constraints on the Antarctic Ice Sheet behaviour during MIS 31 come from the Ross Sea, in 
the form of an unusual carbonate unit at Cape Roberts Project site CRP-1 (Scherer et al., 2008) and 
an interval of extended sedimentation of diatomite and volcanic sands at AND-1B (Naish et al., 2009; 
McKay et al., 2012b) (Figure 11.2). Both observations indicate sea ice retreat and open ocean 
deposition, and have been interpreted to indicate retreat of the Ross Ice Shelf and the WAIS as a 
whole. This scenario can also be reproduced in ice sheet models forced by warm ocean waters, with 
model outputs suggesting ~6-8 m sea level rise, with ~4 m from WAIS collapse and the remainder 
from small-scale retreat or ice thinning in the subglacial basins of East Antarctica (DeConto et al., 
2012; Beltran et al., 2020). 
 
These changes in the WAIS may also have had more widespread global consequences. As discussed 
earlier, freshwater input linked to ice sheet retreat could generate a series of feedbacks in the 
climate system, through reduced AABW formation, increased sea ice formation, and shifts in 
atmospheric circulation (Bronselaer et al., 2018). Retreat of the WAIS during MIS 31 (McKay et al., 
2012b) may provide such an example, because it is proposed to have played a role in reducing AABW 
formation and inflow to the deep Southwest Pacific (Hall et al., 2001), and to have influenced the 
remarkably warm interglacial temperatures at Lake El’gygytgyn in Siberia through feedbacks 
involving ocean circulation and/or sea level change (Melles et al., 2012). 
 
Unfortunately, geological constraints on the EAIS during this interval are rather poor, making it 
difficult to test ice sheet model outputs that typically suggest only minor changes (DeConto et al., 
2012; Beltran et al., 2020). Teitler et al. (2015) compared IRD records through MIS 31 from a 



proximal site on the Prydz Bay continental rise (ODP Site 1165) (Figure 11.2) and a distal South 
Atlantic site (ODP Site 1090). At the distal ODP Site 1090, there was a significantly reduced IRD 
content during this warm interval, similar to MIS 5e and MIS 11, which was likely controlled by SST 
warming. The proximal ODP Site 1165 in Prydz Bay recorded increased sedimentation rates and 
increased IRD supply during MIS 31, coupled to evidence for ocean warming from the elevated 
foraminiferal carbonate content. Therefore, these data do not support loss of the marine ice margin, 
consistent with model studies (Beltran et al., 2020), but do suggest some local instability and/or ice 
margin retreat. However, detailed stratigraphy is challenging through this period, in both ODP Site 
1165 (Teitler et al., 2015) and the Ross Sea records (McKay et al., 2012b), and future research will be 
required to provide better constraints on Antarctic Ice Sheet dynamics during MIS 31. 
 

11.6.3 Mid Pleistocene Transition 
 
At the MPT (~900 ka), there was an intensification of glacial conditions and a major switch in the 
predominant cyclicity of global climate records (Figure 11.4). The ~41 kyr cycles of the early 
Pleistocene were replaced by ~100 kyr cycles in the late Pleistocene (Ruddiman et al., 1989; Lisiecki 
and Raymo, 2005), but the cause of this event remains unexplained. Early ideas included the crossing 
of a CO2 threshold that made the Northern Hemisphere ice sheets more resistant to melting (Berger 
et al., 1999) or which influenced their sensitivity to integrated summer insolation forcing (Huybers, 
2006); a change in the dynamics of those ice sheets linked to regolith removal from their base (Clark 
and Pollard, 1998); a transition from predominantly terrestrial-based ice sheets to expanded marine-
based ice sheets in Antarctica (Raymo et al., 2006); or a change in bottom water formation around 
Antarctica that enhanced glacial ocean carbon storage (Paillard and Parrenin, 2004). While the 
Northern Hemisphere mechanisms continue to be explored (Willeit et al., 2019), here we focus on 
the two mechanisms linked to Antarctica and discuss the new constraints that have emerged in 
recent years to test them. 
 

11.6.3.1 Role of Antarctic Ice Sheet dynamics 
 
Raymo et al. (2006) suggested that the MPT may have resulted from a change in Antarctic Ice Sheet 
dynamics, specifically the development of marine-based ice sheets in Antarctica. In this hypothesis, 
the dominant 41 kyr signal in global climate records before the MPT is explained as an in-phase 
response of the Antarctic and Northern Hemisphere ice sheets to obliquity forcing. Because the 
influence of precession forcing is out of phase between the hemispheres, it was proposed that the 
precession component of ice sheet variance was out of phase, such that the coincidence of Northern 
Hemisphere ice sheet advance with Antarctic Ice Sheet retreat led to an approximate cancelling out 

of the precession signal in globally-integrated δ18O records. According to this hypothesis, the 
expansion of marine-based ice sheets in Antarctica at the MPT would have resulted in an increased 
sensitivity of the Antarctic Ice Sheet to Northern Hemisphere climate and ice volume variability, 
propagated through changes in ocean circulation and sea level. Hence, more synchronous ice sheet 
behaviour would emerge at this time, leading to greater overall ice volumes and stronger ~21 kyr 

and ~100 kyr signals (Raymo et al., 2006). Evidence from a benthic foraminiferal δ18O record in the 
deep Southwest Pacific Ocean was taken to support an increase in Antarctic ice volume at the MPT 
(Elderfield et al., 2012) (Figure 11.4b), but this scenario is equivocal because that record could have 
been influenced by regional changes in deep ocean circulation (Ford and Raymo, 2020), while the 
location of ice build-up cannot be determined by this method. 
 
The idea of a switch from a terrestrial to a marine-based EAIS (Raymo et al., 2006) can now be 
addressed with more direct evidence, in particular from Site U1361 which constrains changes in the 
vicinity of the Wilkes Subglacial Basin (Figure 11.2). The key observation here, based on a range of 
sedimentological and geochemical evidence, is that a marine-based ice sheet existed in East 



Antarctica from the Early Pliocene to the early Pleistocene (Escutia et al., 2011; Patterson et al., 
2014), periodically extending to the continental shelf edge (Reinardy et al., 2015), and also in the 
late Pleistocene (Wilson et al., 2018) and presumably in between (Bertram, 2018). Therefore, it is 
hard to support the idea that the MPT originated from a switch from a smaller terrestrial EAIS to an 
expanded marine-based EAIS. For the WAIS, there is also strong evidence from the Ross Sea (AND-
1B) (Figure 11.2) for marine margins in both the Pliocene and Pleistocene (Naish et al., 2009), and for 
a control on its dynamics by obliquity rather than precession cycles in the Pliocene and early 
Pleistocene (Naish et al., 2009). In contrast to those observations, and depending on the climate 
scenario, some ice sheet model runs have suggested that a switch to a marine-based WAIS could 
have occurred at around the MPT (Sutter et al., 2019). A ~200-kyr long unconformity at around this 
time in the ANDRILL record would be consistent with the expansion of a marine-based ice sheet in 
the Ross Sea Embayment at the MPT, and is interpreted as representing a cooling climate in the high 
southern latitudes that allowed ice shelves to persist into interglacial periods (McKay et al., 2009; 
McKay et al., 2012b). However, even if the WAIS expanded at this time, it would not be possible to 
explain the majority of the MPT ice volume signal in this way.  
 
While the above evidence does not support a transition between a terrestrial and a marine Antarctic 
Ice Sheet at the MPT, it is interesting that temporal shifts in the orbital cyclicity of IRD records from 
the EAIS have been recorded within the Plio-Pleistocene. For example, Patterson et al. (2014) 
demonstrate a much earlier switch in the orbital behaviour of the EAIS in the Wilkes Subglacial Basin, 
with IRD records from Site U1361 indicating ~41 kyr cyclicity during the warm Mid Pliocene followed 
by a shift to ~21 kyr and ~100 kyr cyclicity around the onset of the Pleistocene. Hence, the idea that 
local forcing could create ~21 kyr cyclicity in Antarctic Ice Sheet dynamics during the early 
Pleistocene (Raymo et al., 2006) appears to be supported, and such changes could conceivably have 

been cancelled out in marine δ18O records by similar opposing changes in the Northern Hemisphere. 
However, the significant IRD content indicates the presence of a marine-terminating margin during 
the early Pleistocene, so this Antarctic precession signal was clearly not the result of a terrestrial 
EAIS. Instead, Patterson et al. (2014) suggested that an increased sea ice extent linked to Plio-
Pleistocene cooling could have shielded the early Pleistocene ice sheet from marine forcing and left 
it relatively more sensitive to local precession forcing. The growth of Northern Hemisphere ice 
sheets and an accompanying decrease in global sea level has also been proposed to play a possible 
role in increasing the stability of the marine sectors of the EAIS within the early Pleistocene (Jakob et 
al., 2020).  
 
The late Pleistocene IRD record at Site U1361 was generated from material deposited under lower 
sedimentation rates than during the Pliocene, making it difficult to characterise orbital cyclicity 
(Wilson et al., 2018). Nevertheless, the observation of IRD pulses during terminations of the last five 
glacial periods appears consistent with Antarctic Ice Sheet variability that was synchronised to 
changes in the Northern Hemisphere ice sheets. Modelling studies suggest that synchronisation in 
the late Pleistocene could arise through a combination of global sea level and CO2 changes 
(Tigchelaar et al., 2018; Gomez et al., 2020), and the deglacial sea level forcing acting on the marine 
margins of the Antarctic Ice Sheet would certainly have increased with the development of larger 
Northern Hemisphere ice sheets at the MPT. In addition, larger Northern Hemisphere ice sheets 
since the MPT may have displayed more dynamic behaviour (Hodell et al., 2008), potentially leading 
to increased millennial variability in the Atlantic deep ocean circulation and a stronger bipolar 
seesaw (Stocker and Johnsen, 2003). If early interglacial retreat of the Antarctic Ice Sheet occurred in 
response to heat transport changes during terminal Heinrich Stadial events (Marino et al., 2015; 
Rohling et al., 2019; Clark et al., 2020), such a scenario could effectively synchronise the ice sheets 
on orbital timescales, even while the behaviour is asynchronous on millennial timescales. Overall, 
while changes in the magnitude and length of glacial cycles at the MPT are likely to have affected the 



behaviour of the Antarctic Ice Sheet, there is a lack of evidence at present to suggest that a change 
in Antarctic Ice Sheet dynamics played the significant role in this transition.  
 

11.6.3.2 Role of the Southern Ocean carbon cycle 
 
In light of the dominant control of Southern Ocean processes on the late Pleistocene carbon cycle 
(Figure 11.6), this region is a strong candidate to have played a role in the declining glacial 
atmospheric CO2 levels at the MPT (Figure 11.4h). As proposed by Paillard and Parrenin (2004), 
changes in SST or sea ice extent could impact on polar ocean stratification, deep ocean circulation, 
and carbon storage, leading to extended glacial periods that are more resistant to deglaciation. A 

recent study has tested this idea using paired planktonic and benthic δ18O records from ODP Site 
1094 to reconstruct the surface stratification of the Southern Ocean Antarctic Zone across the MPT 
(Hasenfratz et al., 2019). These authors demonstrated that a stronger halocline has formed during 
glacial periods since the MPT, in association with reduced communication between the deep ocean 
and the Antarctic surface, with these two factors potentially combining to form a positive feedback 
loop. In this scenario, glacial carbon storage could be enhanced and a stronger orbital forcing would 
be required to initiate deglacial carbon release, allowing glacial periods to be extended and larger 
Northern Hemisphere ice sheets to grow (Hasenfratz et al., 2019). This mechanism is supported by 
atmospheric CO2 reconstructions from marine boron isotope records (Hönisch et al., 2009; Chalk et 
al., 2017) (Figure 11.4h) and from Antarctic blue-ice cores (Higgins et al., 2015; Yan et al., 2019), 
which indicate a decline in glacial CO2 levels of ~30 ppm at the MPT. A change of this magnitude is 
readily achievable through changes in the Antarctic Zone (Hain et al., 2010; Watson et al., 2015), but 
the CO2 records do not uniquely constrain the mechanism of carbon drawdown. A further 
complexity is that while a period of global cooling preceding the MPT may have pre-conditioned the 
Earth for such a mechanism (Snyder, 2016) (Figure 11.4c), the stalling of global average 
temperatures at ~1.2 Ma suggests that another trigger was ultimately required to generate the ice 
volume increase at ~800-900 ka (Figure 11.4a,b). 
 
Evidence for changes in deep ocean circulation and chemistry in the Atlantic Ocean is recorded 
across the MPT, including a weakening or shoaling of the glacial AMOC (neodymium isotopes; Pena 
and Goldstein, 2014) that coincided with enhanced deep ocean carbon storage (benthic B/Ca and 
Cd/Ca; Farmer et al., 2019). Those records are consistent with the Southern Ocean circulation 
changes expected from the Antarctic Zone mechanism (Ferrari et al., 2014; Hasenfratz et al., 2019). 
Furthermore, the distinct circulation switch during MIS 22-24 (Pena and Goldstein, 2014) appears to 
have coincided with the glacial ice volume expansion at ~900 ka (Elderfield et al., 2012), which 
suggests that a sensitive response of the ocean circulation to a combination of forcings may have 
ultimately determined the timing for the emergence of the 100 kyr cycles. Low orbital eccentricity at 
~900 ka has been proposed to play a role, although the extent to which orbital forcing acted as a 
Northern Hemisphere (Pena and Goldstein, 2014) or Southern Hemisphere (Elderfield et al., 2012) 
driver remains to be determined. Further work will be required to understand the mechanistic links 
between near-surface stratification and deep water formation in the Southern Ocean, as well as the 
feedbacks between Southern Ocean processes, Atlantic Ocean circulation, and the Northern 
Hemisphere ice sheets during this interval. 
 
Evidence for Subantarctic Zone changes has also been obtained over the MPT, with planktonic 

foraminiferal Mg/Ca and δ18O reconstructions at ODP Site 1090 indicating an early cooling and 
freshening of the surface ocean during glacial periods at ~1250 ka (Rodríguez-Sanz et al., 2012). 
Those results could indicate either a sea ice expansion or a latitudinal migration of the westerly wind 
belt driving shifts in the Southern Ocean fronts (Rodríguez-Sanz et al., 2012), which may have helped 
precondition the Earth system for the changes at the MPT. In addition, glacial dust fluxes in the 
Subantarctic Zone of the Atlantic sector approximately doubled at the MPT (Martinez-Garcia et al., 



2011) (Figure 11.4i), which suggests that iron fertilisation of surface ocean productivity could have 
contributed to the glacial carbon drawdown at the MPT and to longer-lasting glacial periods 
thereafter (Martinez-Garcia et al., 2011; Chalk et al., 2017). Although fertilisation of the Subantarctic 
Zone in the late Pleistocene is responsible for ~30 ppm glacial CO2 drawdown (Hain et al., 2010), the 
dust changes at the MPT might be expected to have arisen as a result of increased global ice volume 
and reduced sea level, in which case this process may have acted as a positive feedback rather than 
as the trigger for the MPT, similar to its role during more recent glacial cycles (Figure 11.6). 
 
At present, Antarctic ice core records do not extend across the MPT (Bereiter et al., 2015) and CO2 
reconstructions from marine proxies have lower resolution and larger uncertainties (Hönisch et al., 
2009; Chalk et al., 2017) (Figure 11.4h). Therefore, obtaining continuous ice core records across this 
interval is an important target (Fischer et al., 2013; Sutter et al., 2019). High resolution records of 
Antarctic climate, sea ice, dust, and atmospheric CO2, all measured in the same archive, will be 
invaluable for determining which combination of these mechanisms and feedbacks was responsible 
for the MPT. 
 
 

11.7 Future research on Antarctica in the Pleistocene 
 

11.7.1 Motivation and outlook 
 
The boundary conditions and climatic forcing affecting each sector of the Antarctic Ice Sheet, and 
indeed each ice stream, are different (e.g. subglacial bedrock topography, basal lithology, shelf width 
and geometry, proximity to CDW inflow, ice shelf extent). Hence, a spatial perspective is critical for 
understanding the past and future responses of the ice sheet to climate change. While this chapter 
has highlighted the existing reconstructions that constrain the dynamic behaviour of the WAIS and 
EAIS in the Pleistocene, their value is limited by the small number of observations and their 
restricted spatial distribution, as well as in some cases by poor temporal resolution. 
 
With the challenges of drilling in the Southern Ocean and on the Antarctic margin, there have been 
relatively few expeditions of the IODP (and its precursors) to this region, with only 7 expeditions in 
its first 50 years from 1968 to 2017 (Figure 11.2; white squares). Following the success of IODP 
Expedition 318 to the George V Land margin of East Antarctica in 2010, a concerted community 
effort led to four expeditions to the Antarctic margin and/or high latitude Southern Ocean in 2018 
and 2019 (Figure 11.2; yellow squares). It is anticipated that samples from these expeditions will 
significantly improve upon the existing spatial and temporal resolution of records of Antarctic and 
Southern Ocean variability in the Pleistocene, particularly along the WAIS margin. However, 
increased efforts to obtain Pleistocene records of EAIS variability are required, particularly from the 
margins of the marine-based basins. 
 
As well as records of ice sheet behaviour, improved spatial coverage in records of changing Southern 
Ocean processes and properties is required, including evidence on sea ice formation, upwelling, 
deep convection, dust supply, productivity, surface fronts, and oceanic temperatures on the shelves 
and near the ice margins. In particular, there is a strong need for better records of oceanic 
temperatures at intermediate water depths near the continental shelf breaks, which models indicate 
to be a key control on ice shelf thinning that can trigger marine-based ice sheet retreat. Another 
important target is to constrain changes in Southern Ocean sea ice formation, which influences the 
locations and strengths of deep convection during the Pleistocene. Both oceanic temperatures and 
sea ice show complex spatial variability, and neither are well reproduced in the current generation of 
ocean circulation or climate models. New paleo-data will therefore be important for indicating 
system behaviour and for ground-truthing new and improved modelling approaches. For sea ice, the 



Cycles of Sea-Ice Dynamics in the Earth System (C-SIDE) working group of PAGES has been 
addressing some of these issues, for example by compiling a database of proxy data for the last 
glacial cycle, identifying data gaps, and conducting data-model comparisons (Chadwick et al., 2019), 
with the seasonality of sea ice emerging as an important factor to consider (Green et al., 2020). In 
combination, better records of sea ice extent, ocean temperatures, and deep water formation will 
guide a better understanding of the various dynamic feedbacks between the ice sheets and the 
ocean. More broadly, evidence on ice sheet-ocean-climate interactions in the Southern Ocean is 
crucial for understanding the role of Southern Hemisphere processes in heat and carbon transport, 
over timescales ranging from glacial-interglacial cycles through to millennial and sub-centennial 
climate variability. 
 
By way of introducing some of this exciting future research, we end this chapter with a brief 
overview of the sediment sequences recovered in four recent IODP expeditions (Figure 11.2). The 
discussion below is limited to preliminary findings from immediate shipboard observations, whereas 
the science emanating from those expeditions, both individually and when synthesised together, will 
fuel at least the next decade of research on the Pleistocene history of Antarctica. It is anticipated 
that future analysis of these cores will allow us to address many crucial questions that remain about 
Antarctica’s role in the global climate system. 
 

11.7.2 IODP Expedition 374: Ross Sea West Antarctic Ice Sheet History 
 
In 2018, IODP Expedition 374 drilled a latitudinal and depth transect of five sites (U1521-1525) from 
the shelf to the rise in the Ross Sea (Figure 11.2). The aim was to evaluate the Neogene to 
Quaternary response of the WAIS to ocean and atmospheric forcing, orbital forcing, and sea level 
forcing under a range of climatic boundary conditions, and to establish its contribution to far-field 
sea level change (McKay et al., 2019). In total, 1293 m of high-quality sediment cores from five sites 
were recovered, spanning the early Miocene to late Pleistocene. Because the shelf sites were 
located on the outer shelf, they will provide complementary evidence on climate forcing and WAIS 
behaviour to the existing records from the more ice-proximal ANDRILL sites in the western Ross Sea. 
 
Coring at Sites U1521 and U1522 on the shelf recovered some Pleistocene sections that will help 
constrain the shelf environment, but recovery was very poor in the Pleistocene intervals of these 
cores. At the shelf-edge, Site U1523 is well placed to evaluate Plio-Pleistocene changes in the 
Antarctic Slope Current, which could exert an important control on ice sheet stability because it 
influences the ability of modified CDW to penetrate onto the Ross Sea shelf. At deeper depths on the 
continental slope, Site U1525 will provide a complimentary view on the Antarctic Slope Current from 
early to mid Pleistocene strata. Continental rise Site U1524 is the deepest site, located on the 
southeastern levee of the Hillary Canyon, one of the largest conduits for newly-formed Ross Sea 
Bottom Water (a type of AABW). Drilling at this site recovered a mostly continuous ~120 m long 
Pleistocene record of AABW outflow. This expanded record is particularly exciting because it opens 
up the prospect of coupling evidence on the ice margin behaviour, based on turbidite activity and 
IRD/fine-grained sediment provenance, to a highly resolved record of changes in climate, meltwater 
input, and AABW production (McKay et al., 2019). 
 

11.7.3 IODP Expedition 379: Amundsen Sea West Antarctic Ice Sheet History 
 
The primary goal of IODP Expedition 379 in 2019 was to constrain the past behaviour of the WAIS in 
the Amundsen Sea Embayment (Gohl et al., 2019) (Figure 11.2), a region that is currently 
experiencing significant and rapid ice loss (Shepherd et al., 2018) and in which ice sheet retreat by 
marine ice sheet instability may already be underway (Joughin et al., 2014; Rignot et al., 2014). 



Unlike the Ross Sea or Weddell Sea, this setting benefits from the ability to record changes in WAIS 
dynamics with no direct influence from the EAIS. 
 
Continuous Plio-Pleistocene records were obtained from the continental rise at Sites U1532 and 
U1533 (Figure 11.2) and are characterised by strong lithological cyclicity. These cycles are inferred to 
be related to glacial-interglacial changes in glacially-derived sediment inputs to the Southern Ocean, 
and to oceanographic variability linked to the wind-driven currents of the Antarctic Circumpolar 
Current. Analyses of IRD accumulation rates and provenance hold the potential to constrain 
potential retreat or collapse events, and in particular to assess changes during super-interglacials of 
the late Pleistocene (e.g. MIS 11) and earlier Pleistocene (e.g. MIS 31). 
 

11.7.4 IODP Expedition 382: Iceberg Alley and Subantarctic Ice and Ocean 

Dynamics 
 
IODP Expedition 382 in 2019 targeted the first deep drilling in the Scotia Sea, with the goal of 
constraining the Plio-Pleistocene dynamics of the Antarctic Ice Sheet and its role in sea level 
variations, as well as exploring ice sheet-ocean-atmosphere interactions in the wider region (Weber 
et al., 2019). The South Scotia Sea lies in the pathway of ‘Iceberg Alley’, where icebergs escape the 
coastal ocean into the Antarctic Circumpolar Current, making it an excellent location to trace iceberg 
calving (IRD fluxes) and sources (geochemical provenance tracing). South Falkland Slope sites were 
also drilled, in a sensitive location to trace movements of the Subantarctic Front and AAIW 
properties, as well as westerly wind changes and iron fertilisation of surface ocean productivity. 
 
The Scotia Sea sites (U1536-1538; Figure 11.2) recovered diatom oozes and silty clays that form a 
continuous Plio-Pleistocene record. The Pleistocene sediments show clear glacial-interglacial 
variability in physical properties, colour, and biogenic opal content, and will provide crucial evidence 
on Antarctic Ice Sheet variability, Drake Passage throughflow, and shifts in ocean fronts and sea ice 
over this interval. These continuous high-resolution records will allow the effects of Northern 
Hemisphere Glaciation, the MPT, and the MBE to be explored, with preliminary shipboard data 
indicating the potential for a high fidelity orbital signal to be present in these records. The South 
Falkland Slope sites (U1534, U1535; outside the map area of Figure 11.2) recovered late Pliocene 
and Pleistocene foraminifera-bearing silts and clays, including a continuous late Pleistocene section 
back to ~700 ka that should allow millennial variability in frontal positions and AAIW properties to be 
reconstructed back to at least MIS 17, as well as providing some earlier Pleistocene and late Pliocene 
snapshots. 
 

11.7.5 IODP Expedition 383: Dynamics of Pacific Antarctic Circumpolar 

Current 
 
IODP Expedition 383 to the South and Southeast Pacific in 2019 did not directly target Antarctic Ice 
Sheet dynamics, but will provide important evidence on Miocene to Holocene atmosphere-ocean-
climate dynamics in the Southern Ocean region (Lamy et al., 2019). Specifically, it fills a significant 
spatial gap in records of the Antarctic Circumpolar Current, which was previously mostly constrained 
in the Atlantic and Indian sectors. Its main focus was on recovering changes in the past vertical 
structure of the Antarctic Circumpolar Current on glacial-interglacial and millennial timescales, as 
well as exploring changes during super-interglacials and the MPT. The results from this expedition 
will be highly complementary for interpreting the more proximal records of Antarctic Ice Sheet 
variability from other recent expeditions, both by providing information on the ocean conditions 
influencing the ice sheet, and by revealing how the ice sheet has influenced ocean circulation and 
climate. 



 
Sites in the central South Pacific (U1539, U1540, U1541) and eastern South Pacific (U1543) 
recovered diatom and carbonate oozes from the northern margin of the Antarctic Circumpolar 
Current at 3.6-4.1 km depth. Site U1539 will provide a particularly valuable Pleistocene record of 
Lower CDW paleoceanography because of its high late Pleistocene sedimentation rates and its 
continuation through the MPT. Nearby Site U1540 has a lower sedimentation rate, but extends 
through much of the Plio-Pleistocene, while sites U1541 and U1543 also contain mostly continuous 
records that extend back into the Miocene. The Chile margin sites (U1542, U1544) are located at 
shallower water depths of 1.1 km and 2.1 km and will provide high-resolution late Pleistocene 
records. Despite the dominance of siliciclastic sediments, these two sites will be suitable for 
monitoring late Pleistocene changes in AAIW and CDW properties and flow, providing insight into 
interconnected changes in the Southern Hemisphere ice sheet-ocean-climate system. 
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Figure 11.1: Marine and ice core records of late Pleistocene climate variability. (a) “LR04” benthic foraminiferal 

oxygen isotope (δ18O) stack (Lisiecki and Raymo, 2005). (b) Antarctic ice core temperature reconstruction (∆T, 

difference from the mean of the last millennium) based on deuterium isotopes (δDice) in EDC (Jouzel et al., 
2007). (c) Atmospheric carbon dioxide (CO2) concentrations from Antarctic ice cores (Bereiter et al., 2015). 
Marine Isotope Stage numbers are shown in (a). Note (i) the strong connection between Antarctic 

temperatures, benthic foraminiferal δ18O values, and atmospheric CO2; (ii) the dominance of quasi-100 kyr 
cycles for the last 800 kyr; and (iii) the enhanced warmth and elevated atmospheric CO2 of Antarctic 
interglacials since MIS 11 (i.e. the Mid-Brunhes Event at ~430 ka). 
 



 
 

 

Figure 11.2: Locations of key climate archives from Antarctica, including selected ice cores (blue circles) and 
marine sediment cores (white squares, yellow squares, black diamonds), and subglacial topography of 
Antarctica (Bedmap2; Fretwell et al., 2013). Sediment core sites from DSDP/ODP/IODP expeditions (white 
squares) include: DSDP Leg 28 (Ross Sea), DSDP Leg 35 (Bellingshausen Sea), ODP Leg 113 (Weddell Sea), ODP 
Legs 119 and 188 (Prydz Bay), ODP Leg 178 (Antarctic Peninsula), and IODP Expedition 318 (Wilkes Land). Sites 
from recent IODP drilling legs (yellow squares) include: IODP Expedition 374 (Ross Sea), IODP Expedition 379 
(Amundsen Sea), and IODP Expedition 382 (Iceberg Alley). Nearshore drilling sites (black diamonds) include: 
Cape Roberts Project (CRP), Cenozoic Investigations in the Western Ross Sea (CIROS), and Antarctic Drilling 
Project (ANDRILL) in the Ross Sea, and SHALDRILL on the Antarctic Peninsula. Abbreviations for ice cores: BI, 
Berkner Island; EDC, EPICA Dome C; EDML, EPICA Dronning Maud Land; RICE, Roosevelt Island Climate 
Evolution; TALDICE, Talos Dome Ice Core; TD, Taylor Dome; WAIS Divide, West Antarctic Ice Sheet Divide. 
Abbreviations for ocean fronts (white dashed lines): SBF, Southern Boundary Front; PF, Polar Front; SAF, 
Subantarctic Front. 
 



 
 

Figure 11.3: Global and Antarctic climate from 0-800 ka based on ice core and marine records. (a) Global mean 
sea level (GMSL) stack, with dashed lines showing 95 % confidence interval (Spratt and Lisiecki, 2016). (b) 

Global mean sea level (GMSL) based on combined benthic δ18O and Mg/Ca in ODP Site 1123 (light blue; 

Elderfield et al., 2012), and based on modelling of planktonic δ18O in the Red Sea (solid blue, 0-492 ka; Grant et 
al., 2014) and the Mediterranean Sea (dashed blue, 492-800 ka; Rohling et al., 2014). (c) Change in global sea 

surface temperature (∆SST) from an alkenone-based stack (solid; Martínez-Botí et al., 2015a) and change in 

global average surface temperature (∆GAST) from a combined data-modelling approach (dashed; Snyder, 
2016). (d) Southern Ocean SSTs based on alkenones from the subantarctic Southeast Pacific (purple, PS75/34-
2; Ho et al., 2012), subantarctic South Atlantic (pink, PS2489-2/ODP Site 1090; Martinez-Garcia et al., 2010), 
and subtropical Tasman Sea (orange, DSDP Site 593; McClymont et al., 2016). (e) Southwest Pacific bottom 
water temperatures (BWT) from benthic foraminiferal Mg/Ca (ODP Site 1123; Elderfield et al., 2012). (f) Sea-
salt sodium (ssNa) flux as a sea ice proxy in EDC ice core (Wolff et al., 2006). (g) Antarctic temperature 

difference (∆T) from δDice in EDC ice core (Jouzel et al., 2007). (h) Atmospheric CO2 concentration from an ice 
core compilation (Bereiter et al., 2015). (i) Non sea-salt calcium (nssCa) fluxes as a dust proxy in EDC ice core 
(Wolff et al., 2006). (j) Dust fluxes to Southern Ocean marine cores in the Atlantic (brown, ODP 1090; Martinez-
Garcia et al., 2011) and Pacific (orange, PS75/076-2; Lamy et al., 2014) sectors. Marine Isotope Stage numbers 
for interglacials are shown at the top. Vertical dotted lines indicate glacial terminations I-VIII. Yellow bar 
indicates approximate timing of Mid Brunhes Event (MBE). For clarity, uncertainties are not plotted on 
individual records. 



 
 
Figure 11.4: Global and Antarctic climate from 0-3 Ma based on marine records. (a) Global mean sea level 

(GMSL) based on modelling of planktonic δ18O in the Mediterranean Sea (Rohling et al., 2014). (b) Global mean 

sea level (GMSL) based on combined benthic δ18O and Mg/Ca in ODP Site 1123 (Elderfield et al., 2012). (c) 

Change in global sea surface temperature (∆SST) from an alkenone-based stack (solid; Martínez-Botí et al., 

2015a) and change in global average surface temperature (∆GAST) from a combined data-modelling approach 
(dashed; Snyder, 2016). (d) Southern Ocean SSTs based on alkenones from the subantarctic South Atlantic 
(pink, PS2489-2/ODP Site 1090; Martinez-Garcia et al., 2010) and the subtropical Tasman Sea (orange, DSDP 
Site 593; McClymont et al., 2016). (e) Antarctic Intermediate Water (AAIW) temperatures from the subtropical 
Tasman Sea (DSDP Site 593; McClymont et al., 2016). (f) Southwest Pacific bottom water temperatures (BWT) 

from benthic foraminiferal Mg/Ca (ODP Site 1123; Elderfield et al., 2012). (g) LR04 benthic δ18O stack (Lisiecki 
and Raymo, 2005). (h) Atmospheric CO2 concentration from ice cores (solid line; Bereiter et al., 2015) and from 
marine boron isotope records: low resolution Pleistocene data (symbols and error bars; Hönisch et al., 2009); 
early MPT (dashed line; Chalk et al., 2017); early Pleistocene (dotted line; Dyez et al., 2018); late Pliocene-
Pleistocene (dash-dot line; Martínez-Botí et al., 2015a; Sosdian et al., 2018). Note that uncertainties on those 
marine records are typically ~30-40 ppm in the Pleistocene and ~100 ppm in the Pliocene. (i) Dust fluxes to a 
Southern Ocean marine core in the Atlantic sector (ODP 1090; Martinez-Garcia et al., 2011). Vertical dashed 
grey line indicates Plio-Pleistocene boundary. Yellow bar indicates approximate timing of Mid Pleistocene 
Transition (MPT). Super-interglacial MIS 31 is indicated on panel (g). For clarity, uncertainties are not plotted 
on individual records. 



 
 
 

Figure 11.5: Schematic representation of ocean circulation structure during (a) the modern interglacial state, 
and (b) the Last Glacial Maximum. Ribbons represent water masses: green, NADW; blue, AABW; red, Pacific 
and Indian deep waters; yellow, AAIW. During glacial periods, extended Southern Ocean sea ice is proposed to 
shift the boundary between buoyancy loss and buoyancy gain northwards, reducing the width of the channel 
between the sea ice margin and 50 °S (l2 versus l1). Because interior isopycnal slopes in the channel are largely 
unchanged, the effect is to shoal the interface (dashed line) between the upper northern-sourced cell (NADW) 
and the lower southern-sourced cell (AABW). Shoaling of that water mass boundary places it above the depth 
of most rough seafloor bathymetry (black line), leading to reduced vertical mixing (vertical dashed lines) 
between the northern and southern cells, increased deep stratification, and an enhanced capacity for carbon 
storage in the lower cell. Figure reproduced from Ferrari et al. (2014). Credit: Ferrari, R., Jansen, M.F., Adkins, 

J.F., Burke, A., Stewart, A.L., Thompson, A.F., 2014. Antarctic sea ice control on ocean circulation in present and 

glacial climates. Proc. Natl. Acad. Sci. U. S. A. 111, 8753-8758. [p. 8755] 

 



 
 
 

Figure 11.6: Controls on the carbon cycle and climate through the last glacial cycle from 0-130 ka. Coloured 
bars indicate three intervals of CO2 drawdown: MIS 5e to 5d transition (blue), MIS 5 to MIS 4 transition (red), 
LGM (grey). Records are (top to bottom): Northern Hemisphere SST stacks (Kohfeld and Chase, 2017); deep 
Indian Ocean circulation from neodymium isotopes (Wilson et al., 2015); sea ice proxies in the Southeast 
Atlantic Ocean (winter sea ice extent from % F. curta; Gersonde and Zielinski, 2000) and Southeast Indian 
Ocean (sea ice duration; Crosta et al., 2004); surface nutrient utilisation from nitrogen isotopes in the Antarctic 
Zone of the Pacific Ocean (Studer et al., 2015); Antarctic SST stack from 50-60 °S plotted as relative change 
(Kohfeld and Chase, 2017); sea ice proxy from ice core ssNa flux (Wolff et al., 2006); dust flux based on nssCa 
in EDC ice core (Lambert et al., 2008); and atmospheric CO2 from EDC ice core (EPICA Community Members, 
2004). Figure reproduced from Kohfeld and Chase (2017). Credit: Kohfeld, K.E., Chase, Z., 2017. Temporal 

evolution of mechanisms controlling ocean carbon uptake during the last glacial cycle. Earth Planet. Sci. Lett. 

472, 206-215. [p. 210] 
 



 
 

 

Figure 11.7: Record of the bipolar seesaw in ice core climate records. Upper curves: Antarctic δDice or δ18Oice in 
different ice cores (Byrd, pink; EDML, purple; EDC, blue), with temperature scale on the right corresponding to 

the EDML record. Middle curve: Greenland δ18Oice (NGRIP, black). Lower curves: methane records from 
Antarctica (EDML, blue) and Greenland (composite, orange) used to synchronise the age scales. Yellow bars 
indicate warming events in Antarctica coinciding with Northern Hemisphere stadials. Ax, Antarctic warm 
events. AIMx, Antarctic Isotope Maximum events. DOx, Dansgaard-Oeschger events. Hx, Heinrich events. LGM, 
Last Glacial Maximum. ACR, Antarctic Cold Reversal. Figure reproduced from EPICA Community Members 
(2006). Credit: EPICA Community Members, 2006. One-to-one coupling of glacial climate variability in 

Greenland and Antarctica. Nature 444, 195-198. [p. 196] 
 



 
 
Figure 11.8: Records of surface climate and deep ocean circulation from the North Atlantic region during the 

last glacial period. (a) Greenland δ18Oice in NGRIP (NGRIP Members, 2004; Svensson et al., 2008). (b) North 
Atlantic SST at Bermuda Rise (Sachs and Lehman, 1999). (c) Proxy for AMOC strength based on 
protactinium/thorium (231Pa/230Th) ratios at Bermuda Rise (Henry et al., 2016). (d) Proxy for water mass mixing 

based on benthic foraminiferal δ13C at Bermuda Rise (Henry et al., 2016). Vertical blue bars indicate stadials, 
and purple bars indicate Heinrich Stadials (labelled HSx). 
 



 
 
 

Figure 11.9: Late Pleistocene variability of the EAIS in the Wilkes Subglacial Basin inferred from geochemical 
proxies at Site U1361 in relation to global sea level and climate reconstructions. (a) Antarctic temperature 

change (ΔT, difference from mean values of the last millennium) from δD in EDC ice core (Jouzel et al., 2007). 
(b) Southern Ocean bottom water temperature (BWT) from benthic foraminiferal Mg/Ca at ODP Site 1123 
(Elderfield et al., 2012). (c) Southern Ocean SST from alkenones at ODP Site 1090 (Martinez-Garcia et al., 
2009). (d) Ba/Al ratios in U1361A (XRF-scanner counts, three-point smoothed; Wilson et al., 2018), with higher 
values indicating higher marine productivity. (e) Bulk detrital sediment Nd isotopes in U1361A (Wilson et al., 
2018), as an indicator of inland (more radiogenic, up) versus coastal (less radiogenic, down) erosion. (f) Global 

sea level proxy from benthic δ18O (Waelbroeck et al., 2002), labelled with MIS numbers and sea level estimates 
from MIS 5e and MIS 11 (Dutton et al., 2015). Shading in (a-c, f) represents intervals with values above modern 
or late Holocene; red dashed line in (e) indicates the core top value. Figure reproduced from Wilson et al. 
(2018). Credit: Wilson, D.J., Bertram, R.A., Needham, E.F., van de Flierdt, T., Welsh, K.J., McKay, R.M., 

Mazumder, A., Riesselman, C.R., Jimenez-Espejo, F.J., Escutia, C., 2018. Ice loss from the East Antarctic Ice Sheet 

during late Pleistocene interglacials. Nature 561, 383-386. [p. 385] 



 
 
 

Figure 11.10: Ice sheet modelling results for MIS 5e based on the Penn State University ice sheet model 
(DeConto and Pollard, 2016). (a) Time series evolution of the Antarctic contribution to global mean sea level 
during MIS 5e, based on the outputs from two different models starting at 130 ka (panels b and c) and a 
probabilistic data-based assessment with uncertainties (16th and 84th percentiles) (Kopp et al., 2009). (b-d) 
Maps showing modelled ice thickness (with numbers indicating Antarctic contributions to global mean sea 
level) for three different model scenarios. The models are all driven by the same time-evolving proxy-based 
atmosphere and ocean climatologies and the results are plotted for the maximum MIS 5e retreat state. (b) 
New model incorporating ice shelf hydrofracture and cliff failure processes, based on modern initial 
conditions. (c) New model as for (b), but based on glacial initial conditions. (d) Old model physics, based on 
modern initial conditions. Comparing (b) with (c) indicates the modest effect of initiating the model run from 
glacial rather than interglacial initial conditions (i.e. deeper bed elevations for glacial initial conditions). 
Comparing (b) with (d) indicates the major effect of incorporating new processes (i.e. ice shelf hydrofracture 
and cliff failure) in the models. Brown areas are ice-free land surfaces. Figure reproduced from DeConto and 
Pollard (2016). Credit: DeConto, R.M., Pollard, D., 2016. Contribution of Antarctica to past and future sea-level 

rise. Nature 531, 591-597. [p. 594] 
 

 



Table 11.1: Key paleoceanographic parameters and their reconstruction from proxy measurements. 

Parameter Proxy Notes References 

Ice volume Benthic foraminiferal 

oxygen isotopes (δ18O) 

need benthic Mg/Ca data or 

climate modelling to remove 

temperature effect 

(Shackleton, 2000; 

Bintanja et al., 2005; 

Elderfield et al., 2012) 

Deep ocean 

temperature 

Benthic foraminiferal 

oxygen isotopes (δ18O) 

need to remove ice volume effect; 

also sensitive to salinity 

(Zachos et al., 2001; 

Marchitto et al., 2014) 

 Benthic foraminiferal 

Mg/Ca ratios 

potential additional carbonate ion 

influence 

(Lear et al., 2000; 

Elderfield et al., 2012) 

 Clumped isotopes of 

oxygen and carbon (∆47) 

in carbonates 

independent of fluid composition, 

but need to consider species-

dependent vital effects in corals 

(Ghosh et al., 2006; 

Spooner et al., 2016) 

Sea surface 

temperature 

(SST) 

Planktonic foraminiferal 

oxygen isotopes (δ18O) 

need to remove ice volume effect; 

also sensitive to salinity 

(Emiliani, 1955; 

Pearson, 2012) 

 Planktonic foraminiferal 

Mg/Ca ratios 

need species- and/or location-

specific calibrations; foraminifera 

cleaning method is important 

(Nürnberg et al., 1996; 

Elderfield and Ganssen, 

2000; Barker et al., 

2005; Vázquez Riveiros 

et al., 2016) 

 Unsaturation index in 

alkenones derived from 

coccoliths (Uk’
37 and 

variants) 

calibrations for different regions 

and temperature ranges; coccoliths 

can be absent near the poles; need 

to consider seasonality effects 

(Sikes and Volkman, 

1993; Conte et al., 2006) 

 Tetraether index in 

organic membrane lipids 

(TEX86 and variants) 

versions of the index exist for 

different latitudes; regional 

calibrations may be useful 

(Schouten et al., 2002; 

Ho et al., 2014) 

 Long Chain Diol Index 

(LDI) 

wide distribution including high 

latitudes; calibration extends to 

cold temperatures; research 

needed on source of diols, 

mechanism, and seasonality effect 

(Rampen et al., 2012; 

Lopes dos Santos et al., 

2013) 

 Heterocyst diol and triol 

indices (HDIs and HTIs) 

developed in lakes; application in 

the ocean is in its infancy 

(Bauersachs et al., 2015) 

Salinity Foraminiferal oxygen 

isotopes (δ18O) 

need to couple with other proxies 

to remove temperature and ice 

volume effects; salinity effects of 

sea ice are not readily resolved 

(Rohling, 2000; Schmidt 

et al., 2004) 

Meltwater 

input 

Diatom oxygen isotopes 

(δ18O) 

promising tracer in polar regions 

where foraminifera are absent; 

need to consider species, size 

fraction, vital effects, and 

diagenesis 

(Shemesh et al., 1994; 

Swann and Leng, 2009) 

Water mass 

sourcing 

Authigenic neodymium 

isotopes (εNd) 

need to constrain water mass 

endmembers; additional influences 

from weathering changes and 

boundary exchange 

(Goldstein and 

Hemming, 2003; van de 

Flierdt et al., 2016) 

 Benthic foraminiferal 

carbon isotopes (δ13C) 

need to constrain water mass 

endmembers; also influenced by 

nutrient regeneration (linked to 

surface productivity and deep 

ocean ventilation rate) 

(Lynch-Stieglitz and 

Fairbanks, 1994; Curry 

and Oppo, 2005; 

Mackensen and 

Schmiedl, 2019) 

 Benthic foraminiferal 

Cd/Ca ratios 

need to constrain water mass 

endmembers; also influenced by 

nutrient regeneration (linked to 

surface productivity and deep 

ocean ventilation rate) 

(Boyle, 1988a; 

Marchitto and Broecker, 

2006) 



Deep ocean 

ventilation 

Radiocarbon in benthic 

foraminifera or deep-sea 

corals (∆14C) 

need to compare measured ∆14C to 

∆14C of contemporaneous surface 

ocean or atmosphere 

(Shackleton et al., 1988; 

Adkins et al., 1998; Cook 

and Keigwin, 2015) 

Deep water 

export rates 

Protactinium/thorium 

(231Pa/230Th) 

significant controls from 

productivity and particle 

scavenging 

(Chase et al., 2002; 

Bradtmiller et al., 2014) 

Local current 

strength 

Mean grain size of 

sortable silt fraction (SS) 

need to test that the sediment is 

current-transported; require local 

calibrations for quantitative 

reconstructions 

(McCave et al., 1995; 

McCave and Hall, 2006; 

McCave et al., 2017) 

Export 

productivity 

Organic carbon % or 

mass accumulation rate 

(can be based on specific 

organic molecules) 

strongly influenced by preservation 

(linked to factors such as 

sedimentation rate, temperature, 

and oxygenation) 

(Sachs and Anderson, 

2005; Martinez-Garcia 

et al., 2009) 

 Opal content influenced by preservation (linked 

to sedimentation rate) 

(Mortlock et al., 1991; 

Ragueneau et al., 2000) 

 Barite content, barium 

concentrations, or Ba/Al 

ratios 

may be less sensitive to 

preservation than other 

productivity proxies 

(Francois et al., 1995; 

Paytan and Griffith, 

2007) 

Nutrient 

utilisation 

Stable nitrogen isotopes 

in bulk or microfossil-

bound organic matter 

(δ15N) 

microfossil-bound data are less 

susceptible to transport and 

diagenesis than bulk data; consider 

diatom species and seasonality 

(Francois et al., 1997; 

Studer et al., 2015) 

 Stable silica isotopes in 

diatoms (δ30Si) 

need to ensure separation from 

clay; isotopic fractionation is size 

and species-dependent 

(de la Rocha et al., 1998; 

Egan et al., 2012) 

Surface pH or 

atmospheric 

CO2 

Planktonic foraminiferal 

or coral boron isotopes 

(δ11B) 

calibrations are species-dependent; 

conversion to atmospheric CO2 

requires ocean-atmosphere 

equilibrium 

(Sanyal et al., 1997; 

Hönisch et al., 2004; 

Foster and Rae, 2016) 

Deep ocean 

pH 

Benthic foraminiferal or 

deep-sea coral boron 

isotopes (δ11B) 

calibrations are species-dependent; 

need to understand internal pH 

modification of calcifying fluid 

(particularly for corals) 

(Sanyal et al., 1997; Rae 

et al., 2011; Foster and 

Rae, 2016) 

Deep ocean 

carbonate ion 

Benthic B/Ca ratios calibrations are species-dependent (Yu and Elderfield, 2007; 

Yu et al., 2014) 

 Carbonate percent, mass 

accumulation rate, Ca/Ti 

ratios, or preservation 

indices 

also influenced by surface ocean 

productivity and porewater 

dissolution; method is most 

sensitive near lysocline depth 

(Broecker and Clark, 

2001; Anderson and 

Archer, 2002; 

Gottschalk et al., 2018) 

Deep ocean 

nutrient 

content 

Benthic foraminiferal 

Cd/Ca ratios 

also influenced by water mass 

mixing 

(Boyle and Keigwin, 

1982; Marchitto and 

Broecker, 2006) 

 Benthic foraminiferal 

carbon isotopes (δ13C) 

also influenced by changes in water 

mass endmembers and mixing 

(Lynch-Stieglitz and 

Fairbanks, 1994; 

Gebbie, 2014; 

Mackensen and 

Schmiedl, 2019) 

Deep ocean 

oxygen 

content 

∆δ13C gradient between 

epifaunal and deep 

infaunal benthic 

foraminifera 

requires suitable foraminifera 

species to co-exist; calibration 

appears best at low to moderate 

oxygen levels 

(McCorkle and Emerson, 

1988; Hoogakker et al., 

2015) 

 Alkenone preservation need independent tracer for 

surface productivity 

(Anderson et al., 2019) 

 Authigenic U, Mo, Mn, 

or other redox-sensitive 

trace metals 

controlled by porewater chemistry 

so need independent tracer for 

productivity to infer deep water 

oxygenation 

(Jaccard et al., 2009) 



Iceberg rafting 

(i.e. iceberg 

rafted debris, 

IRD) 

% or accumulation rate 

of coarse grain size 

fraction (e.g. >125 µm) 

other potential controls from 

ocean current transport, iceberg 

survival (linked to ocean 

temperature), and debris content 

of icebergs 

(Ruddiman, 1977; 

Patterson et al., 2014) 

Provenance of 

iceberg rafted 

debris 

U-Pb, K-Ar, Ar-Ar ages on 

specific minerals in 

coarse grain size fraction 

potential for biases due to nature 

of source lithology, grain size, and 

transport processes 

(Hemming et al., 1998; 

Licht and Hemming, 

2017) 

Provenance of 

fine-grained 

detrital 

sediment 

Nd, Pb, Sr isotopes in 

fine-grained or bulk 

fraction 

need to remove authigenic 

fraction; need to consider 

transport, grain size, and 

weathering effects (particularly for 

Sr) 

(Farmer et al., 2006; 

Licht and Hemming, 

2017) 

Dust input 

fluxes 

Fe concentrations or 

mass accumulation rates 

(or Fe/Al, Fe/Ti ratios by 

scanning-XRF) 

sediment redistribution can be 

addressed using method of 230Th 

normalisation 

(Kumar et al., 1995; 

Martinez-Garcia et al., 

2009) 

 232Th mass accumulation 

rate 

232Th is a lithogenic tracer but grain 

size and provenance can be 

additional influences 

(Winckler et al., 2008; 

McGee et al., 2016) 

Sea ice extent Diatom and radiolarian 

assemblages 

most effective for winter sea ice 

extent; consider seasonality; 

location of cores is critical 

(Gersonde et al., 2005; 

Benz et al., 2016) 

 Biomarkers (e.g. highly 

branched isoprenoids, 

HBIs) 

new approach still in development; 

potential to additionally resolve 

summer sea ice extent and 

seasonality 

(Collins et al., 2013; 

Vorrath et al., 2019) 

 


