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Abstract

ABSRACT

A new Coupled Middle Atmosphere - Thermosphere (CMAT) general circulation model has
been developed as an extension to the UCL Coupled Thermosphere-Ionosphete-Plasmasphere
(CTIP) model. As well as updates and improvements to the original thermospheric code, it
includes mesospheric energetics, dynamics, and composition. The aim in creating this model is to
provide a tool with which to investigate two-way coupling between the Earth’s lower and upper
atmosphere through the Mesosphere — Lower Thermosphere (MLT) region. CMAT steady state
results are presented and compared to various data sources. CMAT is able to reasonably simulate
the mesosphere, with improved modelling of the MLT and upper thermosphere regions.

Two studies were carried out, the first of which was an investigation into the effects of the
diurnal tide upon mean state of the mesosphere and thermosphere. Previous studies have shown
that tides act to deplete mean atomic oxygen in the MLT region due to increased recombination
in tidally displaced air parcels. The model runs presented suggest that mean residual circulation
associated with tidal dissipation also plays an important role. Stronger lower boundary tidal
forcing was seen to increase the equatorial local diurnal maximum of atomic oxygen and
associated O('S) 557.7 nm green line volume emission rates. The changes in mean temperature
were found to correspond to changes in mean circulation and exothermic chemical heating.

The second study presented is a simulation of geomagnetic and solar cycle variation of auroral
[OI} 630 nm nighttime emission. CMAT was able to simulate winter solstice trends in [OI] 630
nm integrated column brightness, as observed by the University College London Fabry-Perot
Intetferometers at Kiruna (Sweden), and Longyearbyen (Svalbard). The simulated 630 nm
emission at these sites is mainly due to the two classical production mechanisms, the impact of
energetic electrons and the dissociative recombination of O;*. The relative importance of these
mechanisms is controlled by both direct particle precipitation and background electron density,
which is in tutn influenced by thermosphetic dynamics. The UT maximum of integrated column
brightness did not necessarily cotrespond to the maximum in electron precipitation. A
parameterisation for the nighttime activation of O(’P) to O('D) due to energetic precipitating
electrons has been formulated using the GLOW electron transport and auroral model. This
parameterisation is presented for possible application in other thermospheric general circulation

models.



Contents

CONTENTS

ABSRACT
CONTENTS

FIGURE CONTENTS
TABLE CONTENTS

CHAPTER 1. BACKGROUND THEORY

IINTRODUCTION

1.1 BASIC ATMOSPHERIC STRUCTURE

1.2 BACKGROUND THEORY
1.2.1 THE ADIABATIC LAPSE RATE
1.2.2 THE GEOSTROPHIC BALANCE, WAVE DRAG, AND THE

MESOPAUSE ANOMALY
1.2.3 GRAVITY WAVES
1.2.4 CHEMICAL TIMESCALES AND CHEMICAL FAMILIES
1.2.5 LOCAL THERMODYNAMIC EQUILIBRIUM AND RADIATIVE
COOLING

1.3 THE THERMOSPHERE-MESOSPHERE SYSTEM
1.3.1 HEATING AND COOLING
1.3.2 GLOBAL MEAN TEMPERATURE STRUCTURE.
1.3.3 GLOBAL MEAN COMPOSITION
1.3.4 ZONAL MEAN WIND AND TEMPERATURE STRUCTURE
1.3.5 ZONAL MEAN COMPOSITION
1.3.6 TIDES
1.3.7 UPPER ATMOSPHERE PLANETARY WAVES

I.4 THE IONOSPHERE

1.5 ATMOSPHERIC NUMERICAL MODELS

1.6 LOWER-UPPER ATMOSPHERIC COUPLING AND SOLAR

VARIABILITY

1.6.1 LOWER ATMOSPHERE EFFECTS
1.6.2 UPPER ATMOSPHERE EFFECTS

CHAPTERII. THE OLD THERMOSPHERIC MODEL

IT INTRODUCTION
I1.1 THE PRIMITIVE EQUATIONS
I1.1.1 HYDROSTATIC EQUILIBRIUM
I1.1.2 THE EQUATION OF STATE
I1.1.3 THE FIRST LAW OF THERMODYNAMICS
I1.1.4 THE CONTINUITY EQUATION
I1.1.5 GEOPOTENTIAL
I1.1.6 THE MOMENTUM EQUATION
11.1.6.1 THE LAGRANGIAN DERIVATIVE

o 00 W N

19

19
19
20
20

21
23
24

29
30
30
32
33
37
39
42
43

46

48
48
51

80

80
81
81
81
81
82
82
82
83



Contents

11.1.6.2 THE CORIOLIS TERM 84

11.1.6.3 ACCELERATION DUE TO GRAVITY 84

11.1.6.4 THE PRESSURE GRADIENT TERM 84

11.1.6.5 THE VISCOSITY TERM 84

I1.1.6.6 THE ION DRAG TERM 84

I1.1.7 THE ENERGY EQUATION 88
I1.2 THE COORDINATE SYSTEM 88
I1.3 TRANFORMED EQUATIONS 90
11.3.1 THE PERFECT GAS LAW 9
11.3.2 THE HYDROSTATIC EQUATION 91
I1.3.3 THE CONTINUITY EQUATION 91
11.3.4 THE MOMENTUM EQUATION 91
11.3.5 THE ENERGY EQUATION 92
I1.4 COMPOSITION 92
I1.5 NUMERICAL SCHEME 93
I1.5.1 NUMERICAL GRID 93
I1.5.2 NUMERICAL INTEGRATION METHOD 94
I1.6 MODEL PARAMETERS 96
I1.6.1 THE COEFFICIENTS OF CONDUCTIVITY 96
I1.6.2 THE EDDY AND MOLECULAR DIFFUSION COEFFICIENTS 96
I1.6.3 THE COEFFICIENTS OF VISCOSITY 97
I1.6.4 THERMOSPHERIC CHEMISTRY 98
I1.6.5 SOLAR HEATING 99
I1.6.6 RADIATIVE COOLING 100
11.6.7 MAGNETIC FIELD 100
I11.6.8 ELECTRIC FIELD AND PRECIPITATION MODELS 101
I1.7 BOUNDARY CONDITIONS 101
I1.7.1 THE UPPER BOUNDARY 101
I1.7.2 THE POLES 102
I1.7.3 THE LOWER BOUNDARY 102
I1.8 THE HIGH LATITUDE IONOSPHERE MODEL 105

CHAPTER III. THE NEW COUPLED MIDDLE ATMOSPHERE AND

THERMOSPHERE MODEL (CMAT) 106
IIT INTRODUCTION 106
III.1 LOWER BOUNDARY EXTENSION AND INCREASED VERTICAL
RESOLUTION 106
I11.1.1 ALTERATIONS TO THE NUMERICAL SCHEME 106
IT1.1.2 NUMERICAL INSTABILITIES AT INCREASED VERTICAL
RESOLUTION 108
I11.1.3 UPDATE OF PARAMETER CALCULATIONS 109
I11.1.4 PREDEFINED VERTICAL PARAMETERS 109
I11.2 ENERGETICS 109
I11.2.1 SOLAR HEATING 109
I11.2.1.1 THE ABSORPTION OF SOLAR RADIATION 110
111.2.1.2 THE THERMOSPHERIC HEATING ROUTINE 111

I11.2.1.3 THERMOSPHERIC SOLAR HEATING EFFICIENCIES 112



Contents

I11.2.1.4 THE MESOSPHERIC HEATING ROUTINE 114

I11.2.1.5 MESOSPHERIC HEATING EFFICIENCIES 115
I11.2.2 ATOMIC OXYGEN COOLING 115
I11.2.3 NO COOLING 115
II1.2.4 CO, COOLING 116
I11.2.5 O, COOLING 117
I11.2.6 EXOTHERMIC CHEMICAL HEATING 117
I11.2.7 LOWER BOUNDARY FORCING 118
111.2.8 HIGH LATITUDE ELECTRIC FIELD VARIABILITY 118
I11.3 DYNAMICS 119
1I1.3.1 LOWER BOUNDARY FORCING 119
I11.3.1.1 SEASONAL VARIATIONS 119
I11.3.1.2 INTRODUCING A NEW LOWER BOUNDARY 120
I11.3.1.3 TIDAL FORCING 121
I11.3.2 THE GRAVITY WAVE PARAMETERISATION 122
111.3.2.1 THE GRAVITY WAVE SPECTRUM 124
I11.3.3 PLANETARY WAVE DRAG 124
II1.4 COMPOSITION 125
TIL.4.1 BRANCHING RATIOS AND NIGHTTIME IONISATION 126
IT1.4.2 CHEMICAL FAMILIES AND PARTITIONING 128
II1.4.2.1 ODD OXYGEN - O, = O, + O 128
I11.4.2.2 ODD HYDROGEN - HOy = H + OH + HO, 130
I11.4.2.3 ODD NITROGEN - NO, = NO + NO, 132
I11.4.2.4 ATOMIC NITROGEN - N(“S) 133
I11.4.2.5 ATOMIC NITROGEN - N(*D) 133
I11.4.2.6 WATER VAPOUR — H,0O 134
I11.4.2.7 MOLECULAR HYDROGEN - H, 134
II1.4.2.8 METHANE — CH, 134
I11.4.2.9 CARBON DIOXIDE - CO, 134
I11.4.2.10 CARBON MONOXIDE — CO 134
I11.4.2.11 HELIUM — He 134
I11.4.3 MINOR CONSTITUENT TRANSPORT EQUATION 135
I11.4.4 ADVECTION 135
I11.4.5 JON CHEMISTRY 137
I11.4.6 MINOR CONSTITUENT CODE 138
I11.4.7 TRANSPORT COEFFICIENTS 138
I11.4.8 STARTUP CONSTITUENT CLIMATOLOGIES AND
BOUNDARY MIXING RATIOS 139
CHAPTER IV. CMAT STEADY STATE RESULTS 147
IV INTRODUCTION 147
IV.1 CALCULATED PARAMETERS 147
IV.1.1 ENERGETICS 147
IV.1.1.1 HEATING RATES 147
IV.1.1.1.1 SOLAR MINIMUM 147
IV.1.1.1.2 SOLAR MAXIMUM 148

IV.1.1.2 COOLING RATES 148



Contents

IV.1.1.2.1 SOLAR MINIMUM
IV.1.1.2.2 SOLAR MAXIMUM
IV.1.1.3 HIGH LATITUDE ELECTRIC FIELD VARIABILITY
IV.1.1.4 NEUTRAL-NEUTRAL CHEMICAL HEATING
IV.1.2 CHEMISTRY
IV.1.2.1 SOLAR DISSOCIATION AND IONISATION RATE
COEFFICIENTS
IV.2 STEADY STATE RESULTS - EQUINOX
IV.2.1 TEMPERATURE
IV.2.1.1 GLOBAL MEAN
IV.2.1.2 ZONAL MEAN
IV.2.2 WINDS
IV.2.2.1 ZONAL MEAN ZONAL WIND
IV.2.2.2 ZONAL MEAN MERIDIONAL WIND
IV.2.2.3 ZONAL MEAN VERTICAL WIND
IV.2.3 TIDES
IV.2.3.1 COMPARISON OF CMAT TIDES WITH RADAR
OBSERVATIONS
IV.2.4 COMPOSITION
IV.2.4.1 THE MAJOR CONSTITUENTS ~ O, O,, and N,
IV.2.4.2 OZONE
IV.2.4.3 HO,
IV.2.4.4 NO,, N(°D), AND N( *S)
IV.3 STEADY STATE RESULTS — SOLSTICE
IV.3.1 ZONAL MEAN ZONAL WIND
IV.3.2 ZONAL MEAN MERIDIONAL WIND
IV.3.3 ZONAL MEAN TEMPERATURE

CHAPTER V. THE EFFECT OF THE DIURNAL TIDE ON MEAN
ATMOSPHERIC STRUCTURE

V INTRODUCTION
V.1 THE CMAT MODEL RUNS
V.1.1 THE STANDARD RUN
V.1.2 THE INCREASED LOWER BOUNDARY TIDAL FORCING
RUN
V.2 CMAT RESULTS AND DISCUSSION
V.3 CONCLUSIONS

148
149
149
149
150

150
151
151
151
153
153
153
154
154
155

157
159
159
160
161
162
164
164
165
165

223

223
224
224

224
225
228

CHAPTER VI. MODELLING HIGH LATITUDE [OI] 630 NM NIGHTTIME

EMISSION

VIINTRODUCTION

238

238

VI.1 MODELLING THE NIGHTTIME AURORAL OI 630 NM EMISSION239

VI.1.1 THE PRODUCTION OF O('D)
VI1.1.2 THE LOSS OF O('D)
VI.1.3 THE TOTAL EMISSION RATE

239
240
241



Contents

VI.2 CMAT SIMULATED COMPONENTS OF [OI] 630 nm EMISSION
VL3 NIGHTTIME 630NM EMISSION AT KIRUNA AND
LONGYEARBYEN
V1.3.1 KIRUNA
VI.3.2 LONGYEARBYEN
VI.4 CONCLUSIONS
VI.5 APPENDIX A

CHAPTER VII. CONCLUSIONS AND FUTURE WORK

VII CONCLUSIONS
VII.1.1 THE NEW MODEL - CMAT
VII.1.2 CMAT STEADY STATE RESULTS
VIIL.1.3 THE CMAT STUDIES
VII.1.3.1 THE EFFECT OF THE DIURNAL TIDE ON THE
BACKGROUND ATMOSPHERE

242

242
243
245
246
247

261
261
261
263
264

264

VII.1.3.2 MODELLING HIGH LATITUDE [O]] 630 NM NIGHTTIME

EMISSION
VIIL.2 FUTURE WORK
VII.2.1 MODEL UPDATES
VII.2.2 FUTURE STUDIES

REFERENCES

ACKNOWLEDGEMENTS

264
265
265
266

269

293



Figure Contents

FIGURE CONTENTS

Figure I-1 Near global annual mean surface air temperature based on

meteorological station network measurements (Hansen et al. [1999]). 52
Figure I-2 Temperature structure of the Terrestrial atmosphere. 53
Figure I-3 The density structure of the terrestrial atmosphere. 53

Figure I-4 Cartoon illustrating the mechanism for the mesospheric zonal wind jets. 54

Figure I-5 Mesosphere-thermosphere zonal mean zonal wind climatology as
measured by the UARS satellite (Mcl andres et al [1996]). Positive is
eastwards. 55

Figure I-6 Calculated radiative equilibrium temperature (#9p) and associated mean
zonal wind (bottom ) from Geller (1983). 56

Figure I-7 A gravity wave begins to saturate above z, depositing momentum
against the mean flow untl the crtical level z. where u — ¢=0 is reached.
(from Honghton [1986]). 57

Figure I-8 Solar minimum mean neutral temperature, T, calculated by the NCAR
globally averaged mesosphere thermosphere model (R. G. Robk [1995]), and
global mean MSIS-E90 temperature T, 58

Figure I-9 Solar minimum mean neutral temperature, T,, ion temperature T}, and
electron temperature T,, as calculated by the NCAR globally averaged
mesosphere thermosphere model (R. G. Roble [1995]), and global mean
MSIS-E90 temperature T, . 58

Figure I-10 Diagram of composition profiles based upon solar minimum output
from the NCAR 1D TIME model, Rob/ [1995]. 59

Figure 1-11 Photochemical and characteristic dynamical lifetimes of O,, O,, and O
from Brasseur and Solomon [1984]. T, Tp,, and T,,, are photochemical lifetime;
T,, T,, and T, are zonal, meridional, and vertical advection lifetimes; T, is the

vertical diffusion lifetime. 60
Figure I-12 Photochemical and characteristic dynamical lifetimes of HO,, OH, H,
HO and H,O, from Brasseur and Solomon [1984]. T,0, Tous Thos 204 Tyyaop, are
photochemical lifeime; T,, T,, and T,, are zonal, merndional, and vertical
advection lifetimes; Ty, is the vertical diffusion lifetime. 60

Figure I-13 Photochemical and charactetistic dynamical lifetimes of H,O, and H,
from Brassear and Solomon [1984]. T, and Ty,, are photochemical lifetime;

T, T,, and T, are zonal, meridional, and vertical advection lifetimes; T, is the
vertical diffusion lifetime. 61

Figure I-14 Photochemical and charactenistic dynamical lifetimes of NO,
constituents from Brasseur and Solomon [1984]. T, are photochemical lifetime;
T,, T., and T, are zonal, meridional, and vertical advection lifetimes; T, is the

ur Yv?

vertical diffusion lifetime. 61



Fipure Contents

Figure I-15 Schematic of NO, chemistry from Brasseur and Solomon [1984]. 62

Figure I-16 Photochemical and characteristic dynamical lifetimes of CO from
Brasseur and Solomon [1984]. T is the photochemical lifetime; T, T, and T,,

u v

are zonal, merdional, and vertical advection lifetimes; Ty is the vertical
diffusion lifetime. 62

Figure 1-17 Photochemical and characteristic dynamical lifetimes of CH, from
Brasseur and Solomon [1984]. T, is the photochemical lifetime; T,, T,, and T,

ur vy

are zonal, meridional, and vertical advection lifetimes; Ty is the vertical
diffusion lifetime. 63

Figure I-18 Ionospheric layer definition and ionizing sources Banks and Kockarts
[1973], taken from Brasseur and Solomon [1984]. 63

Figure I-19 Mesosphere-Thermosphere zonal mean temperature from MSIS-E90
at equinox (#9p) and solstice (bottom) at £10.7=100 and k =2+. 64

Figure I-20 Mesosphere-Thermosphere zonal mean zonal wind from GWSM at
equinox (#gp) and solstice (bottom) at £10.7=100 and k,=2+. Positive values
denote an eastward wind. 65

Figure 1-21 Mesosphere-Thermosphere zonal mean meridional wind from GWSM
at equinox (#p) and solstice (bottom) at £10.7=100 and k,=2+. Positive values
denote a northward wind. 66

Figure I-22 Zonal mean wind (eastward positive), and temperature for northern
winter solstice. N.AS.A [2000]. 67

Figure 1-23 Zonal mean wind (positive eastward), planetary wave propagation
(black arrow) and dissipation (blue circk), and resultant Brewer-Dobson
circulation (white arrow), NASA [2000]. 67

Figure 1-24 January (#p) and March (bottors) O, volume mixing ratio (ppz) from the
UARS reference atmosphere project (Remedios et al. [1998]). The data is a
zonal mean of combined Microwave Limb Sounder (MLS) and Halogen
Occultation Experiment (HALOE) observations between 1992-1994.
10mb=30km, 1mb=48km. 68

Figure I-25 Seasonally averaged LOG,, of zonal mean ozone column density
(Dobson units) as measured by the NIMBUS-7 satellite. Superimposed are the
winter hemisphere Brewer-Dobson circulation cells (black arrows), NASA
[2000]. 69

Figure 1-26 Seasonal variation in ozone volume mixing ratio (ppm) at 10,5, and 2
hPa as measured by the UARS Microwave Limb Sounder (MLS), from
Froidevanx et al., [1994]. 70

Figure 1-27 UARS High Resolution Doppler Imager (HRDI) measured daytime
ozone mixing ratios (ppm) at latitudes 5° N (#p) and 45° N (bottom)
consisting of monthly averages of all measurements between 14 and 16 hrs
local time, and *5° latitude. Data has been smoothed with a three-month-
wide triangular filter to highlight seasonal variability. (Hays ez al. [1998]). 71

Figure I-28 January (#9p) and May (bottom) CH, volume mixing ratio (pp=) from
the UARS reference atmosphere project (Remedios et al. [1998), Randel et al.



Figure Contents

[1998]). The data is a zonal mean of combined Microwave Limb Sounder
(MLS) and Halogen Occultation Experiment (HALOE) observations
between 1992-1994. 10mb=~30km, 1mb=48km.

Figure I-29 Zonal mean CH, volume mixing ratio (ppz). Supetimposed is the
winter hemisphere Brewer-Dobson circulation pattern (arrows), NASA
[2000].

Figure 1-30 January (zp) and May (bottorr) H,O volume mixing ratio (pp) from the
UARS reference atmosphere project (Remedios et al. [1998] |, Randel et al.
[1998]). The data is a zonal mean of combined Microwave Limb Sounder
(MLS) and Halogen Occultation Experiment (HALOE) obsetrvations
between 1992-1994. 10mb=30km, 1mb=~48km.

Figure 1-31 Zonal mean H,0O volume mixing ratio (ppz). Superimposed are the
winter hemisphere Brewer-Dobson circulation and the summer to winter
mesospheric circulation (arrous), NASA [2000].

Figure 1I-32 NO mean volume mixing ratios (ppm) for January (#gp) and March
(bottom) as measured by UARS HALOE (Siskind et al, [1998]).

Figure I-33 Global Images (106 km) of north (#p) and south (bottorm) polar nitric
nxide in the Thermosphere as measured by the Student Nitric Oxide
Explorer (SNOE) during the Geomagnetic Storm May 3 — 5 (kf? t0 righ),
1998. (Barth et al. [1999]). Peak densities (red) are of the order of 10" cm™.

Figure I-34 Mesosphere-thermosphere zonal mean meridional wind at 12 hrs local
time as measured by the UARS satellite (McLandres et al. [1996]). Positive is
northwards.

Figure I-35 Sketch of solar equatorial current sheet. Top lright is a meridional ctoss
section at the Earth, illustrating the change in direction of Interplanetary
Magnetic Field above and below current sheet. (Kely [1989]).

Figure I-36 Illustration of terrestrial (a) c/osed magnetosphere for northward IMF
(b) gpen magnetosphere for southward IMF,(Hargreaves[1979]).

Figure III-I Advection and upstream differencing
Figure ITI-II Advection scheme tests

Figure IV-1 Global heating rates calculated by the NCAR globally averaged
mesosphere thermosphere model for solar minimum (R G. Roble [1995]).
Units are LOG,(K day"), where Q; is the total heating rate; Q,, heating due
to ion-neutral exothermic chemical reactions; Q,. heating due to neutral-
neutral exothermic chemical reactions; Q; Joule heating; Q, heating due to
particle precipitation; e; is heating due to collisions between thermal
electrons, ions, and neutrals; O( ‘D) heating due to quenching of O( 'D);
SRC and SRC are heating due to absorption by O, in the Schumann-Runge
continuum and bands; O; heating due to absorption by O, in the Hartley,
Huggins, and Chappuis bands of ozone.

Figure IV-2 Global mean heating rates calculated in CMAT for solar minimum,
where O, is absorption of solar radiation by ozone in the Chappuis, Hartley
and Huggins bands; HZ is the absorption of solat radiation by O, and
ozone in the Herzberg continuum; SRB is absorption of solar radiation by

10

72

73

74

75

76

77

78

79

79

136
137

167



Ligure Contents

O, in the Schumann-Runge Bands; SRC is absorption of solar radiation of
O, in the Schumann-Runge continuum; QA is heating due to auroral
electron precipitation; QJ is heating due to Joule heating and ion drag;
NNC is heating due to exothermic neutral chemistry, with the omission of
atomic nitrogen reactions above 110km and ion-neutral reactions.; and QT
the total. 167

Figure IV-3 Global mean cooling rates calculated by the NCAR globally averaged
mesosphere thermosphere model for solar minimum (R. G. Robl [1995]).
Units are LOG,(K day), where Qy is the total neutral gas cooling rate; K,
the cooling rate due to downward molecular thermal conduction; K; the
cooling rate due to eddy thermal conduction; NO radiative cooling due to
5.3um emission from nitric oxide; CO, radiative cooling due to 15um band
emission of carbon dioxide; OCP) radiative cooling due to 63um fine
structure emission of atomic oxygen; O, radiative cooling due to 9.6pum
emission from ozone. 168

Figure IV-4 Global mean cooling rates calculated in CMAT, where QC is the total
neutral gas cooling rate; K| the cooling rate due to downward molecular
thermal conduction; K; the cooling rate due to eddy thermal conduction;
NO radiative cooling due to 53um emission from nitric oxide; CO,
radiative cooling due to 15um band emission of carbon dioxide; O(P)
radiative cooling due to 63um fine structure emission of atomic oxygen; O,
radiative cooling due to 9.6pm emission from ozone. 168

Figure IV-5 Temperature difference between run with electric field variability and
one without. Both were for equinox, F10.7=76, kp=2+. 169

Figure IV-6 Zonal mean meridional and zonal wind difference between run with
electric field variability and without. Positive values denote an increase in
eastward and northward winds. Both were for equinox, F10.7=76, kp=2+. 170

Figure IV-7 Neutral-neutral exothermic chemical heating in Kday'1 as calculated by

CMAT for equinox noon local time. 17
Figure IV-8 Neutral-neutral exothermic chemical heating in Kday" as calculated by
CMAT for equinox midnight local time. 171
Figure IV-9 daytime exothermic chemical heating as calculated by the Garcia and
Solomon 2-D model (Mbnczak and Solomon [1993]). 172
Figure IV-10 Nighttime exothermic chemical heating as calculated by the Garcia
and Solomon 2-D model (Mpynezak and Solomon [1993)). 172

Figure IV-11 One day average of O, and O, solar heating rate and the exothermic
reaction of H and O, (assuming no loss due to cheminiluminescance, ie.
that the heating efficiency is 1.), as calculated by the Garcia and Solomon 2-
D model (Mynczak and Solomon [1993]). 173

Figure IV-12 The main CMAT global mean heating and cooling rates through the
mesopause region in Kday'. Tsor+opp) 1 the total of heating due to the
absorption of solar radiation and quenching of O('D); T, is total

exothermic chemical heating; H+O; 1s heating due to the reaction of
hydrogen and ozone (with a heating efficiency of 0.6); Ox is heating due to

11



Figure Contents

oxygen recombination reactions; CO, is cooling due to 15um emission from
CO,; K, is cooling due to turbulent heat conduction. 173

Figure IV-13 Calculated Heating profiles from Ward and Fomichev [1993] for (a) CO,
(where SEA is using a CO,(01'0) - O deactivation rate constant of 1.5x10™
cm’s” after Shoed et al [1991], and S&W using a rate constant of 1.5x10™
em?®s" after Scharma and Wintersteiner [1990]), (b) Solar and exothermic
chemical heating (showing contributions due to the hydrogen and O,
cycles), and (c) The net heating rates. 174

Figure I'V-14 Diurnal variability of heating rates due to the reaction of H and O, at
different altitudes, as calculated by the Garcia and Solomon 2-D model

(Mbnezak and Solomon [1993)). 175
Figure IV-15 Variation with local time of heating due to the reaction of hydrogen
and ozone at the equator for equinox as calculated by CMAT. 175

Figure IV-16 Global mean dissociation and ionisation rates in the thermosphere as
calculated by CMAT at equinox solar minimum and solar maximum, where
O2-SRC is solar dissociation of O, in the Schumann-Runge continuum
wavelength range; O2-SRB is solar dissociation of O, in the Schumann-
Runge bands and Herzberg continuum wavelength range; O2-L.Y A is O,
dissociation due to solar Lyman o; O2-]I is solar EUV ionisation of O,; O-JI
is solar EUV ionisation of O; N2-JI is solar EUV ijonisation of N,; O,-ION
is O, loss rate due to reactions with ions; O-ION is the rate of O loss due to
reactions with ions; O,Next is dissociation of O, due to reactions with
neutrals. 176

Figure IV-17 Global mean LOG,, profiles of O, dissociation rates as calculated by
the TIE-GCM (Roble et al. [1987]) for solar minimum (#9p) and maximum
(bottom), where Ly-0. is dissociation due to absorption of solar Lyman alpha;
SRB is due to absorption in the Schumann-Runge bands; SRC is due to
absorption in the Schumann-Runge continuum; nc is due to neutral
chemical reactions; and ic is due to ion chemical reactions 177

Figure IV-18 Global mean Mesospheric solar dissociation rates at equinox as
calculated by CMAT, where O34 is the dissociation of O, due to the
absorption of radiation in the Chappuis and Huggins bands; O35 is
dissociation of O, in the Hartley band; NO-SRB is the dissociation of NO in
the Schumann-Runge bands; NO-LY.A is NO dissociation due to solar
Lyman o O2-SRC is solar dissociation of O, in the Schumann-Runge
continuum; O2-SRB is solar dissociation of O, in the Schumann-Runge
bands and Herzberg continuum; O2-1.Y.A is O, dissociation due to solar
Lyman o H20a is dissociation of water due to solar Lyman o and H20a is
dissociation of water due to absorption in the Schuman-Runge bands. 178

Figure IV-19 Global mean temperature as calculated by CMAT, the onginal
thermospheric code CTIP, and MSIS-E90, for F10.7=76 kp=2+ (#gp), and
F10.7=180 kp=2+ (bottom). 179

Figure I'V-20 Comparison of global mean temperatures at equinox for F10.7=76,
kp=2+ from CMAT, MSIS-E90 and CTIP (CTIP is with and without lower
boundary tidal forcing). 180

12



Figure Contents

Figure IV-21 Mean neutral temperature, T,, calculated by the NCAR globally
averaged mesosphere thermosphere model (R. G. Roble [1995]), and global

mean MSIS-E90 temperature T . 180
Figure IV-22 Global mean middle atmosphere temperature as calculated by
CMAT, CTIP and MSIS-E90 for solar maximum and minimum. 181
Figure IV-23 Global mean temperature profiles as calculated by CMAT for solar
minimum with and without CO, cooling, 181
Figure IV-24 Zonal mean temperature as calculated by CMAT and MSIS-E90 for
equinox at an F10.7=76 and Kp=2+ 182
Figure IV-25 Zonal mean Temperature from CMAT, MSIS-E90, and CTIP, for
equinox at an F10.7 of 180 and Kp=2+. 183

Figure IV-26 Zonal mean middle atmosphere temperatures as from CMAT and
MSIS-E90 for equinox at an F10.7 of 76 and Kp=2+. 184

Figure IV-27 Zonal mean zonal velocity from CMAT, HWM, and CTIP for
equinox at an F10.7 of 76 and Kp=2+. Positive values denote eastward
winds. 185

Figure IV-28 Zonal mean zonal velocity from CMAT, HWM, and CTIP for
equinox at an F10.7 of 180 and Kp=2+. Positive values denote eastward
winds. 186

Figure IV-29 Zonal mean meridional velocity from CMAT, HWM, and CTIP for
equinox at an F10.7 of 76 and Kp=2+. Positive values denote southward
winds. 187

Figure IV-30 Zonal mean meridional velocity from CMAT, HWM, and CTIP for
equinox at an F10.7 of 180 and kp=2+. Positive values denote southward
winds. 188

Figure IV-31 Zonal mean vertical velocity from CMAT, and CTIP for equinox at
an F10.7 of 76 and Kp=2+. Positive values denote upward winds. 189

Figure IV-32 Zonal mean vertical velocity from CMAT, CTIP with tides (widdle
plod), and CTIP without tides (bottom plot) for equinox at an F10.7 of 180 and
Kp=2+. Positive values denote upward winds. 190

Figure IV-33 Zonal mean vertical velocity in the mesosphere from CMAT for
equinox at an F10.7 of 76 and Kp=2+. Positive values denote upward

winds. 191
Figure IV-34 Zonal mean vertical wind derived from WINDII data for October
(Faulliot et al. [1997]). Positive values denote upward winds. 191

Figure IV-35 Meridional wind variation with local solar time at 20N and 40N for
February 12" to May 3* 1993, obtained from combining WINDI and
HRDI, UARS wind measurements (Mclandres et al. [1996]). Negative values
denote southward winds. 192

Figure IV-36 Meridional wind variation with local time as calculated by CMAT for
equinox F10.7=76, kp=2+, for 20N (#gp) and 60N (bottom). Positive values
denote southward winds. 193

13



Figure Contents

Figure IV-37 Meridional winds at 12 hours local time as calculated by CMAT for
equinox F107=76, kp=2+, with normal lower boundary tidal forcing (29p)
and x2.5 lower boundary tidal forcing (bottom). Southward winds are shaded. 194

Figure IV-38 Meridional velocity at 12 hrs local time as measured by HRDI for
March 1993 (after Yudin et al. [1997]). Southward winds are shaded. Contour
interval is 10 ms™. 195

Figure IV-39 Amplitude of meridional wind diurnal tide as measured by WINDII
for March 1993 (after Yudin et al. [1997]). Contour interval is 5 ms™. 195

Figure IV-40 Temperatures as calculated by CMAT for equinox F10.7=76, kp=2+,
for 8 (top), 12 (middle), and 17 (bottom) hours local time. 196

Figure IV-41 Temperatures predicted by the TMTM model (#p) and obtained
from HRDI measurements for Mar 1993 at 8-9, 12, and 17 LT (Yudin et al.

[1998))] 197
Figure IV-42 Meridional wind Diurnal tidal amplitudes as calculated by CMAT for
equinox F10.7=76, kp=2+. 198
Figure IV-43 Meridional wind semi-diurnal tidal amplitudes as calculated by
CMAT for equinox F10.7=76, kp=2+. 199
Figure IV-44 Meridional amplitude (%f}) and phase (right) of diurnal tide at 20N, as
calculated by CMAT for equinox F10.7=76, kp=2+ 200

Figure IV-45 Meridional amplitude (4f) and phase (right) of diurnal tide as
calculated by GSWM (/ine), and measured by HRDI (#rzangles) and MF radar
over Kauai, Hawaii, 20N (crvsses), for April 1992. (after Geller et al. [1997]). 200

Figure IV-46 Diurnal (#9p) and semi-diurnal (bottors) geopotential height variations
as calculated by CMAT for equinox F10.7=100, kp=2+, at pressure level
21(1.0376x10mb) 201

Figure IV-47 Wind vectors and temperature as calculated by CMAT for equinox
F10.7=100, kp=2+, 33km, 60km, 80km, 100km, 110km, 150km, 200km,
250km. 202

Figure IV-48 Global mean major constituent profiles (O,, N, and O see colonr key at
top), as calculated by CMAT, CTIP, and MSIS-E90 for equinox F10.7=76,
kp=2+. 203

Figure IV-49 Calculated LOG,, number density profiles of O, O,, and N, from the
NCAR 1-D TIME model (R G. Roble [1995]), and similar profiles from

MSIS-86, LOG,, Oy, Oy, and Ny. 203
Figure IV-50 Global mean major constituent profiles (O,, and O('D), see colour key
at top), as calculated by CMAT for equinox F10.7=76, kp=2+. 204

Figure IV-51 Calculated LOG,, number density profiles of O(' D), O(' P), O,('%),
O,('A,) and ozone, O,, from the NCAR 1-D TIME model (R. G. Robl
[1995]). 204

Figure IV-52 Zonal mean O number density, as calculated by CMAT (z9p), MSIS-
E90 (middle), and CTIP (bottoms) for equinox F10.7=76, kp=2+. The right
hand height scale is in km, and the colour bar scale is in cm™. 205

14



Figure Contents

Figure IV-53 Zonal mean atomic oxygen number density (cm”) at equinox, as
calculated by the NCAR TIME-GCM (Yee ef al. [1997]). 206

Figure IV-54 Local time variation at the equator of O (wp) and O, (bottom)
Log,\(number density) as calculated by CMAT for equinox F10.7=76,
kp=2+. 207

Figure IV-55 Ozone volume mixing ratios at the equator at various altitudes, as
calculated by CMAT for equinox F10.7=76, kp=2+. 208

Figure IV-56 Local time variation of ozone at the equator, as calculated by the
John Hopkins University Applied Physics Laboratory two-dimensional

model JHU/APL 2-D), (Zhu et al. [1999]). 208
Figure IV-57 Monthly mean O, (ppmv) for March 1994, as measured by HRDI

between 11:30 and 14:30 LT (Marsh, private communication [2000]) 209
Figure IV-58 Zonal average of O, (ppmv) between 11:00 and 14:00 LT for March,

as calculated by CMAT for F10.7=76, kp=2+. 209
Figure IV-59 Local time variation in monthly mean ozone at 90km as measured by

HALOE (Marsh et al. [1999]). 210

Figure IV-60 Calculated LOG,, number density profiles of OH, HO,, H, H,O and
H, from the NCAR 1-D TIME model (R. G. Robk [1995]), and atomic

hydrogen (Hy) from MSIS-86. 211
Figure IV-61 Global mean profiles of HO,, OH, and H as calculated by CMAT for
equinox F10.7=76, kp=2+ (see colonr key at top) 211

Figure IV-62 Observed diurnal variation of the OH density profile from 7:40 AM
through 10:40 AM taken from a set of observations by the Middle
Atmosphere High Resolution Spectrograph investigation (MAHRSI),
(Conway et al. [1996]). Units are x10° cm™. 212

Figure IV-63 Variation of OH number density at the equator at altitudes ranging
from 50-90km, as calculated by CMAT for equinox F10.7=76, kp=2+ 212

Figure IV-64 Variation of H (#gp) and OH (bottom) with local time at the equator, as
calculated by CMAT for equinox F10.7=76, kp=2+ 213

Figure IV-65 Calculated LOG,, number density profiles of NO, NO,, N(*S), and
N¢D) from the NCAR 1-D TIME model (R. G. Robk [1995]), and N('S)
(N(S),) from MSIS-86. 214

Figure IV-66 Global mean profiles of NO, N(*S), N(’D), and NO, as calculated by
CMAT for equinox F10.7=76, kp=2+, and N(*S) as given by MSIS-E90. 214

Figure IV-67 Sunset NO mixing ratio, as measured by HALOE (/f), and

calculated by the TIME-GCM (righ?) (Marsh [1999]) 215
Figure IV-68 Sunset NO volume mixing ratios as calculated by CMAT for equinox
F10.7=76, kp=2+. 215

Figure IV-69 Suntise (so/d /ine) and sunset (dashed line) NO volume mixing ratios at
the equator, as calculated by CMAT for equinox F10.7=76, kp=2+. 216

15



Figure Contents

Figure IV-70 NO sunrise (SR) and sunset (SS) volume mixing ratios at the equator
during equinox, as measured by HALOE (Marsh and Raussell ITI [2000a]). 216

Figure IV-71 The ratio of sunrise to sunset NO volume mixing ratio at the equator,
as calculated by CMAT for equinox F10.7=76, kp=2+. 217

Figure IV-72 The ratio of suntise to sunset NO volume mixing ratio at the
equator, as measured by HALOE and calculated by GSWM (Marsh and

Russel/ 111 [2000a)). 217
Figure IV-73 NO concentration as calculated by CMAT at equinox for an F107 of
125, and Kp=2+. 218

Figure IV-74 NO as measured by the Student Nitric Oxide Explorer satellite
(SNOE), on March 19" 1998 at 10hrs LST. (Barth et al [1999]). Note
latitude coordinates are geomagnetic. 218

Figure IV-75 Zonal mean zonal wind as calculated by CMAT, the original
thermospheric code CTIP, and HWM, for Solstice F10.7=76 kp=2+.
Positive values denote eastward winds. 219

Figure IV-76 Zonal mean mendional wind as calculated by CMAT, the original
thermospheric code CTIP, and HWM, for Solstice F10.7=76 kp=2+.
Positive values denote southward winds 220

Figure IV-77 Zonal mean temperature as calculated by CMAT, the original
thermospheric code CTIP, and MSIS-E90, for Solstice F10.7=76 kp=2+. 221

Figure IV-78 Zonal mean middle atmosphere temperatures as from CMAT and
MSIS-E90 for solstice at an F10.7 of 76 and Kp=2+. 222

Figure V-1 Meridional winds (ms™”) as calculated by CMAT for March at 12 LT,
with normal lower boundary diurnal tidal forcing (#9p), and x2.5 lower
boundary diurnal tidal forcing (bettors) Southward wind contours are dotted. 229

Figure V-2 Diurnal amplitude structure of meridional winds (ms™) as calculated by
CMAT for March, with normal lower boundary tidal forcing (#9p), and x2.5
lower boundary tidal forcing (bottor). 230

Figure V-3 Meridional winds (ms™) at 12LT for March, as measured by HRDI (#9p)
(from Yudin et al. [1997]), with southward winds shaded, and the diurnal
amplitude structure of meridional winds (ms") as measured by WINDII
(bottom) (from Akmaev et al. [1997)). 231

Figure V-4 Local time variation of atomic oxygen number density (x10' m?) as
calculated by CMAT for 12UT March at the equator, with normal lower
boundary tidal forcing (#9p), and x2.5 lower boundary tidal forcing (bottors). 232

Figure V-5 Diurnal mean of atomic oxygen at the equator as calculated by CMAT
with normal (dashed) and x2.5 lower boundary tidal forcing (so/id). 233

Figure V-6 Local time variation of 557.7 nm green line volume emission rate (s'm’
%) as calculated by CMAT for March at the equator, with normal lower
boundary tidal forcing (#9p), and x2.5 lower boundary tidal forcing (bottors). 234

16



Fioure Contents

Figure V-7 Zonal mean difference between normal and x2.5 lower boundary tidal
forcing runs, in temperature (Zgp), vertical wind (middle, positive values denote
increase in upward winds), and atomic oxygen (bottom). 235

Figure V-8 Mean circulation induced with increased lower boundary tidal forcing
as calculated by CMAT. The vertical winds have been scaled up by a factor
of 80. Maximum vertical winds at the equator in the 90-100km height
region are about 3 cm”, and the maximum meridional winds in the same
height region at £10° are about 7.5 ms™. 236

Figure V-9 (top) O, mass mixing ratio at 16°N , 98km, (dotted /ine), and diurnal
mean of Ox mass mixing ratio (soZd /in¢) as calculated by CMAT when
introducing tides; (bottom) Diurnally averaged production and loss terms
of Ox at the equator for the same run, and location. 237

Figure VI-1 Redline volume emission rates as calculated by CMAT for (a)
day=355, 44900 s UT, F10.7=76, Kp=2+, Latitude=68°N,
Longitude=162°W, characteristic precipitating electron energy=2.2 keV and
energy flux=0.2 ergs cm™s”; (b) day=080, 44900 UT, F10.7=76, Kp=2+,
Latitude=62°S, Longitude=162°W, charactetistic precipitating electron
energy=7 keV and energy flux=12 ergs cm”s™. The error bars at 200 km
show total volume emission rate as measured by the AE-C satellite for orbit
6136 from 44890-44990 s UT, and AE-C orbit 6136 from 40650-4070 s
UT. These measurements correspond approximately to the same location

and conditions as shown in (a) and (b) respectively. 250
Figure VI1-2 Kiruna F10.7=76, Kp=2+. (Se¢ section V1.3 for description) 251
Figure VI-3 Kiruna F10.7=76, Kp=4o. (See section V1.3 for description) 251
Figure VI-4 Kiruna F10.7=180, Kp=2+.(See section V1.3 for description) 252
Figure VI-5 Kiruna F10.7=180, Kp=2+.(Se¢ section V1.3 for description) 252
Figure VI-6 Longyearbyen F10.7=76, Kp=2+. (See section V1.3 for description) 253
Figure VI-7 Longyearbyen F10.7=76, Kp=4o. (Se¢ section V1.3 for description) 253
Figure VI-8 Longyearbyen F10.7=180, Kp=2+. (See section V1.3 for description) 254
Figure VI-9 Longyearbyen F10.7=180, Kp=4o. (See section V1.3 for description) 254
Figure VI-10 Mean Winter Solstice FPI Intensities at Kiruna, for 0o<Kp<Z2o and

20<Kp<40,1995-96. 255

Figure VI-11 Mean Winter Solstice FPI Intensities at Longyearbyen, for
0o<Kp<2o0 and 20<Kp<40,1997-98. 255

Figure VI-12 Northern winter solstice polar cap electron density at pressure level
57 (average height=266km), for F10.7=180, Kp=4+, as calculated by
CMAT. Kiruna and Longyearbyen are marked on the top left plot. 256

Figure VI-13 O(P) ionisation and excitation to O('D) rates calculated by the
GLOW model for characteristic energy=800eV and energy flux=1.6 ergs
cm?s™. 257

Figure VI-14 P, Q, and R parameters of function fit to O('D) excitation rate. 258

17



Table Contents

TABLE CONTENTS
Table II-1 Model eddy diffusion coefficients (Reber, [1973]) 97
Table II-2 Model mutual molecular diffusion coefficients, after (Colgrove, [1966]).
Where p is pressure in Pascals. 97
Table II-3 CTIM neutral chemistry scheme 98
Table II-4 O, dissociation rates at an F10.7 of 70, from Fuller-Rowel/ [1984] 98
Table II-5 Tiros Precipitation/Kp index relationship 101
Table III-1 Global Scale Wave Model Hough modes used for CMAT lower
boundary tidal forcing (M. Hagan, private communication [1999]) 121
Table III-2 Constituents solved for in CMAT 126
Table ITI-3 The CMAT chemical scheme 141
Table VI-1P, Q, and R parameters of function fit to O(’ D) excitation rate. 259

Table VI-2 Differences between the GLOW calculated and parameterised O(’P) to
O('D) excitation rates for characteristic energy 200 eV with energy fluxes of
0.4 and 51.2 ergs cm® s, when using different input parameters to the
parameterisation formulation. Max. Dif is the percentage difference
between the calculated and parameterised maximum excitation rates, and
Offset Diff. is the separation between the maximum values in log pressure
coordinates. Note that for characteristic energies above 1 keV the
agreement between calculated and parameterised excitation rates is near
identical for all conditions. 260

18



Background Theory Chapter I

CHAPTER 1. BACKGROUND THEORY

I INTRODUCTION

As well as being essential for the respiration of plants and animals, the terrestrial
atmosphere shields the surface from harmful Ultraviolet (UV) radiation and regulates
global surface temperature. During the last century the global mean surface air
temperature has risen by about 0.6°C (se¢ Figure I-1). If this rise continues, it will have
profound effects on humanity through the modification of sea level and prevailing
weather patterns. The cause of this rise is thought to be due to an increase in
anthropogenic greenhouse gases and long-term solar variability (see IPCC, 1990, 1996), the
relative contribution of each is still uncertain. A deeper understanding of the complex
mechanisms that govern atmospheric long and short term variability, specifically with
relation to anthropogenic effects, is therefore of great importance. The work presented
within this thesis relates to the study of the coupling of solar variability with the Earth’s
lower atmosphere, specifically to mechanisms involving the upper atmosphere and
ionosphere. A new Coupled Middle Atmosphere and Thermosphere (CMAT) model has
been developed, the first results and preliminary studies from which are presented.

1.1 BASIC ATMOSPHERIC STRUCTURE

Atmospheric structure is categorised according to horizontal layers or spheres which have
the same temperature gradient, separated by transitional regions referred to as pauses (see
Figure I-2). The lowest layer is called the #rgposphere, in which temperature decreases with
height to about 190K at 8km in polar regions, and 220K at 18km at the equator. The
main heating process is the absorption by water vapour of direct solar infrared radiation
and re-emitted infrared radiation absorbed at short wavelengths by the Earth’s surface.
Above the #ropopanse is the stratosphere, in which the global mean temperature increases
with altitude up to about 260K at 50km, due to the absorption of solar radiation by
ozone. This layer of ozone shields the Earth’s surface from harmful solar UV radiation.
Above the stratgpanuse is the mesosphere, in which global mean temperature decreases with
height to a minimum at the mesgpause of about 180K at 100km. The combination of low
absorption of solar radiation, dynamics, and strong cooling due to infrared radiative
emission from CO,, results in the summer mesopause being the coldest place in the

terrestrial environment. Temperatures as low as 120K have been measured in summer
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polar regions. Above the mesopause is the thermosphere, in which absorption of solar UV
and EUV results in a large positive temperature gradient up to about 150-200km. In the
upper thermosphere molecular heat conduction dominates such that the temperature
remains constant with increasing altitude. The temperature of the thermosphere is a
strong function of solar cycle due to the associated large solar cycle variability in UV and
EUV radiation. Above about 400-600km is a region cﬂed the exosphere, in which particles

have ballistic orbits and can escape into space.

Atmospheric density falls off exponentially with height as shown in Figure I-3, only 0.1%
of the total mass lies above 50km. At about 105km is a transitional region called the
turbopanse. Below this altitude constituents undergo strong turbulent mixing whereas
above they are separated by diffusion according to their own scale height, being a
function of molecular weight. The lower region is therefore referred to as the homosphere,
in which the major constituents O, and N, have constant number density mixing ratios of
about 20% and 80%. The atmosphere above this region is referred to as the beterosphere in
which mean molecular weight varies as a function of altitude due to variation in relative

composition.

Above about 70km, the fall off in density and increase in ionisation sources such as EUV
and auroral particle precipitation enable ions and electrons to exist independantly. The

region above this altitude is referred to as the zonosphere.

1.2 BACKGROUND THEORY
1.2.1 THE ADIABATIC LAPSE RATE

The dry adiabatic lapse rate I';, is defined as the drop in temperature a parcel of air would

experience if raised or lowered adiabatically,

I,=——=% L1

where T is temperature, z is the vertical coordinate, g is the acceleration due to gravity
and c;, is the specific heat capacity at constant pressure. In the Earth’s lower atmosphere
T, is about 10 K km™.
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The atmospheric lapse rate is defined as the vertical temperature gradient, and is generally
not perfectly adiabatic due to differential heating and cooling at different altitudes. If an
air parcel is raised and its adiabatic temperature decrease is less than the decrease due to
the lapse rate, an inversion occurs. If the temperature decrease is greater than the
decrease due to the lapse rate, the parcel will have a higher temperature than the
surrounding atmosphere and will therefore continue to tise. Both conditions are unstable.
If the lapse rate is perfectly adiabatic and the background atmosphere is in a state of rest,
the frequency at which a raised parcel will oscillate vertically due to buoyancy is called the

Brunt-V disdli frequency.

1.2.2 THE GEOSTROPHIC BALANCE, WAVE DRAG, AND THE
MESOPAUSE ANOMALY

In the lower and middle atmosphere, the two main horizontal forces acting upon an air

parcel are the pressure gradient and Coriolis forces such that

av l =

T =——Vp+ fVxk 1.2
a- p+ vV

where V is the horizontal wind vector, k the unit vector along the axis of rotation, p

density, V the horizontal del operator, and f=2QSin® the Coriolis parameter, where Q is

the Earth’s angular rotation rate and @ latitude.

The second right hand term is the Coriolis force, which applies to motion in a rotating
frame of reference. Any motion in the northern hemisphere will undergo a coriolis force

in the clockwise direction, and anticlockwise in the southern hemisphere.

When there is a balance between the two forces in the above equation, such that

dV/dt=0, the resulting motion is said to be geostrophic such that

1 —
V, =—kxVp 1.3
£ Jp

where V, is the geostrophic velocity. This balance, also referred to as the radiative
equilibrium balance, is a good approximation when other forces such as friction are

negligible. It is this balance that is responsible for circulating wind patterns around
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tropospheric high and low pressure weather systems. In the mesosphere there is a net
global pressure gradient associated with latitudinal variation in solar heating. This gives

rise to geostrophic mesospheric jets, as illustrated in Figure I-4.

Early research showed that a pure geostrophic balance did not entirely account for the
middle atmosphere temperature and wind structure. Figure I-5 shows a mean zonal wind
climatology as measured by the upper atmosphere research satellite (UARS) (McLandress et
al. [1996]). Figure I-6 shows zonal mean temperature and wind profiles calculated
assuming radiative equilibrium, ze. assuming pure geostrophic balance (Geler [1983]).
Cleatly seen in the UARS data is a closure of the zonal jets at about 80km, with a reversal
in direction between 90-110km. The radiative equilibrium calculation shows the jets as
remaining open, ie. that they are not damped down to 0 ms™. Another difference is that a
temperature field calculated assuming a pure geostrophic balance has a cold winter and
hot summer mesopause. In the real middle atmosphere the reverse is true. This
phenomenon is often referred to as the mesopause anomaly. Murgatroyd and Singleton [1961]
calculated a mean diabatic heating/cooling field for solstice conditions, from which
Haurwitz [1961] suggested that the results implied strong upwelling in the summer
hemisphere, downwelling in the winter hemisphere, and an associated summer to winter
circulation. The proposed mechanism for this was a drag term in the zonal horizontal
momentum equation. This will act to reduce the geostrophic balance velocity. The new
balance velocity of coriolis, pressure gradient, and drag forces, includes a merdional
component from high to low pressure. On a global scale at solstice this results in a
summer to winter circulation. Mass is transported from the summer pole, therefore by
mass continuity there is an upwelling and associated adiabatic cooling. Similatly mass is
transferred % the winter pole, therefore there is 2 downwelling and associated adiabatic
heating. oy [1964] reproduced this mechanism by introducing a linear or Rayleigh

friction term to the momentum equation such that

ﬂ=—l7p+ﬁxk—1{,v 1.4
dt Yol

where K, is the Rayleigh friction coefficient, varying from K;'=100 days in the
stratosphere to several days in the mesosphere. Rayleigh friction is a very crude

parameterisation of atmospheric drag with no basis in the physics behind the actual drag
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mechanism. It is also unable to reproduce zonal wind reversal features between 90-
110km since at V=0 the drag is also zero. Lindgen [1967) and Houghton [1978] proposed
that the drag is due to the dissipation or 4reaking of gravity waves.

1.2.3 GRAVITY WAVES

Gravity waves are atmospheric transverse wave perturbations in wind, temperature, and
density, induced by compressional forcing. Proposed sources include mean flow
interaction with surface topography (eg mountain lee waves), and meteorology (e.g
lightning, storm convection, wind sheatr, jet core instabilities). By conservation of energy
their amplitude grows exponentially with height due to exponentially decreasing density.
At some critical altitude the local temperature gradient induced by the wave becomes
superadiabatic. The atmosphere in this state is unstable and the wave begins to dissipate
or break, in doing so depositing momentum into the mean wind flow, up to an altitude

where # — ¢ =0, beyond which the wave does not propagate (se¢ Figure 1-7).

As shall be discussed in section 1.5, atmospheric computer models represent the physics
of the atmosphere with respect to specific coordinate systems (e.g. Latitude-Longitude-
Log(Pressure)). The separation of the grid points limits the scale size of processes that
can be directly represented in such models. Most gravity waves are of scale sizes that are
too small to be included in current 3-dimensional computer models. Using finer grids in
order to resolve these waves incurs prohibitive computing overheads. The processes
involving these waves that have an irreversible effect upon mean atmospheric structure,
such as gravity wave breaking, must therefore be represented with a physically justifiable
parametetisation. Three parameterisations used in  stratosphere-mesosphere-
thermosphere numerical models are those of Lindgen [1981], Hines [1997a,b], and Fritss
and Lx [1993].

The Lindzen scheme considers a spectrum of discrete waves defined at a launch level,
typically at the tropopause. Each wave is treated separately and its vertical propagation
considered conservative until some breaking level is encountered where the local
temperature perturbation induced by the wave becomes superadiabatic. At this level it is
assumed that the eddy mixing induced by the wave is just sufficient to restrict any further
amplitude growth. From this criterion it is possible to detive expressions for momentum

deposition and eddy diffusion induced by the wave. The Lindgen scheme also defines a
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critical level in which the wave is totally absorbed when the horizontal phase speed of the
wave is equal to the background wind speed. Between the breaking level and this level
strong damping occurs. It is this selective absorption that gives rise to the typical zonal
wind structure described in section 1.3.4. At the launch level a discrete spectrum of waves
is defined of specific horizontal phase speeds and momentum flux, characterstic
horizontal wavenumber £ for the whole spectrum, and efficiency factor to account for
wave intermittence. The value of these parameters used in numerical models is usually

tuned in order to get close agreement with obsetrved mesospheric wind structure.

The Hines parameterisation scheme considers a continuous spectrum of waves and the
non-linear interaction of its components. As with the Iindgen scheme, wave amplitude is
considered to increase with the fall off in atmospheric density untl instability occurs.
However the background wind that a component of the spectrum sees includes the effect
of wind perturbations induced by the rest of the gravity wave spectrum. Of the whole
spectrum, the waves that dissipate are those with large vertical wavenumber 7, above a
height dependant critical cut-off value, which decreases with the increasing wind vartance
associated with the wave spectrum. Furthermore, waves of low = are progressively
Doppler shifted and Doppler spread towards higher values of 7 in the presence of

background winds and gravity wave induced wind variance.

The Fritts and La scheme also considers a continuous wave spectrum, and as with the
Hines scheme assumes that vertical propagation is linear at a particular height for waves of
m<wm, where » is a critical cut-off value. Observations of middle atmosphere wave
spectra show that above a critical value of » the slope of log(m) vs. log(S,(m)) has a
gradient of —3, and that the critical value decreases with increasing altitude. The Fritts and
Lx scheme assumes that the start of the m” region is 7 and that the momentum
deposited due to non-linear processes within this region can be constrained to an

empirical relationship between height and total wave energy.

1.2.4 CHEMICAL TIMESCALES AND CHEMICAL FAMILIES
Consider a constituent A that undergoes chemical production and loss through the

following reactions
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A + B — products (k,)
A + C = products (k,)
A + D + M = products (k)

E + F — A + products (k,)

Each letter represents a reactant concentration in (molecules cm™). £, are reaction rate
coefficients in cm’s” for the bimolecular reaction k,, k,, and k,, and cm’s’ for the

termolecular reaction k;.

The production-loss equation of A is written

a“)

o~ (AB)—ky (A)C) — ks (AYDYM) + ko (EXF)

=A-L)+G

The first term A(-L) is chemical loss of A, and the second term G is gain. Integrated over

time t from t=0 when A=A, gives

_G-(-4L+Ge™
L

A

It is useful to define a concept called chemical lifetime T which by definition is the time
taken for a constituent concentration to dectease by a factor of e. Substituting A=A /e

into the above equation gives

7= 20

4 _1
AL L

Analogous expressions can be denived for the timescale of dynamical production and
loss. If it assumed that the concentration of a constituent falls off a factor of e with its

scale height H;, then
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A=A, exp(— —};—]

where A, is the concentration at altitude 1, z the altitude above the reference altitude. The

vertical gradient of A is
ad__1 ,
dz H.

1
transport due to a vertical wind w (positive downwards), is therefore

a_ M _w ,
it &

i

which when integrated over time t from t=0 when A=A, gives

w
A=A —t
ol 201

1

Therefore the vertical transport timescale is H,/w. Similar expressions for horizontal
transport can be derived in which w is replaced by zonal or meridional velocity, and H; by
a scale length for a constituent in the corresponding direction, typically of the order of
1000km in the middle atmosphere. The timescale associated with vertical diffusion is
H?/K, where K is the vertical diffusion coefficient.

Timescales provide useful tools for understanding what processes determine constituent
concentration at a particular point in the atmosphere. If the chemical timescale of a
constituent is much smaller than the dynamic timescale then it is said to be in a state of
photochemical equilibrium. Under these conditions the distribution of a constituent is
determined by short timescale photochemistry and is not affected by transport, though it
may be indirectly affected through transport of longer-lived constituents that contribute
to its chemistry. If the chemical timescale 1s much larger than the transport timescale then
a constituent will be well mixed below the turbopause. If the two timescales are
comparable in magnitude then the distribution of the constituent will be depend upon an

interplay between both chemical and dynamical processes.
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If the chemical lifetime of a certain constituent is very short, a ime dependant numerical
model used for calculating the variation with time of this constituent must use time steps
shorter than this timescale in order to resolve such variations and maintain stability. This
can be computationally expensive, so it is convenient to introduce the concept of
chemical families. A family is a group of constituents in which the interchange between
members can be on a short timescale, with the timescale of the sum of the memberts
being much longer. Take for example the following reactions, defining pure oxygen O
and O, chemistry in the upper atmosphere (Chapmann [1930]) as outlined in Brasseur and
Solomon [1985]

O, + hv (175.9nm< A <242.4nm) — OCP) +OCP) (],
O+0+M—->0,+M (k)

O0+0,+M—0,+M (k)

O+0,+M—20, (ky

O, + hv (A>310nm) = O,(’Z,) + OCP) (J)

O, + hv (A<310nm) - O,('A,)) + O(D) (J,")

O, + hv (A<175nm) = O(P) + O('D) (J,)

O(D) +N,—> O(CP) +N, (k,,)

O(D) + 0,— O(CP) + O, (k)

From their associated production-loss equations, the lifetimes of O(3P), O(’D), and O,

are

1
 Jy+J; +k,0,

=~ 2000s(30km)

T03
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1
T = = 0.4s(30km
" " k,0, +k, 0, + 2k, MO (30km)

1
T =
ouw k4aN2 +k4302

~ 1s(30km)

The lifetimes above are taken from Brasseur and Solomon [1985], and correspond to
calculated values at 30km.

The odd oxygen family O, is defined as O,= O('D) + O(CP) + O,. Many of the above
production loss equations cancel out in terms of O,, for example O + O, + M = O, +

M yields no net change in O, even though there is an interchange between O and O,.
The lifetime of O, is therefore

T= Oy = 20" =~ weeks(30km)
OnL 2k, (M)O)” +2k,(0)(0;)

where O,/L is the total loss of O,.

The lifetime of O, is much longer than its components, (see Figure I-11), and is therefore
a more convenient constituent to solve for in a time dependant numerical model. The
next step is to determine the relative concentrations of each component within a family.

The most straightforward way to do this is to apply partiioning ratios. For O,

0, =0CP)+0('D)+0, = 0{1+ OSD) + OSP)J

The values of the ratios can be determined by assuming photochemical equilibrium for
components at relevant locations within the atmosphere. Below the mesopause atomic

oxygen is short lived, therefore

do('D)

——=0= J3 (0,)+J, (0,) - O('D)[k, ,(N,) + k,5(0,)]
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J5 0+, (0,) _ J; (0;)

o('D) =
[kaa(N2) + k5 (0] [hyy(N3) + k45 (0,)]

assuming J, (0;) >>J, (0,)

»*

o(D) _ J,
0, (ks (Ny) +ky5(0,)]

Similarly, for O(P)

oCP) Jy +J,
0,  k(M)O,)

From these ratios O, can be partiioned and the concentration of its components
determined. It should be noted that this method of partitioning is limited in that it
neglects minor terms and is difficult to apply to extended regions of the atmosphere, over
which the photochemical equilibrium criterion may not hold. A more accurate method

will be discussed in section 111.4.2.

The other families discussed in this thesis are HO, = OH + HO, + H, and NO, = NO +
NO,.

1.2.5 LOCAL THERMODYNAMIC EQUILIBRIUM AND RADIATIVE
COOLING

In a closed system such as a parcel of air in an optically thick medium, the populations of
excited vibrational and rotational levels are determined through collisional activation and
deactivation and therefore obey a Boltzmann distribution. The system is in a state of
thermodynamic equilibrium. In the atmosphere this 1s not strictly the case since there is a
small net gain or loss of radiation, however de-excitation and excitation through
collisional processes will dominate over radiation processes such as photon absorption,
spontaneous emission and collisionally activated emission, so that a state of Loca/
Thermodynamic Equilibrfium (LTE) can be assumed. The radiation emitted by such a
system, the source function, will approximate to a Planck black body function. The net

amount of radiative energy gained or lost from a parcel will therefore be the difference
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between the Planck function and the absorption of incoming radiation. When collisions
become sufficiently infrequent the population of excited states no longer obeys a
Boltzmann distribution, the system is said to be in state of non-Local Thermodynamic
Equilibrium (non-LTE). The population of states will depend upon both collisional and
radiative processes. When collisions become so infrequent that the populations of excited
states depend only upon radiative processes, the system is said to be in a state of

Monochromatic Radiative Equilibrium (MRE).

1.3 THE THERMOSPHERE-MESOSPHERE SYSTEM

1.3.1 HEATING AND COOLING

Figure IV.1 shows heating rates through the mesosphere-thermosphere system as
calculated by the National Center for Atmospheric Research Thermosphere-Ionosphere-
Mesosphere-Energetics one-dimensional model (NCAR 1-D TIME), Robk [1994].

Radiative heating in the stratosphere and mesosphere is mostly due to the absorption by
ozone of solar radiation in the Hartley (200-300nm), Huggins (300-335nm), and
Chappuis (450-850nm) bands. This reaches a maximum at about 45km of about 10 Kday
! but falls off in altitude with the decrease in ozone concentration. Above 80km there is a
contribution due to absorption by O, of solar radiation in the Schumann-Runge bands
(450-850nm), which in turn gives way with increasing altitude to UV heating due to
absorption by O, in the Schumann-Runge continuum (100-180nm). This reaches a
maximum of about 30-40Kday" at about 150km. Above 150km radiative heating is
dominated by EUV ionisation of O, O,, and N,. Both UV and EUV heating are strong
functions of solar cycle, maximum EUV heating rates at solar minimum and maximum

vary between about 500 and 2000Kday .

An important heating mechanism in the mesosphere is the exothermic chemical reaction
of neutral constituents. There is a local maximum in the lower mesosphere due to the
recombination of O and O, to form ozone and quenching of O('D) created through
ozone dissociation, and another local maximum between 80-90km due to recombination
reactions and HO, reactions with ozone (Mhncgak and Solomon [1993]). Between 80-90km,
exothermic chemistry dominates over solar heating. In the thermosphere the EUV and
UV heating rates have several channels through which heating occurs after the original

photon event. Following dissociation of O, by solar radiation in the Schumann-Runge
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wavelength range an O and O('D) are created. A characteristic photon in this wavelength
range has an energy of 7.5eV. The bond energy of O, is about 5eV, leaving about 2.5¢V
to be deposited locally through O('D) quenching and direct neutral heating. The
remaining energy is released through exothermic recombination reactions that can occur
subsequent to transport, as atomic oxygen is long lived above the mesopause. A
characteristic EUV photon has an energy of about 30eV. Following ionisation of N,, O,,
and O the energy is split equally into two channels, the kinetic energy of the
photoelectron and the chemical energy of the ion product. About 1eV of the electron
energy in the photon channel is transferred to the neutral gas either through Coulomb
collisions with ambient electrons, which in turn heats the neutrals through elastic and
inelastic collisions, or through direct collisions with the neutrals. The remaining 14eV in
this channel is lost through airglow as a result of excitation due to photoelectron
absorption by ions and neutrals. About 10eV of the chemical energy in the other EUV
channel is transferred locally to the neutral gas through mechanisms that depend upon
the chemical lifetimes of the many constituents created after the initial photon event. In
the upper thermosphere the lifetime of the ions and neutrals created is sufficiently long
that the chemical energy created is not released locally. Between 150-250km (at solar
minimum) the energy is released through ion-ion and ion-neutral exothermic chemistry of
constituents either created locally or transported downwards from above. It should be
noted that most atomic oxygen created from chemistry subsequent to O, ionisation will
be transported down into the lower thermosphere where it is released through
recombination. This accounts for a local loss of about 5eV, the binding energy of O,,
from the EUV ion energy channel. These processes give rise to a total thermospheric

neutral heating efficiency of between 30-40% (see Roble [1995]).

Joule heating plays a major role in the high latitude thermosphere. Ions are accelerated
due to the high latitude electric field, which in turn heat the neutrals through collisions.
Another high latitude energy source is heating due to particle precipitation (see 1.4). As
ions and electrons are accelerated along the Earth’s magnetic field lines into the polar

thermosphere, they lose energy and heat the ambient gas through collisions.

Radiative cooling in the mesosphere and lower thermosphere is dominated by 15um

band emission of CO,, with a much smaller mesospheric contribution due to 9.6Uum
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emission of O,. CO, cooling has two local maxima, one at about 45km, balancing the
peak in O, heating, and another at about 100km. Below about 70km CO, emission
corresponds to LTE, whereas between about 80-115km CO, radiative cooling is non-
LTE. A critical factor in determining the amount of cooling that occurs in this non-LTE
layer is the deactivation of the CO,(01'0) state through collisions with atomic oxygen.
This process gives tise to the maximum in CO, cooling at about 100km, which is
responsible for the mesopause. Between about 120-200km non-LTE 5.3m emission of
NO is the major cooling mechanism. This is a strong function of solar cycle as NO is
produced subsequent to N, EUV ionisation. As discussed previously, in the upper
thermosphere airglow accounts for 14eV energy loss out of 30eV EUV photon energy.
The main component of this is 63um fine structure emission from atomic oxygen, the

other main contribution being from UV emission from atomic oxygen (Torr et al. [1980]).

At the mesopause another important cooling mechanism is downward turbulent heat
conduction, though it is typically smaller in magnitude than CO, radiative cooling.
Throughout the mid to upper thermosphere downward molecular heat conduction is the
dominant cooling mechanism, balancing energy deposition associated with solar EUV

radiation.

I.3.2 GLOBAL MEAN TEMPERATURE STRUCTURE.

The global mean temperature structure as calculated by the NCAR 1-D TIME and the
MSIS-E90 models are shown in Figure I-9. The stratopause corresponds to a maximum
in heating due to absorption of solar energy by ozone. This doesn’t correspond directly to
the maximum in ozone density, rather it is a function of ozone density and atmospheric
opacity. Below this height, radiation at the relevant wavelengths has been absorbed by the
ovetlying levels, hence the decrease in temperature with height. Above the stratopause
temperature falls off with the decrease in ozone density and increase in CO, radiative
cooling to the mesopause. Up until relatively recently the altitude of the mesopause was
considered to be at about 85km. This value corresponds to eatly observations such as
rocket sounding and rocket-grenade experiments, which typically did not extend above an

altitude of about 95km. With advances in observational techniques such as ground-based

32



Background Theory Chapter I

metal resonance lidar, it became clear that mesopause morphology was more complicated
than previously thought (von Zahn and Neuber [1987), von Zabn and Meyer [1989], She et 4.
[1995], von Zabn et al. [1996], She and von Zahn [1998]). Other studies based on UARS data
(Ortland et al. [1998]), and modelling studies (Roblk [1995], Roble [1995), Berger and von Zahn
[1999)) infer that the zonal mean mesopause varies seasonally with altitude as well as
temperature, and that it often consists of two components, one minimum at about 88km
and a stronger minimum at about 100km. The likely cause for this global feature is
exothermic chemical heating between 80-95km (Brasseur and Offerman [1986), Solomon
[1991a,b], Mynezak and Solomon [1993], Roble [1995]). This produces a bump in the vertical
temperature profile, as shown by T, in Figure I-8. Above the mesopause temperature
rses sharply due to absorption of UV and EUV radiation as shown in Figure 1-9. In the
upper thermosphere, vertical molecular heat conduction becomes so large as to remove
any gradients in temperature, resulting in a constant exospheric temperature with
increasing height. It should be noted that this mechanism depends upon temperature
gradient in the lower thermosphere, therefore the temperature of the mesopause will have

an effect on exospheric temperature.

1.3.3 GLOBAL MEAN COMPOSITION

Figure 1-10 shows the relative composition of the main constituents throughout the
mesosphere, based on the NCAR 1D TIME model and MSIS-E90. O, and N, are the
major constituents with relative concentrations of about 21% and 78% up to the
mesopause. The reason for the constant mixing ratio with height is that they have
extremely long chemical lifetimes and are therefore thoroughly mixed throughout the
lower and middle atmosphere. Figure I-11 shows the dynamical and photochemical
lifetimes of O, O,, and O, as calculated by the Garza and Solomon [1983] 2D model.
Clearly seen is the larger lifetime of O, in comparison to its components O and O,. It
should be noted that the lifetimes correspond to global means, and therefore do not
show the diurnal variation associated with solar insolation. Above the turbopause the
constituents are separated by diffusion and fall off in density as a function of their
individual scale heights. Above about 120km, UV dissociation of O, and decreasing
recombination rates result in increasing O densities. This higher production of O
combined with the fact that O has a larger scale height than O, and N, results in its

concentration being greater than that of O, above about 120km, and N, above about
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180km (at solar minimum). This results in a decrease in mean molecular weight with
altitude. Peak O concentrations occur at about 90-100km, immediately below which there
is a rapid transition from being a long lived constituent governed by transport processes,
to a state of photochemical equilibrium. Throughout the mesosphere the very short
lifetime of O is due to the increase in recombination associated with increasing

atmospheric density.

Between 20-30km there is 2 maximum in O, concentration. It is this layer that is
responsible for the absorption of harmful UV radiation. Below this altitude there is less O
available for recombination to form O, due to the increasing opacity of the atmosphere at
wavelengths responsible for O, dissociation, therefore O, density decreases. O, is
destroyed through solar UV radiation dissociation, Cl,, HO,, and NO, catalytic chemistry.
At about 85-90km there is a local maximum in O,. This is due to a maximum in the three
body recombination reaction (see reaction k&, in 1.2.4), which is dependant upon O and
background number density M. O falls off below the maximum, and background number
density M falls off above resulting in a maximum. It should be noted that the second O,
maximum is tied in with H,O chemistry since solar dissociation of H,O leads to the

production of HO,, which in turn catalytically destroys ozone.

The photochemical and dynamical lifetimes of HO, as calculated by the Garva and
Solomon [1983] 2D model are given in Figure I-12. HO, has a relatively short chemical
lifetime throughout the mesosphere due to the reactions of OH and HO, with ozone.
Above about 80km increasing H,O UV photolysis results in a drop off in H,O, which in
turn conttibutes to a sharp decrease in OH and HO, since this mechanism is responsible
for most HO, production. Above about 85km HO, is predominantly composed of H due
to increasing concentrations of O, which reacts with OH to produce H, and with HO, to
produce OH, which in turn is converted to H. This effect also contributes to the sharp
decrease in HO, and OH. Below this altitude H is in a state of photochemical equilibrium
due to fast recombination associated with higher atmospheric density. Between 80-90km
there is a strong interaction between H and O, to produce vibrationally excited OH . This
shows up in the OH and HO, vertical profiles as sharp local maxima, directly correlated
with the local minima in O,. The H density profile in the upper thermosphere is a

function of molecular diffusion, decreasing H,O density, and exospheric escape. The

34



Background Theory Chapter I

magnitude of this escape is crucial in determining middle atmosphere HO, densities since
the supply of the escape flux comes from the lower atmosphere (Li# and Donabue [1974]).
The three escape mechanisms are thermal escape flux, H — H" charge exchange, and the

polar wind.

As mentioned above the main source of HO, is the dissociation of H,O. Dissociation is
the main destruction reaction for H,O, which can be seen in Figure I-13. Chemical
lifetime progressively increases below 80km due to increasing opacity at dissociative
wavelengths. Through the middle atmosphere water is dynamically controlled, with its
main source being methane oxidation reactions. H, is seen to have a very long chemical
lifetime throughout the mesosphere system. H, production in the mesosphere depends
upon the H + HO, recombination reaction, acting as a sink for HO,. The vertical profile
of H, is controlled through HO, chemistry in the lower thermosphere and mesosphere,

and destruction through the reaction with O to form H in the upper thermosphere.

It is of interest to note the variation in the components of total hydrogen content with
altitude. Oxidation converts CH, to H,O with increasing altitude in the stratosphere. In
the mesosphere most H,O is converted to H, through dissociation, whereas into the

thermosphere much of the remaining H,O and H, is converted to H.

The photochemical and dynamical lifetimes of NO, as calculated by the Garia and
Solomon [1983] 2D model are given in Figure I-14. Here NO, includes stratospheric odd
nitrogen compounds N,O; and HNO,. In the mesosphere and thermosphere the main
NO, compounds are NO, NO, and N. As shown in Figure I-15 the two sources of NO,
are through oxidation of N,O by O('D) and production through ion chemistry. The first
mechanism occurs in the upper stratosphere, above this levels of N,O decrease. It should
be noted that as well as naturally occurring biological production of N,O, anthropogenic
sources due to fertilizer production, combustion, and organic waste play a major role in
the global production. The production of atomic nitrogen shown in Figure I-15 is
primarily through ion chemistry following ionisation of O, O,, and N,, as well as direct
dissociation of N,. Various reaction pathways lead to the production of excited N(*D)
and ground state N(*S). The major constituent ionisation sources in the upper
stratosphere and lower mesosphere are cosmic rays and sporadic solar proton events. In

the upper mesosphere and into the thermosphere the major sources are solar EUV
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radiation and high latitude particle precipitation. There 1s also a small production of NO
and N(*S) between 100-120km due to meteors. Below about 60km NO and NO, are in a
state of photochemical equilibrium such that NO recombines to form NO, at night. NO,
concentrations fall off sharply into the mesosphere due to increases in O concentration,
which converts NO, to NO. In the lower thermosphere the main source of NO is
through the reaction of N(*D) and O,. There is a contribution from the reaction of O,
and N(*S), but this reaction is slow at lower thermospheric temperatures. N(*S) and
undergoes reaction with NO in this region to form N,. This acts as a sink of reactive
nitrogen and is often referred to as cannibalistic. In the upper mesosphere NO has a
minimum due to solar dissociation, the magnitude of which is also a function of
downward transport of NO from above. N(’D) is in a state of photochemical equilibrium
throughout the lower thermosphere and mesosphere. Concentration drops off rapidly
with altitude since it is rapidly lost in the reaction with O,. The same is the case for N(*S)
(listed as N in Figure 1-14), but the timescale for reaction with O, is slower than that of
N(D), therefore the N(*S) thermospheric peak is much larger than N(*D). As discussed
previously, upper atmosphere production of NO, is mainly through EUV ionisation and
high latitude auroral particle precipitation, and is therefore a strong function of solar cycle

and geomagnetic activity.

The photochemical and dynamical lifetimes of CO and CH, as calculated by the Garvia
and Solomon [1983] 2D model are given in Figure I-16 and Figure I-17. CH, is not
photochemically produced in the atmosphere, it is naturally produced by the biosphere
and lithosphere, and also through anthropogenic sources. It is transported upwards
where eventually it undergoes oxidation to form CO, OH, and H,O. This mechanism
accounts for about 30% of atmospheric CO, the rest is through direct anthropogenic
production. CO has a very long photochemical lifetime throughout most of the middle
atmosphere. CO, is produced in the troposphere by plants and anthropogenic sources,
principally fossil fuel combustion. It is un-reactive, resulting in a near constant volume
mixing ratio below the homopause. In the lower thermosphere it undergoes a small

amount of solar dissociation.

Positive ions are formed through EUV and X-ray solar ionisation and energetic particle

precipitation, and negative ions ate formed through electron attachment to neutrals. As
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discussed in I.1, the height region over which these ions exist is referred to as the
ionosphere. Figure I-18 shows the basic structure and how each layer is defined. Between
about 60-85km is the D-region, the soutrce of which is mostly ionisation of NO by solar
Lyman alpha above 70km, with a contribution from high energy cosmic rays below. The
ion chemical lifetime is very shott at these altitudes due to recombination, such that the
D-region only exists during the day. Below about 75km the ions consist mostly of
hydrated H'(H,O), cluster ions, wheteas above, up to about 130km, they are mostly the
molecular ions NO* and O,". The next layer is the E-region between about 85-130km. In
this layer ion chemical lifetimes are still very short such that nighttime electron densities
are typically 100 times smaller than during the day. The source is solar X ray and Lyman
B ionisation of O, O,, and N,, and the main constituents are NO* and O,". Also present
in this layer are concentrations of metallic ions associated with meteor ablation. Above
135km is the F-region, which is typically divided into two layers, F, and F,. In the F, layer,
the ionising soutce is EUV ionisation of the major constituents to produce O," and NO”,
whereas the F, layer is composed mostly of O". As in the E-Layer, F, layer ion chemical
lifetimes are sufficiently short that a state of near photochemical equilibrium exists,
therefore transport does not play an important role in ion distribution. In the F, layer
however this is not the case, the ions ate subject to number of transport processes which
are typically functions of geomagnetic latitude. Above the F layer, with decreasing

concentrations of O, O,, and N,, ion composition becomes mainly He", then H".

1.3.4 ZONAL MEAN WIND AND TEMPERATURE STRUCTURE

Figure I-19 shows northern winter solstice and March equinox mesosphere-
thermosphere zonal mean temperatures at an F10.7 of 100 for k, =2+, as given by the
Mass Spectrometer and ground-bases Incoherent Scatter (MSIS-E90) empirical model
(Hedin [1991)). Figure 1-20 and Figure I-21 show zonal and meridional winds from the
empirical Horizontal Wind Model (HWM), (Hedin [1993,1994]). In the upper stratosphere
temperatures correspond to near radiative equilibrium conditions, exhibiting higher
temperatures at the equator for equinox and summer hemisphere at solstice. There is a
small departure in the winter hemisphere due to dissipating planetary waves. Throughout
the mesosphere the departure from radiative equilibrium is more pronounced. The
summer mesopause is about 40K colder than the winter mesopause, and the equatorial

mesopause is colder than the polar mesopause at about 80km, during equinox. The
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meridional circulation associated with this global mesopause structure, from the empirical
Horizontal Wind Model (HWM, Hedin et al. [1993]), is shown in Figure I-21. During
northern winter solstice there is a prevailing northward meridional wind between 70-
100km. At equinox a smaller circulation from the equator to the poles is seen in the same
height region. The cause of this circulation is gravity wave drag, which gives rise to the
closure and reversal of the zonal jets as shown in Figure I-20. The mechanism behind the
structure of these jets was highlighted in Figure I-4. In the upper thermosphere as
molecular diffusion becomes dominant, the atmosphere becomes isothermal with
altitude. Of interest is the equinox temperature structure shown in Figure 1-19. The poles
have a higher temperature than lower latitudes, even though solar heating is at a
maximum at the equator. This is due to high latitude Joule heating. This is also the case at
solstice, though less pronounced since the sub solar latitude has moved polewards. Low
latitude thermospheric winds are driven by pressure gradients associated with solar
heating. However, geostrophic balance is not attained due to the presence of ion drag. At
high latitudes this process dominates thermospheric dynamic structure, acting as both a

driving and drag mechanism.

During solstice there is a strong stratospheric circulation, which occurs predominantly in
the winter hemisphere as shown in Figure 1-29. This is referred to as the Brewer-Dobson
circulation (Brewer [1949], Dobson [1956]). Unlike the tropospheric Hadley circulation,
which is driven by solar radiative heating, it is caused by planetary wave dissipation in the
extra tropical winter stratosphere. Stationary, or very slowly westward propagating
planetary waves are formed through background wind flow interaction with large-scale
topography such as mountain chains and land-sea heating contrasts, in the presence of
meridional temperature gradient and coriolis acceleration. These waves can propagate
into the stratosphere, but are sensitive to background zonal wind. They cannot propagate
through regions in which the background wind is equal to the planetary wave horizontal
phase speed. Since they have zero or small westward zonal phase velocity, they cannot
propagate vertically into the summer upper stratosphere, as they would have to travel
through an eastward to westward zonal wind transition. In the winter hemisphere they
propagate upwards and dissipate in the upper stratosphere (see Figure I-23). This
dissipation can occur through two processes. The first is thermal dissipation caused by

net radiative cooling as a planetary wave successively transport air parcels into and out of
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the artic night. The second dissipative process 1s wave breaking, which generally occurs
when the planetary waves encounter a region in which the background velocity is the
same as the wave speed. This results in strong meridional mixing, transporting warm sub-
tropical air to polar latitudes. Both dissipative processes result in the cooling of air within
the polar regions, which in turn sinks. By mass conservation this drives the Brewer-
Dobson circulation, with upwelling at the tropics and equator to pole meridional
circulation. Planetary wave phenomena are hemispherically asymmetric due asymmetry in
planetary wave fluxes. The northern hemisphere has more mountain ranges, giving rise to

stronger winter solstice planetary wave forcing.

1.3.5 ZONAL MEAN COMPOSITION

Figure 1-24 shows solstice and equinox zonal mean ozone concentrations taken from the
UARS reference atmosphere project (Remedios et al. [1998]), which is a combined average
of Halogen Occultation Experiment (HALOE) and Microwave Limb Sounder (MLS)
data from April 1992 to March 1993. The stratosphetic ogone layer is seen at about 33km
(8mb). A detailed discussion of stratospheric ozone chemistry will not be presented in
this thesis, however it is of interest to note the stratospheric ozone latitudinal structure.
At both solstice and equinox the peak in upper stratospheric ozone volume mixing ratio
at about 33km, occurs in equatorial regions, with a bias towards the summer hemisphere.
This follows from photochemical theory since ozone production is dependant upon
atomic oxygen, therefore upon solar dissociation. This effect is further modified by the
Brewer-Dobson circulation, (see Figure 1-25), giving rise to large ozone concentrations at
the lower stratospheric poles during winter solstice when the photochemical lifetime of
ozone is long. In the upper stratosphere and lower mesosphere maxima are seen in the
summer hemisphere (bottorr two panels of Figure 1-26). In the upper mesosphere and
thermosphere, ozone is short lived during the day due to solar dissociation. Therefore
global distributions will be functions of background photochemustry, specifically upon the
latitudinal distribution of O required for O, formation, water vapour, the dissociation of
which gives ise to ozone destroying HO,, and direct solar dissociation. Water exhibits a
maximum in the summer hemisphere, as does solar dissociation, giving rise to maximum
ozone concentrations occutring in the winter hemisphere. This is seen in Figure I-27. At

midlatitudes ozone reaches a maximum during the winter.
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Due to a very short chemical lifetime, latitudinal distribution of atomic oxygen in the
stratosphere and mesosphere will be a function of solar zenith angle, with a maximum
beneath the subsolar point. Between about 80-120 km O is very long lived, therefore it’s
latitudinal distribution will depend upon transport processes. Modelling studies, (Garia
and Solomon [1985), Yee et al [1997]), and airglow observations (Reed [1976], Roble and
Shepherd [1997]), imply a maximum in O between 90-110km at the winter pole during
solstice. This is due to the single cell summer to winter thermospheric circulation pattern
(Duncan [1969]). O rich air is transported downwards from the upper thermosphere into
the winter pole, and vice versa at the summer pole. The mean molecular weight of the
thermosphere is therefore greater in the summer than in the winter hemisphere.
Modelling studies with the NCAR TIME-GCM show maxima in O at the poles during
equinox (Yee a¢ al [1997]). The proposed mechanism for this is the downward transport
of O rich air from the thermosphere into the polar regions due to a two cell circulation
pattern. It is however difficult to confirm this result due to the lack of airglow
observations. The proposed circulation pattern, and associated composition, will be
affected strongly by heating within the auroral oval, and therefore by geomagnetic activity
(Rishbeth and Muiller-Wodarg [1999]). It should be noted that the polar maximum in O
concentration in the 90-110km region at equinox is not shown in MSIS-E90, though this

in some part may be due to poor sampling of data at the poles.

As mentioned previously, CH, has no photochemical soutces in the atmosphere, and has
comparable chemical and dynamic lifetimes, therefore in the stratosphere its’ zonal
distribution is determined by transport. This can be seen in Figure 1-28. Indicative of the
Brewer-Dobson circulation, maximum upper stratospheric concentrations are observed
at the tropics during equinox, and towards the summer hemisphere during solstice. This
morphology was present in the Nimbus-7 satellite Stratospheric and Mesospheric
Sounder (SAMS) (Jones and Pyle [1984]), and UARS HALOE (Ruth et al. [1997]) data.
Figure I-29 illustrates the effect of this circulation. CH, rich air 1s transported up from the
tropics, whereas CH, poor air is transported downwards to the winter pole. In the
mesosphere and thermosphere most CH, is converted to H,O through oxidation

reactions. Therefore its distribution will depend upon the distribution of O,.
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The zonal distribution of H,O is given in Figure I-30. Cleatly seen is a minimum at
tropical latitudes. This is due to a freege dry effect. As the Hadley cell transports air
upwards at the tropics, H,O 1s precipitated out due to freezing at the tropopause. This
mechanism restricts the amount of water penetrating into the stratosphere. Figure 1-31
shows zonal mean water distribution up to mesopause heights. Supetimposed is the
stratospheric Brewer-Dobson circulation and the mesospheric gravity wave drag induced
summer to winter circulation. During summer solstice water exhibits a maximum in the
upper stratosphere and mesosphere, due to increased methane oxidation. Into the
mesosphere the circulation gives rise to a minimum in the winter hemisphere due to
downwelling of H,0O poor air from the mesopause (e.g. Pumphrey and Harwood [1997)).
The main source of OH and HO, in the mesosphere 1s the dissociation of H,O. The
latitudinal distribution of these constituents is therefore governed by circulation patterns
(Conway et al. [1999]). The same is true for H, as inferred from HALOE mesospheric CH,
and H,O observations (Harries et al. [1996]).

About 90% of NO, formed in the tropical middle stratosphetre is through the reaction of
N,O with O('D) to form NO. N,O has comparable dynamical and chemical timescales
above about 30km, therefore its zonal distribution is dependant on the Brewer-Dobson
circulation. High tropical values of N,0O and solar dissociation, required for the
production of O('D) and NO from NO,, give rise to maximum values of NO, at the
tropics. NO is shortlived, only being present during daylight due to dissociation of NO,.
Therefore it is most abundant within tropical regions as shown in Figure I-32. NO, i1s
long lived within the stratosphere, and its distribution is affected by both stratospheric
and mesospheric circulation since there is high production within the thermosphere. This
gives rise to winter high latitude increases in NO, in the stratosphere and NO in the
mesosphere associated with downwelling of NO, rich air from the thermosphere. As well
as increased overall production in the thermosphere associated with EUV induced ion
chemistry, auroral particle precipitation plays an important role in the distribution of
thermospheric NO (eg. Callis et al [2000]) Figure I-33 shows NO densities at about
106km as measured by the Student Nitric Oxide Explorer satellite (SNOE) during a
geomagnetic storm. Clearly seen are high NO densities within the auroral oval. High
latitude maxima in NO densities throughout the thermosphere reflect the importance of

this mechanism.
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CO, has such a long chemical lifetime that it is mixed throughout the stratosphere and
mesosphere. Above the turbopause its distribution will be dependant on thermospheric
molecular diffusion, advective transport, and solar dissociation. The zonal distribution of
CO in the upper stratosphere is dependant on production through the oxidation of CH,
and will therefore maximize in the tropics where large concentrations of CH, and
dissociative production of O('D) occur. Modelling studies have also implied that
stratosphetic-mesospheric transport will also play an important role, giving rise to lower
winter high latitude concentrations due to downwelling of CO poor air (Brasseur et al.
[1990)).

1.3.6 TIDES

Oscillations with periods that are harmonics of the diurnal cycle exist throughout the
stratosphere, mesosphere, and thermosphere. Many of these are thermal tides, driven by
solar heating. In the lower and middle atmosphere the heating is due to absorption of
infra red (IR) solar radiation by tropospheric water and UV absorption by stratospheric
ozone, whereas in the thermosphere solar UV and EUV absorption and other driving
mechanisms associated with the high latitude ionosphere play equally important roles.
The tides generated in the troposphere, stratosphere and mesosphere have components
which are able to propagate vertically into the thermosphere (Chapmann and Lindzen
[1970]), dominating the in-situ tidal structure. Tidal oscillations in ground level
atmospheric pressure measurements were found to be dominated by semi-diurnal
rather than diurnal components (e.g. Barzels [1932]). At first this was thought to be due
to the atmosphere being resonant at the semi-diurnal frequency, as originally proposed
by Lord Kelvin. This was shown not to be the case as the atmosphere has a very weak
response to semi-diurnal resonant frequencies (Taylor [1936]), and resonance theory was
unable to account for the observed increase in semi-diurnal tidal amplitude with height
in measured vertical temperature profiles. Lindzen [1967] proposed that the semi-
diurnal tidal was dominant due to the suppression of diurnal tides within the
atmosphere. Lindzen showed that solutions to tidal equations as given by Lap/ace [1825]
had mainly non-propagating components for the diurnal tide within the region of
thermal forcing, and that semi-diurnal components were all propagating. The
propagating components of the diurnal tide were shown to be much weaker than the

semi-diurnal components. A secondary effect is that the diurnal components have small
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vertical wavelengths in comparison to the semi-diurnal components and are therefore
subject to destructive interference within the region of thermal forcing. The difference
in vertical wavelength also plays a role in thermospheric propagation. The propagating
diurnal component is preferentially damped in comparison to the semi-diurnal
component (Hines [1960], Chapmann and Lindzen. [1970]]. The horizontal structure of
the propagating diurnal tide is limited in latitude, occurring mainly between +30°. This
is due to the limitation imposed on gravity wave propagation associated with the
Coriolis parameter (Chapmann and Lindgen. [1970]). A diurnal tide can be considered as a
gravity wave, and as such cannot propagate vertically if its frequency w is less than

2QSinB (where Q is the Earth’s rotation velocity and 0 is latitude).

Tides can have a large effect upon the background atmosphere. The oscillation in
density, temperature and winds are important features of the upper mesosphere — lower
thermosphere. Figure I-34 shows a climatology of meridional winds at 12 hours local
time as measured by the UARS satellite (McLandres et al. [1996]). Between 80-110km the
diurnal tide is cleatly visible as a set of cells, symmetric about the equator. Tides can also
have an effect on composition through vertical transport associated with tidal oscillation.
Reaction rates are often strong functions of density and temperature, therefore the loss
and production legs of tidal oscillations will not be equal, resulting in a net constituent
flux (Akmaev [1980]). In the upper mesosphere tidal dissipation can also contribute to
turbulence (Lsndzer [1968]), and net vertical motions (e.g. Fauliot [1997]), which can lead
to compositional changes. Furthermore, interaction with other atmospheric oscillations
such as planetary and small-scale gravity waves may play an important role in modifying

mean atmospheric structure.

1.3.7 UPPER ATMOSPHERE PLANETARY WAVES

In the stratosphere and mesosphere planetary waves typically have periods near 2, 5 and
16 days, maximizing in the winter hemisphere, as discussed in 1.3.4. In the upper-
mesosphere, westward travelling quasi 2-day waves (Q2DW) of zonal wavenumber m=3,
and quasi 16-day waves (Q16DW) have been observed, maximizing in the summer
hemisphere (e.g. Muller [1972], Glass et al. [1972), Williams and Avery [1992], Forbes et al.
[1995], Ward et al[1996], Zbox et al. [1997]). The middle atmospheric zonal jet structure

would seem to preclude the source of these waves being from below the mesospheric jet
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core. Salby [1981] proposed that Q2DW were harmonic oscillations, and Plumb [1983]
that their source may be instabilities within the summer mesospheric jet core. The
Q16DW i1s believed to be of zonal wavenumber m=1, being a manifestation of the
second symmetric Rossby normal mode. Planetary wave oscillations in the thermosphere
and ionosphere have been observed (Chen [1992], Apostolev et al. [1995,1998], Forbes and
Zbang [1997], Mitchell et al. [1999]). The proposed mechanisms by which the waves occur
in the upper atmosphere are (affer Meyer [1999]) (1) In situ forcing due to thermospheric
energy sources such as EUV and high latitude Joule heating; (i) Planetary wave
modulation of upwardly propagating gravity waves, giving rise to oscillations in the mean
wind structure above 100km. This in turn may couple with the F-region through the
ionospheric dynamo effect (see Richmond [1983, 1995]); (1ii) Planetary wave modulation of
composition in the lower thermosphere giving frise to changes in electron density (Forbes
[1996]); (iv) Planetary wave modulation of upwardly propagating thermal tides and
associated ionospheric variation through the dynamo effect (Mitchel/ et al. [1996]). Meyer
and Forbes [1997] used a two-dimensional linearised wave model of the ionosphere-
thermosphere-mesosphere system to investigate the natural resonances that occur in this
region. The periods were not in agreement with observations implying that mechanism (i)
is not the cause of planetary waves in the thermosphere. Modelling studies such as that of
Meyer [1999] suggest that the interaction between middle atmosphere planetary waves and
gravity waves can produce planetary wave oscillations in the lower thermosphere, though
the study did not include the effect of gravity wave/tidal interaction. The source of

thermosphere-ionosphere planetary wave signatures is still not fully resolved.

1.4 THE IONOSPHERE

The ionosphere plays a major role in thermospheric dynamics and energetics. The
presence of a magnetic field in the terrestrial upper atmosphere has a profound effect,
since charged particles can be accelerated in the presence of this field or be moved across
field lines through collisions with the neutral atmosphere, which in turn can generate
large electric fields. The effect of neutrals upon charged particles and vice versa depends
upon the ratio of collision frequency to gyro frequency. In the presence of a magnetic field
charged particles will undergo a gyroscopic motion around the field lines. The rotation
rate, or gyro frequency, for a charged particle i is given by ®=Bq/m. B is the magnetic

field strength, q is the particle charge, and m the particles mass. The collision frequency is
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defined in terms of a collisional rate coefficient. For collisions between ions and neutrals
the ion-neutral collision frequency is given by v, =nK,, , where n is neutral concentration
and K, is the ion neutral collision rate coefficient. It should be noted that the ion-neutral
collision frequency is larger than the neutral-ion collision frequency as ion densities are
typically much smaller than neutral densities in the thermosphere. If ®>>v, the charged
particles are unaffected by the neutral wind, and their motion is gyroscopic along
magnetic field lines. Under these conditions the ions can act as a driving mechanism on
the neutrals, depending upon relative velocity. At high latitudes and altitudes (above
about 150km), the ion-neutral collision frequency is sufficiently low, and ion velocity
sufficiently large that ions play a major role in the neutral momentum budget. If ®<<v,
charged particle motion is dominated by collisions with neutrals. Therefore they are
subject to forcing from the background neutral wind. The electrons and positive ions
undergo differential forcing since their neutral collision and gyro frequencies differ. The
result is that a current is created in regions of high conductivity (specifically in the E-
region). However, due to hotizontal and vertical differences in conductivity, polarization
and an associated electric field develops. This dynamo field is mapped from the E-region
up into the F-region along magnetic field lines. In the F-region there is another high
latitude electric field caused by interaction of the solar wind with the magnetosphere. As
the solar wind plasma traverses geomagnetic field lines, the particles experience opposing
forces F since F=¢vxB (where ¢ is charge, v is velocity and B is magnetic field). The
resulting charge separation gives rise to an electric field which maps down the magnetic
field lines onto the polar caps. The cross-cap potential gradient is at right angles to the
direction of the solar wind, and is about 50 kV in magnitude under average conditions.
Collisions between ions and neutrals due to accelerations in the presence of an electric
field result in Joule heating, which accounts for a large proportion of the thermospheric

energy budget.

The orientation of the Interplanetary Magnetic Field (IMF) relative to the geomagnetic
field strongly affects the coupling between the solar wind and Earth’s ionosphere. Figure
I-35 shows the morphology of the IMF associated with the expanding solar wind.
Maxwell’s equation states that there must exist a cutrent sheet between regions of anti-
parallel magnetic field. Therefore the position of the Earth relative to this current sheet
determines whether the IMF is northward or southward. The second patt of Figure 1-36
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shows the configuration of the geomagnetic field for north and southward IMF. During
petiods of southward IMF the magnetosphere is open, allowing strong coupling with the
solar wind. Plasma can enter the Earth’s magnetosphere, and subsequent to complex
magnetic recombination processes give rise to particle precipitation and associated aurora.
During these times plasma enters the upper atmosphere along magnetic field lines,
maximizing at high latitudes. The magnitude of precipitation events is usually dependant
on the length of time the IMF has been northward and the speed at which the transition
to southward IMF occurs. A measure of such factors is the geomagnetic activity index A,
and its logarithmic equivalent K . It is based on global magnetometer measurements of

the range of variation with time of the north-south geomagnetic field.

1.5 ATMOSPHERIC NUMERICAL MODELS

The differential equations describing atmospheric dynamics, energetics, and composition
are mostly non-linear, and therefore cannot be solved analytically. It is necessary to apply
techniques such as finite differencing and solve them iteratively. One of the first
proposed procedures to do this was made in the 1920’s by Lewis Fry Richardson. By
representing the atmosphere in discrete cells, and solving finite difference expressions for
the fundamental atmospheric equations, he proposed that it may be possible to predict
the evolution of troposphetic weather systems from an initial set of observations.
Unfortunately this requires a huge number of calculations, so much so that his solution
was to use a stadium of 64,000 people, each with a mechanical calculator. Clearly beyond
the limits of practicality, this proposal highlighted the path of atmospheric numerical
modelling. With the advent of digital computing it is now possible to solve vast numbers

of calculations quickly.

The first General Circulation Models (GCM) assumed simplifying assumptions such as
barotropy (no hotizontal temperature gradient and vertical motion) and quasi-geostrophy
(no drag), and extended over a hemisphere or continent horizontally and one vertical
level. With the increase in computing power these assumptions were discarded and the
coordinate system extended to include the entire globe over extended height ranges.
Present day lower atmosphere GCM’s such as the U.K. Meteorological Office Unified
Model, and the U.S. National Center for Atmospheric Research (NCAR) Coupled

Community Model (CCM2) are extremely complex, sophisticated codes, which are

46



Background Theory Chapter 1

invaluable tools in the fields of weather prediction and climate research. They tend to
exclude the upper atmosphere as it was assumed that this tenuous region would have no
effect upon the troposphere, in which 99% of atmospheric mass resides. Exceptions to
this are models such as the United Kingdom Universities Global Atmospheric Modelling
Program (UGAMP) extended GCM’s, and Canadian Middle Atmosphere Model
(CMAM) which have upper boundaries in the lower thermosphere.

The first upper atmosphere GCM was a thermospheric model developed by Koh/ and King
[1967] in which the only forces considered were due to pressure gradients derived from
satellite drag observations and parameterised ion drag. Fauller-Rowell and Rees (1980)
followed by Dickinson (1981), were the first to solve fully coupled non-linear time-
dependant equations of energy and momentum in three dimensions. Subsequent
advances in these two models have been made to include the calculation of composition
and coupling with self-consistent ionospheric codes (Fuller-Rowell et al. [1996), Roble and
Ridley [1994)).

Untl recently atmospheric models were divided into two groups, those that extended
from the ground to a maximum of about 90km, and thermosphere-ionosphere models
that extended from about 80km to the upper atmosphere. The first model to span this
region was the NCAR Thermosphere-lonosphere-Mesosphere-Energetics (TIME) GCM
(Roble and Ridley [1994]), which is an extension of the Thermosphere-Ionosphere code
discussed above. It extends from the upper thermosphere down to about 30km. Other
than the model developed for this thesis, it is the only 3-dimensional code that self
consistently solves the equations governing energetics, dynamics, and composition from

30km upwards, including the effect of the ionosphere.

Other types of models exist that employ simplifying assumptions in order to solve the
non-linear equations describing atmospheric phenomena. Two dimensional models solve
zonally averaged equations of energetics, dynamics and composition (e.g. Crutzen [1975],
Harwood and Pyle [1975], Garcia and Solomon [1983), Brasseur et al. [1990], Summers et al.
[1997], Zhu et al. [1997a]). This simplifies the equations enabling faster computation at
the cost of parameterising longitudinal motion. If such features are dissipative, as is the
case for stratospheric planetary waves discussed eatlier, net meridional transport occurs

which must be parameterised in the zonally averaged equations. Another method through
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which calculations can be simplified is to only solve for perturbations relative to a
background atmosphere (e.g. Volland and Mayr [1973), Harris and Mayr [1977), Forbes
[1982a]), Hagan et al. [1995]). This technique is especially valuable for studying petiodic
phenomena such as tides and planetary waves. However, these models are not self-
consistent relying on a predefined background atmosphere. This allows for studying in
great detail the contribution of each component physical process, at the cost of the
incomplete representation of complex radiative-dynamic-chemical coupling mechanisms
between perturbations and the background atmosphere. Another method through which
the computational load can be reduced in GCM’s is to express physical parameters as
spherical harmonic expansions and solve the governing equations in this form rather than

using finite differencing techniques. These are referred to as spectral models.

1.6 LOWER-UPPER ATMOSPHERIC COUPLING AND SOLAR
VARIABILITY

The upper mesosphere — lower thermosphere is a complex transitional region of the
Earth’s atmosphere. It contains the homopause, below which turbulent motions
dominate, whereas above, collisions are sufficiently infrequent that molecular processes
dominate. The ionosphere begins to play an important role above this altitude. It 1s
permeated by dissipating tides, small-scale internal gravity waves, and planetary waves
which act to transport constituents, energy and momentum to and from the lower and
upper atmosphere. The meridional circulation induced by gravity wave breaking
contributes to the complexity of the energetics of the region, which includes exothermic
chemistry (Mbyncgak and Solomon [1993]) and non-LTE radiative processes (Ward et al.
[1993], Fomichev and Blanchet [1998]). As previously discussed, only the NCAR TIME-
GCM 3-dimensionally models the region without the restricions of boundary
assumptions. For other numerical models that do have boundaries within this region,
these assumptions are often crude approximations of the complex interchange processes

that occur between the lower and upper atmosphere.

1.6.1 LOWER ATMOSPHERE EFFECTS

There has been much research into the study of both long and short timescale coupling
between solar variations and climate (see Iean and Rind [1999], e.g. Mannder [1922], Eddy
[1976]), Pittock [1978), Sonett and Senss [1984], Gilliland and Schneider [1984], Reid [1991],
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Schlesinger and Ramankutty [1992). For example, Fris-Christenson and Lassen [1991] found a
high correlation between period varations of the 11-year sunspot cycle and mean
northern hemisphere land surface temperatures between 1865-1985. Labitzke and Van
Loon [1988, 1992, 1995] showed significant positive correlation between solar cycle and
satellite measured geopotential height variations at 30 hPa over a 36 year period, and
suggested that the main driving mechanism was direct solar heating, though the
amplitude of its vatiation over the solar cycle was apparently too small to account for the
observations (Labitgke and Van Loon [1993]). Brown and Jobn [1979] proposed a correlation
between northern hemisphere storm tracks and solar cycle, and Bjarnason et al. [1993]
showed strong coupling between solar cycle and ozone column densities in 34 years of
Dobson measurement data over Iceland, especially during periods of eastwards QBO.
Detailed three-dimensional modelling studies show significant correlation between solar
cycle variability and climate (Hazgh [1994,1996, 1999]), though the comparison with
observations 1s more favourable when unrealistically large values of stratospheric ozone
concentration and UV solar cycle variation are assumed (Balachandran and Rind [1995]).
Haigh [1996] proposed that the underestimation of solar cycle effects was due to the
application within the model of conservative ozone vatiations and excluding the effect on
ocean UV heating. Recently Stamper et al. [1999] used satellite solar observations to deduce
the temporal and spatial variations in the Interplanetary Magnetic Field. Using these
observations they concluded that the geomagnetic field was directly related to the IMF,
and that measurements of 4a over the last 150 years were good indicators of the past solar
coronal magnetic field. They derived a relationship between total solar output and 4z
using observations over the last 3 solar cycles, from which they concluded that the solar

coronal magnetic field had increased in the last century such that solar output had
increased by 1.65£0.23 Wm? (Lockwood and Stamper [1999]. They proposed that this

change would account for about half of the global warming observed.

The mechanisms behind observed tropospheric variations with 11-year solar cycle are
however difficult to explain purely in terms of the variation in total solar energy output,
which is less than 0.1% between solar minimum and maximum. Another factor that
would seem to preclude direct influence upon the lower atmosphere is that most of the
solar variation occurs in the UV and EUV wavelength range, the effects of which are

most pronounced in the thermosphere, mesosphere and upper stratosphere. These
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regions only account for a fraction of a percent of the total atmospheric mass, therefore
any downwardly propagating perturbation is unlikely to have any direct effect upon the
troposphere. Instead secondary, often non-linear effects have been proposed as
mechanisms for the coupling of solar variability and variations within the troposphere.
Modification of composition can occur through changes in EUV and UV dissociation
rates. The global percentage variation in ozone column density over one solar cycle was
measured as 2.0% by the Total Ozone Mapping Spectrometer (McCormak et al. [1997]).
The modelling study of Hajgh [1996] showed that such changes coupled with the inctease
in UV resulted in greater heating in the lower stratosphere. This incteased the magnitude
of the westward stratospheric summer jet, which in turn forced the upper tropospheric
tropical eastward jets to move poleward. The resultant modification of tropospheric
meridional circulation gives rise to solar cycle tropospheric temperature variation. Other
workers have proposed that the dissipation of gravity waves in the mesosphere (Hayres et
al.  [1991]), and propagation of planetary waves into the winter stratosphere, play
important roles (Arnold and Robinson [1998]). Both processes are dependant on the state of
the background mesosphere and lower thermosphere, a region which is sensitive to solar
cycle variation. The modelling study of Arnold and Robinson [1998] showed that planetary
wave propagation varied over the solar cycle, resulting in a modification of background
mesospheric structure. This in turn affected the planetary wave propagation itself, giving
rise to a feedback mechanism that propagates into the stratosphere, through which small

solar cycle effects could be amplified.

Another mechanism through which solar variability may affect the lower atmosphere is
particle precipitation. During solar maximum, the solar wind associated precipitation
levels are higher (see 1.4). Arnold [1999, private communication] proposed that this may adjust
planetary wave propagation due to the vanation of lower thermospheric wind and
temperature structure, in a similar manner to the direct solar flux varations discussed
above. Also associated with particle precipitation is the production of mesospheric NO,
(Solomon et al. [1983], Reid [1991]). This NO, can be transported downwards into the
stratosphere where it contributes to catalytic ozone destruction (Solomon et el [1982],
Callis et al. [1991], Callis et al. [2000]), and possible associated modification of stratospheric
dynamics. In a modelling study incorporating 18 years of high latitude satellite electron

precipitation data Callis et al. [2000] showed that variations in ozone due to precipitation
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were greater than those due to direct UV variation above 25km. They were also able to
reproduce stratospheric NO, variations that were in much closer agreement with

observation than if precipitation was not included in the model.

1.6.2 UPPER ATMOSPHERE EFFECTS

As discussed previously the upper mesosphere-lower thetmosphere is a region through
which a whole family of waves vertically propagate (see 1.3.7). They transport momentum
into the upper atmosphere playing an important role in determining thermospheric
structure. The modulation of gravity, planetary and tidal wave flux with season and
location, can give rise to annual and semi-annual asymmetries in thermospheric wind
structure. Wave-wave and wave-mean wind interactions give rise to complex non-linear
dynamic, photochemical, and electrodynamic coupling between the middle and upper

atmosphere.

Another important mechanism by which the lower atmosphere can couple with the
thermosphere/ionosphere system is through global changes in composition. The
anthropogenic rise in CO, may result in a cooling within the mesosphere due to a
decrease in re-emitted IR radiation and increase in CO, cooling at the mesopause, which

in turn would cool the thermosphere (Robl et al. [1987), Kileen et al. [1996]).
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