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The cycling of iron and organic matter (OM) is thought to have been a major biogeochemical
cycle in the early ferruginous oceans which contributed to the deposition of banded iron
formations (BIF). However, BIF are deﬁcient in OM, which is postulated to be the result of
near-complete oxidation of OM during iron reduction. We test this idea by documenting the
prevalence of OM in clays within BIF and clays in shales associated with BIF. We ﬁnd in
shales >80% of OM occurs in clays, but <1% occurs in clays within BIF. Instead, in BIF OM
occurs with 13C-depleted carbonate and apatite, implying OM oxidation occurred. Conversely, BIF which possess primary clays would be expected to preserve OM in clays, yet this
is not seen. This implies OM deposition in silicate-bearing BIF would have been minimal, this
consequently stiﬂed iron-cycling and primary productivity through the retention of nutrients
in the sediments.
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B

anded iron formations (BIF) are layered, iron-rich (15–40%
iron) sediments which were laid down during the Precambrian. It is purported that they formed through a complex interplay of various microbial metabolisms. These involved
either photoferrotrophy1, or/ in addition to dissimilatory ironreduction2,3. Paradoxically, BIF are characteristically lacking in
OM with total organic carbon (TOC), typically around 0.01 wt%4.
An ad hoc hypothesis used to account for these low organic totals,
suggests there was near-complete respiration/oxidation of OM,
coupled to ferric iron reduction2,3. Proposed evidence for OM
oxidation in BIF includes, 13C-depleted carbonate suggested to
have formed after 13C-depleted OM3, and 56Fe depletions proposed to represent microbial iron reduction3,5. The co-occurrence
of siderite and magnetite with haematite, apatite, carbonate and
OM is then the hypothesised result of OM oxidation and iron
reduction.
BIF often contain layers of nanoscopic particles of Fe-silicates
and iron-oxyhydroxides4,6, and therefore would have high
mineral surface areas. This is noteworthy because OM in marine
sediment is concentrated with higher mineral surface areas, hence
inversely proportional with grain size7. Other factors such as
depositional rate, redox conditions and OM chemistry also will
affect OM preservation in sediments8. The ratio of OM to mineral
surface area is relatively constant as sediments age, indicating that
OM loss over time is minimised by the available mineral surface
area9. This implies that mineral-bound OM is effectively protected from oxidation, whereas unbound OM has been shown to
be oxidised within days by microbes. This preservative mechanism may be so effective it preserves OM in oxygenated marine
sediments for 10 s of millions of years and more9,10. More than
90% of OM preserved in marine sediments is intimately associated with mineral surfaces9, forming organo-minerals. OM is
rapidly bound to speciﬁc minerals, such as clays in the water
column, and speciﬁcally through bonds between functional
groups and mineral surfaces11. Clay minerals represent some of
the most common minerals associated with OM, and in cohort
with other minerals can hinder12 and slow the decay rate of OM
by ﬁve orders of magnitude9. This is thought to be achieved either
though adsorption of OM to mineral surfaces, or entombment of
OM within pore spaces in clays, which are inaccessible to
enzymes used by microbes to break down OM12.
OM, or graphitic carbon as its metamorphosed equivalent, is
therefore expected to survive as organo-minerals in the geological
record. Organo-minerals can consequently be used to reveal
whether the low organic totals of BIF are a result of restricted
deposition of OM in BIF, or near-complete oxidation of the initial
amount. We therefore document and compare OM mineral
relations in OM-rich and OM-poor lithologies, using a suite of
metapelite and BIF ranging in age from 3700 to 1800 million
years old. We ﬁnd that clays in BIF are devoid of OM, whereas
>80% of OM in metapelite occurs with clays. Since clays are
expected to preserve OM, it is suggested OM deposition was
minimal in clay-bearing BIF, however OM is also found associated with apatite and 13C-depleted carbonate in BIF, suggesting
OM oxidation may have occurred.
Results
Analysis of OM in metapelites. In the Isua metapelite (Supplementary Notes 1; Table 1), muscovite forms sheets up to 100 s of
microns in width, distributed as folded layers that deﬁne schistosity in sedimentary bedding (Fig. 1a). Other phyllosilicates
include chamosite and biotite (Supplementary Table 2). Black
particles of graphite form linear disseminations throughout the
muscovite (Fig. 2a, b) and are disseminated as microscopic particles in bands parallel to the foliated sedimentary laminations.
2

Small apatite grains up to 10 µm in length occur in the muscovite
and other phyllosilicates (Fig. 2b). Graphite and apatite also occur
outside muscovite grains, but in considerably lower abundance.
In the Anshan metapelite, quartz forms the majority of the
ground mass, and in plane polarised light, graphite forms dark,
continuous, undulating layers (Figs. 1c and 2c). In cross-polars,
graphite layers can be seen correspondingly following the muscovite layers (Fig. 2c). Raman mapping shows graphite occurs
almost entirely within layers of muscovite and chamosite, with
inclusions of feldspar (Fig. 2d; Supplementary Table 2). Within
the Pecors metapelite, OM, muscovite and albite form layers in
the quartz matrix, similar to the Anshan metapelite (Fig. 2e, f).
Rutile is also found to be concentrated in the OM layers within
the Pecors metapelite (Fig. 2f). The Tuomivaara metapelite consists of a recrystallised quartz matrix with muscovite (Fig. 2g;
Supplementary Table 2) forming irregular grains dispersed
between quartz grains. The muscovite is typically dark in colour
from the myriad of graphite inclusions (Fig. 2g, h).
The δ13C values of graphitic carbon in the Isua, Anshan and
Tuomivaara metapelite samples are −21.8‰, −23.4‰, and
−23.8‰, while δ13Corg for the Pecors pelite averages −34.6‰
(Supplementary Table 3). The Raman spectra of graphitic carbon
in the various metapelite samples yield crystallisation temperatures consistent with their respective metamorphic grades,
implying the graphitic carbon is a syngenetic and prograde phase
(Supplementary Table 4). Carbonate constitutes a minor
component of the pelite samples.
Analysis of OM in ferruginous cherts. In ferruginous chert
layers of >10 cm thickness within the Dales Gorge BIF sequence,
carbonate and stilpnomelane form layers rich in OM (Fig. 1n; 3a).
These cherty layers are distinct from the typical BIF layers in the
Dales Gorge sequence, and can be described as ferruginous chert,
as they are composed only of chert + stilpnomelane + ankerite +
OM, no iron-oxides are preserved within this layer. The OM
exhibits sub-spherical morphologies, with stilpnomelane at their
centres (Fig. 3a). Stilpnomelane also occurs outside of the spherical clusters, but always directly associated with the organic-rich
layers. Similarly, in an organic-rich (Corg – 1.5 wt%) (Supplementary Tables 2 and 5), sulphidic, feldspar-bearing iron-formation from the Pääkkö Formation of central Finland, graphite is
found to be concentrated in some grunerite bands, which form
interlayers between magnetite and quartz bands (Fig. 3b). The
graphite forms undulating layers within grunerite bands, and only
a minor amount of microscopic graphite particles is found in the
quartz matrix. The bulk rock δ13CCarb and δ13Corg for the ferruginous chert from the Dales Gorge BIF are −8.0‰ and
−24.0‰, respectively, and the δ13CCarb and δ13Corg values for the
Pääkkö iron-formation are −11.7‰ and −19.6‰, respectively
(Supplementary Table 3).
Analysis of OM in banded iron formations. Grunerite (Supplementary Table 2) in the Anshan BIF samples forms millimetre
thick layers associated with quartz and magnetite layers (Fig. 4a).
In some samples, grunerite comprises the bulk of the sample,
alternating with magnetite layers throughout (Fig. 4b). Neither
grunerite, nor apatite in grunerite from the Anshan samples was
found to host or be associated with graphite (Fig. 4a–d). The Isua
BIF similarly comprises magnetite bands in a quartz matrix, with
layers of actinolite (Supplementary Table 2). Raman scans of
actinolite layers in the Isua BIF also show no inclusions of graphite (Fig. 4e). Bulk rock δ13CCarb value of the Anshan BIF is
−8.2‰, whereas δ13Corg values for the Anshan and Isua BIF are
−26.7‰ and −26.9‰, respectively (Supplementary Table 3).
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Fig. 1 Images of thin sections of samples used in this study. a Isua metapelite (GRDP0402). b Isua BIF (GRDP0404). c Anshan metapelite (ANS0904).
d Anshan BIF (ANS0917). e Anshan BIF (ANS1507). f Temagami BIF (TE0704). g Dales Gorge BIF (DGM-1-57‘8”). h Dales Gorge BIF (DGM-1-198’6”).
i Dales Gorge BIF (DGM-1-169'6”). j Ferruginous chert, Dales Gorge section (DGM-1-273’−10”). k Pecors metapelite (SM0175_1383.5). l Pääkkö sulphidic
iron-formation (RPK344-156.4). m Tuomivaara metapelite (TU2-98.25). n Polished drill cores from the Brockman BIF, note the relative variability in
mineralogy between core sections, representing variable depositional conditions. Numbered circles correspond to ﬁgure panels. Circle sections are 2.5 cm
wide, rectangular sections are 8 cm long apart from the Isua section which is 4 cm long. Ank ankerite, Apa apatite, Chm chamosite, Gru grunerite, Grt
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Bulk rock geochemical data for the Isua and published data for
the Anshan BIF are reported in Supplementary Table 4.
In the Temagami BIF, ankerite co-occurs with microscopic
particles of OM, yet the surrounding Fe-talc (minnesotaite) does
not host any OM (Fig. 4f, g). OM also occurs in ankerite and
apatite intergrowths within an apatite-rich layer up to 600
microns in thickness13. Bulk rock δ13CCarb and δ13Corg values for

the Temagami BIF sample are −4.6‰ and −27.8‰ to −32.8‰
respectively (Supplementary Table 2). Bulk rock geochemical data
for the Temagami BIF are reported in Supplementary Table 4.
Stilpnomelane (Supplementary Table 2) forms continuous
parallel layers between magnetite bands in the Dales Gorge BIF.
The stilpnomelane layers are intermixed with lenses of Fe-talc,
and contain magnetite, apatite and ankerite inclusions (Fig. 4h, i).
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Fig. 2 Organic matter (OM) mineral assemblages in metapelites. a Transmitted light (TL) image of muscovite in the Isua metapelite, exhibiting parallelaligned graphite inclusions. b Raman image of the boxed area in A, showing the concentration of graphite in muscovite. c Cross-polar image muscovite
layers in the Anshan metapelite, inset is a TL image of the same area showing black particles of graphite in muscovite layers. d Raman image of the boxed
area in C, showing graphite within muscovite and chamosite layers with dispersed grains of albite. e Cross-polar image of OM and silicate layers in the
Pecors metapelite, with sulphide-chamosite clusters. f Raman image of the boxed area in E, showing the concentration of OM with muscovite in a matrix of
quartz and albite. g CP image of muscovite in quartz from the Tuomivaara metapelite, inset is of the same image in TL, dark particles are graphite. h Raman
image of the boxed area in G, showing graphite within muscovite. i Representative Raman spectra for this ﬁgure (Sample names refer to where spectra
taken from). j Raman spectra for organic matter in the metapelites of this ﬁgure

These stilpnomelane and Fe-talc layers are not associated with,
nor contain OM (Fig. 4h, i). Laminated stilpnomelane layers in
the Dales Gorge BIF are frequently overgrown by rhombohedral
siderite (Fig. 4h, i), which contain microscopic inclusions of OM
(Fig. 4i), although no OM occurs within the stilpnomelane. In BIF
layers from the Dales Gorge section, apatite forms layers of
50–500 µm thickness (Fig. 5a), or individual clusters overlying
magnetite layers (Fig. 5g). In transmitted light, the apatite is often
dark grey due to inclusions of OM, magnetite and haematite
(Fig. 5a, g). The apatite layers are generally associated with layers
of magnetite and minnesotaite or stilpnomelane (Supplementary
Table 2) (Fig. 5a). The apatite layers include laths of minnesotaite
and microscopic haematite, siderite, and pyrite (Fig. 5a). Pyrite
occurs within apatite and surrounding the apatite layers (Fig. 5a).
Carbonate in the Dales Gorge BIF occurs as irregular masses
(Fig. 5d, e) or rhombohedra. Within irregular ankerite masses,
pockets of OM, haematite and magnetite co-occur (Fig. 5d–f).
Also, in haematite layers in the Dales gorge BIF microscopic
particles of OM are found bound to microscopic particles of
haematite (Fig. 6). Bulk rock δ13CCarb and δ13CCorg for the Dales
Gorge BIF samples are −8.0 to −10.5‰ and −23.6 to −24.8‰,
respectively (Supplementary Table 3).
Discussion
The 13C-depletions of carbonate in BIF, has been attributed to
oxidation of isotopically light carbon in OM3. Alternatively the
low δ13C values of carbonate in BIF may be a result of carbon
4

exchange between the mantle and seawater14. Rare earth element
proﬁles of marine Archean sediments often carry pronounced Eu
anomalies compared to modern seawater proﬁles, which is
attributed to hydrothermal inﬂuence on marine waters15.
Therefore volcanic outgassing in the Archean may have produced
a 13C-depleted inorganic carbon pool through mixing with
marine and mantle carbon reservoirs14, leading to the precipitation of 13C-depleted carbonate in BIF (Supplementary Fig. 1).
Also, it has been observed in modern hydrothermal basins, brine
pools around hydrothermal vents may carry bicarbonate with
δ13C values of −7‰, and that Fe-Mn carbonates precipitate from
mixtures of this brine water and overlying seawater, producing
positive trends in δ13C and δ18O16, which has been observed in
oxide/ silicate BIF3. However, some BIF were deposited distally to
sites of hydrothermal activity, therefore dilution of carbon isotope
signatures during transport would reduce the inﬂuence of
hydrothermal ﬂuids on BIF formation. This might be evidenced
by shallow-water BIF having more seawater-like carbon isotope
signatures compared to their deeper water counterparts14. If
hydrothermal ﬂuids inﬂuenced δ13C values in BIF, we might
expect to ﬁnd correlations between hydrothermal input and
δ13Ccarb in BIF. Compiled data for coupled Eu/Eu* and δ13Ccarb
measurements in BIF from the Witwatersrand17 and Minas
groups18 (Fig. 7) exhibit decreasing δ13Ccarb values with increasing
hydrothermal input (Eu/ Eu*), suggesting that the low δ13Ccarb
values in BIF may be partially accounted for by mixing of mantle
and seawater water carbon reservoirs14. Expectedly, BIF carry
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Fig. 3 Organic matter in iron-clays from ferruginous chert. a TL image of organic-matter and stilpnomelane layers in an Fe-rich chert from the Dales Gorge
formation. Top-left inset is a TL image of the boxed area, and top-right inset a Raman image of the boxed area, showing organic matter around
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higher Eu/ Eu* values and more negative δ13Ccarb values than
associated shales19. The carbon isotopic composition of hydrothermal vent ﬂuids is widely ranging and can be between −2 and
−40‰, with the majority falling between −4 and −9‰20. Such a
range could account for the variable δ13C composition of carbonate in BIF. This scenario may also explain the low δ18O values of
carbonate in BIF, which can be explained as a result of high rates
of ﬂuid exchange between volcanic crust and seawater21,22, that
would lower the δ18O values for seawater in BIF depositional
environments14. If the carbon isotopic composition of the surrounding seawater approached mantle values, less OM is required
to be oxidised in order to explain the low δ13C of carbonate in BIF
(Supplementary ﬁg. 1). Additionally, the metamorphic grade of
the BIF studied here, are all at or above the greenschist facies,
therefore δ13Ccarb could have been lowered by 1–3‰ due to
metamorphic alteration23.
Nevertheless, there are multiple lines of evidence for iron and
carbon cycling in some BIF (Fig. 5). The isotopic composition of
carbon in carbonate from some BIF is lower than −10‰3,17,24
(Supplementary Table 3), suggesting average mantle carbon
values might not be solely accountable for the isotopic depletions
(Supplementary Fig. 1). For instance, in the Dales Gorge BIF,
δ13Ccarb values of −8.0 to −10.5‰ for carbonate (Supplementary
Table 3), which hosts mixtures of microscopic particles of OM,
haematite,magnetite and apatite (Fig. 5e, f, g), is in agreement
with OM oxidation coupled to ferric iron reduction. Therefore,
the presence of apatite layers containing inclusions of OM in the
Dales Gorge BIF (Fig. 5b), and OM in carbonate (Fig. 5f), is
compelling evidence for oxidation of OM in some BIF layers13.
Additionally, depletions in δ56Fe in BIF have been proposed to
reﬂect dissimilatory iron reduction; however δ56Fe enrichments
are more prevalent than depletions5. Also, shales carry more

pronounced depletions in δ56Fe than BIF, suggesting shallower
marine sediments may have had a more active iron cycle, and
therefore some low δ56Fe values in BIF may be sourced from a
dissimilatory iron reduction shuttle25.
Currently Fe-clays in BIF are thought to have formed either
diagenetically within iron-silica gels26,27, or via precipitation from
seawater by inorganic chemical reaction of dissolved iron and
silica6,28,29. In the latter case, minerals such as greenalite, or
stilpnomelane (if Na, K, and Al are present4), are then expected to
ﬂocculate like iron-oxide particles and deposit on the seaﬂoor.
Both greenalite and stilpnomelane are phyllosilicate minerals and
part of the kaolinite-serpentine and smectite groups, respectively.
Greenalite undergoes structural changes to form minnesotaite part of the pyrophyllite-talc group − at low grade metamorphism4,6. At high grade metamorphism, minnesotaite and stilpnomelane recrystallize into double-chain inosilicate minerals, such
as grunerite or actinolite4 (Supplementary Table 6).
The direct association of OM with stilpnomelane in ferruginous chert bands in the Dales Gorge Formation (Fig. 3a) suggests
this smectite-group clay binds to and preserves OM, like many
other clays. Similarly, it can be inferred that the sheet-silicate
greenalite would also act in a similar manner, trapping and
binding particulate OM in the water column, which is corroborated by observations showing that serpentine minerals adsorb
OM in soils30. Therefore greenalite forming in BIF depositional
environments should bind to organic material in the water column, and protect it from degradation9,31. Organo-silicate complexes persist through metamorphism as evidenced by the
preservation of consistently graphitised OM in smectite, illite and
mica (Fig. 2)32. OM bound to greenalite or stilpnomelane is
therefore expected to persist through recrystallisation during
metamorphism, as greenalite and stilpnomelane recrystallise to
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Fig. 4 Iron-clays lacking organic matter in BIF. a TL image of a grunerite layer in the Anshan BIF. b Raman map of A, showing no inclusions within the
grunerite, and large grains of magnetite, quartz and ankerite between grunerite. White colours are an artefact from colour mixing. c TL image of grunerite
with apatite inclusions in the Anshan BIF. d Raman image of C, showing apatite inclusions in grunerite with no graphite inclusions. e Cross-polar image of
grunerite and magnetite layers in the Isua BIF, inset is a Raman image of the boxed area, showing grunerite and apatite with no inclusions of graphite. f TL
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minnesotaite and grunerite at progressively higher grades metamorphism. The association of graphite within grunerite in the
Pääkkö sulphidic iron-formation (Fig. 3b) demonstrates that
metamorphic recrystallisation of clays still preserves OM within
the clay. The association of grunerite and graphite has also been
documented in Neoarchean turbidite deposits, interbedded with
6

BIF in the Slave Craton33, supporting its ability to preserve OM
through metamorphism. However, multiple Raman scans of
various sheet-silicates in BIF, including minnesotaite, stilpnomelane, Fe-talc, grunerite and actinolite, shows little to no OM
within or associated with these silicates. The lack of OM or
graphite in Fe-silicates within BIF (Fig. 4) is unusual, given
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Fig. 5 Organic matter, apatite and carbonate layers in BIF. a CP image of a laminated OM-devoid Fe-silicate layer and OM-bearing apatite layer adjacent to
a magnetite layer. b Raman image of the boxed area in a; organic matter occurs within apatite, as does pyrite (white arrows). c Raman image of boxed area
in a; no organic matter was found within the stilpnomelane. The yellow colours are artefacts, no pyrite was identiﬁed in this scan area. d TL image of
ankerite and apatite between magnetite bands. e Raman image of d, showing pockets of magnetite and haematite in ankerite. f Higher magniﬁcation Raman
image of the boxed area in e, showing the close spatial association of organic matter, haematite and magnetite within the ankerite. g TL image of an apatite
grain with numerous inclusions, inset is a Raman image of the apatite, the inclusions are organic matter, haematite and magnetite. f Representative Raman
spectra for this ﬁgure
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Fig. 6 OM associated with haematite in the Dales gorge BIF. a TL image of haematite layer in the Dales gorge BIF. Bottom right inset is a TL image of the
red boxed area. Top right inset is a Raman map of the red boxed area. Middle right inset is a Raman map of the white boxed area. White arrows point to
haematite bound with organic matter. b Representative Raman spectra for the this ﬁgure
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Fig. 7 Correlation between hydrothermal input and δ13Ccarb in BIF. Note
increasing hydrothermal input corresponds to increasing depletions in
δ13Ccarb. Yellow points are from Teixeira et al.18, and red points from Smith
et al.17. BIF from Teixeira et al.18 are carbonate-magnetite-quartz BIF; BIF
from Smith et al.17 are laminated magnetite-siderite chert-banded iron
formation or laminated ferhythmite. Average Paleoproterozoic shale and
BIF values after Alibert and McCollom19

phyllosilicates in other marine sediments preserve OM through
diagenesis and metamorphism (Fig. 2). The low levels of OM in
BIF is often attributed to microbial or diagenetic oxidation of OM
with ferric iron, yet the abiotic, diagenetic oxidation of OM
requires direct contact with the oxidant, and OM bonded within
silicates would prevent this reaction from proceeding. Additionally, clays have been shown to inhibit heterotrophic bacteria from
decomposing OM, by restricting enzymes from entering the pore
spaces in which OM is held12,31.
The relatively common association of OM with carbonate and
apatite, but not Fe-clay layers in BIF is puzzling, as the clays
should have scavenged and preserved OM from the water column,
as shown in Figs. 2–3. Two possible scenarios to explain this
observation would be the deposition of OM in BIF sediments was
decoupled from Fe-clay deposition, or Fe-clays in BIF formed
during late-diagenesis. It has been suggested the deposition of iron
and quartz layers in BIF were decoupled34. Therefore, it could be
possible that OM was deposited slowly following deposition of Feclays and Fe-oxides in a water column with low OM sedimentation rates, as a result OM could avoid capture by Fe-clays.
Alternatively, if Fe-clays formed during late-diagenesis, then
they would not capture and preserve OM from the water column.
Additionally, it was suggested that certain fossilised microbes
from the Gunﬂint Formation produced Fe-silicates in vivo35,
however in this instance the Fe-silicates occur within and in
contact with organic-walled microfossils. This is similar to other
clay-bearing microfossils from the Torridonian Group36, which
can enhance the preservation of OM. Also, REE patterns of
greenalite in the Hamersley BIF were interpreted to reﬂect a
diagenetic origin for the Fe-silicate37. If Fe-silicates formed
diagenetically, it could occur through the reduction of ferricoxides with OM oxidation. This could liberate ferrous iron, which
may subsequently react with silica or ferric iron in a seaﬂoor gel
to form iron-silicates especially under alkaline conditions28.
Therefore the Fe-silicate clays would post-date OM and not
necessarily capture the OM. Alternatively, ferrous iron in pore
water could be sourced from the overlying ocean. In contradiction, experiments mimicking BIF diagenetic chemistry found
mixing OM, ferric oxides and silica did not produce ferrous
silicates, but only siderite and magnetite38. Nevertheless, if Fesilicates were forming during iron-reduction, the newly formed
diagenetic clays would adsorb to, or encapsulate the remaining
OM and/ or microbes, as is seen around microbes39,40, preventing
8

further OM oxidation12, and therefore OM should be preserved
within Fe-silicates in BIF, which is evidently not common in our
samples (Figs. 4 and 5).
Experimental observations show amorphous Fe-silicates readily form within Precambrian seawater solutions28,29,41, therefore a
sole diagenetic origin for Fe-silicates seems unlikely. Furthermore,
REE patterns for stilpnomelane and minnesotaite in BIF from the
Transvaal group were interpreted to reﬂect a primary seawater
origin for these Fe-silicates42. Additionally, petrographic observations show nanoscopic crystals of greenalite preserve primary
sedimentary laminations that predate diagenetic shrinkage
structures, which is consistent with low temperature precipitates6,
and not diagenetic products. These nanoscopic silicates should
have exceptional ability to sequester OM, as it has been observed
that ﬁner grained silicates are the most potent preservers of OM
in sediments, due to their higher surface to volume area ratios8.
Therefore, the relative lack of OM preserved in Fe-silicates within
BIF, suggests Fe-clay deposition was decoupled from OM
deposition in BIF. The subsequent decay of any OM depositing in
the BIF sediments led to the formation of apatite layers and
contributed 13C-depleted carbonate hosting the residual OM.
According to isotope mass balance calculations for the Dales
Gorge BIF, 2.3–4.2 wt% of OM needs to be oxidised in order to
account for the observed carbon isotopic compositions of the BIF
(Supplementary Fig. 1). These large quantities of OM are of a
similar magnitude to TOC in pelite associated with BIF27.
However, in the pelite samples of this study, it is estimated
around 80–95% of the observable OM occurs with or within
phyllosilicates, yet in BIF samples no OM was found with phyllosilicates. Given the protective capabilities of clays31,32,40,43, it
would appear unfeasible to expect no OM to remain in clays
within BIF after the estimated original 2–4 wt% of TOC is
removed. In addition to the lack of OM in Fe-clays within BIF,
previous studies have shown that trace elements such as Ba,
which correlates with high organic productivity44 − are depleted
in BIF compared to OM-bearing sediments associated with BIF14.
Similarly, low Mo abundance and low δ98Mo values in the
Hamerlsey BIF compared to shale, were used to infer adsorption
of isotopically light Mo to Fe-oxyhydroxides was more important
than Mo adsorption to OM, implying OM deposition was low45.
The initial mineralogy of BIF and metapelite is different, as are
their respective clays. The clays in pelite are Al-bearing, while
those in BIF are predominately Fe and Mg-bearing (Supplementary Table 2), however the composition of clays in BIF and
metapelite (Supplementary Table 6) has been shown to make little
difference in their ability to bind OM, as stilpnomleane preserves
OM just like muscovite (Figs. 2–3). Furthermore, while clays in
BIF could have been water column precipitates, and clays in pelite
detrital, this difference in origin still permits both clay-types being
suspended in the water column, and therefore open to capture
and preserve OM. This principle is also applicable to iron formations, as granular iron formations contain similar clay types
(minnesotaite, greenalite, stilpnomelane46,47) to banded iron
formations, and have been found to exhibit higher organic carbon
contents in clay-rich varieties47, and organic matter is found in
clays within these clay-rich granular iron formations, as is found
in pelites. Therefore, the comparison of OM-clay associations in
BIF and pelite is appropriate. However, granular iron formations
formed in shallower water settings compared to banded iron
formations, therefore depositional mechanics would have been
different. Nevertheless, it is unlikely the depth of deposition
greatly affects the ability of Fe-clays to bind with OM. Moreover,
granular and banded iron formations are both predominantly
chemically-precipitated sediments4,48. Therefore granular iron
formations show clays in chemically-precipitated sediments
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exhibit the same ability for OM preservation as those clays in
clastic sediments.
Banded iron formations generally have less clay compared to
metapelite; we estimate this using whole rock MgO, given Mg
forms roughly the same percentage of clay minerals in both BIF
and metapelite (Supplementary Table 2). However, in BIF Mg
may also constitute up to 10% of carbonate minerals, considering
carbonate average around 5 wt% in BIF, Mg in carbonate would
shift total Mg by 0.5 wt% of BIF. On the other hand, many Feclays in BIF may have no Mg (e.g. Fe-talc in Fig. 5) and therefore
bulk rock MgO may underestimate total clay content. The ratio of
MgO in Pelite/ BIF varies from 1.8 to 9.8 with an average of 3.2
(Supplementary Table 5 and Supplementary Fig. 2), which gives
BIF about 31% of the clay content of metapelite, therefore BIF
should also have 31% less clays containing OM. From petrographic estimates the pelite samples in this study contained
50–80% clay minerals, and BIF contained 5–80% with the
majority having 20–30% Fe-clay content (Fig. 1), which equates
to BIF having 25–40% of the clay content of pelite, which is
similar to the estimate using whole rock MgO. The McRae shale
which forms part of the Hamersley iron formation has an average
of 2.5 wt% TOC45, so if most of the OM is bound in clays −
which is observed here (Fig. 2) − then from extrapolation, BIF
should preserve 31% of this TOC, because BIF have 31% the clay
content of pelite giving 0.78 wt% TOC, instead the average TOC
of BIF is 0.03 wt% (Supplementary Table 3) or 17 times lower.
Other factors will control OM preservation, not only clay content,
however this calculation emphasises that the clay content of BIF
is sufﬁcient to preserve more OM than is observed.
BIF have more ferric iron than metapelite which could have
oxidised more OM, therefore the original abundance of ferric iron
will affect the preservation of OM and TOC in BIF and metapelite. The average iron oxidation state of BIF is estimated as
Fe+2.4 49, which equates to 60% ferrous and 40% ferric iron,
whereas the average oxidation state of iron in pelite before the
Great Oxidation Event is 80% ferrous and 20% ferric iron50.
Therefore, more ferric iron was available for iron reduction in BIF.
However, the published ferric iron content in BIF from the
Transvaal Supergroup, S. Africa, show a positive correlation with
OM (Supplementary Fig. 3A), which is the opposite trend expected
for ferric iron reduction coupled to OM oxidation. In modern
marine sediments, iron is believed to be a sink and preserver of
OM in the sediments, and OM bound to iron possibly accounts for
up to 21% of the total OM in modern sediments51. The observed
co-occurrence of microscopic particles of OM and haematite in the
Dales Gorge BIF (Fig. 6) supports this interpretation.
In BIF and metapelite from the Transvaal Supergroup, published TOC values are positively correlated with Al (r2 = 0.33)
(Supplementary Fig. 3B-D), supporting a similar source of OM in
BIF and metapelite. Since Al is typically attributed to being an
element in detrital minerals sourced from weathered continental
rocks, OM could also have been sourced from detritally enriched,
shallow-marine environments. Continental weathering input to
the Hamersley and Pongola BIF is supported by previous work,
which has shown silica-rich layers contain Ge/Si ratios similar to
Ge/Si ratios in modern continental run-off34,52,53. This is exempliﬁed in the Pongola BIF where increasing Al content correlates
with a shift in Ge/Si ratios toward more continental-like ratios
(Supplementary Fig. 4E). Therefore, the correlation of OM with Al
in BIF and metapelite, suggests a signiﬁcant proportion of OM in
these sediments may have been exported with detritus from biologically productive shallow-marine environments. However, there
is a stronger correlation (r2 = 0.55) between TOC and ferric iron,
than TOC and Al in the Transvaal BIF (Supplementary Fig. 3A,
D), which suggests OM was sourced from regions of ferric iron
production, or was selectively preserved by ferric-oxyhydroxides51.
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Numerous studies have proposed iron formations were
deposited during marine transgressions54–56. This would have led
to BIF being deposited in basins starved of detritus (Fig. 8), which
is supported by chert hardgrounds found atop of the Brockman
Formation57. If OM was sourced from shallow marine environments as indicated by its correlations with Al (Supplementary
Fig. 3B–D), then OM too would have been in minimal supply at
BIF depositional sites55,58. The OM-starved water column above
BIF sediments would be expected to have Fe-clays and ferricoxyhydroxides deposit from a water column with minimal
complexation with OM (Fig. 8), as seen in the samples here
(Figs. 4–5). Small amounts of OM may have been exported from
shallow marine environments and deposited in BIF to give the
observed correlation with Al (Supplementary Fig. 3; Fig. 8). The
small amounts of OM deposited in BIF were then quickly oxidised by ferric iron to form apatite and carbonate (Fig. 5).
The composition and mineralogy of BIF is heterogenous and
dependant on their respective depositional sites. Generally, shallower water BIF are carbonate-rich, whereas deeper water BIF are
iron-oxide-rich17,55,58, both of which can have variable amounts
of Fe-silicates. These shallow water BIF contain about an order of
magnitude more OM and Al than deeper water BIF55,58, suggesting they received more organic and detrital input from coastal
regions (Fig. 8). As a result iron-reduction would be more prevalent in shallow water/carbonate-facies BIF, than in deep water/
oxide-facies BIF. Thus, our model predicts a more active iron
cycle in nearshore BIF. Whereas deeper water BIF would have a
less active iron cycle, therefore retaining their initial ferric components and adsorbed nutrients. This results in preferential
nutrient regeneration in shallow water BIF, acting to maintain
productivity in coastal waters and restrict it in the open-ocean.
The consequences of low OM deposition in BIF, especially
deep-water BIF, would produce a negative feedback cycle on early
ecosystems (Fig. 9). If photoferrotrophy was active, OM could
have been bound with ferric-oxyhydroxides and deposited in BIF
sediments, however iron-oxidising bacteria often separate themselves from iron particles to avoid encrustation, thus resulting in
OM-poor metalliferous sediments59 (Fig. 8). Therefore ferric
oxyhydroxides produced by photoferrotrophs or by abiotic processes such as photo-oxidation60 or reaction with dissolved O261
would adsorb phosphorus and other nutrients removing them
from the photic zone and depositing them in the sediments. The
inferred low totals of OM deposited in BIF would have been
rapidly oxidised to produce apatite and δ13C-depleted carbonate
(Fig. 5), but insufﬁcient to support widespread reduction of ferric
iron, and therefore prevent the return of phosphorus to the water
column, leading to upwelled waters being poorer in nutrients.
This in turn would lead to a less productive water column,
therefore decreasing ferric iron production and BIF formation
rate, and decreasing phosphorus drawdown, thus allowing
phosphorus and nutrient levels to build again (Fig. 9). If photoferrotrophs were the major control on BIF formation, this would
produce a self-limiting biogeochemical cycle which creates
cycling periods of low and high rates of biological activity and BIF
deposition, but never stopping BIF formation. The self-limiting
biological formation of ferric iron would decrease the overall
oceanic drawdown of phosphorus by iron oxides during the
Archean62. Alternatively, if ferric iron was produced abiotically,
then nutrient scavenging would simply restrict biological productivity during periods of elevated ‘rust’ production. In summary, associations between minerals and OM in BIF provide
evidence for iron-reduction coupled to OM oxidation, however
the speciﬁc association of clays and OM in BIF and pelite, suggests that initial OM levels in BIF were too low to support
widespread iron-reduction, leading to a negative feedback biogeochemical cycle (Fig. 9).
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Fig. 8 Model for the deposition of BIF. a Low sea level allows extensive export of organic matter and detritus from shallow marine environments to far shelf,
slope and abyssal environments. Organic matter and clays complex in the water column and are deposited in the sediments together which protects
organic matter from oxidation. b Higher sea level reduces the export of organic matter from the shelf and starves the deeper basin of organic matter and
detritus. Exhalation of hydrothermal ﬂuids leads to precipitation of various iron-rich minerals, Fe-clays precipitate during mixing of hydrothermal ﬂuids and
seawater in a water column devoid of organic matter, therefore decoupling their deposition together in BIF precipitates. Small quantities of organic matter
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The presence of OM-bearing apatite and carbonate in BIF13,
point to oxidation of biomass by ferric iron, which would have
contributed to the low δ13C values in carbonate in BIF and
released any adsorbed nutrients62. However, the relative scarcity
of OM in Fe-clays within BIF, and a possible hydrothermal source
for negative δ13C values in BIF, collectively suggest the deposition
of OM in BIF could have been much lower than previously
thought. This may be due to one, or a combination of possibilities, including BIF forming in basins, far from regions of primary productivity, and/or a nutrient-limited open ocean
biosphere63, and/or the separation of OM and iron by photoferrotrophs. It is estimated BIF initially had 1–10 wt% TOC,
assuming OM oxidation was the sole source of 13C-depleted
carbonate in BIF27. However, the lack of OM preserved in Feclays within BIF suggests the initial amount of OM may have
been much lower, and more similar to modern open-ocean
sediments, which contain only 0.1–0.6 wt% TOC64. Therefore the
low δ13Ccarb values in BIF is more likely the result from mixing of
13C-depleted carbon from both oxidised biomass and the mantle.
If the initial availability of OM for iron reduction was limited
as proposed here, ferric iron reduction would be limited, and
therefore phosphorus and other nutrients would remain bound to
10

ferric iron in BIF. This would limit the release of nutrients to the
overlying water column and leading to a negative feedback loop.
Such a scenario could decrease the importance of biologicallyformed ferric iron in BIF, which would reduce biologicallymediated phosphorus drawdown in the Precambrian ocean and
stiﬂe the iron cycle, especially in deep basins.
Methods
Analytical methods. Optical and micro-Raman microscopy: An Olympus BX51
microscope with 5× , 10× , 20× , 50× and 100× objectives was used to conduct
transmitted and reﬂected light optical microscopy on thin sections, 30 µm in
thickness and polished to 0.25 µm with Al2O3 powder in DI water; no oil
immersion was used. Micro-Raman imaging was conducted at the London Centre
for Nanotechnology in University College London with a WITec α300 Confocal
Raman Imaging system. A green 532 nm laser was used with a power <6 mW and
was focused at 500× for large area scans (> 400 × 400 µm) and 1000× for smaller
area scans, achieving spatial resolutions between 2000 and 360 nm. A 50 µm diameter optic ﬁbre cable was used to collect Raman spectra at confocal depths of at
least 1 µm below the surface of thin sections. Each pixel collected a Raman spectrum with a typical dwell time of 0.4–0.6 s. All Raman spectra were corrected for
cosmic rays using the cosmic ray reduction function in the WITec Project Four
Plus software. All Raman spectra herein were selected from pixels with nearly
identical spectra and the averaged spectra were corrected with a background
subtraction polynomial ﬁt, typically of the order of 3–7. Raman hyperspectral
images of mineral associations were generated by mapping main peak intensities
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Fig. 9 Negative feedback model for BIF biogeochemical iron cycle. Minimal deposition of biomass in banded iron formations prevents phosphorus release
from ferric oxides in the sediments, creating a phosphate limited growth cycle for photoferrotrophs
for mineral-speciﬁc peaks using the WITec Project Four Plus data processing
software. For estimation of crystallisation temperatures of graphic carbon, peaks
were modelled using a Lorentzian function to extract peak areas, FWHM and
wavenumber.

Electron microscopy. Scanning electron microscopy (SEM) and energy dispersive
spectroscopic (EDS) analyses were performed using a JEOL JSM-6480L SEM in the
Department of Earth Sciences at University College London. Operating conditions
for SEM imaging and EDS analysis involved a 15 kV accelerating voltage for an
electron beam current of 1 nA, with a working distance of around 10 mm. Polished
thin sections were cleaned with isopropyl alcohol and dried with dry N2, before
deposition of a few nanometres of Au (1 or 2 min coating under a current of about
1.8 mA in Ar) prior to SEM analyses. Elemental compositions were calculated by
software using ZAF correction and normalized to 100%. On the basis of repeated
measurements on Specpure metal and silicate standards, we estimate the error on
the reported values to be ~1%.

Isotope Ratio Mass Spectrometry. Analyses of bulk rock powders for isotopic
compositions of OM were conducted in the Bloomsbury Environmental Isotope
Facility at UCL with a Thermo-Finnigan Flash 1112 EA connected to a Thermo
Delta V Isotope Ratio Mass Spectrometer via a Conﬂo IV gas distribution system.
Bulk rock powders were prepared using clean techniques that involved crushing in
a steel mortar and pestle, cleaned with mufﬂed quartz chips and DI water between
samples. Acid-insoluble OM was obtained by accurately weighing between 5 and
80 mg of bulk powder in Ag boats (pre-mufﬂed at 600 °C for 2 h) and subsequently
decarbonated with 10% ultrapure HCl, and ﬁnally dried in air in a laminar air ﬂow
hood. The dried residue was then loaded into a second mufﬂed silver capsule,
placed in an autosampler, and dropped into the furnace of the Thermo-Finnigan
Flash 1112 EA. An ultrapure He carrier gas was used for the procedure in continuous ﬂow mode. Bursts of reference gas were injected prior to each run to
calibrate against. A suite of standard materials were analysed within each run that
span a range of δ13C values from −26‰ to −6‰. Each standard was analysed
multiple times through the run to ensure a reproducibility better than 0.2‰ for all
runs. Empty mufﬂed silver capsules were processed as procedural blanks with and
without HCl added, to ensure that no C was detected.
Analyses of bulk rock powders for carbonate were conducted in the Cardiff
School of Earth Sciences with a Thermo Finnigan Delta V Advantage mass
spectrometer connected to a Gas Bench II. Crushed sample powders in vials were
acidiﬁed with >99% H3PO4 by manually injecting the acid using a syringe. All
samples and standards were left to react for 4 days at 60 °C before analysis. The
evolved CO2 from the acid dissolution of the carbonates in the powder were then
fed into a mass spectrometer. The reproducibility for δ13CCarb and δ18 OSMOW
was better than ± 0.1‰ (1σ), based on multiple measurements of an in-house
standard of Carrara marble (calcite). Measured 18O/16O ratios were corrected for
the respective carbonate mineralogy, inferred from EDS and Raman analyses, using
acid fractionation – temperature equations for siderite (Fernandez et al., 2016) and
ankerite (Rosenbaum and Sheppard, 1986).

Bulk rock geochemical analysis. The bulk major and trace element analyses were
collected by ICP-AES and ICP-MS, respectively, in the Laboratory for Environmental
Geochemistry at the University of Colorado at Boulder according to standard procedures. Brieﬂy, about 100 mg of powders were digested in a heated solution of nitric
and hydroﬂuoric acid before their introduction into the instruments. A number of
measurements on standards were performed for different trace element concentrations, using four orders of magnitude for dilutions and the results were corrected for
blanks. All trace elements are reported in ppm with an error of about 10%, estimated
from duplicate analyses of powdered aliquots from the same sample.

Data avilabiltiy
All data generated or analysed during this study are included with this article (and
its supplementary information ﬁles).

Received: 8 November 2018; Accepted: 9 October 2019;

References
1.

Konhauser, K. O. et al. Could bacteria have formed the Precambrian banded
iron formations? Geology 30, 1079 (2002).
2. Konhauser, K. O., Newman, D. K. & Kappler, A. The potential signiﬁcance of
microbial Fe(III) reduction during deposition of Precambrian banded iron
formations. Geobiology 3, 167–177 (2005).
3. Heimann, A. et al. Fe, C, and O isotope compositions of banded iron formation
carbonates demonstrate a major role for dissimilatory iron reduction in ~2.5
Ga marine environments. Earth Planet. Sci. Lett. 294, 8–18 (2010).
4. Klein, C. Some Precambrian banded iron-formations (BIFs) from around the
world: Their age, geologic setting, mineralogy, metamorphism, geochemistry,
and origins. Am. Mineralogist 90, 1473–1499 (2005).
5. Johnson, C. M., Beard, B. L. & Roden, E. E. The iron isotope ﬁngerprints of
redox and biogeochemical cycling in modern and ancient earth. Annu. Rev.
Earth Planet. Sci. 36, 457–493 (2008).
6. Rasmussen, B., Muhling, J. R., Suvorova, A. & Krapež, B. Greenalite
precipitation linked to the deposition of banded iron formations
downslope from a late Archean carbonate platform. Precambrian Res. 290,
49–62 (2017).
7. Mayer, L. M. Surface area control of organic carbon accumulation in continental
shelf sediments. Geochim. et. Cosmochim. Acta 58, 1271–1284 (1994).
8. Keil, R. G. & Mayer, L. M. Mineral Matrices and Organic Matter. 337–359,
https://doi.org/10.1016/b978-0-08-095975-7.01024-x (2014).
9. Keil, R. G., Montluçon, D. B., Prahl, F. G. & Hedges, J. I. Sorptive preservation
of labile organic matter in marine sediments. Nature 370, 549 (1994).
10. Estes, E. R. et al. Persistent organic matter in oxic subseaﬂoor sediment. Nat.
Geosci. 12, 126–131 (2019).

NATURE COMMUNICATIONS | (2019)10:5022 | https://doi.org/10.1038/s41467-019-12975-z | www.nature.com/naturecommunications

11

ARTICLE

NATURE COMMUNICATIONS | https://doi.org/10.1038/s41467-019-12975-z

11. Newcomb, C. J., Qafoku, N. P., Grate, J. W., Bailey, V. L. & De Yoreo, J. J.
Developing a molecular picture of soil organic matter-mineral interactions by
quantifying organo-mineral binding. Nat. Commun. 8, 396 (2017).
12. Curry, K. J. et al. Direct visualization of clay microfabric signatures driving
organic matter preservation in ﬁne-grained sediment. Geochim. Cosmochim.
Acta 71, 1709–1720 (2007).
13. Dodd, M. S. et al. Widespread occurrences of variably crystalline 13C-depleted
graphitic carbon in banded iron formations. Earth Planet. Sci. Lett. 512,
163–174 (2019).
14. Beukes, N. J., Klein, C., Kaufman, A. J. & Hayes, J. M. Carbonate petrography,
kerogen distribution, and carbon and oxygen isotope variations in an early
proterozoic transition from limestone to iron-formation deposition, transvaal
supergroup, South-Africa. Economic Geol. Bull. Soc. Economic Geologists 85,
663–690 (1990).
15. Kamber, B. S., Webb, G. E. & Gallagher, M. The rare earth element signal in
Archaean microbial carbonate: information on ocean redox and biogenicity. J.
Geol. Soc., https://doi.org/10.1144/jgs2013-110 (2014).
16. Zierenberg, R. A. & Shanks, W. C. P. Isotopic studies of epigenetic features in
metalliferous sediment, Atlantis II deep, Red Sea. Can. Mineralogist 26,
737–753 (1988).
17. Smith, A. J. B., Beukes, N. J. & Gutzmer, J. The composition and depositional
environments of mesoarchean iron formations of the west rand group of the
witwatersrand supergroup, South Africa. Economic Geol. 108, 111–134 (2013).
18. Teixeira, N. L. et al. Trace elements and isotope geochemistry (C, O, Fe, Cr) of
the Cauê iron formation, Quadrilátero Ferrífero, Brazil: Evidence for
widespread microbial dissimilatory iron reduction at the Archean/
Paleoproterozoic transition. Precambrian Res. 298, 39–55 (2017).
19. Alibert, C. & McCollom, M. T. Rare earth element and neodymium isotopic
compositions of the banded iron-formations and associated shales from Hamersley,
western Australia. Geochimica Et. Cosmochimica Acta 57, 187–204 (1993).
20. Shanks, W. C. Stable isotopes in seaﬂoor hydrothermal systems: Vent ﬂuids,
hydrothermal deposits, hydrothermal alteration, and microbial processes. Rev.
Mineral. Geochem. 43, 468–525 (2001).
21. Muehlenbachs, K. & Clayton, R. N. Oxygen isotope composition of the
oceanic crust and its bearing on seawater. J. Geophys. Res. 81, 4365–4369
(1976).
22. Kasting, J. F. et al. Paleoclimates, ocean depth, and the oxygen isotopic
composition of seawater. Earth Planet. Sci. Lett. 252, 82–93 (2006).
23. Kitchen, N. E. & Valley, J. W. Carbon isotope thermometry in marbles of the
Adirondack Mountains, New York. J. Metamorphic Geol. 13, 577–594 (1995).
24. Kaufman, A. J., Hayes, J. M. & Klein, C. Primary and diagenetic controls of
isotopic compositions of iron-formation carbonates. Geochim. Cosmochim.
Acta 54, 3461–3473 (1990).
25. Li, W., Beard, B. L. & Johnson, C. M. Biologically recycled continental iron is a
major component in banded iron formations. Proc. Natl Acad. Sci. USA,
https://doi.org/10.1073/pnas.1505515112 (2015).
26. Fischer, W. W. & Knoll, A. H. An iron shuttle for deepwater silica in Late
Archean and early Paleoproterozoic iron formation. Geological Society of
America Bulletin preprint, 1, https://doi.org/10.1130/b26328.1 (2006).
27. Konhauser, K. O. et al. Iron formations: A global record of Neoarchaean to
Palaeoproterozoic environmental history. Earth-Sci. Rev. 172, 140–177 (2017).
28. Tosca, N. J., Guggenheim, S. & Pufahl, P. K. An authigenic origin for
Precambrian greenalite: Implications for iron formation and the chemistry of
ancient seawater. Geol. Soc. Am. Bull. 128, 511–530 (2016).
29. Konhauser, K. O. et al. Decoupling photochemical Fe(II) oxidation from
shallow-water BIF deposition. Earth Planet. Sci. Lett. 258, 87–100 (2007).
30. Willenbring, J. et al. in 252nd American Chemical Society National Meeting &
Expo (American Chemical Society, Philadelphia 2016).
31. McMahon, S., Anderson, R. P., Saupe, E. E. & Briggs, D. E. G. Experimental
evidence that clay inhibits bacterial decomposers: Implications for
preservation of organic fossils. Geology 44, 867–870 (2016).
32. Ahn, J. H., Cho, M. & Buseck, P. R. Interstratiﬁcation of carbonaceous
material within illite. Am. Mineralogist 84, 1967–1970 (1999).
33. Haugaard, R., Ootes, L. & Konhauser, K. Neoarchaean banded iron formation
within a ∼2620 Ma turbidite-dominated deep-water basin, Slave craton, NW
Canada. Precambrian Res. 292, 130–151 (2017).
34. Hamade, T., Konhauser, K. O., Raiswell, R., Goldsmith, S. & Morris, R. C.
Using Ge/Si ratios to decouple iron and silica ﬂuxes in Precambrian banded
iron formations. Geol. Soc. Am. 31, 35–38 (2003).
35. Lepot, K. et al. Iron minerals within speciﬁc microfossil morphospecies of the
1.88 Ga Gunﬂint Formation. Nat. Commun. 8, 14890 (2017).
36. Wacey, D. et al. Enhanced cellular preservation by clay minerals in 1 billionyear-old lakes. Sci. Rep. 4, 5841 (2014).
37. Alibert, C. Rare earth elements in Hamersley BIF minerals. Geochim.
Cosmochim. Acta 184, 311–328 (2016).
38. Posth, N. R. et al. Simulating Precambrian banded iron formation diagenesis.
Chem. Geol. 362, 66–73 (2013).
39. Konhauser, K. O. & Urrutia, M. M. Bacterial clay authigenesis: a common
biogeochemical process. Chem. Geol. 161, 399–413 (1999).
12

40. Playter, T. et al. Microbe-clay interactions as a mechanism for the preservation
of organic matter and trace metal biosignatures in black shales. Chem. Geol.
459, 75–90 (2017).
41. Halevy, I., Alesker, M., Schuster, E. M., Popovitz-Biro, R. & Feldman, Y. A key
role for green rust in the Precambrian oceans and the genesis of iron
formations. Nat. Geosci. 10, 135–139 (2017).
42. Oonk, P. B. H., Mason, P. R. D., Tsikos, H. & Bau, M. Fraction-speciﬁc rare
earth elements enable the reconstruction of primary seawater signatures from
iron formations. Geochim. Cosmochim. Acta 238, 102–122 (2018).
43. Kennedy, M. J., Löhr, S. C., Fraser, S. A. & Baruch, E. T. Direct evidence for
organic carbon preservation as clay-organic nanocomposites in a Devonian black
shale; from deposition to diagenesis. Earth Planet. Sci. Lett. 388, 59–70 (2014).
44. Paytan, A. & Grifﬁth, E. M. Marine barite: Recorder of variations in ocean
export productivity. Deep Sea Res. Part II: Topical Stud. Oceanogr. 54,
687–705 (2007).
45. Kurzweil, F., Wille, M., Schoenberg, R., Taubald, H. & Van Kranendonk, M. J.
Continuously increasing δ 98 Mo values in Neoarchean black shales and iron
formations from the Hamersley Basin. Geochim. Cosmochim. Acta 164,
523–542 (2015).
46. Klein, C. Greenalite, stilpnomelane, minnesotaite, crocidolite and carbonates
in a very low-grade metamorphic Precambrian iron formation. Can.
Mineralogist 12, 475–498 (1974).
47. Dodd, M. S. et al. Organic remains in late Palaeoproterozoic granular iron
formations and implications for the origin of granules. Precambrian Res. 310,
133–152 (2018).
48. Smith, A. J. B., Beukes, N. J., Gutzmer, J., Johnson, C. M. & Czaja, A. D.
Iron isotope fractionation in stromatolitic oncoidal iron formation, Mesoarchean
Witwatersrand-Mozaan Basin, South Africa. Geobiology 76, 2384 (2017).
49. Klein, C. & Beukes, N. J. in The Proterozoic Biosphere: A Multidisciplinary
Study (ed J. W. Schopf) 139–147 (1992).
50. Bekker, A. & Holland, H. D. Oxygen overshoot and recovery during the early
Paleoproterozoic. Earth Planet. Sci. Lett. 317-318, 295–304 (2012).
51. Lalonde, K., Mucci, A., Ouellet, A. & Gelinas, Y. Preservation of organic
matter in sediments promoted by iron. Nature 483, 198–200 (2012).
52. Alibert, C. & Kinsley, L. Ge/Si in Hamersley BIF as tracer of hydrothermal Si
and Ge inputs to the Paleoproterozoic ocean. Geochimica et. Cosmochimica
Acta 184, 329–343 (2016).
53. Delvigne, C., Cardinal, D., Hofmann, A. & André, L. Stratigraphic changes of
Ge/Si, REE+Y and silicon isotopes as insights into the deposition of a
Mesoarchaean banded iron formation. Earth Planet. Sci. Lett. 355-356,
109–118 (2012).
54. Van Houten, F. B. & Bhattacharyya, D. P. Phanerozoic oolitic ironstones - geologic
record and facies model. Annu. Rev. Earth Planet. Sci. 10, 441–457 (1982).
55. Klein, C. & Beukes, N. J. Geochemistry and sedimentology of a facies transition
from limestone to iron-formation deposition in the early proterozoic transvaal
supergroup, South-Africa. Economic Geol. 84, 1733–1774 (1989).
56. Krapež, B., Barley, M. E. & Pickard, A. L. Hydrothermal and resedimented
origins of the precursor sediments to banded iron formation: sedimentological
evidence from the Early Palaeoproterozoic Brockman Supersequence of
Western Australia. Sedimentology 50, 979–1011 (2003).
57. Rasmussen, B., Krapež, B. & Muhling, J. R. Seaﬂoor siliciﬁcation and
hardground development during deposition of 2.5 Ga banded iron formations.
Geology 43, 235–238 (2015).
58. Beukes, N. J. & Klein, C. Geochemistry and sedimentology of a facies transition
from microbanded to granular ironformation in the early Proterozoic Transvaal
supergroup, South Africa. Precambrian Res. 47, 99–139 (1990).
59. Emerson, D. & Revsbech, N. P. Investigation of an iron-oxidizing microbial
mat community located near Aarhus, Denmark: ﬁeld studies. Appl. Environ.
Microbiol. 60, 4022–4031 (1994).
60. Cairns-Smith, A. G. Precambrian solution photochemistry, inverse
segregation, and banded iron formations. Nature 276, 807–808 (1978).
61. Holland, H. D. The oxygenation of the atmosphere and oceans. Philos. Trans.
R. Soc. B: Biol. Sci. 361, 903–915 (2006).
62. Bjerrum, C. J. & Canﬁeld, D. E. Ocean productivity before about 1.9Gyr ago
limited by phosphorus adsorption onto iron oxides. Nature 417, 159–162 (2002).
63. Laakso, T. A. & Schrag, D. P. A small marine biosphere in the Proterozoic.
Geobiology 17, 161–171 (2019).
64. Emerson, S. & Hedges, J. I. Processes controlling the organic carbon content of
open ocean sediments. Paleoceanography 3, 621–634 (1988).

Acknowledgements
M.S.D. and D.P. acknowledge support from UCL and the London centre for Nanotechnology, and a Doctoral training grant from Engineering and Physical Science
Research Council, UK. D.P. acknowledges ﬁnancial support from the NASA Astrobiology Institute for ﬁeld work in Ontario and Western Australia, from the
Carnegie Institution of Washington for ﬁeld work in Finland, and from the NASA
Exobiology Program (grant to S.J. Mojzsis) for ﬁeld work in the Isua Supracrustal Belt.
D.P. and Y.W. also acknowledge ﬁnancial support from the National Natural Science

NATURE COMMUNICATIONS | (2019)10:5022 | https://doi.org/10.1038/s41467-019-12975-z | www.nature.com/naturecommunications

NATURE COMMUNICATIONS | https://doi.org/10.1038/s41467-019-12975-z

Foundation of China for ﬁeld work in the Anshan area of China. D.P. thanks the
Geological Survey of Western Australia for access and support in the core library.

Author contributions
M.S.D. and D.P. designed the research and M.S.D. performed micro-analyses. M.S.D.
wrote the manuscript which received important contributions from D.P., F.P., Y.W., J.K.
Samples which are crucial to this work were supplied by D.P., F.P., Y.W., J.K.

Competing interests
The authors declare no competing interests.

Additional information
Supplementary information is available for this paper at https://doi.org/10.1038/s41467019-12975-z.
Correspondence and requests for materials should be addressed to M.S.D.
Peer review information Nature Communications thanks Bertus Smith and other,
anonymous, reviewers for their contributions to the peer review of this work. Peer review
reports are available.

ARTICLE

Reprints and permission information is available at http://www.nature.com/reprints
Publisher’s note Springer Nature remains neutral with regard to jurisdictional claims in
published maps and institutional afﬁliations.

Open Access This article is licensed under a Creative Commons
Attribution 4.0 International License, which permits use, sharing,
adaptation, distribution and reproduction in any medium or format, as long as you give
appropriate credit to the original author(s) and the source, provide a link to the Creative
Commons license, and indicate if changes were made. The images or other third party
material in this article are included in the article’s Creative Commons license, unless
indicated otherwise in a credit line to the material. If material is not included in the
article’s Creative Commons license and your intended use is not permitted by statutory
regulation or exceeds the permitted use, you will need to obtain permission directly from
the copyright holder. To view a copy of this license, visit http://creativecommons.org/
licenses/by/4.0/.
© The Author(s) 2019

NATURE COMMUNICATIONS | (2019)10:5022 | https://doi.org/10.1038/s41467-019-12975-z | www.nature.com/naturecommunications

13

