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Abstract- 

The dissolution rates of olivine have been considered by a plethora of studies in part due 

to its potential to aid in carbon storage and its ease in obtaining pure samples for 

laboratory experiments.  Due to the relative simplicity of its dissolution mechanism, most 

of these studies provide mutually consistent results such that a comparison of their rates 

can provide insight into the reactivity of silicate minerals as a whole.  Olivine dissolution 

is controlled by the breaking of octahedral M2+-oxygen bonds at or near the surface, 

liberating adjoining SiO4
4- tetrahedra to the aqueous fluid.  Aqueous species that adsorb 

to these bonds apparently accelerate their destruction. For example, the absorption of H+, 

H2O and, at some conditions, selected aqueous organic species will increase olivine 

dissolution rates.  Nevertheless, other factors can slow olivine dissolution rates.  Notably, 

olivine dissolution rates are slowed by lowering the surface area exposed to the reactive 

aqueous fluid, by for example the presence and/or growth on these surfaces of either 

microbes or secondary phases. The degree to which secondary phases decelerate rates 
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depends on their ability to limit access of the reactive aqueous fluids to the olivine 

surface.  It seems likely that these surface area limiting processes are very significant in 

natural systems, lowering olivine surface reactivity in many environments compared to 

rates measured on cleaned surfaces in the laboratory. 

 A survey of the literature suggests that the major factors influencing forsteritic 

olivine dissolution rates are 1) pH, 2) water activity, 3) temperature, and 4) mineral-fluid 

interfacial surface area. Evidence suggests that the effects of aqueous inorganic and 

organic species are relatively limited, and may be attributed at least in part to their 

influence on aqueous solution pH. Moreover, the observed decrease in rates due to the 

presence of secondary mineral coatings and/or the presence of microbes can be attributed 

to their ability to decrease olivine surface area directly exposed to the reactive aqueous 

fluid. As the reactivity of forsterite surfaces are spatially heterogeneous, its surface area 

normalized rates will tend to decrease as it dissolved even in the absence of a mineral or 

bacterial coating.  Each of these factors limits and or influences the application of 

forsterite dissolution to 1) enhanced weathering efforts, 2) mineral carbonation, and 3) 

the low temperature generation of hydrogen or hydrocarbons via the oxidation of its 

divalent iron. 

 

Keywords: Forsterite dissolution, mineral carbonation, stable Mg isotopes, enhanced 

weathering 

 

1. INTRODUCTION 

This review of the reactivity of olivine in aqueous solution has been motivated by a 

number of reasons.  First, there have been more experimental investigations of the 

reactivity of olivine than any other multi-oxide silicate mineral, and over far wider 

experimental conditions.  Moreover, the starting materials for most of these studies are 

close to or exactly identical.  Many experimental studies have been focused on San 

Carlos Olivine, due to its widespread availability or similarly compositioned material, 
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specifically olivine having ~10% Fe(II) in its divalent metal site. Moreover, as noted by 

Velbel (2009), the corrosion textures of naturally weathered olivines from various 

igneous and metamorphic parent rock bodies are similar, suggesting that this mineral 

weathers in the same manner regardless of its crystallization and/or recrystallization 

history.  Consequently, in contrast with most other minerals, olivine reactivities measured 

in different studies and using distinct experimental methods tend to be consistent with 

one another.   

A second major reason to review olivine dissolution rates is that its reactivity is 

relatively simple.  Its structure is comprised of isolated Si-O4
4- tetrehedra linked by 

divalent cations. As such, its dissolution mechanism is less complex than most other 

naturally occurring multi-oxide silicates (Oelkers, 2001a). As there are no Si-O-Si 

linkages in its structure, significant leached layers are not commonly formed on olivine 

surfaces during dissolution. Moreover, olivine is highly thermodynamically unstable in 

ambient temperature aqueous solutions.  As a consequence, ambient temperature water-

olivine interaction studies are almost exclusively limited to dissolution studies performed 

in highly undersaturated solutions; dissolution rates at such conditions do not tend to be 

influenced by an approach of the fluid composition towards equilibrium with the 

dissolving olivine. Taking these various factors into account suggests that a detailed 

review of the ambient temperature dissolution behavior of olivine could provide new 

insights into the dissolution behaviors of the silicate minerals in general.  

The reactivity of forsteritic olivine1 and its aqueous alteration products has received 

increasing attention as it is a potential source material for the divalent cations required to 

carbonate CO2 during carbon storage efforts (e.g. Giammar et al., 2005; Oelkers and 

Schott, 2005; Bearat et al., 2006; Matter et al., 2007; Oelkers et al., 2008a; Dufaud et al., 

2009; Prigiobbe et al., 2009; Matter and Kelemen, 2009; King et al., 2011; Beinlich and 

Austrheim, 2012; Daval et al., 2011; Guyot et al., 2011; Klien and Garrido, 2011; Kohler 

et al., 2013; Gislason and Oelkers, 2014; Sissmann et al., 2013, 2014; Zhu et al., 2016; Li 

                                                        
1 From this part of the manuscript onwards, the term forsterite will be used to identify 

forsteritic olivine having ~90% of Mg in its divalent metal site.  The term ‘pure forsterite’ 

will identify the olivine comprised of 100% Mg in its divslent metal site. 
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et al., 2018).  Further recent interest in olivine dissolution rates stems from its potential 

role in the weathering of the Martian surface (e.g. Stopar et al., 2006; Olsen and Rimstidt, 

2007; Hausrath et al., 2008; Hausrath and Brantley, 2010; Dehouck et al., 2014; Velbel, 

2014; Olsen et al., 2015; Niles et al., 2017). Such interest has led to a large number of 

studies aimed at characterizing forsterite dissolution behavior and rates at various fluid 

compositions and temperatures (e.g. Luce et al., 1972; Sanemasa et al., 1972; Baily, 

1974; Grandstaff, 1978, 1986; Eriksson, 1982; Murphy and Helgeson, 1987, 1989; Blum 

and Lasaga, 1988; van Herk et al., 1989; Banfield et al., 1990; Wogelius and Walther, 

1991, 1992; Casey and Westrich, 1992; Seyama et al., 1996; Awad et al., 2000; Chen and 

Brantley, 2000; Rosso and Rimstidt, 2000; Pokrovsky and Schott, 2000a, 2000b; Oelkers, 

2001b; Giammar et al., 2005; Golubev et al., 2005; Hänchen et al., 2006; Olsen and 

Rimstidt, 2008; Davis et al., 2009; Beinlich and Austrheim, 2012; Rimstidt et al., 2012; 

Olsson et al., 2012; Plümper et al., 2012; Wang and Giammar, 2012; Declercq et al., 

2013; Garcia et al., 2013; Saldi et al., 2013; van Noort et al., 2013; Bundeleva et al., 

2014; Johnson et al., 2014; King et al., 2011, 2014; Martinez et al., 2014; Torres et al., 

2014; Agrawal and Mehra, 2016).  Further studies have defined the spatial and textural 

relationship between weathering olivine and its alteration products (e.g. Eggleton, 1984; 

Banfield et al., 1990; Zakazonova-Herzog et al., 2008; Velbel, 2009). 

A number of recent studies have regressed the existing forsterite dissolution rate 

data to generate equations describing these rates a function of pH and temperature (e.g. 

Rimstidt et al., 2012; Crundwell, 2014).  To avoid duplication, the present study is 

focused on identifying the relative influence of other, perhaps less well constrained 

factors including surface area, mineral coatings and the presence of microbial species on 

the overall dissolution behavior of olivine surfaces. The purpose of the present 

communication is to take advantage of the large number of previous studies aimed at 

forsterite surface reactivity to illuminate the effect of various processes on olivine 

dissolution rates. 

2. THEORETICAL BACKGROUND 

http://www.sciencedirect.com/science/article/pii/S0009254100003521#BIB21
http://www.sciencedirect.com/science/article/pii/S0009254100003521#BIB4
http://www.sciencedirect.com/science/article/pii/S0009254100003521#BIB4
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A mineral’s structure is key to its reactivity as it defines 1) the bonds that need to 

be broken for its dissolution and 2) the identity of elements located at its surface as a 

function of crystal orientation. Olivine is composed of SiO4
4− anions and Me2+ cations 

with a 1:2 molar ratio of Si:Me. A major structural feature of olivine is that these Me2+ 

cations are situated in octahedral chains that run parallel to the c-axis (see Brown, 1980; 

Putnis, 1992). A schematic illustration of the olivine structure viewed along the a-axis is 

reported in Fig. 1. Each oxygen atom is bonded to the silicon by a single covalent bond. 

The four oxygen atoms have a partial negative charge because of these covalent bonds. 

Each of the four oxygen atoms of the SiO4
4− anions are bonded to the divalent cations by 

an ionic bond. As such there are no Si-O-Si units in this structure. The cations occupy 

two different octahedral sites, which are commonly identified, as the M1 and M2 sites. 

The M2 site is larger and more regular than M1. The name of each olivine is determined 

by the identity of the dominant divalent metal cation in its structure. For example Mg 

olivine is forsterite, Fe olivine is fayalite, and Mn olivine is tephorite.  Forsterite and 

fayalite form a complete solid solution, but the most common composition of olivine 

found on the surface of the Earth is a forsterite-rich olivine with ~10 percent Fe2+ in the 

divalent metal sites.  As such most studies have focused on olivines of this composition. 

Natural forsterite also commonly contains trace quantities of Mn, Ni, Ca, and P. 

Microbes may be attracted to forsterite surfaces to harvest these trace elements and/or 

iron (e.g. Oelkers et al., 2015). 

2.1 Forsterite solubility and dissolution rates as a function of chemical affinity 

Critical to understanding the reactivity of a mineral is to have detailed knowledge 

of its solubility and its stability relative to other mineral phases.   The concentration of 

magnesium in equilibrium with amorphous SiO2, pure forsterite, and other Mg-silicate 

phases at 25 oC is shown in Figure 2 as a function of pH.  These and other 

thermodynamic calculations in this report have been made using the PHREEQC 

computer code together with its llnl database (Parkhurst and Appelo, 2013).  The ambient 

temperature solubility of forsterite is extremely high at neutral to acidic pH.  Even in the 

absence of complexing ligands, the concentration of Mg in equilibrium with forsterite 

and amorphous Si, which sets a practical limit for aqueous Si concentrations in >100 oC 
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experiments and in nature, exceeds 1 mol/kg at all pH<7.9 at 25 oC.  Moreover, the 

hydrous Mg-silicates sepiolite and crystolite are far less soluble than forsterite.  As such, 

forsterite precipitation does not occur, and near to equilibrium conditions are difficult to 

attain at ambient temperatures.  Consequently, most work on olivine surface reactivity to 

date has focused on its far-from-equilibrium dissolution kinetics. 

 As forsterite dissolution occurs at ambient temperatures in strongly 

undersaturated conditions, the interpretation of its dissolution rates is simplified. The 

overall dissolution rate of a mineral can be considered to be the difference between the 

forward rate (pure dissolution, r+) and the reverse rate (precipitation, r-) such that  

 𝑟 = 𝑟+ − 𝑟− = 𝑟+ (1 −
𝑟−

𝑟+
) .      (1) 

Taking account of the law of detailed balancing, it can be shown that Eqn. (1) is 

equivalent to (Aagaard and Helgeson, 1977, 1982; Lasaga, 1981; Schott and Oelkers, 

1995) 

𝑟 = 𝑟+(1 − exp⁡(−𝐴/𝜎𝑅𝑇)        (2) 

where  stands for Temkin's average stoichiometric number equal to the ratio of the rate 

of destruction of the activated or precursor complex relative to the overall dissolution 

rate, A denote the chemical affinity of the reaction, T defines the absolute temperature, 

and R signifies the gas constant. The form of Eq. (2) is such that overall rates (r) equal 

forward rates (r+) when A >> RT.  Due to its high solubility, most of the olivine 

dissolution rates reported in the literature have been measured at far-from-equilibrium 

conditions, such that A >> RT.  At these conditions  and thus r  r+.  

Consequently, measured ambient temperature forsterite dissolution rates can be used to 

assess the effect of aqueous solution composition and other factors on its forward 

dissolution rates independently from the effects of chemical affinity (e.g. the slowing of 

reaction rates as the system approaches equilibrium).  The forward dissolution rate of the 

mineral, r+, depends on the dissolution mechanism of the mineral.  Insight, into the 

dissolution mechanism of forsterite, and other olivines can thus be gained by 

consideration of the variation of published rates as a function of aqueous fluid 

composition (see section 3.1 below). 

  rr
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2.2 Forsterite Dissolution Mechanism 

The dissolution mechanism of natural silicate minerals into aqueous solution 

depend on a large extent on the connectivity of its silica framework and the identity of the 

metal-oxygen bonds present in the structure of the mineral (e.g. Oelkers, 2001a; Brantley, 

2008; Schott et al., 2009).  As emphasized above, the forsterite structure consists of 

individual silicon–oxygen tetrahedra linked by magnesium atoms. As such olivine 

dissolution can proceed by the breaking of just the ionic Mg-O bonds, liberating the 

SiO4
4− anions directly into solution.  Due to both the absence of covalent Si-O-Si bonds 

and the relative weakness of the ionic divalent metal-oxygen bonds in its structure, 

olivine is among the fastest dissolving silicate minerals (e.g. Velbel, 1999). 

The dissolution behavior of olivine, therefore, contrasts to that of most other 

multi-oxide minerals that require the breaking of more than one type of metal-oxygen 

bond.  In such cases, the dissolution mechanism will consists of the sequential breaking 

of the bonds in the order of their reactivity typically via proton2 for metal exchange 

reactions (e.g. Oelkers, 2001a). Consequently, the olivine dissolution mechanism is 

somewhat unrepresentative of that of most multi-oxide silicate minerals, but its simplicity 

allows insights into the dissolution mechanisms of these other minerals– see below. 

Consistent with the observation that the ionic divalent metal-oxygen bonds break 

more rapidly than the covalent Si-O bonds, some of the earliest studies of forsterite-rich 

olivine dissolution reported an early rapid reversible exchange of Mg for protons on the 

olivine surface (Luce et al., 1972; Blum and Lasaga, 1988). This exchange was reported 

to be complete within a few minutes (Luce et al., 1972). The incorporation of protons by 

these reactions stems from 1) the need to maintain charge balance, and 2) the small size 

of protons, which allow these to be readily accommodated in the structure of the 

dissolving mineral. Further evidence for divalent metal for proton exchange reactions has 

been observed at acid conditions by XPS for the cases of forsterite (Pokrovsky and 

Schott, 2000a), fayalite (Fe2SiO4; Schott and Berner, 1983, 1985) and tephroite 

                                                        
2 The term proton in this manuscript is synonymous with the term hydrogen ion, which is 

present as hydronium ions in aqueous solution. 
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(Mn2SiO4; Casey et al., 1993a). The preferential departure of M2+ cations from this 

structure at acidic to neutral conditions is also consistent with the results of ab-initio 

quantum mechanical calculations reported by Liu et al. (2006).  Blum and Lasaga (1988) 

and Wogelius and Walther (1991) found that natural San Carlos olivine surfaces consume 

as much as 10-5 to 10-4 mol/m2 of protons during surface titrations. Oelkers et al. (2009), 

based on measured pH and the mass of Mg, Si and Fe released to aqueous solution during 

20 minutes titrations, reported that on average 3.84 ±0.59 protons were incorporated into 

the olivine structure for each Mg2+ removed from forsterite during surface titrations.  This 

observation suggests that not only do the protons provide charge balance during this 

exchange reaction, but also charge the liberated Si-O bonds.   Nevertheless, Casey et al. 

(1991) and Westrich et al. (1993) using ion beam analysis determined that H+ penetration 

into the olivine lattice is limited to depths of no more than 100 nm even for forsterite 

leached in pH 2 solutions.  This observation contrasts with their observation on several 

other silicate minerals, which show a deeper penetration of protons (e.g. Casey et al., 

1988).  The lack of significant H+ penetration into the olivine structure likely stems from 

the fact that the SiO4
4− tetrahedra are not interconnected.  Once all the divalent metals 

surrounding a SiO4
4− tetrehedra are replaced by protons, these tetrahedra are liberated and 

can pass into the aqueous phase so long as condensation (i.e Si-O-Si dimerization) 

reactions do not occur at the surface. This contrast with the dissolution of chain-silicates 

like wollastonite, which is accompanied at acidic pH by H+ penetration deep into the 

structure, promoting silica tetrahedral condensation leading to the formation of thick 

silica leached layers (Casey et al., 1993b; Schott et al., 2012). 

The surface of freshly ground, but otherwise untreated, San Carlos olivine was 

studied in detail by Pokrovsky and Schott (2000a) and Oelkers et al. (2009). The 

isoelectric point, the pH at which suspended grains do not migrate under the influence of 

an electronic field, was determined to be 4.2 for San Carlos olivine in dilute aqueous 

NaCl solutions using zeta potential techniques. In contrast, traditional acid-base surface 

titrations of the surfaces of San Carlos olivine yield an apparent pH of zero point of 

charge equal to ~10. The large difference in these values was attributed to the exchange 

of protons for Mg immediately after fresh olivine surfaces are placed into the aqueous 

solution.  As a result of this H for Mg exchange in the first one or two monolayers of the 
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surface, the olivine surface exhibits an electrophoretic mobility similar to that of 

amorphous silica, which has an isoelectric point of 2.1.  As a result of this Mg-for-H 

exchange, a Mg depleted layer, no more than 20 Å thick was observed to form at the 

olivine surface at all pH <9. A similar depletion of Mg from the surfaces of forsterite 

glass was observed at pH 4 by angstrom-scale resolved X-ray and FTIR data as reported 

by Morris and Wogelius (2008). At pH ~10 and higher, this exchange reactions reverses 

and a fine Si depleted Mg-rich layer is observed on forsterite surfaces.  The excess 

release of Mg compared to that calculated from Si release and assuming stoichiometric 

dissolution from forsterite during short-term titrations are shown in Fig. 3.  The 

observation that Mg is preferentially released at low to neutral pH but preferentially 

retained by the mineral structure in strongly basic solutions confirms the reversibility of 

the Mg for proton exchange reaction.  The temporal variation of Mg versus Si release 

from dissolving forsterite at various pH was reported by Pokrovsky and Schott (2000b); 

the concentration of Mg and Si in reactive fluids recovered from two of their experiments 

are shown in Fig. 4.  At pH 3, Mg is preferentially released for the first 40 minutes before 

stoichiometric dissolution was observed. In contrast, at pH 10, Si is preferentially 

released to the reactive fluid for the first ~100 hours. The long time required to attain 

stoichiometric dissolution at basic pH could be attributable to the relative slow 

dissolution rates of forsterite at these conditions and the weak extent of its non-

stoichiometric dissolution, which continues until the forsterite surface species (but not the 

bulk forsterite) has equilibrated with the reactive fluid. Taken together, this evidence 

shows that during the early stages of olivine dissolution is non-stoichiometric due to the 

equilibration of its surfaces with the reactive fluid, and eventually stoichiometric after 

this surface has equilibrated.  

The observations summarized above provide insight into how olivine dissolution 

proceeds. These observations include 1) olivine dissolution is limited by the breaking of 

its ionic octahedral M2+-oxygen bonds, 2) these are the only bonds that need to be broken 

to dissolve the mineral and 3) its surface is M2+ poor at acid to mildly basic conditions 

but M2+ enriched at strongly basic conditions. Within transition state theory, the far from 

equilibrium dissolution rate of a mineral, r+, is proportional to the concentration of its 

activated or precursor complex.  Such complexes for minerals whose dissolution requires 
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the breaking of only one type of cation–oxygen bond are formed by absorption reactions 

that tend to weaken this bond.  Because the rate-controlling surface complexes for olivine 

dissolution are formed by adsorption reactions, olivine dissolution rates depend on the 

aqueous concentrations of those species that adsorb and weaken these bonds.  The 

identity of such species will be reviewed below. 

 

3. Factors influencing olivine dissolution rates 

3.1 Effect of surface area. 

It is commonly assumed that the overall reactivity of a mineral in water is 

proportional to its surface area.  There is, however, considerable discussion over exactly 

which surface area should be considered in this regard.  The simplest surface area that 

has been used to characterize mineral reactivity is the geometric surface area, which is 

the surface of a smooth geometric shape, such as a sphere or a cube of equal size to the 

mineral grains.  A popular alternative is to use the surface area measured by inert gas 

adsorption techniques together with the Brunauer, Emmett and Teller (BET) approach 

(Brunauer et al., 1938).  The advantage of this gas adsorption approach is that the size of 

the adsorbing gas (e.g. Kr or N2) is similar to that of H2O so is thought to be a good 

proxy for characterizing the interaction of a mineral surface with water.  The ratio of the 

BET surface area to the geometric surface area is termed roughness factor, which is thus 

a measure of how different the true surface area is compared to that of a smooth 

geometric shape of the same size.  Due to the lack of internal surface area in olivine 

(Brantley and Mellott, 2000) the determined roughness factors of olivines used in most 

experimental studies is low and typically ranges from 3 to 10.  As such, regression of 

rate forsterite rate date to either the initial geometric or the initial BET surface area of 

grains used in dissolution experiments yield similarly accurate fits (Rimstidt et al., 

2012).  

The connection between BET surface area and mineral reactivity, however is 

likely complex.  First, as noted in section 3.4 below, the surface area normalized 
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dissolution rate of a mineral can depend strongly on its crystallographic orientation (cf. 

Bandstra and Brantley, 2008; Daval et al., 2013; Pollet-Villard et al., 2016). This 

undermines the accuracy of using a single surface area to quantify the rates of a mineral 

grain consisting of numerous different crystallographic faces, in part as the relative 

proportion of each surface can change during the dissolution of the mineral.  For 

example, Grandstaff (1978) observed that the BET surface area of crushed grains during 

laboratory experiments increased dramatically due to the formation of etch pits formed 

along lattice imperfections such as dislocations and cleavage planes.  In their study the 

BET surface area of forsterite dissolved at pH 2.6 and 25 oC increased by a factor of 7 

during its first 100 hours of dissolution.  Nevertheless, this increase in surface area was 

not accompanied by a concurrent and proportional increase in the dissolution rate of this 

forsterite.  A similar behavior was found for the case of quartz dissolution by Gautier et 

al. (2001), which was attributed by these authors to the fact that the surface area increase 

observed during etch pit formation consisted of relatively unreactive etch pit walls.  

Indeed, the formation of etch pits requires that the newly created etch-pit wall surfaces 

are far less reactive than the etch pit bottom to enable the growth of these dissolution 

features (see also Hövelmann et al., 2012; Luttge et al., 2013; Velbel, 2014).  Although 

not explicitly stated, most experimental studies avoid these complications by 

normalizing rates to the initial surface area of the grains rather than the final surface area 

or the surface area of grains collected during the experiment. The challenges of defining 

the reactivity of complex minerals led Fischer et al. (2012) to argue that a more precise 

description of mineral dissolution rates could be obtained by considering mineral 

surfaces as a distribution of spatially varying rates rather than a single uniform rate 

averaged over the whole of the surface.  No doubt such an approach would be closer to 

reality, but at present it is impractical due to our limited knowledge of the distribution of 

rates on mineral surfaces. 

3.2 Surface area normalized forsterite dissolution rates obtained in the laboratory 

as a function of Mg, Si concentration, H2O activity and pO2. 

A large number of studies have focused on characterizing the dissolution rates of 

forsteritic olivine in aqueous fluids containing only forsterite components: Mg, Fe, Si, 
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and simple inorganic acids and bases.  A list of many of these studies is provided in Table 

1. Forsterite dissolution rates were reported to be independent of dissolved Mg and Si 

concentration up to 1.4 x 10-3 and 7x10-4 mol/kg, respectively at 25 oC and pH~2 by 

Oelkers (2001a). As suggested above, this observation was attributed to the fact that there 

are no Si-O-Si linkages in its structure, such that the breaking of Mg-O bonds is the only 

step in the steady-state dissolution mechanism.  Similarly Pokrovsky and Schott (2000b) 

and Rosso and Rimstidt (2000) reported that low concentrations of aqueous Mg had little 

effect on forsterite dissolution rates.  This conclusion was confirmed and expanded upon 

by Olsen et al. (2015) who reported that there was little effect of aqueous Mg 

concentration on forsterite dissolution rates at concentrations as high as 4 mol/kg. 

Conversely, Daval et al. (2011) reported that forsterite dissolution rates in solutions 

containing aqueous Si concentrations approaching equilibrium with amorphous SiO2 

slowed due to the formation of a thin amorphous SiO2 layer at the olivine surface– see 

section 3.7 below.  The lack of an effect of Mg and Si on rates in the absence of a SiO2-

rich layer at the mineral surface is consistent with the conclusions made above that only a 

single metal-oxygen bond needs to be broken to dissolve the forsterite structure.  

Moreover, as aqueous Mg and SiO2 do not affect forsterite dissolution rates in the 

absence of the formation of theses layers, it can be expected that the increase in 

concentration of their aqueous species in the reactive aqueous fluid during forsterite batch 

dissolution experiments will not alter forsterite dissolution rates.  As such, Mg and SiO2 

would be expected to be released from forsterite at a constant rate in the absence of 

secondary mineral formation in batch experiments, following an initial non-

stoichiometric release due to the equilibration of the forsterite near-surface with the 

aqueous phase (see above). In these instances, the Mg and SiO2 concentrations should 

increase linearly with time in batch reactors having a constant reactive fluid volume.  

This relatively simple behavior, which contrasts with many other silicates that have more 

complex far-from-equilibrium dissolution behavior, enables rates obtained from batch 

reactors to be consistent with those obtained from mixed flow reactors. 

As is the case with aqueous Mg and SiO2, Sugimori et al. (2012) observed that 

changing the partial pressure of oxygen did not alter forsterite dissolution rates 

significantly at temperatures from 15 to 55 oC and pH from 4 to 6.0. These authors did 
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report, however, that the overall Fe release rate from forsterite decreased with increasing 

pO2 due to the formation of Fe(III) hydroxide secondary phases in their reactors.   

In contrast to the role of Mg and Si, a significant effect on forsterite dissolution 

rates was found when varying the activity of H2O.  In a regression of results from highly 

saline aqueous solutions of MgSO4, Na2SO4, Mg(NO3)2 and KNO3, Olsen et al. (2015) 

reported that forsterite dissolution rates at 25 oC and pH ranging from 2 to 4 are 

proportional to the activity of H2O to the 3.26±0.65 power.  The role of water in the 

dissolution mechanism has been attributed to its involvement in releasing silica tetrahedra 

from the structure during the rate-limiting step of dissolution (Liu et al., 2006).  

Nevertheless, as the activity of H2O is close to unity in most natural fluids, the variation 

of forsteritic olivine dissolution rates at given temperature and in simple fluid-mineral 

systems that do not contain substantial inhibiting substances or secondary minerals can be 

described using a simple function of pH.  The only exception may be in environments 

with low water activities such as partially saturated soils or high ionic strength evaporate 

fluids. 

 

3.3 Surface area normalized forsterite dissolution rates as a function of pH at ambient 

temperature 

Forsterite dissolution rates reported in the literature as a function of pH in 

aqueous solutions containing only Mg, Si, Fe, and simple inorganic acids or bases are 

depicted in Fig. 5. Note the general consistency of the rates reported in most of the 

published studies other than two notable exceptions. The first exception is the data of 

Grandstaff (1978, 1986), which are approximately two orders of magnitude lower than 

the corresponding values reported in more recent studies. Both Murphy and Helgeson 

(1989) and Rimstidt et al. (2012) suggested that the surface roughness reported in the 

Grandstaff (1986) study was unusually high such that that either their BET surface areas 

were incorrect or their grains had not been properly cleaned prior to the experiment. The 

second noteworthy exception is that the early rates at basic pH conditions reported by 

Blum and Lasaga (1988) are significantly higher than the more recently published rates.  

These early faster rates were based on Si release from olivine.  As noted by Pokrovsky 
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and Schott (2000b), Si is preferentially released from forsterite at basic pH, and 

stoichiometric Mg to Si release are only attained after several hundred hours after the 

beginning of a dissolution experiment – see Fig. 4).  This preferential early release of Si 

may likely be the origin of the anomalous fast forsterite dissolution rates at the basic pH 

conditions published by Blum and Lasaga (1988).  

There are several noteworthy observations evident in Fig 4. First, the consistency 

in reported rates at any pH is coherent with the conclusion that these rates are 

independent of aqueous Mg and SiO2 concentrations. Second, forsterite dissolution rates 

appear to decrease monotonically with increasing pH. This behavior, which is common 

for the Mg-silicates (e.g. Oelkers and Schott, 2001; Saldi et al., 2007), contrasts with that 

of the aluminum bearing silicates, which tend to increase with increasing pH at basic 

conditions (e.g. Chou and Wollast, 1985; Gislason and Oelkers, 2003).  This difference 

leads to distinct reactivities of these mineral groups.  For example, the weathering of 

crystalline basalts is dominated by Mg-silicate dissolution at acidic conditions, but of Al-

bearing silicates at basic conditions (Gudbrandsson et al., 2011).  This leads to the 

preferential release of Mg and Fe from crystalline basalts at acidic conditions where 

dissolution is dominated by forsterite and pyroxene, but of Ca at more basic conditions 

where dissolution is dominated by plagioclase.  The relative slow weathering rates of 

olivine compared to Al-silicate glass has been regularly observed in natural basaltic 

environments, where the fluid phase typically has a basic pH (Wasklewicz et al., 1993; 

Hausrath et al., 2008). 

The apparent simple variation of forsterite dissolution rates with pH has led 

several investigators to fit these data to a pH function.  Assuming forsterite dissolution 

can be described by two parallel reactions, one that dominates at acidic conditions and 

the other at basic conditions leads to (e.g. Rosso and Rimdstidt, 2000; Marini, 2006; 

Palandri and Kharaka, 2004; Crundwell, 2014).  

𝑟+ = 𝑟𝑎 + 𝑟𝑏  (3) 

where ra and rb refer to rate equations describing the rates that dominate at acidic and 

basic conditions, respectively.  In each case, these rates are assumed to be dependent of 

the activity of H+ in the aqueous solution in accord with the empirical relations  
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𝑟𝑎 = 𝑘𝑎𝑎𝐻+
𝑛𝑎   (4a) 

and 

𝑟𝑏 = 𝑘𝑏𝑎𝐻+
𝑛𝑏   (4b) 

where  𝑘𝑎 and 𝑘𝑏 refer to rate constants, 𝑎𝐻+ designates the activity of aqueous H+, and 

na and nb represent reaction orders.  There is a general consensus that the best reaction 

order at acid conditions is na ~ 0.5 (Rosso and Rimdstidt, 2000; Marini, 2006; Palandri 

and Kharaka, 2004; Crundwell, 2014).  Crundwell (2014) surveyed the reaction orders 

for forsterite dissolution in acidic solutions and reported that six studies containing 520 

data points indicated a reaction order between 0.46 and 0.54. He argued that the reaction 

order of 0.5 is consistent with one H+ ion forming an activated complex with a silica 

group at the forsterite surface and that water molecules react with the magnesium on 

these surfaces.  

  There are some differences in the literature, however, concerning the value of the 

reaction order at basic pH.  The earlier studies, both in response to the rates available at 

that time and in an attempt to explain the dissolution behavior of all silicate minerals 

using the same approach, suggested that nb should be negative with a value of -0.3 (Blum 

and Lasaga 1988; Brady and Walther, 1989). More recent studies, however, have 

concluded that the rates at basic pH are most consistent with a slowly decreasing 

forsterite dissolution rate at basic pH.  Rimstidt et al. (2012) proposed that nb should be 

+0.22 and Crundwell (2014) proposed that nb should be +0.25. 

  A summary of parameters derived to describe the BET surface area normalized 

forsterite dissolution rates as a function of pH are provided in Table 2, and compared in 

Fig. 6.  It can be seen that the recent fits of 25 oC forsterite dissolution rate data yield 

nearly identical results as a function of pH, reflecting in part the consistency in the 

measured dissolution rates reported in the literature.  The ability of these pH functions to 

describe the 25 oC forsterite dissolution rate data can be assessed by comparing the curve 

and data points in Figs 5 and 6. 

An alternative approach to describe olivine dissolution kinetics is based on 

surface complexation models. After a relatively rapid equilibration over time frames of 
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seconds to hours, the liable material at the olivine near surface equilibrates with its co-

existing aqueous fluid phase. The equilibrated olivine surface has a unique composition 

at each pH, which can be described as consisting of distinct surface species.  As such it 

seems reasonable to relate the dissolution rates to the concentration of these surface 

species.  An early model, proposed by Blum and Lasaga (1988) suggested that forsterite 

dissolution rates are proportional to the concentrations of surface protonated sites at 

acidic conditions, and of deprotonated sites at basic conditions.  A similar approach was 

adopted by Pokrovsky and Schott (2000a) who proposed a surface speciation model to 

describe olivine dissolution rates. These authors suggested that at acidic conditions 

forsterite dissolution is controlled by the decomposition of a silica-rich/magnesium-

deficient protonated precursor complex.  This complex was formed by the exchange of 

two hydrogens for a Mg atom leading to the condensation of two silica surface sites.  

This was followed by the adsorption of one proton onto the bridging oxygen of this 

dimer. In alkaline solutions, dissolution is assumed to be controlled by the decomposition 

of Mg hydrated sites in a Mg-rich layer formed by initial preferential silica release. 

Within this model, forsterite dissolution rates can be described assuming two parallel 

reactions occurring at silica-rich and hydrated Mg surface sites such that: 

r+ = kSi {>Si2O-H+}+ kMg {>MgOH2
+}      (5) 

where kSi and kMg designate rate constants, and {>Si2O-H+} and {>MgOH2
+} stands for 

concentration of the >Si2O-H+ and >MgOH2
+ surface species, respectively.  Although 

this model is not widely used owing to the challenges of calculating accurate surface 

speciation values, it can account for 1) for the reaction order of olivine dissolution rates 

with respect to H+ activity at both acid and alkaline pHs, and 2) for the decrease in 

forsterite dissolution rates as a function of aqueous carbonate concentration at basic 

conditions, as the adsorption of this species onto forsterite surfaces decreases the 

concentration of the >MgOH2
+ surface species.  Rates computed with this model as a 

function of pH are compared with corresponding models in Fig. 6. 

 

3.4 Effect of other dissolved inorganic species 
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CO2: Because changing the aqueous concentration of CO2 can lead to corresponding 

changes in aqueous solution pH, determining unambiguously the effect of CO2 on 

mineral dissolution rates requires taking account of such pH changes. Prigiobbe et al. 

(2009) reported that there was no direct effect of changing the dissolved concentration of 

CO2 on forsterite dissolution rates measured at 120 oC and pH 3 to 8.  They concluded 

that any observed effects of increasing aqueous CO2 on forsterite dissolution rates could 

be attributed to the changing of pH in the aqueous solution. Similarly, Golubev et al. 

(2005) observed no significant effect of the presence of 1 atm CO2 on the dissolution 

rates of pure forsterite at 25 oC and pH ~4, nor of dissolved carbonate or bicarbonate at 

concentrations up to 0.009 and 0.005 mol/kg, respectively at pH from 8.45 to 11.  In 

contrast, two studies reported a decrease of forsterite dissolution rates with increasing 

aqueous CO2 concentration at basic pH (Wogelius and Walther, 1991; Pokrovsky and 

Schott, 2000b).  This observation was attributed to the formation of a Mg-carbonate 

surface species lowering the concentration of the rate controlling hydrolyzed Mg surface 

species (see section 3.3 above). The apparent inconsistency between these results and 

those of Golubev et al. (2005) could stem from the combination of different factors: the 

different duration of the experiments; the uncertainties in both pH and CO3
2- activity in 

the studies; the possible influence of Mg(OH)2 surface coatings, which might inhibit the 

dissolution reaction to some degree; and the fact that Golubev et al. (2005) used for most 

of their experiments a pure forsterite sample (Fo100). Wogelius and Walther (1991), 

however, found that the dissolution rates of pure forsterite (Fo100) were identical to that of 

a typical forsterite (Fo90) at these conditions.  As such, although the rapid rates of Fe 

oxidation at basic conditions might have led to the formation of a Fe(III) bearing 

secondary mineral at the olivine surface, it seems unlikely that such iron-rich coatings are 

inhibiting.  It should also be noted that in both the Golubev et al. (2005) and Pokrovsky 

and Schott (2000b) studies the Mg and Si aqueous concentrations were close to detection 

limits and thus the source of large uncertainties. 

Aqueous Al: Chen and Brantley (2000) reported that there was no effect of varying the 

concentration of aqueous Al from 0 to 10 ppm on forsterite dissolution rates at pH 2.95 

and 65 oC. 
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Salinity:  Prigiobbe et al. (2009) reported that there was no direct effect of changing the 

salinity, adjusted by changing aqueous NaCl and NaNO3 concentrations over the range 0 

to 2 mol kg-1 on the reactive fluid on measured forsterite dissolution rates at 120 oC and 

pH 3 to 8.  A decrease in forsterite dissolution rates in more highly concentrated salt 

solutions was attributed to their effect on H2O activity by Olsen et al. (2015) – see section 

3.2 above. 

Taken together, there is little evidence that the changing of the aqueous 

concentrations of dissolved inorganic species effect directly forsterite dissolution rates 

other than perhaps with the exception of aqueous CO2 at basic pH.  The presence of such 

species can, however, alter forsterite dissolution rates indirectly through changes in pH or 

water activity. 

 

3.5 Surface area normalized forsterite dissolution rates as a function of temperature 

 The variation of mineral dissolution rates as a function of temperature is almost 

exclusively described using some form of an Arrhenius equation.  The application of the 

Arrhenius equation has, nevertheless, led to some confusion when applied to mineral 

dissolution rates.  If derived from transition state theory, the Arrhenius equation suggests 

that the logarithm of the rate constant, k, equating the rate to the concentration of the rate 

controlling activated complex should be approximately a linear function of reciprocal 

temperature in accord with (cf. Schott et al., 2009). 

𝑘 = 𝐴𝑜𝑒
−𝐸𝑎/𝑅𝑇        (6) 

where A0 refers to a temperature independent pre-exponential factor, and Ea stands for the 

activation energy.  Note that the rate constant is related to r+, the forward dissolution rate, 

by  

𝑟+ = 𝑘𝐾∏ 𝑎𝑖
𝑛𝑖

𝑖       (7) 

where K refers to the equilibrium constant for the reaction creating the activated or 

precursor complex and ni denotes the stoichiometric number of moles of the ith species in 

the reaction creating one mole of this activated or precursor complex.  Confusion arises 
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as many have applied a form of the Arrhenius equation to describe the temperature 

dependence of reaction rates such as 

𝑟 = 𝐴′𝑜𝑒
−𝐸′𝑎/𝑅𝑇        (8) 

where A’0 refers to a temperature independent pre-exponential factor, but E’a stands for 

an apparent activation energy (see Casey and Sposito, 1993).  The difference between Ea 

and E’a , therefore, is the temperature variation of the concentration of the activated or 

precursor species, for example, the temperature dependence of the concentrations of the 

>Si2O-H+ and/or the >MgOH2
+ surface species in the Pokrovsky and Schott (2000b) 

model. This subtle difference is responsible in part for inconsistencies in activation 

energies for mineral reactions reported in the literature (cf. Oelkers and Schott, 1999).  In 

cases where the concentrations of the activated or rate controlling species decrease 

rapidly with increasing temperature, negative apparent activation energies can be 

observed, for example for the case of carbonate mineral dissolution rates at acidic 

conditions (Pokrovsky et al., 2009; Schott et al. 2009). 

  In aqueous solutions containing only Mg, Si, and simple inorganic acids, and 

having an activity of H2O close to one, forsterite dissolution rates depend on only pH.  So 

long as the dissolution mechanism remains independent of temperature and the enthalpy 

of the activated complex formation reaction is approximately constant, the constant pH 

dissolution rates of forsterite might be expected to be consistent with Eqn. (8) such that 

the logarithm of its dissolution rates plot as a linear function of reciprocal temperature. 

Such appears to be the case, as evident in Fig. 6.  With few exceptions, the pH=2 far from 

equilibrium rates shown in this figure are closely consistent with Eqn. (8) over the 

temperature range of 25 to 150 oC.   

 Such observations, together with the observation that forsterite dissolution rates in 

these inorganic systems depend only on pH, the variation of forsterite dissolution rates 

may be described using Eqn. (3) and (4) together with  

𝑘𝑎 = 𝐴𝑜,𝑎𝑒
−𝐸𝑎,𝑎/𝑅𝑇         (9a) 

and  

𝑘𝑏 = 𝐴𝑜,𝑏𝑒
−𝐸𝑎,𝑏/𝑅𝑇         (9b) 
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where A0,a and  A0,b refer to temperature independent pre-exponential factors, and Ea,a and 

Ea,b stand for activation energies.  Note that if Ea,a and Ea,b are independent of 

temperature, the pH variation of forsterite dissolution rates at elevated temperatures will 

be similar to that at ambient temperatures. 

   A number of studies have reported forsterite dissolution rates at temperatures in excess 

of 25 oC (see Table 1). Chen and Brantley (2000) reported forsterite dissolution rates at 

65 oC and 2<pH<5.  After comparing their results with corresponding rates reported at 25 

oC, these authors suggested that the pH variation of these rates varies with temperature 

and the apparent activation energy is pH dependent.  From their analysis, they proposed 

that the activation energy for forsterite dissolution increased with pH from 84 to 125 

kJ/mole as pH decreased from 5 to 0.  A more comprehensive study performed by 

Hanchen et al. (2006) reported the dissolution rates of San Carlos forsterite determined at 

temperatures of 90, 120, and 150 oC and pH ranging from 2 to 12.5.  In contrast to the 

earlier study of Chen and Brantley (2000) these authors found that forsterite dissolution 

rates exhibited a similar dependence on pH at each of these temperatures to that observed 

at 25 oC, and successfully fit their data, as well as literature data at 25 oC assuming a 

constant apparent activation energy of 52.9±6.9 kJ/mol.  

 Taking account of these and other data, Rimstidt et al. (2012) fit a critically evaluated 

set of forsterite dissolution rates as a function of pH and temperatures from 25 to 150 oC 

using the combination of Eqns. (3), (4), and (9) consistent with 

𝑟+ = 𝐴𝑜,𝑎𝑎𝐻+
𝑛𝑎 𝑒−𝐸𝑎,𝑎/𝑅𝑇 + 𝐴𝑜,𝑏𝑎𝐻+

𝑛𝑏 𝑒−𝐸𝑎,𝑏/𝑅𝑇 .        (10) 

The consistency of their fit can be assessed with the aid of Figs. 7 and 8. The good fit of 

these data at temperatures from 20 to 150 oC and pH from 2 to 12 illustrate the simplicity 

of the variation of these rates as a function of temperature, and the ability of the Rimstidt 

et al. (2012) approach to describe these laboratory measured rates.  These authors report 

that the error associated with rates calculated with this equation and the parameters listed 

in Table 2 are on the order of ~0.5 log units.  It should be noted that Rimstidt et al. (2012) 

provided fits both based on geometric and BET surface area normalized rates; both 

providing equally good fits. 

   



 21 

3.6  Effect of crystallographic orientation 

Mineral dissolution occurs via the breaking of bonds.  The breaking of bonds in the 

forsterite structure appears to be catalyzed by the adsorption of protons and/or water to 

these bonds.  As each crystal face will have distinct compositions and bonding, it seems 

reasonable to expect that the rates of olivine dissolution will depend on the identity of 

each face.  Such seems to be the case.  Scanning electron microscope images of forsterite 

grains reveal that some surfaces dissolve more rapidly than others, and that initial 

dissolution is enhanced along lattice imperfections such as dislocations and cleavage 

planes (Grandstaff, 1978).  Awad et al. (2000) measured the dissolution rates of San 

Carlos olivine as a function of its crystallographic orientation in aqueous H2SO4 solutions 

and as a function of temperature.  It was found that dissolution down the b- 

crystallographic axis at pH = 1 and 70 oC was on the order of 20 times faster than that 

down the a-axis.  Olivine dissolution down the c-axis proceeded at a rate intermediate to 

those of the other axes.  This observation was interpreted to stem from the enhanced 

protonation of oxygen atoms surrounding the M1 site of this olivine face.  Note that such 

an interpretation is suspect as the M2 sites have longer metal-oxygen bond lengths, which 

would therefore tend to be more readily protonated. Other observations of heterogeneous 

reaction rates include those of King et al. (2014) who observed, using phase shift 

inferometry that olivine dissolution rates vary from one surface to another, and can vary 

over the parts of the same crystallographic surfaces. They observed that the greatest 

surface retreat rates were associated with defects.   Similar results were also found for  

willemite; Lin and Shen (1993) reported that the dissolution rates of distinct 

crystallographic planes of willemite differ by as much as a factor of 5 and the relative 

dissolution rates of these planes also varies with pH. 

The effect of crystal orientation on rates is widely ignored as it is common to measure 

dissolution rates on mineral powders.  Such measurements will yield a surface area 

averaged dissolution rate.  A justification for this approach is that mineral surfaces may 

be randomly distributed in natural systems. Surface area averaged rates may therefore 

make a good approximation to the rates found in natural systems.  One consequence of 

heterogeneous rate distributions on mineral surfaces is that surface area normalized rates 
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will tend to slow over time as a mineral dissolves.  This results from the preferential 

dissolution of the more reactive parts of the surface leading to a less reactive surface over 

time.  Such effects were detailed for the dissolution of clay minerals by Kohler et al. 

(2005).  The surface area normalized dissolution rates of both forsterite and of quartz 

have been observed to decrease dramatically as these mineral dissolve during longer-term 

laboratory experiments (Grandstaff, 1978; Gautier et al., 2001). 

3.7 The effect of amorphous SiO2 and other mineral passivating layers. 

  Various studies have found that the presence of secondary minerals or other 

mineral coatings can either slow considerably, or negligibly affect the dissolution rates of 

the underlying minerals.  The mechanism for slowing the dissolution of a mineral through 

the formation of secondary mineral coatings requires the isolation of the original mineral 

surfaces from the reactive fluid.  The degree to which secondary surface precipitates 

affect the dissolution rates of the primary mineral appears to depend on the structural 

match between the two minerals, the relative difference in solubility, and the presence of 

interconnected porous pathways in the secondary phases (Hodson, 2003; Cubillas et al., 

2005; Putnis, 2009; Stockmann, 2011, 2013; Ruiz-Agudo et al., 2012; Saldi et al., 2013).  

Several studies have shown that thin layers of amorphous Si can form on the 

olivine surface slowing its dissolution (e.g. Bearat et al., 2006; Jarvis et al., 2009; Daval 

et al., 2011; Wang and Giammar, 2012). Such fine surface layers can lower olivine 

dissolution rates by decreasing the surface area of the olivine directly exposed to the 

reactive fluid.  The formation of amorphous SiO2 layers is favored at low pH, where the 

olivine dissolution rate is elevated and the formation of secondary Mg-silicate minerals is 

unfavored by their high solubility (see Fig. 2). The formation of amorphous Si layers at 

these conditions is also favored by the Mg for proton exchange reaction, which creates an 

increasingly Si-rich surface as pH decreases at acidic conditions (cf. Pokrovsky and 

Schott, 2000b).  Daval et al. (2011) detailed this effect, finding that forsterite dissolution 

rates approached zero as the activity of aqueous SiO2 (aSiO2) approached equilibrium with 

amorphous SiO2 (KSiO2,am) at 90 °C. Measured forsterite dissolution rates were found 

proportional to (KSiO2,am)/aSiO2, similar to the behavior observed for quartz (Berger et al., 



 23 

1994; Gautier et al., 2001) and a number of multi-oxide silicate glasses (e.g. Grambow, 

1985; Grambow and Muller, 2001; Daux et al., 1997; Gislason and Oelkers, 2003).  A 

slowing of rates due to the formation of an amorphous SiO2 coating at the forsterite 

surface was also reported by Johnson et al. (2014) at 60 °C. This latter study observed 

that while the presence of this layer slowed forsterite dissolution, it did not arrest 

dissolution, as the layer grew thicker on the surface. This suggests that the passivating 

properties of amorphous SiO2 layers developed on the olivine surface may be T-

dependent. The overall passivating or non-passivating properties of amorphous SiO2 

layers on olivine surfaces appears to depend on a competition between the rates of silicate 

hydrolysis and the rates of (re-)polymerization and densification of the constituting silica 

units.  These processes influence the porosity of these layers, thereby controlling the 

inhibiting effect of the coating on the dissolution of the underlying phase (Cailleteau et 

al., 2008; Daval et al., 2011). 

 An important factor influencing the passivating effect of SiO2 layers on olivine 

surfaces is the presence of ferric iron derived from the rapid oxidation of the Fe2+ 

released by the dissolving olivine. As reported by Saldi et al. (2013), the dissolution of 

pure forsterite (Fo100) under the same conditions tested by Daval et al. (2011) did not 

result in a significant decrease of olivine dissolution rates despite a copious precipitation 

of amorphous silica. The strong inhibiting effect of Fe-bearing SiO2 layers was found to 

originate from the interaction of Fe(III) with SiO2 under oxic conditions (Saldi et al., 

2013; 2015; Sissman et al., 2013). The incipient precipitation of hematite nanocrystals on 

the olivine surface, for example, can provoke adsorption and nucleation of amorphous 

SiO2 from aqueous solutions that are undersaturated with respect to this solid, promoting 

its growth (Saldi et al., 2015). However, these authors showed that the degree to which 

such Fe-Si-rich layers isolate forsterite surfaces from dissolution depends on fluid redox 

conditions. 

Although the effect of the presence of Fe3+ hydroxide mineral coatings on forsterite 

dissolution rates have not been directly studied, Golubev et al. (2005) compared the 

dissolution rates of pure forsterite and San Carlos olivine (Fo92) at pH ≥10.  They found 

San Carlos olivine dissolution rates based on Mg release rate are approximately one order 
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of magnitude slower than corresponding rates for pure forsterite. This slowing of olivine 

rates was attributed to the precipitation of Fe(III) hydroxide phases and/or Fe(II) in situ 

oxidation at the outermost edges of the olivine crystal surfaces as demonstrated in 

previous XPS analyses of olivine and fayalite grains reacted at pH ≥ 6 (Schott and 

Berner, 1983, 1985).   These results are consistent with measurements of bronzite 

(Mg1.777Fe(II)0.227Fe(III)0.011Al0.013Si1.98) dissolution rates at 25°C and pH 6 which were 

found to be more one order of magnitude slower under oxic (pO2= 0.2 atm) than anoxic 

conditions (pO2=0; Schott and Berner, 1983).  These conclusions, however, are 

inconsistent with those of Wogelius and Walther (1991), who reported that the 

dissolution rates of pure forsterite (Fo100) were identical to that of a typical forsterite 

(Fo90) at basic pH.   

Although there are far fewer studies of forsterite dissolution behavior at high pH, 

Golubev et al. (2005) noted that at 25 oC and pH > 10 forsterite dissolution was highly 

non-stoichiometric and suggested the formation of a Mg(OH)2-like layer on the forsterite 

surface even in fluids that were undersaturated with respect to pure brucite.  The degree 

to which the presence of such Mg-rich layers slows the dissolution rate of the original 

forsterite is currently unclear due to the lack of unambigious experimental observations.  

Stockmann et al. (2014) found that the formation of significant calcite precipitation on 

the surfaces of olivine at 25 oC and pH~9 negligibly effected the dissolution rates of the 

underlying olivine.  In these experiments, which lasted up to 7 months, the source 

material for the calcite coating the olivine was the injection of CaCl2 and NaHCO3 into 

the reactor, such that it was external to the dissolving olivine.   

The observations summarized above suggest that the presence of secondary coatings 

on olivine surfaces can slow olivine dissolution.  Evidence suggests that 

mineral/amorphous phases may strongly inhibiting olivine dissolution if either 1) the 

secondary phase has a close structural match with the dissolving olivine, and/or 2) the 

source material of the secondary phase originates from the olivine, as is the case with 

amorphous Si or Fe(OH)3 coatings.  In other cases there seems to be sufficient porosity 

and pathways in the coatings to allow the transport of aqueous phases to and from the 
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bulk aqueous solution to allow forsterite dissolution to proceed relatively unaffected by 

the presence of these secondary coatings. 

3.8 The effect of the presence of aqueous organic species 

The effect of the presence of aqueous organic species in the reactive fluid on 

mineral dissolution rates can stem from either 1) the direct interaction of the organic 

species with the bonds that need to be broken to dissolve the mineral (e.g. Olsen, 2007; 

Olsen and Rimstidt, 2008), or 2) indirectly by changing the aqueous activity of elements 

that are either directly involved in the dissolution mechanism of the mineral (e.g. pH) or 

contribute to the chemical affinity (e.g. distance from equilibrium) of the fluid with 

respect to the dissolving mineral (e.g. Oelkers and Schott, 1998).  For the case of olivine, 

as its dissolution rates are not affected by the aqueous activity of metals in solution (e.g. 

Mg) and as its dissolution rates in laboratory studies have only been measured at far from 

equilibrium conditions, where rates are independent of chemical affinity, it seems likely 

that any influence of the presence of organic species on rates at constant pH would be 

attributed to the direct interaction of the species with the mineral surface. 

 The presence of dissolved aqueous organic species have been found to alter 

somewhat the dissolution rates of olivine (Grandstaff, 1986; Wogelius and Walther, 

1991, Olsen and Rimstidt, 2008; Declercq et al., 2013). Grandstaff (1986) reported that 

forsterite dissolution rates were accelerated by up to two orders of magnitude at acidic 

conditions in the presence of either 0.1 mol/kg EDTA or 0.1 mol/kg potassium hydrogen 

phthalate (KHP), a commonly used aqueous organic pH buffer. Wogelius and Walther 

(1991) reported that San Carlos forsterite dissolution rates were accelerated by 

approximately 0.75 log units at pH 4 and in the presence of either 0.05 mol/kg aqueous 

KH-phthalate or 10-3 mol/kg aqueous ascorbic acid, but suggested this effect decreased 

with decreasing pH, as the presence of 0.05 mol/kg phthalic acid solution had little effect 

on forsterite dissolution rates at pH 2.   Similarly, Hänchen et al. (2006) reported that 

10−3 mol/kg citric acid increased forsterite dissolution rates at 90 °C by 0.25 log units at 

pH 3.4 and 0.5 log units at pH 4.5.  This effect was attributed to the adsorption of these 

aqueous organics to surface Mg sites on the forsterite surface.  Indeed the formation of 
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phthalate–Mg chelate surface complexes at the surfaces of forsterite glass were observed 

by Morris and Wogelius (2008).  Similarly Liu et al. (2006) showed the enhancement of 

olivine dissolution of approximately one order of magnitude in the presence of the 

presence of 0.02 M oxalic acid at all pH from 0 to 8. Olsen and Rimstidt (2008) extended 

this study somewhat measuring forsterite dissolution rates over the pH range 0 to 7 and 

up to 0.35 mol/kg aqueous oxalate.  This latter study suggested that forsterite dissolution 

rates depend on both the concentration of oxalate and pH and proposed that this stems 

from the contribution to the rate of a reaction mechanism where the formation of the 

activated complex involved both a hydrogen and an oxalate ion to release H4SiO4 into 

solution. Similarly, forsterite carbonation experiments presented by Bonfils et al. (2012) 

suggested that the presence of aqueous citrate or EDTA had a strong accelerating effect 

on element release from dissolving forsterite in the presence of 20 bar CO2 pressure at 

120 oC. Declercq et al. (2013) reported that forsterite dissolution rates at 25 oC and pH 3 

were altered by no more than 0.2 log units by the presence of up to 0.1 mol/kg of 13 

different aqueous organic ligands, including acetate, oxalate, citrate, EDTA4−, glutamate, 

gluconate, malonate, aspartate, tartrate, malate, alginate, salycilate and humate. The 

relatively small effect of the presence of organic species on forsterite dissolution rates in 

this study might have been limited by the relatively low pH of the reactive fluids such 

that many of these organic ligands were mostly present at neutral aqueous organic acids. 

Torres et al. (2014) reported that the presence of deferoxamine, a siderophore that can be 

obtained from the soil bacteria Streptomyces pilosus can accelerate olivine dissolution by 

as much as an order of magnitude.  As deferoxamine selectively binds Fe3+ rather than 

Fe2+, Torres et al. (2014) postulated that the observed acceleration stemmed from this 

organic limiting the formation of iron (oxy)hydroxide secondary phases on the surfaces 

of the dissolving olivine; as mentioned above such secondary precipitates could limit the 

mineral-aqueous surface area slowing dissolution in the absence of this siderophore. 

The above observations suggest that organic ligands can have a limited 

accelerating effect on the forsterite dissolution rates in acidic fluids.  The limited effect of 

organic ligands at acidic conditions might be due to the lack of near surface Mg near the 

surface at these conditions (see section 2.2). At neutral to basic conditions, Mg will be 

abundant at the forsterite surface and its removal could potentially be accelerated by 



 27 

absorbed organic ligands.  At such conditions, the acceleration of forsterite dissolution 

rates by the presence of aqueous organic ligands has been found to be as much as two 

orders of magnitude at neutral to basic conditions for strongly chelating anions such as 

EDTA and phthalate. 

 

3.9 The effect of the presence of microbial species 

A significant number of studies have aimed to determine the effect of biomass on 

forsterite dissolution rates.  Webber and Martinez (2017) reported that the presence of 

inactive Synechococcus cyanobacteria had no measurable effect on the dissolution rates 

of Aheim forsterite. In contrast to inactive bacteria, some studies have reported that 

active microbes lower substantially the dissolution rates of forsterite. Garcia et al. (2013) 

reported that the freshwater Proteobacterium E. coli inhibited significantly olivine 

dissolution.  These authors attributed this inhibition to the coating of olivine surface by 

organic compounds decreasing the surface area of this mineral directly exposed to the 

reactive aqueous fluid. This conclusion concurs with that of Shirokova et al. (2012) who 

reported that the surfaces of forsterite in the presence of active aerobic gram-negative 

bacteria Pseudomonas reactans were rapidly covered in a biofilm-like material that 

decreased significantly the long-term dissolution rates at ambient CO2 partial pressures.  

Similarly, Oelkers et al. (2015) determined that forsterite dissolution rates were slowed 

by an order of magnitude by the presence of protobacteria and fungi dominated by 

Trichocomaceae.  Imaging of the mineral surfaces after this nearly 5 year-long 

experiment showed that the microbes selectively colonized the reactive sites present of 

the olivine surface limiting the overall dissolution rates.  These authors suggested the 

selective colonization of these sites was due to the need of the microbes to harvest 

nutrients from the dissolving olivine.   

 Neverthless there are some studies suggesting that microbial activity can enhance 

somewhat forsterite dissolution, likely indirectly through the changing of the composition 

of the aqueous fluid phase.  Cai et al. (2013) reported that cultures of Aspergillus niger 

could accelerate forsterite dissolution somewhat by excreting oxalic acid to the aqueous 
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fluid.  Similarly, Shirokova et al. (2012) concluded that an observed increase in forsterite 

dissolution rates in the presence of dead and live Psudomonas reactans, an aeroboic 

gram-negative bacteria, stemmed from the complexation of forsterite dissolution products 

by produced exudates and lysis products. Seiffert et al. (2014) suggested a minor increase 

in forsterite dissolution rates in the presence of the cyanobacterium Nostoc punctiform 

and the rock inhabiting ascomycete Knufia peticola.  These authors attributed this 

increase to aqueous fluid pH changes induced by these species.  

The dissolution behavior of fayallite in the presence and absence of Acidithiobacillus 

ferroxidans was studied at pH 2 using scanning electron and high-resolution electron 

microscopy by Welch and Banfield (2002).  Similar to the effects of microbes on 

forsterite in many experiments, they observed a strong slowing of rates in the presence of 

Acidithiobacillus ferroxidans.  These authors proposed that the slowing of rates was due 

to the adsorption of Fe3+ formed by the oxidation of the Fe2+ released to solution by the 

bacteria.  In a similar set of experiments Santelli et al. (2001) reported that the presence 

of this bacteria lowered fayalite dissolution rates by 50 to 98% compared to 

corresponding abiotic experiments performed at pH ranging from 2 to 4. 

3.10 Dissolution rates of non-forsteritic olivine and similar minerals as a function of 

temperature and mineral composition 

Owing to their relative rarity, relatively few studies have characterized the 

dissolution rates of the non-forsteritic olivines and the similarly structured and 

compositioned phenacites. A summary of these studies is provided in Table 3. Among the 

most common of these is fayalite (Fe2SiO4), the iron end member of this mineral family. 

The study of fayalite dissolution kinetics is confounded by the oxidation of aqueous 

divalent iron at neutral to basic conditions. Fayalite dissolution kinetics were studied by 

Siever and Woodford (1979), Schott and Berner (1983, 1985), Siegel and Pfannkuch 

(1984), Wogelius and Walther (1992), and Westrich et al. (1993). Of these studies only 

Siever and Woodford (1979), Wogelius and Walther (1992), and Westrich et al. (1993) 

reported rates and only at pH 2 to 4.5 at 25 ºC. In contrast, Schott and Berner (1983, 

1985) used XPS observations to characterize the reacted fayallite surfaces.  These latter 
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studies demonstrated a strong preferential release of Fe to solution relative to Si at pH 1.5 

but the precipitation of an hydrous ferric oxide layer on fayalite surface at pH 6 under 

oxic conditions 

Westrich et al. (1993) also reported dissolution rates for a variety of other divalent 

metal olivines and phenacites at acidic to neutral pH and temperatures ranging from 25 to 

70 ºC. The dissolution rates of each of these minerals exhibit similar behaviors over the 

conditions studied. Each had dissolution rates that decreased by ~0.5 orders of magnitude 

with each pH unit increase in acid conditions, and each had an activation energy of 56± 6 

kJ/mol. These behaviors are identical within uncertainty to those of forsterite but the 

magnitude of the rates are apparently related to the strength of the rate controlling M-O 

bonds in their structure. This observation is strongly consistent with the conclusion that 

the dissolution of all olivine and phenacite minerals proceeds via the breaking of these 

ionic divalent metal –oxygen bonds.   

The 25 oC dissolution rates of several divalent metal olivines and phenacites are 

compared in Fig. 9.  The corresponding dissolution rates of these minerals range over a 

span of approximately 6 orders of magnitude, with the Ca-olivine having a pH 2 

dissolution rate of 10-8.5 mol/cm2/s whereas the Be-bearing phenacite, has a rate of 10-14.7 

mol/cm2/s.  This large range of rates for similarly structured silicates highlights the 

importance of the identity of the metal-oxygen bonds that need to be broken on the 

overall dissolution rate.  It is instructive to note that the relative order and approximate 

value of breaking a metal oxygen bond appears to be similar in minerals of different 

structure.  For example the 25 oC, pH=2 dissolution rates of the divalent metal olivines 

and phenacites are plotted as a function of the corresponding dissolution rates of the 

divalent oxide minerals in Fig. 10.  Although some scatter is apparent, as pointed out by 

Casey (1991), a strong positive correlation can be seen between the corresponding rates.  

As only a limited number of dissolution rates are available for metal oxide minerals, 

some have used the rates of water exchange on aqueous metals as a proxy for the oxide 

dissolution rates.  For example, Casey and Westrich (1992) reported a strong correlation 

between the dissolution rates of the olivines and phenacites on one hand and the water 

exchange rates of the divalent metals on the other. A similar correlation between aqueous 

divalent metal-water exchange rates and metal carbonate mineral dissolution rates was 
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reported by Pokrovsky and Schott (2002). In addition, quantum mechanical models 

suggest that the dissolution rates of the olivine series minerals are proportional to the 

length of the bond to their M sites (Liu et al., 2006).     

 

4. Applications 

4.1 Forsterite and Mg isotope compositions of natural waters 

The initial dissolution of forsteritic olivine leads to the preferential departure of 

isotopically light Mg (Maher et al., 2016). In their study, performed in batch reactors, 

Maher et al. (2016) found that over time the isotopic composition of the fluid phase 

becomes equivalent to the dissolving forsterite in the absence of secondary mineral 

precipitation. Similarly Wimpenny et al. (2010), observed a similar initial release of light 

Mg during the dissolution of forsterite at highly undersaturated conditions at basic pH 

followed by a return towards the conservative release of Mg over time in mixed-flow 

reactors. Such a behavior can originate from the preferential breaking of 24Mg-O bonds or 

from a distinct isotopic fractionation of Mg at the surface compared to that with the 

mineral structure. 

More commonly, in natural systems, forsterite dissolution is accompanied by the 

formation of secondary minerals and biotic processes. A number of studies demonstrated 

that such processes may alter the Mg isotopic composition of residual fluids (e.g. Teng et 

al., 2007, 2010; Black et al., 2008; Bolou-Bi et al., 2010; Li et al., 2010; Wimpenny et al., 

2010; Opfergelt et al., 2012, 2014; Pogge von Strandmann et al., 2008; Shirokova et al., 

2013; Tipper et al., 2010; Hwang et al., 2012; Ilina et al., 2103; Mavromatis et al., 2012, 

2014; Prikryl et al., 2018).  Tipper et al. (2006) argued that such processes could lead to 

global riverine fluxes that are isotopically lighter in Mg compared to the homogenous 

chondritic composition of the Earth’s mantle.  The degree to which lighter or heavier Mg 

is uptaken may depend on the mineral or processes consuming the Mg liberated by the 

dissolving forsterite. Oelkers et al. (2015) found that the isotope composition of Mg 

released to the fluid from dissolving olivine, covered in part with bacteria, dominated by 

Rhizobiales (Alphaproteobacteria), and fungi, dominated by Trichocomaceae, was 
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0.25‰ heavier in 26Mg than the dissolving forsterite.  This study attributed the non-

conservative release of Mg to the preferential uptake of light Mg by the microbial 

community.  In the experiments reported by Wimpenny et al. (2010), forsterite was 

dissolved in controlled conditions at pH 10 and 11 at various fluid saturation states with 

respect to the dissolving forsterite but at close to equilibrium conditions with respect to 

chrysotile. The reactive aqueous fluid became enriched in heavy Mg, suggesting that this 

secondary phase preferentially consumed light Mg.  Similarly, the formation of carbonate 

minerals is known to preferentially remove isotopically light Mg isotopes from aqueous 

solution (Tipper et al., 2006; Pearce et al., 2012; Mavromatis et al., 2014; Beinlich et al., 

2014; Schott et al., 2106).  This contrasts with the behavior of other secondary Mg-

silicate minerals, which have been observed to preferentially uptake heavier Mg (e.g. 

Pogge von Strandmann et al., 2008).  As such, the combined effect of forsterite 

dissolution, microbial activity, and secondary mineral precipitation can lead to the overall 

release of either relatively heavy or relatively light Mg depending on the identity and 

relative importance of the secondary minerals and the role of microbes.   

4.2 Forsterite dissolution and carbon storage 

Much recent work has been aimed at constraining the potential of enhanced 

weathering to attenuate the increase in atmospheric CO2 concentrations (e.g. Schuiling 

and Krijgsman 2006; Hangx and Spiers, 2009; Kohler et al., 2010, 2013; Hartmann et al., 

2013; Moosdorf et al., 2014; Renforth et al., 2015; Griffioen, 2017; Montserrat et al., 

2017; Weber and Martinez, 2017). The goal of enhanced weathering efforts is to apply 

finely grained reactive divalent metal-rich silicate minerals in the oceans or on soils to 

draw down CO2 directly from the atmosphere. The dissolution of these minerals will 

increase fluid alkalinity and release Ca2+ and Mg2+ to the aqueous phase promoting the 

formation of carbonate minerals. Among the silicate minerals, forsterite is among the 

most considered due to its high reactivity and abundance (e.g. Oelkers et al., 2008a). The 

results summarized in this review, however, suggest that there are very few options to 

increase the rates of forsterite dissolution for enhanced weathering.  The only processes 

that can substantially increase forsterite dissolution rates appear to be 1) increasing 

forsterite surface area, and/or 2) decreasing aqueous fluid pH. Although some organic 
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ligands could enhance rates at neutral to basic conditions, it seems unlikely that these 

could be added in large quantities into soils or the ocean with out substantial 

environmental consequences.  Consequently, some have even considered extensive ball 

milling of this material to further accelerate the release of metals from this material 

(Haug et al, 2010; Rigopoulos et al., 2015, 2016).  

The potential of forsterite to attenuate atmospheric CO2 levels stems largely from 

the alkalinity generated as it dissolves.  The stoichiometric dissolution of typical natural 

olivine, for example, according to the reaction 

Mg1.8Fe0.2SiO4 + 4H+ = 1.8Mg2+ + 0.2 Fe2+ + SiO2 +2H2O   (11) 

consumes four protons per mole of olivine.  This reaction increases the pH and in turn 

increases the solubility of CO2 in fresh and seawater through the reactions:  

CO2(g) + H2O = H2CO3(aq),       (12a) 

H2CO3(aq) = H+ + HCO3
–,       (12b) 

H2CO3(aq)= 2H+ + CO3
2–,       (12c) 

which illustrate the increase of carbonate alkalinity (HCO3
– and CO3

2–) with increasing 

pH, while the concentration of dissolved aqueous CO2 (e.g. H2CO3(aq)) is fixed by the 

partial pressure of atmospheric CO2(g) in accord with Eqn. (12a). This process would lead 

to as much as 4 moles of CO2 dissolved into water or seawater per mole of forsterite 

dissolved, as seawater is dominated by the HCO3
– species. The efficiency of this process, 

unfortunately, decreases when secondary precipitates are formed. For example, the 

increase of pH in response to reaction (11) could provoke calcite precipitation in the 

ocean can occur via  

Ca2+ + 2 HCO3
- = CaCO3 (calcite) + CO2(g)    (13) 

where the dissolved calcium required for this reaction comes from that already dissolved 

in seawater. The liberation of CO2 by this reaction reduces the efficiency of enhanced 

weathering by about a factor of two compared to that without secondary precipitation. 
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Furthermore, the buildup of Mg, in part due to sluggish magnesite precipitation kinetics 

at ambient temperatures (Saldi et al, 2009, 2012) could provoke the formation of Mg 

clays such as sepiolite (c.f. Rigopoulos et al., 2018) in accord with  

4Mg2+ + 6SiO2 + 11H2O = Mg4Si6O15(OH)2.6H2O + 8H+   (14) 

which would further limit the efficiency of the enhanced weathering effort.  The 

combination of secondary mineral precipitation limiting the efficiency of forsterite’s 

ability to draw down CO2 from the atmosphere, and the limited options available to 

accelerate forsterite dissolution rates poses a considerable challenge to making enhanced 

weathering of forsterite an efficient option for combating the current increasing 

atmospheric CO2 levels.  

 Further efforts have explored the potential for carbonating olivine at elevated 

temperatures and/or in the subsurface (Giammar et al., 2005; Garcia et al., 2010; Xiong 

and Giammar 2014; Xiong et al., 2017).  Such efforts are motivated by the results of 

thermodynamic calculations such as for the reaction 

0.5 Mg2SiO4 + CO2 = MgCO3 + 0.5 SiO2 (15) 

(Forsterite)  (Magnesite) (Quartz) 

Calculated Gibbs Free energies of this reaction are plotted as a function of temperature 

for selected CO2 partial pressures in Fig. 11a. The Gibbs Free energy of reaction (15) is 

negative, favoring the transformation of forsterite to magnesite only at temperatures of 

less than 150 and 380 ºC for a pCO2 of 1 and 200 bars, respectively.  The univarient 

curve showing the equilibrium temperatures and pCO2 for this reaction are shown in Fig. 

11b. 

Critical to optimizing the forsterite carbonation process, however, is the 

observation that a large number of non-carbonate phases can potentially form from the 

interaction of forsterite with CO2 rich-aqueous solutions. The stability fields of the most 

thermodynamically stable solids in the MgO-SiO2-H2O-CO2 system are illustrated as a 

function of temperature and the partial pressure of CO2 in equilibrium with the aqueous 
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fluid (pCO2) in Fig. 12. Forsterite is unstable at all temperatures and CO2 partial pressure 

considered in this figure. In the absence of CO2, forsterite is favored to react to form 

serpentine and brucite in accord with 

2 Mg2SiO4   + 3H2O = Mg3Si2O5(OH)4 + Mg(OH)2 .          

(16) (Forsterite)  (Water)    (Serpentine)     (Brucite) 

At pCO2> 0.001 bars at 120 º C and 0.046 bars at 200 ºC the conversion of brucite to 

magnesite is favored. From these pCO2 to 0.21 and 3.6 bars at 120 and 200 ºC, 

respectively, forsterite is favored to convert to serpentine and magnesite in accord with 

Mg2SiO4  + CO2 + 2H2O = Mg3Si2O5(OH)4 + MgCO3 .          

(17) (Forsterite)  (Water)    (Serpentine) (Magnesite) 

Although this reaction does carbonate forsterite, roughly 75% of the Mg released by 

forsterite dissolution is consumed by serpentine precipitation. From 0.21 bars < pCO2 < 

1.7 bars at 120 ºC, and from 3.6 bars < pCO2 < 33.9 bars at 200 ºC, forsterite is favored to 

convert to talc and magnesite in accord with 

4 Mg2SiO4  + 5 CO2 + H2O = Mg3Si4O10(OH)2 + 5 MgCO3 .       

(18) (Forsterite)  (Water)        (Talc) (Magnesite) 

At these conditions roughly 37.5 % of the Mg released by forsterite dissolution is 

consumed by talc precipitation. Only at higher pCO2 the complete carbonation of the Mg 

contained in forsterite, consistent with reaction (15), is thermodynamically favored to 

occur.  If for some reason quartz is kinetically inhibited to precipitate, the pCO2 required 

to favor the complete carbonation of the Mg contained in forsterite as magnesite and 

amorphous Si is 21.4 and 223.8 bars at 120 and 200 ºC, respectively. The distribution of 

the phase regions shown in Fig. 12 matches closely that previously calculated using 

thermodynamics databases and observed during the natural alteration of peridotite (Klein 

et al., 2011). Note a lower temperature limit for the carbonation of forsterite added to 

Figure 12 has been set to 75 ºC, which is approximately the lowest temperature for which 

magnesite has been observed to precipitate from aqueous solution (Saldi et al., 2009, 

2012; Case et al., 2011; Johnson et al., 2014). At lower temperatures magnesite 

precipitation appears to be kinetically inhibited. Note however that the formation of a 
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mixture of nesquehonite (MgCO3.3H2O) and magnesite has been observed in H2O-

saturated supercritical CO2 at 35 and 50 °C by Felmy et al. (2012). Moreover, at near 

ambient temperature,s nesquehonite (Hopkinson et al., 2012) and hydromagnesite 

(Mg5(CO3)4(OH)2.4H2O) formation (Gautier et al., 2014; Berlingner et al., 2014) could 

contribute to the consumption of the Mg released by olivine dissolution.  The pH 

corresponding to the equilibrium curves shown in Fig. 12a is shown in 12b.  As one 

progresses to higher pCO2 and the products of forsterite carbonation become increasingly 

magnesite rich, the pH of the system becomes increasingly acidic. The efficiently of 

forsterite carbonation process is therefore may be more efficient at mildly acidic 

conditions rather than at basic conditions.  Such results are also consistent with those of 

Snaebjornsdottir et al. (2018), who concluded that the most efficient carbonation of 

basalts occurs at relatively low pH conditions, where the precipitation of secondary 

divalent metal bearing silicate minerals is thermodynamically unfavored. 

 

4.3 The generation of hydrogen and methane from olivine dissolution. 

 A number of studies have postulated that it might be possible to generate either 

hydrogen or methane from the low temperature oxidation of Fe2+ released from olivine in 

accord with reactions such as (e.g. Hellevang et al., 2011; Etiope et al., 2013) 

 

Mg1.8Fe0.2SiO4 + 1.36H2O = 0.5Mg3Si2O5(OH)4 + 0.3Mg(OH)2 + 0.067Fe3O4 + 0.067 H2   

Forsterite                                      Serpentine               Brucite             Magnetite 

(19) 

or  

Mg1.8Fe0.2SiO4 + 1.9CO2 + 0.2H2O = 1.8MgCO3 + 0.1Fe2O3 +     SiO2  + 0.1CH4  

Forsterite               Magnesite       Magnetite   Quartz 

(20) 

 

Such reactions are of particular interest as they could produce an energy source for 

microbes and/or anthroprogenic activities. These reactions tend to be thermodynamically 

favorable at temperatures less than ~315 oC (McCollom and Bach, 2009). Conversely, at 

temperatures below ∼150  °C, these reactions appear to be limited by slow reaction 
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kinetics and partitioning of Fe(II) into brucite. McCollom and Bach (2009) estimated that 

the peak temperatures for H2 production from reactions such as (19) are 200–315 °C. 

McCollom and Donaldson (2016), however reported that in the absence of catalysts, 

olivine dissolution generates little to no hydrogen or methane.  In contrast, Neubeck et al. 

(2014) reported that although no H2 production was observed in experiments performed 

at 30 to 50 oC, measurable quantities of H2 were produced during the dissolution of 

forsterite in experiments performed at 70 oC in carbonate rich aqueous solutions in 

experiments lasting over 300 days.  Reactions to form H2 or CH4 during olivine 

dissolution appear to be favored by the presence of magnetite, chromite or and/or other 

metal-rich minerals on the surface of olivine (Neubeck et al., 2011; Etiope et al., 2013, 

2017).  Miller et al. (2017) reported measurable production of H2 during the interaction of 

partially serpentinized Oman dunite in both artificial rainwater and artificial seawater at 

100 oC during experiments that lasted only 9 months.  The origin of the produced H2, 

however, was attributed to the presence of Fe2+ in the original brucite present in the rock 

rather than from the abundant forsterite.  Nevertheless reactions such as (20) have the 

potential to both store carbon dioxide and provide carbon neutral hydrocarbons if 

sufficiently fast reaction pathways can be found. 

4.4 Comparison of olivine dissolution rates and mechanisms with other silicate 

minerals. 

 Although it is commonly believed that forsterite dissolution rates are always far 

faster than those of most other silicate minerals, this is somewhat a misconception owing 

to its relatively rapid dissolution rates in acidic conditions.  In contrast to quartz and 

many aluminosilicate minerals, which exhibit dissolution rates that minimize as a 

function of pH then increase with increasing pH at basic conditions, the dissolution rates 

of forsterite decrease continuously with increasing pH.  As such, forsterite forward 

dissolutions rates may be slower than those of many rock-forming aluminosilicates at 

basic pH.  For example, the dissolution rates of forsterite are compared with those of 

quartz and albite in Fig. 13.  Although forsterite dissolution rates are 3 to 5 orders of 

magnitude faster than those of albite and quartz at acidic pH, they differ by less than 1.5 

orders of magnitude at pH 9, and are slower than those of quartz and albite at pH > 11.  

Such variations led Gudbrandsson et al. (2011) to conclude that the liberation of divalent 
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metals from crystalline basalt is dominated by olivine dissolution at acidic and neutral 

conditions, but by plagioclase dissolution at basic conditions. 

 The only parameters that alter substantially forsterite forward dissolution rates are 

pH, water activity, mineral-fluid interfacial surface area, and at neutral to basic 

conditions, the presence of some organic ligands.  Factors such as the concentration of 

inorganic ligands and the presence of bacteria have appear to have relatively little effect 

aside from their role in changing pH and surface area, and complexing released iron. This 

behavior contrasts dramatically with that observed for other multi-oxide silicates, which 

have forward dissolution rates that are substantially affected by the presence of inorganic 

species including Al and Si (e.g. Oelkers et al., 1994, 2008b; Oelkers, 2001a; Schott et 

al., 2009) as well as the concentration of organic ligands (e.g. Ganor et al., 2009).  Note, 

that the effect of aqueous organic ligands on the dissolution rates of many multi-oxide 

silicate minerals may largely stem from their influence on the aqueous activity of 

aluminum or other metal species that directly affect their rates (Oelkers and Schott, 

1998).  The origin of such effects on many multi-oxide silicate dissolution rates appears 

to be the need to break more than one distinct metal-oxygen bond in their structure to 

complete their dissolution (Oelkers et al., 1994, Oelkers, 2001a; Schott et al., 2009).  This 

contrasts with the dissolution mechanism of the olivine minerals, which as described 

above requires the breaking of the ionic divalent metal-oxygen bonds in its structure.  

The dramatic difference in the dissolution rates of the various olivine minerals, which 

span over 6 orders of magnitude depending on the identity of the divalent metal in its 

structure, also provides insight into the dissolution mechanisms of those multi-oxide 

minerals, which require the breaking of several bonds. As the breaking of distinct metal 

oxygen bonds in a mineral can proceed at rates that differ by orders of magnitude, the 

more rapidly reacting metals at or near the mineral surface can readily equilibrate with 

the aqueous solution before the more slowly reacting metals are liberated completing the 

overall dissolution of a mineral (cf. Oelkers et al., 2009). 

 

5.0 CONCLUSIONS AND PERSPECTIVES 
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The results summarized above illustrate the consistency of the various past studies 

to describe the dissolution behavior of the olivines.  This consistency provides insight 

into the processes controlling this reaction. Notably, constant temperature olivine forward 

dissolution rates are only influenced greatly by 1) pH, 2) water activity, 3) mineral-fluid 

interfacial surface area, and some organic ligands at neutral to basic conditions. Evidence 

suggests that the effects of aqueous inorganic and many organic species are limited, and 

may often be attributed to their influence on aqueous solution pH. The measured 

lowering of rates due to the presence of mineral coatings, as well as due to the presence 

of microbes can be attributed to their ability to decrease olivine surface area directly 

exposed to the reactive aqueous fluid.  Some additional influence could be attributed to 

the effect microbes have on the oxidation and/or complexation of aqueous iron. Even in 

the absence of inorganic and organic coatings, the surface area normalized dissolution 

rates of olivine will tend to decrease with time, as olivine dissolution rates are spatially 

heterogeneous. As a consequence, the olivine surface will tend to be dominated by an 

increasingly less reactive surface with time as it dissolves.  As in the current state of 

knowledge, there are no evident pathways to accelerate greatly forsterite dissolution 

rates, other than increasing greatly its surface area or reacting it in extremely acidic 

conditions. As such its application to either enhanced weathering efforts, or the low 

temperature generation of hydrogen or hydrocarbons via the oxidation of its divalent iron 

is limited at present. 

The present communication illustrates that current knowledge of olivine dissolution 

kinetics is far advanced compared to many other common multi-oxide silicate minerals.  

What is less advanced is our understanding of how the differences in the structure of 

these other silicate minerals compared to that of olivine results in their differing 

dissolution behavior as a function of aqueous fluid composition.  Such research would be 

a major next step in allowing the more accurate temporal description of natural 

geochemical processes at and near the Earth’s surface. 
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Table 1: Summary of experimentally measured forsterite steady-state dissolution 
rates studies reported in the literature. 

B=Batch Reactor 

FB=Fluidized Bed 

MF=Mixed flow Rector 

 

  

Mineral T, °C Met
hod 

pH 
range 

Notes Reference 

      
San Carlos Olivine 
(Fo92) 

23-90 B 1-2 Rates measured as function of 
crystal orientation in H2SO4 

Awad et al. (2000) 

Balsam Gap Olivine 
(Fo93) 

25 FB 1.8-
11.35 

 Blum and Lasaga (1988) 

San Carlos Olivine 65 B 2-5 Rates also measured as a 
function of aqueous Al3+ 
concentration 

Chen and Brantley (2000) 

San Carlos Olivine and 
pure Forsterite (Fo 
100) 

25 MF 1.95-
11.85 

Rates also measured as a 
function of aqueous CO2 
concentration 

Golubev et al. (2005) 

San Carlos Olivine 1-46 B 3-5 Assessed the effect of changing 
surface area during dissolution 

Grandstaff (1978) 

Hawaiian Beach Olivine 25 B 2  Grandstaff (1986) 
San Carlos Olivine 90-150 MF 2-10.59 Rates also measured as a 

function of CO2 and citric acid 
concentration 

Hänchen et al. (2006) 

Norwegian Olivine 
(Fo93) 

60-90 B -0.8 to 
0.8 

Experiments run in 
concentrated H4SO4 

Jonckbloedt et al. (1997) 
 

Aimcor Olivine  25 B 0.6-6.5 Measured as in 0.2 m aqueous 
oxalate solutions 

Liu et al. (2006) 

Crestmore California 
Olivine (Fo91) 

25 B 3.2-9.6  Luce et al. (1972) 

San Carlos Olivine 25-65 MF 2 Rates also measured as a 
function of dissolved Mg and Si 

Oelkers et al. (2000) 

Aimcor Olivine 25 B 1-4 Dissolved in concentrated 
MgSO4, Na2SO4, MgNO3 and 
HNO3 

Olsen et al. (2015) 

Aimcor Olivine 25 B 0.6-6.5 Rates also measured as a 
function of aqueous oxalate 
concentration. 

Olsen and Rimstidt 
(2008) 

San Carlos Olivine 120 MF 3-8 Rates also measured as a 
function of CO2, NaCl and 
NaNO3 concentration 

Prigiobbe et al. (2009) 

San Carlos Olivine 25 MF 1.03-
12.06 

Rates also measured as a 
function of aqueous Mg, Si, and 
carbonate 

Pokrovsky and Schott 
(2000) 

Amicor Olivine 
 

25-45 B 1.8-3.8  Rosso and Rimstidt 
(2000) 

Dunite, North Carolina 
(Fo84) 

25 B 4 Experiment run in dilute HNO3 Siegel and Pfannkuch 
(1984) 

Dreiser Weiher Olivine 
(Fo92) 

40-70 B 1-3 Rates reported both in HCl and 
H2SO4 

Van Herk et al. (1989) 

San Carlos Olivine and 
pure Forsterite (Fo 
100) 

25-65 FB 1.8-12.4 Rates also measured as 
function of ascorbic acid, KH-
phthalate and CO2 

concentration 

Wogelius and Walther 
(1991) 

San Carlos Olivine  65 FB 1.8-9.8 Rates also measured as a 
function of KH-phthalate 
concentration 

Wogelius and Walther 
(1992) 
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Table 2: Summary of rate parameters used in Eqns. (3) and (4) to estimate BET 
surface area normalized forsterite dissolution rates as a function of pH at 25 oC. 
 
 log ka na log kb nb 

Wogelius and Walther (1991) -11.04 -0.54 -16.63 0.31 

Palandri and Kharaka (2004) -10.85 -0.47 -14.64 0 

Rimstidt et al. (2012) -11.16 -0.44 -12.32 -0.22 

Crundwell (2014) -10.70 -0.5 -12.22 -0.25 
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Table 3: Summary of experimentally measured non-forseritic olivines and phenacites 
steady-state dissolution rates reported in the literature. 
 

Mineral Formula pH Temp, 
oC 

Reference 

Ca-olivine Ca2SiO4 2.5-4.7 25 Westrich et al. (1993) 
Co-olivine Co2SiO4 1.9-6 25-45 Westrich et al. (1993) 

Co-Mg-olivine Co1.45Mg0.55SiO4 2-6 25 Westrich et al. (1993) 
Co-Mn-olivine Co1.1Mn0.9SiO4 2-7 25-45 Westrich et al. (1993) 

Fayallite Fe2SiO4 4.5 25 Siever and Berner (1979) 
Fayallite Fe2SiO4 1-6 25 Schott and Berner (1983, 1985) 
Fayallite Fe2SiO4 N/R 22 Siegel and Pfannkuch (1984) 

Fayallite (Fo6) Fe2SiO4 2-4.5 25 Wolgelius and Walther (1992) 
Kirschsteinite CaFeSiO4 2-6 25 Westrich et al. (1993) 
Liebenbergite Ni2SiO4  1-3 25-70 Westrich et al. (1993) 
Monticellite CaMgSiO4  2-9 25-45 Westrich et al. (1993) 

Phenacite Be2SiO4 1-3 25-50 Westrich et al. (1993) 
Tephroite Mn2SiO4 2-8 25-45 Casey et al. (1993) 
Willemite ZnSiO4 0.31-3 31-94 Terry and Monhemius (1983) 
Willemite ZnSiO4 1-4 30 Lin and Shen (1993) 
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Figure Captions 

 

Figure 1. Projections of the of olivine (Me2SiO4) structure down the a axis of the 
orthorhombic unit cell (dashed line). (a) Arrangement of two levels of the 
isolated SiO4 tetrahedra aligned along the b and c axes and pointing alternately 
up and down along c; M1 and M2 cations are represented by yellow and orange 
colors, respectively. (b) Geometric distribution and connection of M1 and M2 
octahedra relative to the SiO4 tetrahedra on a single level of the unit cell.     

 
Figure 2. Calculated variation with pH and a temperature of 25 oC of aqueous Mg 

concentrations in equilibrium with forsterite and amorphous SiO2 Also included 
in this plot are the calculated aqueous SiO2 concentrations in equilibrium with 
amorphous SiO2.  Concentrations shown in this figure were calculated using the 
PHREEQC computer code together with its llnl database – see text. 

 
Figure 3. Mass of Mg released from forsterite in excess of that calculated from Si 

release and the assumption of stoichiometric dissolution during 20 minute 
batch titrations of the forsterite surface in units of atoms per nm2 of forsterite 
surface (from Oelkers et al., 2009). 

 
Figure 4. Ratio of molar concentration of Mg to Si in the outlet fluids of forsterite 

mixed flow reactor dissolution experiments at pH 3 and 10 (after Pokrovsky 
and Schott, 2000b) – see text . 

 
Figure 5: Summary of experimentally measured forsterite steady-state dissolution 

rates reported in the literature at 25 ºC as a function of pH. The symbols 
correspond to measured rates reported in the literature, whereas the curve was 
calculated using equations reported by Rimstidt et al. (2012).  Note the data of 
Golubev et al. (2005), which are somewhat higher than other corresponding 
rates were obtained using pure synthetic Mg2SiO4 forsterite in contrast to the 
other illustrated data, which were obtained using forsterite containing up to 
10% Fe its divalent metal sites – see text. 

 
Figure 6. Comparison of published forsterite dissolution rate equations as a function 

of pH at 25 oC.  The equations used to compute each curve were reported by the 
references shown in the figure.  The grey shaded region provides the 
approximate limits of the corresponding experimental data, other than those of 
Grandstaff (1978, 1986) and of Blum and Lasaga (1988) – see text and Fig. (5). 

 
Figure 7: Arrhenius plot of the pH 2 forsterite forward dissolution rates.  The 

symbols correspond to measured rates reported in the literature, whereas the 
curve was calculated using equations reported by Rimstidt et al. (2012). 

 
Figure 8: Forsterite forward dissolution rates as a function of pH at a) 65 oC and b) 

90, 120, and 150 oC.  The symbols correspond to measured rates reported in the 
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literature, whereas the curve was calculated using equations reported by 
Rimstidt et al. (2012). 

 
Figure 9: Summary of experimentally measured non-forsteritic olivine steady-state 

dissolution rates reported in the literature at 25 ºC as a function of pH. The 
results of the model are plotted as the dotted line. The sources of data are listed 
in Table 3. The dissolution rate of Co-olivine at pH 6, 25 oC, shown in the figure 
was taken from Fig 4 of Westrich et al. (1993) rather than from their table in 
annex 1. The later value is inconsistent with the trend of the data and appears 
to be a typographical error.  The slope of the blue light triangle is -0.5 consistent 

with a variation of rates on pH of 𝑟+ ∝ 𝑎𝐻+
−0.5. 

 
Figure 10. The logarithm of divalent metal olivine dissolution rates as a function of 

the corresponding logarithm of divalent metal oxide dissolution rates at 25 oC 
and pH 2.  Values for the olivines were taken from the references listed in 
Tables 1 and 3, whereas those of metal oxides were compiled by Casey (1991). 

 
Figure 11: a) Gibbs free energy of reactions (3) at 1 and 200 bars of CO2 pressure as a 

function of temperature. The solid horizontal line corresponds to ȹG = 0 for the 

reaction. b) Univarient curves showing the equilibrium temperature for reaction 3 as 

a function the pressure of CO2.   

 

Figure 12. a) Stability regions of minerals in the presence of H2O in the system MgO-

SiO2-H2O-CO2 as a function of temperature and partial pressure of CO2; b) pH of the 

univarient curves shown in Fig. 2a. 

 

Figure 13. Comparison of the forsterite forward dissolution rates, as calculated using 

equations and parameters reported by Rimstidt et al. (2012) with those of albite and 

quartz, as calculated using equations and parameters reported by Palandri and 

Kharaka (2004) as a function of pH at 25 oC. 
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Figure 3. 
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Figure 5. 
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Figure 8a 
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Figure 8b. 
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Figure 9. 
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Figure 10
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Figure 11.  
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Figure 12. 
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Figure 13. 
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